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1. Introduction
There has been a signiﬁcant increase in the scientiﬁc interest
and number of publications in the ﬁeld of geoﬂuids during
the last two decades. Following its inception in 2001, the success of the journal Geoﬂuids itself [1], as well as that of the
Geoﬂuids conference series [2–8], is a clear example of the
relevance of this topic in Earth Sciences. It is well known that
tectonic structures exert a strong control on ﬂow of diﬀerent
types of geoﬂuids at multiple scales [9–14]. For example,
fracture networks typically determine ﬂuid migration in
basins and orogens, and crustal fault zones are often primary
sites for economic ore mineral deposition [15–19]. Moreover,
ﬂuids play a key role in triggering the activation of shear
zones and faults in the Earth’s crust [20, 21], among many
other processes.
Despite the remarkable advances in the study of how
rock deformation structures control the ﬂow of geoﬂuids,
and therefore how they govern the transport of heat and solutes and resulting mineral reactions in the Earth, there are
still many open questions that need to be addressed. The scientiﬁc community still debates about what factors control
the dynamic behaviour of ﬂuid ﬂow in the Earth’s crust
(from steady to highly transient systems), the mechanisms
that determine the transitions between diﬀerent ﬂuid ﬂow
regimes, what the hydrodynamics of ﬂuid inﬁltration and

mixing are, or the formation and release of overpressure in
the form of hydrofractures. Other key aspects that need
attention are the analysis of deformation- versus reactioninduced permeability, the role of inherited structures as
potential controls on ﬂuid ﬂow and reactions, and in what
cases structures can trap ﬂuids or compartmentalize ﬂow
systems. In terms of ﬂuid geochemistry, there is ongoing
debate on how to successfully characterize the sources and
impact of diﬀerent types of ﬂuids during diagenesis and
metamorphism by analyzing their ﬁngerprints in the form
of veins, cements and mineralization, and rock alteration
products, as well as the chemical and isotopic signatures of
all of these. Characterizing pressure (P), volumes of ﬂuids
involved (V), their chemical composition (x), temperature
(T), and timing (t) is also a challenging but essential task,
because they are key parameters for PVXTt-modeling.
This Special Issue is a collection of 16 articles that together
provide a signiﬁcant advance in the study of structural controls on ﬂuid ﬂow and mineral reactions in a wide range of settings, from shallow levels of sedimentary basins to
metamorphic basements. These contributions span multiple
scales and processes addressing both fundamental and applied
scientiﬁc questions along the lines stated above. They utilize
combinations of state-of-the-art methods, including optical,
cathodoluminescence and electronic petrography, geochemical analysis, rock mechanics and petrophysic laboratory
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experiments, as well as numerical simulations. Most of these
contributions are based on ﬁeld examples, which continue to
be fundamental in geology.
This preface summarizes the main contents of the special
issue, organized by topic. The description of contributions
starts with those addressing crustal-scale processes, followed
by studies of relatively shallower ﬂuid ﬂow mechanisms and
their consequences. The ﬁnal subsection summarizes contributions on structural controls on mineral reactions, as well
as those evaluating how they impact geothermal reservoir
properties.

2. Contents of This Volume
2.1. Structural Controls on Crustal-Scale Fluid Flow. There is
clear evidence that ﬂuid ﬂow in the Earth’s crust can be
localized in space and time. Fluid ﬂow and transport of elements and solutes can be described as a diﬀusional system
when the hydraulic head (or ﬂuid pressure) gradients are
low, thus following a Darcian behavior. However, when ﬂuid
pressure gradients are high, ﬂuid transport can operate as a
pulsating or “ballistic” mechanism, resulting in highly localized ﬂuid ﬂow pulses. Such a ballistic transport mode is activated when diﬀusion cannot decrease ﬂuid overpressure,
thus resulting in fast ﬂuid ﬂow with mobile hydrofractures
ascending through the crust. Through novel numerical simulations, de Riese et al. [22] analyze the transition between a
diﬀusive and a ballistic ﬂuid transport system and describe
the patterns arising from such bimodal transport mechanisms. Their model combines diﬀusive transport, with
hydrofracture initiation, propagation, and healing. The
results reveal that hydrofractures of diﬀerent sizes, following
a power-law distribution, can form when the host rock’s permeability is low for a given ﬂuid ﬂux. Such hydrofractures
can self-organize in larger scale hydrofractures that are able
to quickly ascend through the crust and drain ﬂuids in ﬂow
pulses strongly localized in space and time. These results are
compared with natural cases to discriminate between systems with abundant hydrofacture networks near the ﬂuid
source versus those in which only a few, but large bursts,
are able to ascend to shallow levels create structures such
as hydrothermal breccias.
The ﬂow of high-temperature ﬂuids in low-permeability
crystalline basements of the continental crust has not been
systematically investigated to date. Fluids present in such
systems tend to be consumed in retrograde metamorphic
reactions. To contribute to ﬁlling this gap, Dempster et al.
[23] study the spatial distribution of greenschist-facies retrograde reaction products in metabasic gneisses from Iona,
exposed on the west coast of Scotland. They aim to understand the role of deformation- and reaction-induced permeability as controls on the input of ﬂuids to crystalline
basement rocks subjected to high-grade metamorphism. In
particular, they carry out a study combining ﬁeld descriptions and petrographic analysis to decipher the mechanisms
controlling the alteration of plagioclase to epidote. They ﬁnd
that two generations of epidote are formed and are related to
deformation and ﬂuid ﬂow in cataclasite zones. Contrarily,
the replacement of Ca-plagioclase and pyroxene by albite
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and chlorite in gneisses, which takes place prior to epidotization, is more widespread. Dempster et al. [23] conclude that
gneiss retrogression is controlled by reaction-dependent permeability, the reaction kinetics, changes in ﬂuid composition, and transient local migration of ﬂuids related to fault
activity, all resulting in complex epidote distribution
patterns.
Despite the typical low permeability, absence of ﬂuids
and water undersaturation of midcrustal retrograde metamorphic rocks, exhumed faults in such retrograde conditions present signs of weakening mechanisms inﬂuenced
by ﬂuids. Stenvall et al. [24] analyze the Kuckaus Mylonite
Zone in the southern Namibian Namaqua Metamorphic
Complex to understand the source and impact of ﬂuids in
retrograde faults. This exhumed Mesoproterozoic crustalscale strike-slip shear zone aﬀected gneisses under retrograde conditions, resulting in hydrated mineral assemblages.
Stenvall et al. [24] combine outcrop descriptions, petrographic analyses of rock composition and microstructures,
and geochemistry (elemental and oxygen isotope analysis).
Their results indicate that some of the ﬂuids involved have
a meteoric signature. Despite the inferred low degree of
ﬂuid-rock interaction, the presence of water induced weakening and diﬀusion-precipitation mechanisms, even resulting in grain size sensitive creep in the most deformed
(ultramylonite) zones. They also propose that high ﬂuid
pressures could only arise after the rocks underwent weakening, and that high ﬂuid pressures are thus not necessary
to explain seismic styles of retrograde transform faults that
deform by mixed frictional and viscous deformation
mechanisms.
Geochemical data, such as stable isotopes, are typically
used to unravel ﬂuid transport modes, as well as the ﬂuid
sources responsible for rock alteration and mineralization.
For example, oxygen and hydrogen isotope ratios from veins
and shear zones have been utilized to describe the involvement of meteoric ﬂuids at relatively deep crustal levels. A
key question is how and when such ﬂuids inﬁltrate into the
crust. Classical models propose simultaneous downward
inﬁltration of meteoric ﬂuids (i.e., rainwater) into crustal
levels as deep as 20 km and upward release of the same
ﬂuids, both using large-scale extensional faults and detachments as ﬂow pathways and requiring a hydrostatic ﬂuid
pressure gradient. Bons and Gomez-Rivas [25] propose a
simple model of ﬂuid and rock pressure equilibration rates
to demonstrate that ﬂuids in spherical pores in a quartz ductile rock at temperatures of 250-400°C would quickly physically equilibrate, thus resulting in a partly lithostatic ﬂuid
pressure gradient that invalidates simultaneous downward
and upward ﬂow models. They propose an alternative explanation for deep meteoric ﬂuid inﬁltration in which pores
within exhumed rocks below an unconformity are ﬁrst ﬁlled
with rainwater. Such rocks are buried, while the ﬂuids retain
their meteoric signature for tens or hundreds of millions of
years if temperatures stay below about 350°. Decompression
by extension, rapid exhumation, or ﬂuid heating can release
such old ﬂuids that then leave their meteoric signature along
their ascent pathways, for example, in veins and altered
shear zones.
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2.2. Structural Controls on Fluid Flow in the Shallow Crust.
Several studies have pointed out the importance of the depositional architecture of sedimentary rocks, as well as rock
deformation structures, as fundamental controls on ﬂuid
ﬂow. To understand their interplay, Dimmen et al. [26] utilize outcrops in New Zealand, Malta, and Utah (USA) to
analyze the distribution of iron oxide precipitates as proxies
for paleoﬂuid ﬂow. They also review literature and conclude
that ﬂuid ﬂow is mainly controlled by the types of deformation structures (including fractures, joints, faults, and deformation bands), their geometry, their connectivity when they
form networks, their kinematics and how they interact and
connect with other structures and sedimentary features such
as permeable layers, thus forming the so-called hybrid networks. These authors also explain that, on top of geological
structures, the depositional architecture, rock properties,
and sedimentary structures, such as bedding and lamination,
are key controls on ﬂuid ﬂow.
Orogenic zones are areas of preferred ﬂuid ﬂow strongly
controlled by deformation structures. As an example, the
ﬂuid ﬂow evolution of an exhumed thrust zone of the southern limb of the Sant Corneli-Bóixols anticline in the Southern Pyrenees is examined by Muñoz-López et al. [27].
These authors combine vein orientation data, optical and
cathodoluminescence petrography, carbon-oxygen, strontium and clumped isotope data, and elemental analysis to
unravel the chronology and ﬂuid signatures of diﬀerent
vein-ﬁlling calcites. The results show that the studied thrust
fault zone acted as a barrier for ﬂuid ﬂow, compartmentalizing the system in two distinct zones. Fracture formation and
sealing were a transient process in the footwall, with calcite
veins in this fault block recording a change of ﬂuid source
from meteoric to evolved meteoric and with diﬀerent
degrees of ﬂuid-rock interaction. On the contrary, the thrust
hanging-wall hosts randomly oriented fractures and breccias
sealed by a late calcite cement derived from formation ﬂuids.
Although tectonic plates are normally regarded as rigid
plates, intraplate deformation is widespread, with areas far
away from plate boundaries undergoing folding, fracturing,
and reactivation of faults from previous deformation events.
This deformation can potentially result in ﬂuid ﬂow and associated mineralization. In order to better understand the
nature, origin, and relative age of intraplate deformation
events, Parizot et al. [28] analyze examples of the Grands
Causses area in the northern foreland basin of the French Pyrenees. This zone was inﬂuenced by diﬀerent neighboring
areas, each with their own tectonic evolution. By carrying
out a tectonic analysis combined with geochronology of
fault-related calcite cements, they demonstrate how the studied faults record a long deformation history characterized by
diﬀerent events. In particular, the Mesozoic extension spanned
events from the Early Jurassic (opening of the Tethys Ocean)
to the end of the Early Cretaceous (formation of the extensional basins of the Pyrenees), while compression of the Pyrenean orogeny started in the study area as early as 100 Ma ago
and lasted until the late Eocene. This study illustrates how tectonic events mainly happening at plate boundaries can also
cause the formation and reactivation of structures in intraplate
domains, thus controlling ﬂuid ﬂow.
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Fluid overpressure in diﬀerent geological settings can
lead to the formation and propagation of hydrofractures,
as well as dilating high-porosity zones. By means of novel
numerical simulations, Koehn et al. [29] systematically evaluate the inﬂuence of eﬀective stress ﬁelds on failure mechanisms, fracture patterns, and ﬂuid drainage. They consider
three diﬀerent scenarios of pressure buildup and hydrofracturing typically encountered in nature, including a sedimentary basin, a vertical zone, and a horizontal layer oﬀset by a
fault. Their results indicate that the geometry of the area
where ﬂuid pressure builds up exerts a ﬁrst-order control
on the successive porosity changes, fracture formation, and
ﬂuid pressure that can be sustained without failure. They
describe the formation of hydraulic breccias, subhorizontal
fractures, and extensional as well as shear-mode fractures
depending on the ﬂuid pressure evolution for the diﬀerent
initial settings. The results by Koehn et al. [29] reveal a complex porosity evolution for the diﬀerent systems and highlight the importance of knowing the geometry of the
geological system (including porous layers, seals and faults)
when predictions of overpressure distribution and thus of
hydrofracture formation have to be made.
Many types of mineralization require structural traps to
constrain migrating ﬂuids and geochemical traps with the
right agents to trigger mineral precipitation. Understanding
structural traps as fundamental controls on ﬂuid ﬂow and
mineralization is thus essential for the exploration for ore,
such as uranium deposits. Benedicto et al. [30] study the
meso- and deposit-scale structural controls of the
unconformity-related uranium mineralization of the Athabasca Basin (Canada). They examine drill core data to identify mesoscale structural traps and to decipher the inﬂuence
of shear zone reactivation on the mineralisation system.
Benedicto et al. [30] identify 3D dilatational jog zones where
shear zones bend and change their orientation as well as
reactivated conjugated shears. They describe how foliation
was opened and then ﬁlled with uranium veins parallel or
oblique to it. This study emphasizes the importance of
understanding the role of inherited ductile fabrics for the
onset of brittle structures that control permeability
evolution.
Also focusing on a case of inherited ductile structures,
Holbek et al. [31] evaluate the structural controls on shallow
Cenozoic ﬂuid ﬂow in the Otago Schist of New Zealand, an
exhumed Mesozoic accretionary prism. They study hydrothermal systems that caused ﬂuid ﬂow and mineral reactions
at shallow depths. Metamorphic ductile fabrics that formed
in the Triassic and Jurassic are aﬀected by joints that formed
by exhumation during the Cretaceous. They describe how
such joints were reactivated as strike-slip fault networks that
contain veins and cemented fault breccias both characterized
by the precipitation of hydrothermal carbonates, whose temperature is estimated from oxygen isotopes and calcite twin
analysis. Their geochemistry reveals variable degrees of
interaction between the ﬂuids involved and the host schists,
as well as strongly localized ﬂuid ﬂow along joints and faults.
They interpret that the vein and breccia mineralizing ﬂuids
had a metamorphic source following breakdown reactions.
Holbek et al. [31] identify foliation, joints, and fault
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networks as the main structural controls on ﬂuid ﬂow, which
is inferred to have taken place due to compression in the
Early Miocene.
Paleokarst structures are main controls on ﬂuid ﬂow in
sedimentary basins and can play a key role as petroleum system elements. For example, there are major deep hydrocarbon reservoirs in paleokarst systems of the Tarim Basin
(China). Through a study that combines petrography, isotope analyses, and microthermometry, Baqués et al. [32]
evaluate the paleoﬂuid systems that caused dissolution and
the formation of cavities in the Yijianfang Formation of
the Tabei Uplift in the Tarim Basin. They ﬁnd that dissolution took place in burial conditions and was due to the ﬂow
of ﬂuids of various origins during diﬀerent geological times.
They propose that acidic ﬂuids associated with hydrocarbon
generation and maturation caused dissolution during the
Silurian or the Devonian-Permian. Their results also
describe dissolution related to high-temperature ﬂuids
derived from igneous activity in the Late Permian and by
the ﬂow of formation ﬂuids in the Mesozoic. Baqués et al.
[32] identify seven events of fracture formation, dissolution,
and cementation. They also discuss the burial origin of the
studied paleokarsts, in contrast with the model of nearsurface dissolution previously proposed in other studies.
2.3. Structural Controls on Mineral Reactions and
Implications for Geothermal Reservoirs. The circulation of
ﬂuids in sedimentary basins can result in the formation of
diagenetic alterations, such as dolomitization, that change
the rock’s porosity-permeability and thus the reservoir quality characteristics. Shah et al. [33] investigate how igneous
intrusions into basins inﬂuence such alterations. By means
of a combination of petrography, elemental and stable isotope analysis, and petrophysical characterization, they study
the inﬂuence of dolerite intrusions on the diagenetic and
porosity-permeability evolution of the Devonian Khyber
Limestone in NW Pakistan. These authors describe saddle
dolomite formation resulting from hydrothermal ﬂuids
sourced from the dolerite dykes, whose emplacement caused
contact metamorphism and thus limestone to marble transformation. After dyke emplacement, a second dolomite
phase formed, followed by meteoric diagenesis characterized
by calcitization, dissolution, and calcite cementation. Shah
et al. [33] discuss the porosity and permeability evolution
during the diﬀerent diagenetic events of the area.
Although burial normally decreases porosity, sedimentary rocks can undergo dissolution processes at depth, which
may lead to an increase of secondary porosity. A detailed
petrographic and geochemical study by Laczkó-Dobos
et al. [34] of the deeply buried Upper Miocene lacustrine
sandstones of the Pannonian Basin (Hungary) allows reconstructing their diagenetic evolution. They analyze core samples from wells located at diﬀerent positions within the
Makó Trough to reconstruct the paragenetic sequence of
three formations that include open-water marls and conﬁned and slope-related unconﬁned turbidites. In the Makó
Trough system, the marls are hydrocarbon source rocks
and the uppermost turbidites reservoirs, while the lower
(conﬁned) turbidites have no reservoir potential. Laczkó-
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Dobos et al. [34] describe how strong compaction, cementation, and mineral precipitation preceded hydrocarbon
migration, while secondary porosity by dissolution developed under burial conditions during late diagenesis due to
the circulation of external ﬂuids in an open system. The
authors also discuss a hydrogeological model involving basement blocks and basin deposits.
Also focusing on the Pannonian Basin, Fintor and Varga
[35] propose new paleogeographic reconstructions of Variscan basement blocks based on the ﬁngerprints (veins and
their ﬂuid inclusions) of paleohydrological systems of the
Tisia terrane. Their study of veins, dominated by quartz
and carbonate minerals, and their host rock alterations,
reveals three stages of ﬂuid ﬂow and mineral reactions. By
reconstructing the paleoﬂuid ﬂow evolution of the area, Fintor and Varga [35] conclude that the systems of the Hungarian part of the West Tisia area match the characteristic
hydrothermal events of the Central European Variscan belt.
They propose that this system belonged to the Bohemian
Massif until the onset of the Alpine orogeny, and that its
Late Paleozoic position was north of the Moravo-Silesian
Zone. Their study is an excellent example of the use of veins
and rock alterations to reconstruct the geological evolution
of an area.
Heat and mass transfer due to ﬂuid convection are typical for hydrothermal and geothermal systems in volcanic
provinces. The fast-cooling rates and high pressure in subaqueous or subglacial volcanic environments in high latitudes enhance quench-induced fragmentation which,
during basaltic eruptions, results in the formation of hyaloclastites. Hyaloclastites, which are formed by angular glass
fragments, are often highly porous and permeable and thus
considered as good reservoir rocks for aquifers and geothermal energy systems. However, hyaloclastic glass can be easily
altered to clay minerals and zeolite. This, together with other
alteration processes and compaction, as well as precipitation
of other mineral phases, results in changes in their mechanical properties and porosity and permeability distribution.
Eggertsson et al. [36] examine the eﬀects of compaction on
the petrophysical and mechanical evolution of hyaloclastites
from an active geothermal system of the Kraﬂa volcano in
northeast Iceland. They compare experimental results of
yield points and porosity and permeability evolution of hyaloclastite samples collected from the surface with those from
subsurface drill core. The results show that subsurface samples display higher strengths due to their lower porosity and
permeability. Eggertsson et al. [36] conclude that burialinduced compaction cannot alone account for the physical
and mechanical properties of hyaloclastites of the Kraﬂa volcano subsurface geothermal reservoir. By examining samples
with optical and electron microscopy, they suggest that pore
networks were modiﬁed by mineral precipitation and alteration associated with the ﬂow of high-temperature ﬂuids,
resulting in rock strengthening. Their study reveals how
important it is to understand the interplay between mechanical and mineral processes for the prediction of such type of
geothermal reservoir.
Weaver et al. [37] also study hyaloclastite behavior in
geothermal systems, focusing on how phyllosilicate reactions

Geoﬂuids

5

inﬂuence reservoir porosity and permeability as well as
mechanical properties. Through a combination of petrographic, mineralogical and rock-mechanics analyses, they
also study examples from the Kraﬂa volcanic system to
understand dehydration reactions of the clay-dominated
hyaloclastite matrix (termed palagonite), which can potentially aﬀect the geothermal reservoir properties. The results
show that smectite dehydration reactions, which cause mass
loss and contraction, take place at temperatures that are
common in geothermal systems. This implies a positive relationship between temperature and porosity as well as permeability, meaning that thermal treatment at high temperature
(600°C in their case study) results in an improvement of the
ﬂow properties of the reservoir. This study also shows how
brittle failure of hyaloclastites depends on porosity and,
accordingly, aﬀects the geothermal reservoir behavior.
Weaver et al. [37] compare their experimental analysis with
subsurface hyaloclastite samples to evaluate how temperature changes impact mechanical properties and thus ﬂuid
ﬂow properties.

Conflicts of Interest
The authors declare that there is no conﬂict of interest
regarding the publication of this paper.

Acknowledgments
We thank the Geoﬂuids editorial oﬃce staﬀ for their support
in managing this special issue. We also thank all the
reviewers of the manuscripts submitted to this special issue,
as well as the Geoﬂuids associate editors who handled the
submissions in which guest editors were involved. EGR
acknowledges funding by the Spanish Ministry of Science
and Innovation (MCIN)/State Research Agency of Spain
(AEI)/European Regional Development Fund (ERDF)/
doi:10.13039/501100011033 for the Ramón y Cajal Fellowship RYC2018-026335-I.
Enrique Gomez-Rivas
Paul D. Bons
Rudy Swennen
Antonio Benedicto

References
[1] G. Garven, J. Parnell, and B. Yardley, “Geoﬂuids,” Editorial,
vol. 1, no. 1, p. 1, 2001.
[2] J. Parnell, “Geoﬂuids '93,” Journal of the Geological Society,
vol. 151, no. 4, pp. 727-728, 1994.
[3] J. Hendry, “Geoﬂuids II '97: contributions to the second international conference on ﬂuid evolution, migration and interaction in sedimentary basins and orogenic belts, pp. 42–45,
Belfast, 1997.
[4] J. J. Pueyo, E. Cardellach, K. Bitzer, and C. Taberner, “Proceedings of Geoﬂuids III-third international conference on ﬂuid
evolution, migration and interaction in sedimentary basins
and orogenic belts,” Journal of geochemical exploration,
vol. 69, pp. XIII–XIV, 2000.

[5] J. M. Verweij, H. Doust, C. J. Peach, C. J. Spiers, and R. A. J.
Swennen, “Proceedings of Geoﬂuids IV. Fourth international
conference on ﬂuid evolution, migration and interaction in
sedimentary basins and orogenic belts,” Journal of Geochemical Exploration, vol. 78/79, pp. xv–xvi, 2003.
[6] I. M. Samson, M. T. Cioppa, and D. T. A. Symons, “Proceedings of Geoﬂuids V, ﬁfth international conference on ﬂuid evolution, migration and interaction in sedimentary basins and
orogenic belts,” Journal of Geochemical Exploration, vol. 89,
no. 1-3, pp. xiii–xiv, 2006.
[7] A. Schmidt Mumm, J. Brugger, C. Zhao, and U. Schacht,
“Fluids in geological processes — the present state and future
outlook,” Journal of Geochemical Exploration, vol. 106,
no. 1–3, pp. 1–7, 2010.
[8] R. Swennen, F. Roure, J. Pironon, F. H. Nader, and M. Person,
“2012 Paris Geoﬂuids VII Conference Summary & Thematic
Issue,” Geoﬂuids, vol. 13, 100 pages, 2013.
[9] R. H. Sibson and J. Scott, “Stress/fault controls on the containment and release of overpressured ﬂuids: examples from goldquartz vein systems in Juneau, Alaska; Victoria, Australia and
Otago, New Zealand,” Ore Geology Reviews, vol. 13, no. 1-5,
pp. 293–306, 1998.
[10] C. E. Manning and S. E. Ingebritsen, “Permeability of the continental crust: implications of geothermal data and metamorphic systems,” Reviews of Geophysics, vol. 37, pp. 127–150,
1999.
[11] S. F. Cox, M. A. Knackstedt, and J. Braun, Principles of structural control on permeability and ﬂuid ﬂow in hydrothermal
systems, Society of Economic Geologists, Boulder, Colombia,
2001.
[12] S. F. Cox, J. W. Hedenquist, T. JFH, R. J. Goldfarb, and J. P.
Richards, Coupling between deformation, ﬂuid pressures and
ﬂuid ﬂow in ore-producing hydrothermal environments, Society of Economic Geologists Economic Geology, Littleton,
2005.
[13] S. M. Agar and S. Geiger, “Fundamental controls on ﬂuid ﬂow
in carbonates: current workﬂows to emerging technologies,”
Geological Society of London, Special Publication, vol. 406,
pp. 1–59, 2015.
[14] B. Hobbs and A. Ord, Structural Geology, Elsevier, Boston,
2015.
[15] K. McCaﬀrey, L. Lonergan, and J. Wilkinson, Fractures, Fluid
Flow and Mineralization, Geological Society of London Special
Publication, London, UK, 1999.
[16] J. P. Richards and R. M. Tosdal, Structural Controls on Ore
Genesis, Society of Economic Geologists, Littleton, CO, USA,
1999.
[17] J. R. Vearncombe, T. G. Blenkinsop, and S. M. Reddy, “Preface
and introduction — applied structural geology in mineral
exploration and mining,” Journal of Structural Geology,
vol. 26, pp. 989–994, 2004.
[18] G. Chi and C. Xue, “An overview of hydrodynamic studies of
mineralization,” Geoscience Frontiers, vol. 2, no. 3, pp. 423–
438, 2011.
[19] A. Chauvet, “Structural control of ore deposits: the role of preexisting structures on the formation of mineralised vein systems,” Minerals, vol. 9, no. 1, p. 56, 2019.
[20] L. Menegon and A. Fagereng, “Tectonic pressure gradients
during viscous creep drive ﬂuid ﬂow and brittle failure at the
base of the seismogenic zone,” Geology, vol. 49, pp. 1255–
1259, 2021.

6
[21] R. H. Sibson, “Preparation zones for large crustal earthquakes
consequent on fault-valve action,” Earth, Planets and Space,
vol. 72, no. 1, p. 31, 2020.
[22] T. de Riese, P. D. Bons, E. Gomez-Rivas, and T. Sachau, “Interaction between crustal-scale Darcy and hydrofracture ﬂuid
transport: a numerical study,” Geoﬂuids, vol. 2020, Article ID
8891801, 14 pages, 2020.
[23] T. J. Dempster, A. D. Hollinsworth, E. McIntosh, S. Edgar,
J. W. Faithfull, and D. Koehn, “Deformation-induced and
reaction-enhanced permeability in Metabasic Gneisses, Iona,
Scotland: controls and scales of retrograde ﬂuid movement,”
Geoﬂuids, vol. 2021, Article ID 8811932, 18 pages, 2021.
[24] C. A. Stenvall, A. Fagereng, J. F. A. Diener, C. Harris, and P. E.
Janney, “Sources and eﬀects of ﬂuids in continental retrograde
shear zones: insights from the Kuckaus Mylonite Zone,
Namibia,” Geoﬂuids, vol. 2020, Article ID 3023268, 21 pages,
2020.
[25] P. D. Bons and E. Gomez-Rivas, “Origin of meteoric ﬂuids in
extensional detachments,” Geoﬂuids, vol. 2020, Article ID
7201545, 8 pages, 2020.
[26] V. Dimmen, A. Rotevatn, and C. W. Nixon, “The relationship
between ﬂuid ﬂow, structures, and depositional architecture in
sedimentary rocks: an example-based overview,” Geoﬂuids,
vol. 2020, Article ID 3506743, 19 pages, 2020.
[27] D. Muñoz-López, D. Cruset, I. Cantarero, A. Benedicto, C. M.
John, and A. Travé, “Fluid dynamics in a thrust fault inferred
from petrology and geochemistry of calcite veins: an example
from the Southern Pyrenees,” Geoﬂuids, vol. 2020, Article ID
8815729, 25 pages, 2020.
[28] O. Parizot, Y. Missenard, P. Vergely et al., “Tectonic record of
deformation in intraplate domains: case study of far-ﬁeld
deformation in the Grands Causses Area, France,” Geoﬂuids,
vol. 2020, Article ID 7598137, 19 pages, 2020.
[29] D. Koehn, S. Piazolo, T. Sachau, and R. Toussaint, “Fracturing
and porosity channeling in ﬂuid overpressure zones in the
shallow Earth’s crust,” Geoﬂuids, vol. 2020, Article ID
7621759, 17 pages, 2020.
[30] A. Benedicto, M. Abdelrazek, P. Ledru, C. Mackay, and
D. Kinar, “Structural controls of uranium mineralization in
the basement of the Athabasca Basin, Saskatchewan, Canada,”
Geoﬂuids, vol. 2021, Article ID 3853468, 30 pages, 2021.
[31] S. C. Holbek, M. Frank, J. M. Scott et al., “Structural controls
on shallow Cenozoic ﬂuid ﬂow in the Otago Schist, New Zealand,” Geoﬂuids, vol. 2020, Article ID 9647197, 25 pages, 2020.
[32] V. Baqués, E. Ukar, S. E. Laubach, S. R. Forstner, and A. Fall,
“Fracture, dissolution, and cementation events in ordovician
carbonate reservoirs, Tarim Basin, NW China,” Geoﬂuids,
vol. 2020, Article ID 9037429, 28 pages, 2020.
[33] M. M. Shah, S. Afridi, E. U. Khan, H. U. Rahim, and M. R.
Mustafa, “Diagenetic modiﬁcations and reservoir heterogeneity associated with magmatic intrusions in the Devonian Khyber Limestone, Peshawar Basin, NW Pakistan,” Geoﬂuids,
vol. 2021, Article ID 8816465, 18 pages, 2021.
[34] E. Laczkó-Dobos, S. Gier, O. Sztanó, R. Milovský, and K. Hips,
“Porosity development controlled by deep-burial diagenetic
process in lacustrine sandstones deposited in a back-arc basin
(Makó Trough, Pannonian Basin, Hungary),” Geoﬂuids,
vol. 2020, Article ID 9020684, 26 pages, 2020.

Geoﬂuids
[35] K. Fintor and A. Varga, “Paleoﬂuid ﬁngerprint as an independent Paleogeographic correlation tool: an example from Pennsylvanian sandstones and neighboring crystalline rocks (Tisia
composite terrane, S Hungary),” Geoﬂuids, vol. 2020, Article
ID 3568986, 24 pages, 2020.
[36] G. H. Eggertsson, J. E. Kendrick, J. Weaver et al., “Compaction
of hyaloclastite from the active geothermal system at Kraﬂa
volcano, Iceland,” Geoﬂuids, vol. 2020, Article ID 3878503,
17 pages, 2020.
[37] J. Weaver, G. H. Eggertsson, J. E. P. Utley et al., “Thermal liability of hyaloclastite in the Kraﬂa geothermal reservoir, Iceland: the impact of phyllosilicates on permeability and rock
strength,” Geoﬂuids, vol. 2020, Article ID 9057193, 20 pages,
2020.

Hindawi
Geoﬂuids
Volume 2021, Article ID 8816465, 18 pages
https://doi.org/10.1155/2021/8816465

Research Article
Diagenetic Modifications and Reservoir Heterogeneity
Associated with Magmatic Intrusions in the Devonian Khyber
Limestone, Peshawar Basin, NW Pakistan
Mumtaz M. Shah ,1 Saifullah Afridi,1 Emad U. Khan,1,2 Hamad Ur Rahim ,1,3
and Muhammad R. Mustafa 4
1

Department of Earth Sciences, Quaid-i-Azam University, Islamabad 45320, Pakistan
Department of Geology, Abdul Wali Khan University, Mardan 23200, Pakistan
3
Earth Sciences Division, Pakistan Museum of Natural History, Islamabad 44000, Pakistan
4
Department of Civil and Environmental Engineering, Universiti Teknologi PETRONAS, Seri Iskandar 32610, Malaysia
2

Correspondence should be addressed to Mumtaz M. Shah; mshah@qau.edu.pk
Received 9 April 2020; Revised 5 April 2021; Accepted 17 April 2021; Published 3 May 2021
Academic Editor: Enrique Gomez-Rivas
Copyright © 2021 Mumtaz M. Shah et al. This is an open access article distributed under the Creative Commons Attribution
License, which permits unrestricted use, distribution, and reproduction in any medium, provided the original work is
properly cited.
In the present study, an attempt has been made to establish the relationship between diagenetic alterations resulting from magmatic
intrusions and their impact on the reservoir properties of the Devonian Khyber Limestone (NW Pakistan). Field observations,
petrographic studies, mineralogical analyses, porosity-permeability data, and computed tomography were used to better
understand the diagenetic history and petrophysical property evolution. Numerous dolerite intrusions are present in the studied
carbonate successions, where the host limestone was altered to dolomite and marble, and fractures and faults developed due to
the upwelling of the magmatic/hydrothermal ﬂuids along pathways. Petrographic studies show an early phase of coarse
crystalline saddle dolomite (Dol. I), which resulted from Mg-rich hydrothermal ﬂuids originated from the dolerite dykes. Coarse
crystalline marble formed due to contact metamorphism at the time of dolerite emplacement. The second phase of
dolomitisation (Dol. II) postdates the igneous intrusions and was followed by dedolomitisation, dissolution, and cementation by
meteoric calcite. Stable isotope studies likewise conﬁrm two distinct dolomite phases. Dol. I exhibits more depleted δ18O (-15.8
to -9.1‰ V-PDB) and nondepleted δ13C (-2.05 to +1.85‰ V-PDB), whereas Dol. II shows a relatively narrow range of depleted
δ18O (-13.9 to -13.8‰) signatures and nondepleted δ13C (+1.58 to +1.89‰ V-PDB). Dolomitic marble shows a marked
depletion in δ18O and δ13C (-13.7 to -8.5‰ and -2.3 to 1.95‰, respectively). The initial phase of dolomitisation (Dol. I) did not
alter porosity (5.4-6.6%) and permeability (0.0-0.1 mD) with respect to the unaltered limestone (5.6-6.9%; 0.1-0.2 mD). Contact
metamorphism resulted in a decrease in porosity and permeability (3.3-4.7%; 0.1 mD). In contrast, an increase in porosity and
permeability in Dol. II (7.7-10.5%; 0.8-2.5 mD) and dolomitic marble (6.6-14.7%; 8.2-13.3 mD) is linked to intercrystalline
porosity and retainment of fracture porosity in dolomitic marble. Late-stage dissolution and dedolomitization also positively
aﬀected the reservoir properties of the studied successions. In conclusion, the aforementioned results reveal the impact of
various diagenetic processes resulting from magmatic emplacement and their consequent reservoir heterogeneity.

1. Introduction
Igneous bodies are widely distributed in frontier basins
worldwide, but less attention has been envisaged to better
understand the impact of these igneous bodies on hydrocar-

bon systems, source rock maturity modiﬁcation, and alteration of mineralogy and reservoir properties of the
associated sedimentary successions (e.g., [1–8]). Recent studies have shown that magmatic intrusions may result in the
development of hydrocarbon traps, seals, and migration
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pathways within sedimentary successions, as well as contribute to the thermal maturation of source rocks [1–3, 9–23].
In general, the intrusion of high-temperature magmatic
bodies results in contact metamorphism of host carbonate
successions, and the associated Mg-rich hydrothermal ﬂuids
cause dolomitisation [24–25]. Such dolomitized platform
carbonates resulting from hydrothermal ﬂuids have been
extensively studied focusing on the source of magnesium,
the driving forces for ﬂuids, and the geometry of these geobodies (e.g., [9–18]). In recent studies, it is demonstrated that
maﬁc intrusions may be the source of magnesium, which
can result in the formation of high-temperature dolomite
[25–26]. These high-temperature dolomites (i.e., hydrothermal) are potential hydrocarbon reservoir rocks in many parts
of the world, including major reservoirs of Saudi Arabia and
Canada (e.g., [13, 25–33]).
In addition, detailed studies have been carried out to
investigate the inﬂuence of igneous intrusions on the reservoir properties of carbonate rocks [34–38]. However, key
parameters controlling the diagenetic alteration of limestone
due to their interaction with intrusive bodies are still poorly
constrained in the studied formation.
In this study, an attempt has been made to understand
the diagenetic alterations (i.e., cementation, dissolution,
dolomitization, dedolomitisation, etc.) resulting from the
emplacement of high-temperature magmatic intrusions into
the Devonian Khyber limestone in the Peshawar basin of
NW Pakistan. In the present study, the relationship between
the intrusive bodies and the host limestone is investigated
with the help of ﬁeld observations, petrographic studies,
and geochemical analyses, which help to better understand
the role of diagenetic alterations in the modiﬁcation of petrophysical properties.

2. Geological Settings
In the northern Pakistan part of the Indian Plate, upper
Devonian reefal carbonates were deposited in a northward
deepening epicontinental sea [35]. Subsequent rifting during
the Early Carboniferous [36] was accompanied by the development of NE-striking normal faults and by alkaline magmatism, which continued to the middle Carboniferous. A
second phase of magmatism resulted in the emplacement of
porphyritic alkaline rhyolites, diabase dikes/sills, and basalts
during the Late Carboniferous-Permian, followed by postrift
thermal subsidence resulting in marine sedimentation during
the Late Triassic [35].
Northward drift of the Indian plate occurred during the
Mesozoic and ended up in its convergence with the Eurasian
plate during the early Paleocene. This resulted in the formation of regional-scale faults including the Main Karakoram
Thrust (MKT), Main Mantle Thrust (MMT), the Panjal
Thrust (PT), and the Main Boundary Thrust (MBT), respectively (e.g., [37–48]). The Kohistan-Ladakh batholith (an
island arc complex) is sandwiched between the sutured
Indian and Eurasian plates (Figure 1). The Main Mantle
Thrust (the western extension of the Indus Tsangpo Suture
Zone) marks the southern boundary of the batholith and separates it from the Indian plate; the northern boundary with
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the Eurasian plate is marked by the Main Karakoram Thrust
(MKT) (Figure 1; [49]).
The Khyber Range covers the western margin of a metasedimentary Fold-and-Thrust Belt [50] and is located to the
north of the Punjal-Khairabad Fault System extending westwards from Gari Habibullah to the Khyber Pass region [51].
The Khyber Range forms a transition zone between the
igneous-metamorphic complex in the north and the sedimentary cover in the south [52]. The Khyber Limestone
(the focus of this study) is located at the western extremity
of the Peshawar Basin (part of the Himalayan Crystalline
Nappe-and-Thrust belt) in the Khyber Range, in the foothills
of the Main Boundary Thrust (MBT; Figure 1).
According to Khan et al. [34], Paleozoic sedimentary successions exposed in the Khyber Ranges include the Shagai
Formation (Cambrian), the Landi Kotal Formation (Ordovician-Silurian), the Ghundai Sar Formation (Silurian-Devonian), and the Khyber Limestone (Devonian). The Khyber
Limestone is a platform carbonate which crops out to the
NW of the city of Peshawar in an area extending westwards
into Afghanistan (Figure 2). Dolerite intrusions of the middle
Carboniferous age, ranging in thickness from 10 to 25 m,
occur within the Khyber Limestone over an area of about
100 km2 [34].
In the study area, the Khyber Limestone is ~1000 m thick
with very few argillaceous and arenaceous intervals, whereas
a maximum thickness of 1300 m is attained in the type locality near the village of Ali Masjid (Figure 2). This limestone is
medium to thick bedded, grey, and medium to ﬁne grained
and locally passes into medium to coarse crystalline marble
and medium-crystalline, massive dolomite [52]. The northern part of the Khyber Limestone is dissected by basic dykes
and sills (~5-6 m thick and traceable for hundreds of metres),
which occur in the upper part of the formation [54]. The
Khyber Limestone has upper and lower faulted contacts with
the Landi Kotal and Shagai Formations, respectively [52, 55–
56].

3. Materials and Methods
In the study area, detailed ﬁeld investigations of igneous
intrusions in the Khyber Limestone (Devonian) were carried
out. To investigate the eﬀect of igneous intrusion within the
host limestone, sampling was performed with particular
emphasis on collecting the diagenetic phases identiﬁed in
the ﬁeld. Sampling was performed from dyke-limestone contacts to unaltered limestone to collect the various diagenetic
phases. In total, 87 samples were collected representing unaltered limestone, its metamorphosed equivalent (marble), and
dolomite phases. Petrographic studies of 68 thin sections
representing various lithological types were carried out to
unravel the diagenetic history of the carbonate rock and to
establish a detailed paragenetic sequence. Besides the host
limestone, diﬀerent dolomite facies were distinguished on
the basis of crystal boundaries (planar and nonplanar) and
crystal size distribution following the classiﬁcation scheme
of Sibley and Gregg [57]. This study was performed using a
conventional microscope (Olympus CX31 with a DP-21
camera attachment at the Department of Earth Sciences,
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Figure 1: Regional map of tectonostratigraphic units in the northern Himalaya showing the major structural elements and regional-scale
thrust faults together with igneous, metamorphic, and sedimentary domains (modiﬁed from [53]). The study area NW of Peshawar in
northern Pakistan is indicated.

Quaid-i-Azam University, Islamabad). Cathodoluminescence microscopy was carried out at the Institute of Geology,
Jagiellonian University, Krakow (Poland), using an optical
microscope with a cathodoluminescence stage (CL8100
MK5) with operating conditions of 12 to 17 kV gun potential,
350 to 600 μA beam current, and 0.05 Torr vacuum.
Based on petrographic studies, 38 samples representing
various phases were selected for X-ray diﬀraction analyses
(XRD) to determine the bulk mineralogical composition.
XRD analyses were performed at the Geosciences Advanced
Research Laboratory, Geological Survey of Pakistan in Islamabad, where powdered samples were prepared from the
whole rock of the selected samples, followed by analyses
using PANalytical X’Pert PRO X-ray diﬀractometer (Cu-Kα
radiation ~45 kV, 40 mA). The scan speed was set at
0.2°θ min-1 and the sampling interval at 0.001°θ per step. Furthermore, seventeen samples showing characteristic features
of various phases (i.e., host limestone, calcite, and dolomite
cements) were collected using a dentist drill for stable isotope
studies (δ18O and δ13C), whereas analyses were carried out in
the Isotope Application Division, Pakistan Institute of
Nuclear Science and Technology, Islamabad (Table 1). All
stable isotope values are reported in per mil (‰) relative to
the Vienna Pee Dee Belemnite (V-PDB) by assigning a
δ13C value of +1.95‰ and a δ18O value of – 2.20‰ to
NBS19. The carbonate powders were reacted with 100%
phosphoric acid (density > 1:9; [58]) at 75°C in an online car-

bonate preparation line (Carbo-Kiel-single sample acid bath)
connected to a Finnigan Mat 252 mass spectrometer. Dolomite isotopic composition values are corrected by the fractionation factors given by [58, 59].
In order to understand the reservoir heterogeneity in the
studied successions, plug scale porosity and permeability
analyses and pore network distribution in various diagenetic
phases were carried out. The porosity and permeability of 21
unaltered fresh plugs (~2.8 cm long and ~1.5 cm in diameter)
were analyzed at the Hydrocarbon Development Institute of
Pakistan, Islamabad, using standard laboratory techniques
(Core measuring Sampler-100) under a net helium gas pressure of 1000 psi (6.89 kPa). In addition, four samples representing each type, i.e., limestone (LS), dolomarble (DM),
saddle dolomite (Dol. I), and dolomite (Dol. II) were selected
for computed tomography to better understand the 3D pore
network distribution using a medical CT scanner [60].

4. Results
4.1. Field Observations. In the study area in the western
Peshawar Basin, the Khyber Limestone in general consists
of limestone, dolomite, and marble. Limestone is light to
medium grey and medium to thick bedded in the lower part,
and the beds decrease in thickness in the upper part
(Figure 3). These carbonates are intruded by 10 to 15 m thick,
irregular-shaped dolerite dykes (Figures 3(a) and 3(b)). The
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Figure 2: (a) Geological map of the area NW of Peshawar, showing the location of the studied section where igneous intrusions crosscut the
Khyber Limestone. (b) Stratigraphic column showing lithological successions of formations exposed in the study area (modiﬁed from Khan
et al. [34]).

intrusions occur mostly in the lower and middle parts of the
Khyber Limestone, and no intrusions are reported in the
upper part (Figures 3(a) and 3(b)). Transformation of the
limestone into marble and progressive dolomitisation occurs
near the intrusive bodies (Figure 3(d)). Contact metamorphism resulted in the formation of marble at the margins
between the limestone and the intrusions, and the intensity
of metamorphism decreases away from the intrusive body
(Figure 3(b)). The contact between the intrusive bodies and
the surrounding steeply dipping metamorphosed limestone
(marble) is irregular (Figures 3(a) and 3(b)). In addition, a
high density of fractures is observed in the intrusive body
as well as in the surrounding marble units (Figure 3(b)). Isolated, unaltered blocks of limestone contain pore-ﬁlled dark
brown dolomite, which has a friable texture (Figures 3(d)
and 4(a)). Detailed investigations showed two distinct dolomite types, which include the following: (i) light brown massive dolomite (Dol. I), exhibiting replacive dolomite texture
and observed as isolated clasts in contact with host limestone
and postdated by magmatic rocks (Figures 4(b) and 4(c) and
(ii) medium to dark brown, fracture-ﬁlled dolomite (Dol. II),
which mostly occurs within dissolution cavities and fractures
in the metamorphosed limestone (Figure 4(d)).

dolomite (Dol. I), (iii) dolomarble, and (iv) planar dolomite
(Dol. II) (Figures 5–6).

4.2. Petrographic Studies. Various facies exhibiting depositional and diagenetic imprints are petrographically identiﬁed. These include (i) host limestone, (ii) nonplanar

(iii) Dolomarble. It mostly consists of white to oﬀ-whitecolored metamorphosed calcite with occasional
brown-colored dolomite cement mostly associated

(i) Host Limestone. The Khyber Limestone mostly consists of coralline, wacke- to packstone facies, which
contain abundant fractures and vugs. The fractures
are ﬁlled with fracture-ﬁlling dolomite (Figures 4(c)
and 5(a)).
(ii) Nonplanar Dolomite (Dol. I). Such matrix dolomites
are coarse crystalline, nonplanar, and anhedral in
appearance with crystal sizes ranging from 1000 to
5000 μm, showing undulose extinction and curved
crystal boundaries (like horse’s saddle) and therefore
termed “saddle dolomite” (Figure 5(b)). Dol. I shows
dull luminescence with occasional bright red luminescence bands (Figures 5(c) and 5(d)). Intercrystalline pore spaces are limited and are occluded by
clayey material (Figures 5(b) and 5(c)). In addition,
twinned calcite represented by grey and dark blue colored bands is also observed in limestone (Figure 5(e)).
Partial modiﬁcation of nonplanar saddle dolomite
(Dol. I) into twinned calcite is evident which shows
its transformation into marble (Figure 5(f)).
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Table 1: Data set of various diagenetic phases showing mineral composition in percentage, carbon and oxygen isotopes, and
porosity/permeability data. LS: limestone, DM: dolomitic marble, M: marble, CC: calcite, Dedol: dedolomite.
Sr.
No.

Facies
type

1
2
3
4
5
6
7
8
9
10
11
12
13
14
15
16
17
18
19
20
21
22
23
24
25
26
27
28
29
30
31
32
33
34
35
36
37
38
39

LS
LS
LS
LS
Dol. I
Dol. I
Dol. I
Dol. I
Dol. I
Dol. I
Dol. I
M
M
M
M
M
M
Dol. II
Dol. II
Dol. II
Dol. II
Dol. II
Dol. II
Dol. II
DM
DM
DM
DM
DM
DM
DM
DM
DM
DM
DM
DM
DM
CC
Dedol.

Mineralogy
Calcite (%) Dolomite (%)
92
100
91
90

Quartz (8)
0
0
97
77
82
79
93

56
88
98
100
85
93
95
88
3
9
4
75
71
78
85
71
76
73
71
65
89
81
73
91

Others (%)

Isotope analyses
Reservoir properties
δ18O
δ18O
δ13C
Porosity (%) Permeability (mD)
(V-PDB) (SMOW) (V-PDB)

90
0
0
2

0
100
5
12
97
91
96
25
29
22
15
29
24
27
29
35
19
11
94
27
9
88

Quartz (9)
Quartz (10)
Quartz (3)
Quartz (23)
Quartz (18)
Quartz (21)
Quartz (7)

-4.57
-5.87

26.2
24.86

1.49
1.85

-14.42
-9.1

16.04
21.53

1.85
-2.05

-15.83

14.6

2

Quartz (10)
Ankerite (36); Quartz (8)
Quartz (12)

Quartz (15)
Quartz (7)

Pentlandite (6)

Quartz (12)

6.18
5.63
6.88

1.5
2.8
2.5

6.56
5.79

0.6
0.1

5.35

0.1

4.66
3.25

0.5
0.9

3.76
9.02
9.31
7.65
9.91

0.8
1.1
2
2.5
1.1
2
1.8
9.4
8.2

-9.15
-8.78

21.48
21.86

-1.98
-2.25

-13.93

16.55

-13.76

16.72

1.58
1.89
1.89

-8.51

22.14

-2.42

8.07
10.48
8.21
7.56

-8.63

22.01

-2.58

13.2

13.3

-8.47

22.18

-2.48
12.9

11.9

-9.64

20.97

-2.33
6.66
14.7

8.8
12.8

—

—

-13.69
-8.78
-6.11
-6.41

16.8
21.86
24.61
24.3

1.85
-2.69
-7.12
-5.14

6
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Figure 3: Field photographs of host rock (limestone) and igneous intrusions in the study area. (a) Panoramic view of the outcrop showing the
distribution of dolerite intrusions in the Khyber Limestone succession shown by white dotted line. (b) Close-up view of a dolerite dyke
intrusion in the Khyber limestone marked by yellow dotted line. Note that the marble is formed due to contact metamorphism
phenomena. (c) Sharp contact between limestone-dolomite units in the formation. (d) Isolated block of limestone shown by yellow dotted
line within the dolerite intrusion, surrounded by light brown-colored dolomite.

with fracture and vugs ﬁllings (Figure 5(e)). Petrographically, twinned calcite is typically associated
with the metamorphism and is replacing nonplanar
dolomite (Dol. I) (Figure 5(f)).
(iv) Planar Dolomite (Dol. II). Medium to coarse crystalline, planar dolomite mostly occurs as thick (tens of
cm) fracture and vug ﬁllings in the preexisting metamorphosed limestone (i.e., twinned calcite) and Dol.
I (Figures 6(a) and 6(b)). Petrographic observations
reveal that Dol. II presents a dark brown color with
distinguishable dark and bright zones present in it
(Figures 6(a) and 6(b)). It mostly postdates twinned
calcite, which is in contact with nonplanar saddle
dolomite (Dol. I; Figure 6(a)). Cathodoluminescence
analyses show that dolomite presents a bright red
luminescence color, which makes it easily distinguishable from Dol. II (Figures 6(b) and 6(c)). A
progressive change in luminescence from bright
red to dull orange color is associated with dolomite

calcitization (Figures 6(c) and 6(d)). Dol. II mostly
occurs as fracture/cavity ﬁllings in marble, while
some intercrystalline pore spaces are present
(Figure 6(e)). Large dolomite crystals may however
extend into pore spaces (Figure 6(e)). Overgrowths
of white-colored dolomite cement around Dol. II
indicate
late-stage
dolomite
cementation
(Figure 6(e)). Finally, dissolution is restricted to
dark-colored bands in dolomite crystals, as shown
in Figure 6(f).
(v) Dedolomite. These are rusty brown-colored calcite,
mostly present on the weathered surfaces. It appears
to be rhombohedral shaped under polarized light,
whereas to nonluminescent mottled appearance
under CL (Figures 6(d) and 6(f)).
4.3. Mineralogical Analysis and Isotopic Signatures. Quantitative mineralogical composition of matrix dolomite and distinct phases of pore-ﬁlling cements help to better
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(a)

DOLOMITE

2m
(a)

(c)

(b)

(b)

(c)

(d)

1 cm
(d)

Figure 4: Field photographs of major diagenetic phases (marble, dolomites) in the study area. (a) Contact relationships between
limestone/marble with igneous intrusion and dolomite. Note that isolated blocks of limestone frequently occur within the succession. (b)
Black igneous dyke material in contact with medium grey dolomite. (c) Irregular contact between light grey limestone and dark brown
dolomite. (d) Cut slab showing dark brown, sugary textured dolomite Dol. II in contact with light brown dolomitic marble; inset shows a
close-up view of the pore-ﬁlling dolomite (Dol. II) and dolomitic marble (DM). Lm St: limestone.

understand the probable source of the identiﬁed minerals, as
well as the porosity/permeability distribution in the analyzed
samples. Nonplanar dolomite (Dol. I) forms a major part of
the whole rock geochemistry in the thirty-eight analyzed
samples (Table 1; Figures 7(a) and 7(b)), whereas palygorskite mostly occurs in the intercrystalline pore spaces of dolomite (Figure 5(c)). Besides this, other accessary minerals,
which include ankerite and diopside, occur in association
with dolomite (Figure 7(c)).
Seventeen samples representing the characteristic features of various diagenetic phases (i.e., host limestone, dolomite (Dol. I, Dol. II), and dolomitic marble) were selected
for stable isotope studies (δ18O and δ13C). The correlation
of these phases is done with known seawater signatures of
Devonian derived from Veizer et al. [61]. The approximate
values of δ18O ranges from −7.32 to −3.98‰ V-PDB,
whereas δ13C signatures varies from -2.01 to +3.14‰ VPDB, respectively (Figure 8).

In the studied samples, limestone and various diagenetic
phases aﬀected by igneous intrusions show a broad range of
depleted δ18O values (–15.83 to –6.11‰ V-PDB), while
δ13C values (-2.7 to +2.5‰ V-PDB) are close to those
reported for carbonates precipitated from Devonian seawater
[61]. The unaﬀected limestone showed δ18O signatures ranging from -5.87 to -4.57‰ V-PDB (Figure 8 and Table 1). The
δ13C values range from +1.49 to +1.85‰ V-PDB. Both δ18O
and δ13C values are within the range of Devonian seawater
signatures (Figure 8; Table 1). Coarse crystalline, replacive
nonplanar dolomite (Dol. I) shows δ18O signatures ranging
from -15.83 to -9.1‰ V-PDB, exhibiting depleted values
compared to the marine signatures (Figure 8 and Table 1).
The δ13C values ranging from -2.05 to +1.85‰ V-PDB are
within the range of seawater signatures (Figure 8; Table 1).
The marbles also show considerable depletion in δ18O values
(i.e., –9.15 to –8.78‰ V-PDB), while the δ13C values ranging
from (-2.25 to -1.98‰) are slightly depleted with respect to
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Figure 5: Petrographic studies of the Khyber Limestone showing various diagenetic phases. (a) Crossed-polarized photomicrograph of the
coralline limestone (wacke- to packstone) containing fracture-ﬁlling dolomite (Dol. I) shown by blue arrow (b) Medium to coarse
crystalline (Dol. I) exhibiting undulose extinction typical of saddle nature; clay minerals ﬁlling the intercrystalline pore spaces shown by
white arrow. (c, d) Cathodoluminescence (CL) photomicrograph showing dull luminescent dolomite (Dol. I); pore-ﬁlling detrital clays are
nonluminescent (arrow). (e) Partial replacement of coralline limestone with coarse-grained marble in the upper part while the limestone is
in the lower part. (f) Partial to complete replacement of coarse crystalline, nonplanar dolomite by marble.

the Devonian seawater (Figure 8; Table 1). The cavity-ﬁlling
dolomite cements (Dol. II) exhibit depleted δ18O isotope signatures (i.e., –13.93 to –13.76‰ V-PDB; Figure 8). The δ13C
values (i.e., +1.58 to +1.89‰ V-PDB) are within the Devonian seawater signature area (Figure 8(a)). The dolomitic
marbles (DM) have δ18O values ranging from -13.69 to
-8.47‰ V-PDB (Figure 8 and Table 1), while δ13C values
range from -2.69 to +1.85‰ V-PDB. The δ18O values are signiﬁcantly depleted with respect to the marine signatures, and
δ13C values are slightly depleted compared to seawater signatures (Figure 8; Table 1). Furthermore, the calcite (CC) and
dedolomite (Dedol.) represent depleted O/C signatures,
which are -6.11‰ V-PDB (δ18O) and -7.12‰ V-PDB
(δ13C) for calcite (CC) and -6.41‰ V-PDB (δ18O) and
-5.14‰ V-PDB (δ13C) for dedolomite (Dedol.), respectively.

4.4. Reservoir Properties
(i) Petrographic and Porosity-Permeability Analyses. Limestone samples analyzed for porosity and permeability studies exhibit negligible porosity as the pore space (i.e.,
fractures) is ﬁlled with calcite cement (Figure 9). The measured porosity and permeability values of the precursor
limestone range from 5.6 to 6.9% and 0.1 to 0.3 mD,
respectively (Figure 9). Coarse crystalline, nonplanar dolomite (Dol. I) occurs as a replacive phase with a narrow
range of porosity and permeability (i.e., 5.3-6.6%; 0.00.1 mD) (Figures 9 and 10(a)). Intercrystalline pore spaces
in Dol. I are mostly ﬁlled with detrital clays, which also
reduce porosity (Figures 9 and 6(b)). Marble exhibits low
porosity (3.25-4%) and permeability values (0.5-0.9 mD),
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Figure 6: Petrographic studies of the Khyber Limestone showing various diagenetic phases. (a) Crossed-polarized photomicrograph showing
brown color medium to coarse crystalline, dolomite in contact with marble. Note that the Dol. II postdates the marble. (b) Crossed-polarized
photomicrograph showing pore-ﬁlling dolomite Dol. II in medium- to coarse-grained marble. (c) Cathodoluminescence photomicrograph
showing bright red luminescence of dolomite (Dol. II), and marble with dull orange luminescence. (d) Cathodoluminescence
photomicrograph showing progressive dedolomitisation is indicated by the change from bright red luminescent dolomite (Dol. II) to dull
orange-colored calcite. (e) Crossed-polarized photomicrograph showing intercrystalline porosity (P) in the Dol. II. The crystals of Dol. II
are in contact with medium- to coarse-grained marble. (f) Cross-polarized photomicrograph showing calcitization and dissolution
porosity (P) in Dol. II.

which may be due to recrystallization of the original limestone and occlusion of the pore space (Figure 10(a)).
Dolomitic marble shows considerably higher porositypermeability values (6.7-14.7% and 0.8-13.3 mD), contrasting with preexisting marble with lower porositypermeability values (Figures 9 and 10(a)). Mediumcrystalline pore-ﬁlling dolomite (Dol. II) shows relatively
high dissolution porosity and low permeability due to its
corrosive nature, which makes it highly porous but not
permeable (Figures 6 and 10(a)). Pore-ﬁlling dolomite
(Dol. II) contains porosity values ranging from 7.6 to
10.5% and low permeability values (0.1-0.2 mD) (Table 1).
In some samples where dolomite is abundant, the
porosity ranges from 6.2 to 13.2% (Figure 10(b)). The pres-

ence of twinned calcite occludes the pore space and hence
decreases porosity (Figure 5). In the studied samples, containing low permeability values with correspondingly high
porosity values is due to late-stage calcite and clay minerals,
which were precipitated in the pore spaces and in fractures
to form veins (Figures 5, 6(a), and 6(b)).
(ii) Computed Tomography (CT). In order to better constrain the distribution and interconnectivity of the pore
network, the precursor limestone and selected diagenetic
phases, i.e., dolomite Dol. I (coarse crystalline, saddle
nature), dolomarble (dolomite marble), and dolomite Dol.
II (pore-ﬁlling), were examined (Figure 11). The results
show that the precursor limestone samples exhibit lower
porosity (lack of dark spots) compared to dolomite (Dol.
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Figure 7: X-ray diﬀractograms showing diﬀerent mineral constituents within the studied carbonate succession. The major minerals observed
are dolomite and some other minor constituents (i.e., pentlandite, ankerite, and diopside) in the studied samples. The presence of hightemperature minerals shows the emplacement of igneous activity.

4

whereas saddle dolomite (Dol. I) shows very few pore
spaces (negligible dark spots; Figure 11).

–16

–12

–88

–4
𝛿18O (V-PDB)

0

0
–2
–4

𝛿18O (V-PDB)

2
Devonian
seawater

–6

In the cross-sectional and 3D views, diﬀerent phases
exhibit diagnostic pore network connectivity (Figure 11).
Limestone exhibits less fracture-related linear open spaces
and low microfracture development, whereas dolomarble
and Dol. II show intercrystalline pore spaces having a high
rate of pore interconnectivity linked to associated dolomite
Dol. II, hence exhibiting relatively high permeability
(Figure 11).

–8
LS
Dol. I
M
Dol. II

DM
CC
Dedol.

Figure 8: Cross-plot of ẟ18O (V-PDB) versus ẟ13C (V-PDB) of
limestone (LS), dolomite (Dol. I and Dol. II), marble (M) and
dolomitic marble (DM). Dashed blue box indicates the range of
Devonian seawater according to [61]. Red arrow shows the
temperature eﬀect while the yellow arrows show the eﬀect of
surﬁcial ﬂuids.

II) and dolomarble (relatively high concentrations of dark
spots) in transversal views of selected samples (Figure 11).
The amount of pore space in dolomite (Dol. II) and dolomarble is higher compared to the above-mentioned phases,

5. Discussion
The studied Devonian Khyber Limestone has been extensively altered by hydrothermal processes. Field and petrographic studies reveal that the magmatic intrusions are
emplaced within the carbonate succession into the middle
and bottom parts of the sedimentary unit. As discussed earlier, the area was subjected to rifting and associated normal
faulting during the middle Carboniferous, and this resulted
in alkaline magmatism [35, 36]. These normal faults were
the most favorable conduits for channelizing hydrothermal
ﬂuids [13, 25] (Figures 3–6). The occurrence of these hydrothermal dolomites in association with intrusive igneous bodies along the normal faults suggests its origin from the same
hydrothermal ﬂuids. Field observations show sharp contacts
between the limestone and the intrusive bodies. The presence

Geoﬂuids

11

Limestone

Dol. I

Dolomarble

Dol. II

Marble containg patially
Coraline limestone ranging
Coarse crystalline, white
altered dolomite. Crystal
from wack- to packstone with colored saddle dolomite with
growth of dolomite is
occasional dissolution
intercrystalline pore spaces.
evident. Porosity ranges from
porosity, which ranges from
Measured porosity is 5–7%
7–15%
6–7%

Medium crystalline
dolomite with dissolution
porosity (7–11%). Pore
spaces are later filled by
calcite.

PLUG SAMPLE

DESCRIPTION

FACIES

PETROGRAPHY

1 cm

1000 𝜇m

1 cm

1 cm

500 𝜇m

1000 𝜇m

1 cm

100 𝜇m

Figure 9: Illustration of selected facies and their correlation with the petrographic studies. It is observed that porosity and permeability values
are related to speciﬁc diagenetic facies (i.e., dolomarble and Dol. II).

of broken, isolated blocks (>1 m in size) of metamorphosed
limestone within the intrusive dolerites indicates the intensity of upwelling of magmatic ﬂuids through the studied carbonate successions (Figure 4(a)). These detached, broken
blocks of metamorphosed limestone exhibit no reaction with
the surrounding igneous material due to the fact that they are
marbleized, which made them impervious to the ﬂow of
hydrothermal ﬂuids (Figure 4(a) and Table 1). During the
emplacement of igneous intrusions, the dolomite phases
were formed from the hydrothermal ﬂuids originated from
the magma source (Figure 4(b)). The high-temperature origin of these dolomite phases is conﬁrmed by the sharp color
contrast and nonplanar crystal habit [62] (Figures 3(c), 4,
5(a), and 5(b)). In addition, the presence of hightemperature minerals (i.e., ankerite and diopside) may have
resulted from the interaction between hydrothermal ﬂuids
with the host limestone, which is also conﬁrmed by various
studies where diopside mineral is usually found in skarn
deposits [59] (Figures 8(a) and 8(b)).
5.1. Diagenetic Alterations and Interpreted Paragenetic
Sequence. The detailed paragenetic sequence has been established on the basis of the above-mentioned observations
(Figure 12). This includes two stages of diagenetic modiﬁcations, which are as follows: (i) Mg-rich, hydrothermal ﬂuids
aﬀected the host limestone soon after the magmatic emplacement, which resulted in hydrothermal dolomitisation (Dol. I)
as evidenced by ﬁeld observations and petrographic studies
and supported by isotopic signatures, (ii) low-grade contact

metamorphism and the formation of marble, and (iii) latestage dolomitisation (Dol. II) before dissolution and dedolomitisation associated with uplift and meteoric recharge.
Dol. I mostly consists of dark grey, massive matrixreplacive dolomite, which exhibits a nonplanar, very coarse
crystalline texture (saddle type), and was formed before the
intrusion of magmatic material and contact metamorphism
of the host limestone, which was later converted into coarse
crystalline, twinned marble (Figures 6(e) and 6(f)). Dol. II
consists of light brown, sugary textured, fracture-ﬁlled dolomite cement, which is medium to coarsely crystalline,
whereas intercrystalline pore spaces are ﬁlled with detrital
clays (Figures 6 and 7). Dol. II developed after the intrusions
of the basic dyke as such dolomite postdate twinned marble
(Figure 7(a)). In addition, such dolomite (i.e., Dol. II) mostly
occurs as fracture and pore ﬁllings in the metamorphosed
limestone and the intrusive body, respectively (Figures 6(b)
and 6(e)). Subsequently, the growth of Dol. II continued
resulting in the formation of growth zones in the form of
white dolomite cement along crystal boundaries
(Figure 7(e)). Dissolution-related porosity in general
develops along partially dedolomitised dolomites [63, 64].
Such a phenomenon was also observed in the present study,
and Dol. II underwent dedolomitisation (Figure 7(f)).
In summary, the diagenetic evolution of the Ordovician
Khyber limestone has close relationship with the intrusive
magmatic body of maﬁc origin, which provided heat and
necessary ﬂuids for the diagenesis of the host limestone units.
The pervasive, coarse crystalline dolomite (Dol. I) formed
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Figure 10: (a, b) Histograms showing porosity and permeability values of various diagenetic phases observed in Khyber Limestone. (c) Crossplot showing porosity-permeability variation with respect to diﬀerent diagenetic phases.

during or soon after the emplacement of the magmatic intrusions. The tectonic activation/reactivation and the resulting
normal faulting in the area may have provided pathways
for Mg-rich ﬂuids of hydrothermal origin. The second episode of dolomitisation resulted from the fracture-ﬁlled dolomite (Dol. II) in marble (i.e., dolomite marble) and vein- and
fracture-ﬁlling dolomite, respectively.
5.2. O/C Isotopic Signatures. Analysis of the cross-plot
between δ13C and δ18O of diagenetic phases of dolomite
and calcite following an inverted J pattern, which represents
ﬂuid-rock interaction at various stages of diagenesis [65,
66]. In addition, the depleted δ18O values of the diagenetic
phases indirectly reﬂect the temperature of the diagenetic
ﬂuids [65, 66]. Oxygen isotope values of the diagenetic phases
(Dol. I, marble, Dol. II, and dolomitic marble) reveal depletion of δ18O (Figures 8(a) and 8(b)), which may either be
due to an increase in temperature and/or δ18O-depleted
ﬂuids as suggested by various studies (e.g., [9, 12, 13, 24,
65–70]). According to Bindeman [71], ﬂuid-rock interaction
between host carbonate rock and dyke/magmatic rock results
in the depletion of ẟ18O signatures, where dykes are more
depleted (i.e., at least 10‰) in ẟ18O than marine carbonates.

It appears more probable that the investigated dolomites
associated with magmatic driven ﬂuids were formed at elevated temperatures. In order to determine the δ18O (‰
SMOW) ﬂuid composition of Dol. I, Dol. II, M, and DM,
the values of δ18O (V-PDB) were plotted against the precipitation temperature by using the fractionation equation of
Land [69]. The plot shows that the inferred δ18O (‰
SMOW) ﬂuid values of Dol. I and Dol. II are +10.5 and
+10.0‰ (Av. V-SMOW), respectively, showing their origin
from magmatic waters (Figure 13). Similarly, the δ18O (Av.
‰ SMOW) ﬂuid signatures of marble (M) and dolomitic
marble (DM) are +15.6 and +13.5‰ (Av. V-SMOW), respectively, showing their magmatic origin (Figure 13). Based on
the above stated discussion, it is conﬁrmed that various dolomite and marbleized phases are derived from magmatic ﬂuid
interaction with the host limestone (Figure 8(b)). Nevertheless, during the late stages, the area was subjected to uplift
due to the Himalayan orogeny, which caused exposure and
involvement of surface-derived ﬂuids contaminated by soilCO2, which aﬀected limestone and dolomite units and caused
dedolomitisation. This is represented by less depleted δ18O
and depleted δ13C values probably formed near meteoric
recharge (Figure 8; e.g., [72–77, 15]).
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rows show the cross-sectional and transverse view of the CT studies. Note that the black spots indicating porosity are signiﬁcantly higher
in the dolomitic marble and Dol. II. The third row shows the 3D view of the selected samples, indicating pore network and their connectivity.
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5.3. Inﬂuence of Diagenetic Alterations on Reservoir
Properties. Diagenetic changes had both positive and negative eﬀects on the reservoir properties of the host rock
([79]; Figure 12). Early dolomitisation (Dol. I) associated
with Mg-rich hydrothermal ﬂuids resulted in a replacive
phase and had less eﬀect on porosity modiﬁcation in the host
limestone. This was followed by the emplacement of dolerite
intrusions resulting in recrystallization due to contact metamorphism, further reducing the porosity (marble)
(Figure 10(a)). However, in fracture development and latestage dolomitisation (Dol. II), postdating magmatic emplacement resulted in considerable enhancement of porosity and
permeability (Figure 10(a)).
The second dolomite phase (i.e., fracture and pore-ﬁlled;
Dol. II) contributed to the reservoir properties of the studied
carbonates by retaining secondary porosity and intercrystalline pore spaces within Dol. II, which signiﬁcantly enhanced
the pore network (up to 13% porosity; Figures 6(e), 10(a),
and 11). Dol. II comprises most of the dolomite in the study
area, and the reservoir properties of the studied rocks are
therefore enhanced through Dol. II. In addition, fractures
as well as dissolution seams further enhanced the pore networks (Figure 6(f)). Uplift and exposure resulted in a meteoric inﬂux that caused dedolomitisation of the dolomite
phases observed (Figures 10(a) and 12).
Various diagenetic phases played a signiﬁcant role in
controlling the reservoir characteristics of the studied rocks.
An increase in the content of Dol. II increased the pore space
and contributed to porosity enhancement (Figure 10(b)).
However, Dol. I shows low porosity due to the nonplanar
nature of crystals and presents occluded pore spaces by clays
(Figure 10(b)). A progressive increase in porosity was
observed in the dolomite marble, in which fracture-ﬁlled
Dol. II forms a major part of the analyzed samples. In sum-

mary, marble with less fracture-ﬁlled dolomite (i.e., Dol. II)
showed low porosity values, compared to marbles consisting
of more than 80% Dol. II which had elevated porosity values
(Figure 10(a)).
Porosity and permeability studies are further validated by
microtomography, where the high intensity of microfracture
development and high rate of interconnectivity conﬁrm high
porosity and permeability values in the dolomarble phase
(i.e., up to θ = 15% ; k = 14 mD) (Figures 10(a) and 11). Dol.
II exhibits relatively high porosity (up to 10%) and low permeability (up to 2 mD) due to the moderate nature of fracture
distribution but negligible pore connectivity (Figures 10(a)
and 11). In contrast, the low microfracture development
and interconnectivity of pore spaces justify less porosity
and permeability values in the precursor limestone, saddle
dolomite Dol. I, and marble (i.e., up to θ = 5%; k = 2 mD)
(Figures 10(a) and 11). This leads to the conclusion that the
host limestone, nonplanar dolomite (Dol. I), and marbles
acted as barriers to ﬂuid migration, whereas dolomite marble
and fracture-ﬁlling dolomite (Dol. II) contributed to the
enhancement of reservoir properties in the studied rocks
(Figures 5 and 12). This leads to the suggestion that postmarble tectonic activity resulted in brittle deformation and the
corresponding fractures were ﬁlled by Dol. II, hence retaining
considerable intercrystalline porosity as evidenced in
Figure 6(e).

6. Conclusions
This excellent outcrop analogue shows the eﬀect of igneous
intrusions on the reservoir behavior of a carbonate succession, whereby modifying the mineralogical composition of
the host limestone due to the associated ﬂuid-rock
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interaction. The key conclusions from the present study are
as follows:
(i) Field observations reveal that hydrothermal ﬂuid
emplacement followed by igneous intrusions of basic
origin in the host limestone resulted in dolomitisation and transformation of limestone to marble
(ii) Sharp contacts between the intrusive bodies and host
limestones and the presence of isolated limestone
clasts of variable sizes suggest a rapid interaction of
the magmatic ﬂuids with the host limestone
(iii) Two distinct dolomite phases, which postdate magmatic intrusions, have been reported. The ﬁrst phase
of dolomitisation resulted in matrix-replacive saddle
dolomite, whereas the second-phase dolomites are
mostly found as fracture and/or pore ﬁllings. Dedolomitisation, dissolution, and inﬁlling of meteoric
calcite mark the end of the diagenetic history
(iv) The ﬁrst-phase saddle dolomite cement (Dol. I),
related to the hydrothermal ﬂuids, mostly occluded
the pore space and negatively impacted the reservoir
properties. The second-phase pore-ﬁlling dolomite
(Dol. II) forms the major part of the diagenetic stage
and exhibits good porosity (~15%) and permeability
values, hence making them potential reservoirs with
considerable fracture density and interconnected
pore network. Fracture development after the magmatic intrusion resulted in porosity enhancement
and inﬁlling of Dol. II. Dedolomitisation followed
by dissolution-related phenomenon aﬀected the second phase of dolomite and hence generated late
dissolution-related porosity
(v) The δ18O and δ13C isotope fractionation trajectories
suggest that the dolomites were formed at a temperature between 150°C and 340°C from the hotter
ﬂuids that interacted with the regional limestone.
The source of dolomitizing ﬂuids is probably from
the magmatic intrusion. Later on, the surfaceweathering agents caused enrichment in δ18O and
δ13C values of the early formed phases
(vi) Correlation of petrographic and porosity-permeability
studies revealed that reservoir properties are associated
with speciﬁc diagenetic phases. Computed tomography (CT) further conﬁrmed the porosity-permeability
results and helped to understand the porositypermeability evolution in various diagenetic phases.
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The occurrence of unconformity-related uranium mineralization requires the combination of three components: ﬂuids with the
right composition, geochemical traps with the right agents that produce precipitation, and structural traps with the right
geometry. In the Athabasca Basin unconformity-related uranium deposits, while basinal brines are commonly accepted as the
principal mineralized ﬂuids and graphite and gases (CH4, CO2, and H2S) are well known as the reductants, only few case studies
describing structural traps are published. A number of recent works, including numerical modelling, have improved the
understanding of the role of inherited shear zones on ﬂuid ﬂow and the development of uranium deposits at a micro- and
regional-scale. Nevertheless, there is still a lack of knowledge about the meso- or deposit-scale structural controls that lead to the
present (and potentially predictive) localization of uranium deposits along a given shear zone. The present work examines new
structural data from drill holes and deals with (i) the identiﬁcation of mesoscale structural traps that lead to the formation of the
Athabasca unconformity-related uranium deposits hosted within the basement and (ii) with the understanding of the role and
mode of reactivation of the inherited shear zones. The Sue deposits (McClean Project), the Tri-Island showing (Martin Lake
Project) in the Eastern Athabasca, and the Spitﬁre prospect (Hook Lake Project) in the Western Athabasca have been selected
for a detailed analysis of structures and related uranium mineralization. The structural analysis performed brings new insights
about the mesoscale structural controls, the role the inherited ductile fabric had on the mode of brittle reactivation and to trap
mineralization, and the tectonic regime to which basement-hosted uranium deposits may be associated in the Athabasca Basin.

1. Introduction
Unconformity-related uranium mineralization is the result of
a combination of multiple processes and episodes of ﬂuidrock interaction with mineral reactions that operate during
fault formation and reactivation, leading to multifaceted
mineralization settings. The right combination of three components is required for this to work: ﬂuids with the right
composition, structural traps with the right geometry, and
geochemical traps with the right agents that produce precipitation. Thus, metallic mineralization is often hosted in long-

lived crustal-scale fault-systems where these three components often combine, the migration and trapping of ﬂuids
being controlled by the geometry and polyphased activity of
the plumbing system (i.e., [1, 2]) and the nature of the physical and geochemical barriers that trigger precipitation of ore
(i.e., [3, 4]). This is the case of the basement-hosted
unconformity-related uranium deposits of the Canadian
Paleo to Mesoproterozoic Athabasca (Figure 1) and Thelon
basins [5–8].
Structural controls of unconformity-related uranium
deposits in the Athabasca and Thelon basins have been

2

Geoﬂuids

Study zones

Ennadai
Train

lt
au
Beaverlodge

Dodge
Tantato

Beaverlodge

ell

Carsw

Carswell

a
Bl h
S

Mudjatik

er
ase riv
Recre
zone
Shear

Ri Bea
v e tt l e
r fa
ul
o m a rwatetr
ain

6500000

Shear zone/fault
Athabasca basin

600000

6600000

Ird
Ult

kb

ac
Bl

Uranium location

500000

f
ay

Legend

Lakes

400000

Cl

Athabasca
Basin

6500000

Taltson

N
6600000

300000

Nolan
Zemlak

c
e a k la
r z ke
one

200000

n
e a r ive
r
rz
one

100000

i
rg
Vi h
S

e

D

Clearwater

y
ba e
le
b
on
Ca ar z
e
Sh

Hunter bay window
Iskwatikan window
Kisseynew
La Ronge

e

ak

l
ter

Pe

Taltson

W
Ba atha
th m
di an
th

Nistowiak window
Nolan

Mudjatik

Pelican window

6300000

e

Lloyd
Mudjatik

CL

Ra

6300000

AR
TR

Glennie

Clearwater

6400000

Flin flon

6400000

Dodge
Ennadai

Tantato

e
Ro

6200000

Taltson

ng

to
ns
tte

e

Ro

6200000

Wollaston

arn

Rottenstone

La

He

ne

Peter lake
Phanerozoic basin

Kisseynew

Train
Wathaman batholith

Glennie

Wollaston

0

25

50

100

150

200

Orano

Nolomathna

100000

200000

300000

400000

6100000

6100000

Filn

Zemlak

500000

600000

Figure 1: Regional geology and location map of the study zones (green dots): Sue deposits, Martin Lake (Tri-Island prospect) and Hook Lake
Project (Spitﬁre prospect). CL: Cigar Lake deposit; TR: Triple “R” deposit; Ar: Arrow deposit.

documented since the 1970s [9, 10], attributing to the structural features the establishment of conduits for mineralizing
basinal brines operative as a result of thermal or tectonic
events [5, 11–13]. While in the Thelon Basin, recent work
attribute the main regional scale control to a new formed

polyphase brittle fault/fracture system that evolved since ca.
1830 Ma [8], in the Athabasca Basin, the main role at the
regional scale is attributed to the syn- or post-Athabasca tectonic events responsible for the reactivation of inherited ductile graphite-rich shear zones within the basement originally
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formed previous to 1.8 Ga ([5] and references there in).
Improvements to the understanding of the structural control
exerted by the graphitic shear zones have been enhanced in
the recent years. Basinal brines penetrated into the basement
by way of dense networks of microfractures identiﬁed from
ﬂuid inclusion studies ([5] and references therein). At the
time of U deposit formation (ca. 1.46–1.29 Ga), these brines
percolated preferentially within the damage zones of some
graphite-rich faults, formed during the ca. 1.8 Ga TransHudson orogeny and subsequent retrograde metamorphism
and exhumation (ca. 1.8–1.72 Ga) [12]. The circulation of
the basinal brines into these structures was enhanced and
structurally controlled by the microfracture network at the
scale of minerals inherited from earlier brittle reactivation
during basement uplift [12] and during the Athabasca synand postbasin inﬁll [5]. Numerical modelling has tested the
eﬀects on circulation of basinal brines given (i) coupled compression and ﬂuid ﬂow in a reverse shear/fault system with
varying dip angles, preexisting oﬀsets, and various amounts
of deformation [11, 14, 15]; (ii) high rheological contrast
and strain localization that enhance the development of
extensional fracture systems and dilational jogs that represent potential mineralization sites [16]; and (iii) the importance of graphitic zone on the formation of the deposits by
reactive mass transport modelling [17]. Although all these
recent works have improved the understanding of the role
of inherited shear zones on ﬂuid ﬂow and the development
of uranium deposits at a micro- and regional-scale, there is
still a lack of knowledge about the meso- or deposit-scale
structural controls that lead to the present (and potentially
predictive) localization of the uranium deposits along a given
shear zone. Baudemont et al. and Sheahan et al. [18, 19] present elements for the Sue deposits (Figure 1) to support the
hypothesis that at the time of fault reactivation, the nonplanar nature of the reactivated foliation and shear planes
mechanically controlled the emplacement and geometry of
both foliation-parallel vein systems and associated dilational
jogs during compressional tectonics. Hillacre et al. [20] have
recently suggested that the major structural trends in the
Arrow deposit (Figure 1) followed sinistral Riedel-type
system reactivation with multiple brittle reactivations of primary NE-striking shears. In order to provide additional
structural constraints, the modes of brittle reactivation of
shear zones in the basement of the Athabasca Basin have
been investigated.
The present work examines new structural data and deals
with (i) the identiﬁcation of the mesoscale structural traps
that lead to the formation of the Athabasca unconformityrelated uranium deposits and (ii) with the understanding of
the role and mode of reactivation of the inherited basement
shear zones in connection with the circulation of basin
brines. Three representative case studies have been selected
for a detailed analysis of structures and related uranium
mineralization: the Sue deposits (McClean Project) and the
Tri-Island showing (Martin Lake Project) in the Eastern
Athabasca, and the Spitﬁre prospect (Hook Lake Project) in
the Western Athabasca (Figure 1). Data collection took
advantage of recent exploration campaigns conducted by
Orano Canada (formerly known as AREVA Resources Can-
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ada Inc.) and Purepoint Uranium Group, with a strong
investment to obtain high quality oriented diamond drill
core complemented with borehole images acquired with an
acoustic televiewer. This study illustrates the geometrical
arrangement of uranium mineralization traps in the studied
sites. For simplicity, the term mineralization is used in this
article in a broad sense, including from very low grade
(>150 cps/SPPγ), low (<1.500 cps/SPPγ) to medium grade
(<25.000 cps/SPPγ), to high grade (>25.000 cps/SPPγ). This
work also reveals the importance of the inherited ductile fabric on the development of eﬃcient geometrical traps for
mineralization during brittle reactivation supporting the
jog hypothesis of [18, 19] on the NE-trending structures
and brings new information about the structural controls
of E-W-trending faults. Finally, we discuss a regional compressional stress ﬁeld that could have been common to the
three studied cases and led to the formation of mineralized
dilational jogs and conjugate faults.

2. Regional Geological Setting and Location of
Studied Sites
The Paleoproterozoic to Mesoproterozoic sedimentary rocks
of the Athabasca Basin were unconformably deposited on
Archean to Paleoproterozoic basement rocks of the Western
Churchill Province [21–23] (Figure 1). The Athabasca Basin
was ﬁlled by ﬂuviatile clastic sedimentary rocks of the Athabasca Supergroup [21], which is mainly composed of nonmetamorphosed continental quartzose sandstones [24, 25]. The
age of the Athabasca Basin is bracketed between ca. 1720 and
ca. 1267 Ma ([26] and references therein). The basement
below the Athabasca Basin is subdivided into two lithostructural subprovinces of the Western Churchill province: the
Rae Subprovince to the west and the Hearne Subprovince
to the east, separated by the Virgin River Shear Zone [27],
the Southern extension of the Snowbird Tectonic Zone
(Figure 1).
The Hearne Subprovince is divided into the Mudjatik
Domain, mainly composed of Archean tonalite-trondhjemitegranodiorite domes and the Wollaston Domain [28, 29] that
is dominantly represented by Paleoproterozoic metasedimentary sequences (Figure 1). These domains were imbricated
within the so-called Mudjatik-Wollaston Transition Zone that
corresponds to the foreland of the ca. 1.8 Ga Trans-Hudson
orogeny [27]. This transition zone is characterized by a highly
strained zone of steeply-dipping anastomosed shear zones that
extend over several hundred kilometers along strike. Most of
the eastern Athabasca deposits, prospects and showings,
including the McClean (Sue) and Martin Lake Projects here
studied (Figure 1), are concentrated within the footprint of
this transition zone at the intersection between the graphitic
bearing shear zones and the unconformity at the base of the
Athabasca Basin. Exploration drilling within the WollastonMudjatik Transition Zone focuses on targeting graphitic shear
zones (commonly known as electromagnetic (EM) conductors), mostly orientated NE-SW, steeply dipping, that have
undergone syn- and/or post-Athabasca brittle reactivation.
The Rae Subprovince, West of the Virgin River Shear Zone,
is characterized by monotonous orthogneiss dominated by

4
granodioritic compositions (“quartz diorite suite”). It ranges
in composition as deﬁned by petrography from granitic to
gabbroic [30]. Granulite-facies assemblages are preserved in
the northwest, retrogressed granulite-facies assemblages in
the center and mylonitic, amphibolite-facies assemblages of
the Virgin River Shear Zone in the southeast [31]. These rocks
were intruded by ca. 1985-1968 Ma plutons of the Taltson
magmatic zone and later by the 1843 Ma granite of the Clearwater Domain. The Virgin River Shear Zone was subjected to
multiple displacement episodes under ductile, brittle-ductile,
and brittle conditions [32]. Uranium deposits reported in
the Rae Subprovince are also associated with major fault systems and locally graphitic shear zones like the Patterson Lake
conductive trend which, given the recent, major discoveries of
the Triple R (Fission Uranium Corp.) and Arrow (NexGen
Energy Ltd.) deposits is considered a world class metallogenic
province (Figure 1). At present, the Patterson Lake trend contains more than 350 Mlbs of indicated, high-grade U3O8
resources. The Hook Lake prospect is situated along the
northeast extension of the Paterson Lake trend and contains
the Spitﬁre prospect, a high-grade uranium occurrence hosted
along a NE-SW steeply-dipping graphite-rich shear zone [33,
34] (Figure 1).
The syn to post-Athabasca tectonic history associated
with the formation of the uranium deposits is poorly understood. Reactivated faults show regional to local spatial relationships with stratigraphically and temporally constrained
isopach maps, facies changes, and linked paleocurrent data
of the basin inﬁll [5, 24]. The oldest known uraninite in the
Athabasca Basin has been dated at ca. 1.6 Ga (U-Pb method,
[34]), with the primary uranium mineralization event being
interpreted to be in the 1600–1500 Ma period with multiple
younger episodes of uranium remobilization occurring until
∼0.2 Ga [23, 34–37]. Far-ﬁeld continent-wide tectonic events
are believed to be responsible for the primary uranium mineralization event, as well as the younger episodes of remobilization [34, 35, 37].

3. Methods
The structural analysis was performed combining drill core
observations with structure identiﬁcation, characterization
and orientation using a goniometer and borehole acoustic
televiewer (ATV). Continuous core was drilled with NQ
(4.7 cm diameter) inclined diamond drilling. Drill core orientation was obtained using REFLEX ACT (Reﬂex Instruments
Ltd.) core orientation devices and structural measurements
were hand-picked on drill core and measured with the goniometer, both as described in [38]. Borehole acoustic televiewer data acquisition and processing were done as
described in detail by [39] and are summarized here. Structural analysis combining goniometer and ATV of mineralized and nonmineralized structures were identiﬁed and
characterized. This provided information of barren, mineralized and altered intervals in which the drill core quality and
orientation was often poor or null, and within fault zones
and fracture corridors. Gamma probing was used to deﬁne
the mineralized structural intervals. For this study, mineralization has been deﬁned as values exceeding 10 times the
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background value of 25 cps as determined from nonmineralized sections of the drill holes. Gamma values have been
scaled from 25 to 1000 cps in order to emphasize peaks
related to weaker mineralization. In high mineralized holes,
values were scaled relative to the highest gamma values that
could reach several thousands of counts per second. In mineralized holes, values were scaled relatively to the highest
gamma values which can reach several thousand cps.

4. Borehole Acoustic Televiewer (ATV)
The ATV used for this work is the ABI40GR-2G (and occasionally the QL40-2G, an upgrade from the previous ABI40
used in 2018) full waveform acoustic televiewer. The tool
string is approximately 180 cm long and acquires high resolution amplitude and travel time images for the acoustic signal reﬂected oﬀ the borehole wall along with hole orientation
and natural gamma measurements. The acoustic device provides an image representative of the contrast in acoustic
impedance between the borehole ﬂuid and wall [40–42].
The resulting log is a representation of the borehole wall as
if it were split vertically along magnetic north or the high side
of an inclined hole and laid out ﬂat [43] (see examples in
[39]). For example, a fracture plane that intersects the borehole wall at a given angle produces a sinusoidal trace on the
televiewer log [39, 44]).
The ATV is run up hole through zones of interest. The
common parameters used are a logging speed of 1.8 meters
per minute achieved using 3 mm vertical resolution and 144
sample azimuthal resolution. The raw tool data is imported
into WellCAD™ software with the images oriented to the high
side of the inclined holes. Amplitude and centralized travel
time signals are used to identify main core breaks needed for
logging, including: lithology changes, contacts, structures
and alteration. The apparent measurements are processed to
true orientation and corrected for magnetic declination (8.5°
in this case study). The color chart of the reﬂected amplitude
log, which is chosen by the operator, goes from low impedance
in blue to high impedance in yellow (Figure 2). Generally, fractures appear in blue colors or black (little to no reﬂected signal), while siliciﬁed rocks or quartz-ﬁlled veins appear in
bright yellow (high reﬂected signal). Foliation appears as a
high density, tight alternation of blue/yellow strips. Travel
time compliments information observed on reﬂected amplitude mostly for fractures and altered intervals.

5. Results
5.1. Structural Controls in the Sue Deposits: McClean Project.
Since the discovery of the Sue uranium deposits in 1988-1991
[25] (Figures 1 and 3(a)), the works by [18, 19, 45] and [46]
supported by recent numerical modelling by [16] have produced outstanding, interpretative deformation scenarios in
which the development of various sets of post-Athabasca
brittle faults with intersections with dilational veins and jogs
along reactivated Hudsonian shear zones is concluded to
have played the major role on ﬂuid ﬂow and uranium mineralization. Mineralizing pre and post-Athabasca deformation
events are commonly considered result from far-ﬁeld east-
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west shortening which induced reverse reactivation of the
preexisting NNE- to NE-trending shear zones [34, 35, 37].
In this section, we present the structural analysis performed from seven inclined diamond drill holes completed
during the summer 2016 in the McClean Project
(Figure 3(b)). Drill holes targeted basement-hosted mineralization in the lateral extension of the Sue deposits
(Figure 3(b)). ATV probing was run in all of the drill
holes with the objective to precisely identify the structural
controls of basement-hosted mineralization.

The Sue deposits are situated along the western margin
of the Archean Collins Bay granitic dome (Figure 3(a)),
spatially associated with a dominant 010°-trending lithostructural graphitic pelitic gneiss corridor known as the
“Sue Trend”, which generally dips steeply to the east. Graphitic pelitic gneiss, pelitic gneiss, and siliciﬁed gneiss are
the principal types of metasedimentary rocks of the Wollaston Supergroup in the Sue area [18, 19, 45, 47]. The
regional ore-controlling structure strike NNE (010–015°)
and dip steeply to subvertically to the east, and are

6

Geoﬂuids

(a)

(b)

Jeb
N

S835

Sue B

Sue B
S-835

S836

S-836

McClean N
Sue B
Sue A
Sue C
Sue D
McClean S

Collins
Bay
Gramitic
Dome

Eagle
point

Sue A

Sue A
&C

Collins bay
A zone

Sue C

B zone

Sue E

ML 6514

Sue D
Rabbit L

0

500 m

S834

S834
S833A

S833A

Sue E

S830A

Sue E

S831
S830A
S830
S831
S832

0

5 km

Fault
Uranium
Deposit

APHEBIAN
Wollaston group
Pelitic- to psammopelitic
Paragneiss calc-silicates
Graphitic paragneiss
Quartzite

ML 5528

S832

McClean
Lake
064l05
064l04 Rabbit
Lake

Legend
Collar - 2016
Collar - historical
Drill hole trace - 2016
Drill hole trace
Pit area
Tenement

Archean
Antiform

Granite-gneiss

Figure 3: (a) Regional framework of the Sue uranium deposits, McClean Project (originally from [18]; modiﬁed from [48]). (b) Location of
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commonly situated within the graphitic pelitic gneiss. The
unconformity was displaced up to 20 m, and a west-directed
reverse displacement has been identiﬁed [19]. Two additional
post-Athabasca fault sets are observed: a NE-SW-trending set
(230–240°) that dips steeply northwest, and a NW-SEtrending set (320–340°) that dips steeply to the northeast
[18, 19, 45, 47]. The Sue Trend uranium mineralization is
mainly composed of uraninite as massive nodules, shear vein
ﬁllings, and crosscutting extensional veinlets [18, 19, 45, 47].
Host-rock hydrothermal clay alteration pervades and surrounds the zones of mineralization, which are also typically
desiliciﬁed, variably hematized or bleached, and locally tourmalinized [18, 19, 47].
5.1.1. Structural Analysis and Mineralization Settings. The
structural analysis in this site was performed combining
borehole ATV data with fresh drill core observations. Identi-

ﬁed structures were correlated along sections between drill
holes S835-S836, S834-S833A, and S830A-S831-S832.
Drill holes S830A, S831, and S832 were drilled south of
the Sue E deposit (Figure 3(b)). They intersected a typical
lithological sequence composed of granitic rocks of the Collins Bay dome, graphitic pelitic rocks of the Wollaston
Group, and subordinate siliciﬁed gneiss, with two major
graphite-rich shear zones. None of these holes intersected
mineralization. These three drill holes show good structural
correlation with well-deﬁned shear zones that steeply dip to
the SE and trend N or NNE. Figure 4 shows the correlation
of the upper graphite-rich interval (in grey) through drill
holes S830A and S832. It also shows the ATV oriented data
(right column) and the correlation of the major shear zones
observed on drill core. The ﬁrst signiﬁcant pattern shown
by the ATV oriented data is the homogeneous dip and azimuth of the foliation and shear bands (Figure 4(b)). Foliation
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Figure 4: (a) Structural correlation of the upper graphite-rich interval (in grey) and DBSZ (in blue) through the drill holes S830A and S832.
(b) ATV oriented data and structural interpretation of the correlated interval. (c) ATV oriented data on stereonets and rosacea plots compiled
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is represented in Figure 4 as bright pale blue picked planes
and structural symbols (oriented data). Transposed composite foliation (S1) is dominantly NNE-trending (N000 to
N030) and dips subvertical to the east. The homogeneous
dip and azimuth are important features that diﬀer in the mineralized intervals of the other drill holes.
Ductile shear zones are preserved, exhibiting deformation patterns as S/C shears and shear bands in the pelitic
gneisses and graphitic intervals (i.e., Figure 4(a), S832 at
286 m). Shear zones are of two types. Shear zones that exhibit
only ductile deformation patterns as shear bands, S/C shears
and elongated elements, and, the most common, shear zones
that exhibit brittle deformation patterns as cataclastic breccias and secondary fractures overprinting ductile deformation patterns. These last shear or fault zones are commonly
known as ductile-brittle shear zones (DBSZ). DBSZ run parallel or subparallel to the main regional foliation (N000 to
N030) and are characterized by graphite bearing mylonites
that contain centimeters to decametric intervals of cataclastic
breccias with reworked angular clasts of pelitic gneiss. Clasts
are millimetric to centimetric in size, and are supported by a
graphite-rich matrix. In Figure 4, DBSZ are represented as
blue intervals in the structural column that group numerous
ductile-brittle features, particularly associated fractures represented as blue picked planes and structural symbols in the
structural interpretation column.
Fractures are represented in Figure 4 as green picked
planes and structural symbols. In drill holes S830A and
S832, fractures distribute regularly along drill holes with
a dominant E-W orientation and with various sets of secondary fractures with a wide range of strike and dip

(Figures 4(b) and 4(c)). This arrangement and fracture
set distribution are common to all the other studied drill
holes.
Faults are represented in red in Figure 4. Faults appear all
along the drill holes but they are concentrated immediately
above the graphitic intervals, i.e., within the hanging wall of
the graphite-rich shear zones (Figure 4(a)).
ATV fault analysis allows for sorting the oriented data
into ﬁve groups (Figure 4(c)): (i) N-S-trending faults, steeply
dipping dominantly to the E, matching the main foliation
trend; (ii) NNE-SSW-trending faults, dominantly N025- to
N035-trending, highly to moderately (80-50°) dipping to
the SE; (iii) ENE-WSW-trending faults, dominantly N045N065-trending, moderately to very low (45-10°) dipping both
to the north and south; (iv) NW-SE-trending faults, which
cover a large range of orientations from N115 to N155trending; and (v) E-W-trending faults, dominantly N080to N110-trending, that oﬀset all the others fractures, including the mineralization.
Drill hole S834 was drilled south of the Sue D pit
(Figure 3(b)). This drill hole intersected a low-grade
occurrence of disseminated mineralization between 110
and 112 m (30 cm@461 ppm U). Mineralization occurs
within a shear zone in nongraphitic psammo-pelitic gneiss.
Moving downhole, the ATV structural analysis identiﬁes
(Figure 5(a)): (i) a progressive rotation in the orientation
of S1 of approximately 30° from NNE- to NE-trending
and (ii) a progressive lowering of the dip angle through
the shear zone from 80° to 20-30° (highlighted by the
red arrow). These data indicate that the mineralization
occurs in a ﬂat-lying shear zone where the foliation turns
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Figure 5: ATV structural analysis of drill hole S834. Disseminated mineralization occurs in a nongraphitic shear zone when it turns from
NNE to NE and when dips decrease from highly steeply dipping to low angle dipping. The red arrow indicates the progressive decreasing
in dip and the azimuth reorientation. Legend in Figure 2.

from NNE to NE and the dip decreases from steeply dipping to shallowly dipping (Figure 5(b)).
Drill holes S835 and S836 were drilled south of the Sue B
deposit (Figure 3(b)). Both holes intersected low-grade mineralization or intervals of anomalous radiometry within the
basement. Three settings were identiﬁed. The ﬁrst setting
corresponds to local intervals with high gamma peaks above
the usual background that are related to local pegmatites
within highly strained shear zones. The second setting is
formed by very low-grade, disseminated, foliation parallel
mineralization (>4000 cps ABI GR probe, equivalent to
150 cps SPPγ on drill core) spatially related with DBSZ. Mineralization is located at the contact between psammo-pelitic
gneiss and graphitic gneiss and coincides with a (reactivated)
NNE-trending, steeply dipping DBSZ. The third setting is
fracture/vein-related low-grade mineralization (>8250 cps

ABI GR, equivalent to 300 cps SPPγ on drill core) within
shear zones. Mineralization is visible in core from drill holes
S835 and S836. In drill hole S835, mineralization of this setting 3 was intersected at 225 m at the top contact of the graphitic gneiss with the psammo-pelitic gneiss (Figure 6(a))
and at 366 m within siliciﬁed psammo-pelitic (nongraphitic)
gneiss above the graphitic layer (Figure 6(b)). In this latter
case, pitchblende is hosted in oblique, sigmoidal-shaped
quartz-vein lenses (fracture-ﬁll), suggesting a crack-seal
origin, that typically runs parallel or subparallel to S1
(Figures 7(a) and 7(b)). In detailed view, the pitchblende is
located within lenses where the quartz has previously been
corroded/dissolved. The crack-seal sigmoidal vein shape
and slickensides deﬁne NE/60SE reverse dextral kinematics
(Figures 7(b) and 7(c)). In the ATV data through the mineralized intervals in drill holes S835 and S836, fractures and S1

10
(a)

Geoﬂuids
Depth Gamma

1m:200m

GR
25 ->1000cps

Units

ATV analysis

Lithol Struc

3D

Amplitude-HS

353°

Picked plans

Structural interpretation
Stereonet
Wulff plot-LH

Oriented data
0

90

Rosacea
Strike-percent interval (count)

Depth: 214.02 (m) to 228.94 (m)

S835

Um
in

0°

216.0

Um
in
v

s

s
ein

in
ve

0°
20
10

220.0

10

20

224.0

180°

180°
Poles

Mean
228.0

(b)
362.0

Counts Dip (deg) Azi (deg)
32
30.92
101.43
22
35.73
96.98
10
18.39
111.28

Components: Strike
Counts:
32.00
Mean (2D): 165.08
67.46
Std.Dev.:

Depth: 356.10 (m) to 373.96 (m)

S835

Um
in

0°

in s
ve

20

in s
ve

364.0

Um
in

0°
10
10

20

366.0

180°

180°
368.0
Poles

Mean
370.0

(c)

184.0

Counts Dip (deg) Azi (deg)
25
36.16
133.04
4
20.07
47.05
21
42.03
138.18

Components: Strike
Counts:
25.00
Mean (2D): 149.12
34.48
Std.Dev.:

Depth: 184.00 (m) to 188.00 (m)

S836

0°

Um
in

0°

Um
in
v

ein

15
10
5

185.6

s

ins
ve

184.8

5 10 15

186.4

180°

Poles

187.2

Counts Dip (deg)
Mean 24
20.72
7
74.05
12
21.93
5
16.66

180°
Azi (deg)
305.81
91.58
297.25
336.24

Components: Strike
Counts:
24.00
Mean (2D): 144.89
61.36
Std.Dev.:

188.0
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drill hole S836@186 m. Note the bimodal orientation and dip of the mineralized fractures and foliation for all of them. Legend in Figure 2.

display two orientations (Figure 6): NNE (N010-N020) and
NE (N045-N060), and shallower dips, the same as observed
in drill hole S834 (Figure 5(a)).
The composite foliation observed at the Sue deposits is
extensively described in [19, 48]. Although kinematic indicators of reactivation in DBSZ are poor in our observations,

post-Athabasca reverse dextral reactivation has been inferred
from local oﬀsets at the unconformity by [18, 19, 48]. Kinematic indicators on NE-SW-trending fractures indicating
reversal dextral to sinistral kinematics are described in [18,
49] and [19]. NW- (to NNW-) trending faults show a dominant late normal component [19, 49].
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(Figure 8(c)). Both conﬁgurations of mineralized veins
exhibit moderate to low-angle dips.
The shallower dip and the bimodal azimuth in the mineralized intervals can be interpreted as the intersection between
distinct NNE and NE fracture sets or as Riedel “en-échellon”
structures [18, 19, 48]. However, the ATV analysis shows the
change from steep to shallow dips and from NNE to NE azimuths both occur progressively (i.e., Figures 5 and 6). As
such, changes in both strike and dip are interpreted as related
to local bends of shear zones, both laterally and vertically,
along the trace of the Sue trend (Figure 8(c)). Reverse brittle
reactivation of DBSZ has been argued by [18] and [19]. The
reverse motion in the brittle regime on such a fault bends
would have produced extensional crack or jogs where dips
are shallower (Figure 8(c)). To open such a dilational jog
when the azimuth turns from N to NE, reverse motion had
to be right-lateral (dextral). Dextral kinematics is coherent
with the observed crack-seal sigmoidal vein shape on drill
core (Figure 7) and was already observed by [18, 19, 49] on
NNE-SSW faults. This correlation strongly supports the
genetic relationship between fault bends and the development of dilatational jogs in reversal dextral tectonic reactivation as geometric traps for ﬂuids to produce mineralization.

(a)

Silicified Gn

(b)

Late fracture

(c)
NE/60SE
reverse (dextral)

N010/80SE pich 55N
reverse (sinistral)

(d)

Argilized Gn

Figure 7: Kinematic indicators on drill core samples from Sue (a, b,
and c) and Spitﬁre (d), illustrating (a) crack-seal mineralization in
drill hole S835@366 m. (b) Interpretation of (a): pitchblende is
hosted in oblique/sigmoidal quartz veins lenses (crack-seal) that
run parallel or subparallel to the foliation. (c) Slickensides. Reverse
dextral kinematics is deduced from (a) and (c). (d) Slickensides on
drill core sample from Hook Lake (HK17-72@362.3 m) indicating
reverse sinistral motion.

5.1.2. Structural Interpretation and Controls on
Mineralization. Nonmineralized intervals in drill holes are
characterized by a homogeneous steep dip and a N-S strike
of the foliation and DBSZ (i.e., global strike and dip of the
Sue trend), with local NNE-striking shears (Figure 4(b)). This
is an important feature that diﬀers in the mineralized intervals of the studied drill holes S834 S835 and S836
(Figures 5 and 6). Mineralized intervals are characterized by
two types of mineralization: disseminated and fracture/vein-related. When mineralization occurs, it is associated
with foliation and shears that rotate from NNE (N020) to
NE (N055) and with a shallowing of the dip from subvertical
to moderate/low-angle to the SW and NE (Figure 8(a)).
Mineralized veins are associated with intervals within which
fractures display a fan of orientations from NNE to ENE,
with dominant moderate to low dips to the SE
(Figure 8(b)), or a bimodal orientation NNE (N010-N020)
and NE (N045-N060) with moderate to low dips to the NE

5.2. Structural Controls in the Tri-Island Trend: Martin Lake
Project. The Martin Lake Project lies in the WollastonMudjatik Transition Zone (Figure 1). Along the Martin Lake
graphitic conductor, a mineralized zone was discovered in
2015 and drilled during 2016 and 2018. Mineralization is
hosted within the so-called Tri-Island graphite bearing shear
zone which is oriented ENE-WSW in the area of the discovery (Figure 9(a)). Postbasin reactivation of the Tri-Island
trend is supported by the oﬀset of the unconformity observed
ahead of the graphitic shear zone (Figure 9(b)).
Seven drilling fences were explored between 2015 and
2018 with the completion of twenty-ﬁve cored drill holes
(Figure 9). Sixteen drill holes were studied for this work with
the focus on the interpretation of structural controls on mineralization. Oriented data in all holes was collected by the
Orano geologists using a goniometer and provided in true
azimuth and dip of observed structures. Acoustic Televiewer
(ATV) was run along a 240 m thick interval in drill hole ML140 (Figure 10). Various cross sections and maps were created from drill hole logging (logging from Orano geologists)
as well as from structural data by the authors.
5.2.1. Structural Analysis and Mineralization Settings. The
analysis of ductile patterns on drill core only allowed for
the simple diﬀerentiation of a dipping penetrative foliation
(possibly transposed foliation events), shear zones (including
DBSZ as described above in the Sue deposits), and large scale
folding of the so-called regional D2/S2 event [50, 51], here
noted as undiﬀerentiated D1/S1. Oriented data of the
D1/S1 foliation (S1) and inferred transposed shear zones is
here used for the structural analysis following [39].
Figure 9(c) presents the oriented data of the foliation (S1)
and transposed shear zones from the barren zone to the west
moving into the mineralized zone to the east. These oriented
data show, from west to east, a noteworthy change in the
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S1/shear zone patterns from the same steeply dipping south
sense of dip to a progressively conjugate north and south
sense dip (synthetic to the south and antithetic to the north).
Note that plane poles progressively span from the north to
the south in the stereoplots when moving from west to east.
The structural analysis of the ATV data from drill hole ML137 shows the same stereonet conﬁguration (Figure 10);
within the shear zone of conjugate, north and south dip sense
(synthetic to the south and antithetic to the north) of the
foliation/shears is present. Note that plane poles progressively span from the north to the south in the stereonets
when moving downhole.
Brittle deformation in the studied drill holes was
recorded by: (a) the oﬀset of the unconformity, most often
reverse and related to the reactivation of ductile shears. The
clearest oﬀset of the unconformity occurs along the contact
between the siliciﬁed gneiss in the hanging wall and the pelitic/graphitic unit (Figure 9(b)). This faulted contact is
deﬁned by strong well-sealed, nonmineralized quartz breccia.
(b) The N-S-trending (NNW-SSE to NNE-SSW), rightlateral strike-slip oﬀset of the Tri-Island trend. These strikeslip faults are common high frequency and mapable in the
area (Figure 9(a)), systematically oﬀsetting the Tri-Island
trend. N-S faults are characterized by cataclastic breccias
with strong clay alteration formed by muscovite and proba-

ble illite. (c) Faults that involve both the basement and
the basin sandstones with minimal (meter-scale) unconformity oﬀset. These faults are inferred to be reactivated
basement shears which propagated upwards into the sandstones. Three main sets of this type of faults were identiﬁed: a NW-SE-trending set, a NE-SW-trending set and a
main E-W-trending (WNW-ESE to ENE-WSW) set. This
last set of E-W faults most often reuses foliation or DBSZ
shear zones and is the main mineralized fault set. All fault
sets display strong clay alteration which often overprints
cataclastic breccias.
Mineralization was intersected in several drill holes. Here
below, we synthesize mineralization on the bases of the characteristics it presents in two drill holes in which it is faultrelated, ML-134 and ML-141 (location in Figure 9(a), cross
section b6).
In drill hole ML-134 the mineralized interval extends
from 205.3 to 249.2 m. This interval includes, from top
to bottom, (i) disseminated low-grade mineralization
(<1.500 cps/SPPγ) with three small intervals of mediumgrade mineralization (<25.000 cps/SPPγ) and (ii) a principal
interval of high-grade mineralization (>25.000 cps/SPPγ) up
to 30% U from probing calculation (Figure 11(a)). The disseminated low-grade mineralization occurs within an interval of graphitic gneiss with strong bleaching and weak to
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moderate clay alteration (muscovite/illite). Microfractures
ﬁlled by secondary graphite (or dark chlorite) are frequent
(Figure 11(b)). The uppermost interval of medium-grade

mineralization at 209.8 m appears spatially related with a
15-20 cm thick fault zone (Figure 11(c)). Fault-related fractures are subparallel to foliation and oriented E-W. Uranium
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nodules within the fault zone are rimmed with limonite. The
intermediate and lower intervals of medium-grade mineralization (217 to 217.3 m, <21.630 cps; 221.4 to 221.8 m,
<11.700 cps) are limonite-related oxidation fronts that seems
to inﬁltrate along foliation (Figures 11(d) and 11(e)). The
highest grade and main mineralization interval, between
223.5 m and 227.9 m, is also characterized by limonite oxidation. The mineralization in this last interval evolves down
hole from massive to disseminated with a transition zone of
dark chlorite (Figures 11(f). The basal contact is abrupt and
interpreted as faulted. The fault occurs between 227.3 and
227.9 m and shows the highest radiometry with up to
17.000 cps in this drill hole (Figure 11(g)). Two other satellite
faults with clay alteration and mineralization are also visible
(i.e., at 222.4 m, Figure 10(h)). In both faults, clay alteration

is associated with bleaching which overprints and postdates
mineralization.
Drill hole ML-141 intersected the bottom of the mineralized body less than 2 m apart from drill hole ML-134 between
216 and 221 m. Mineralization is high-grade, dark grey, and
fracture-related and preserved from any oxidation. Mineralization at 216 m is related to strong clay alteration (sericite
ﬂakes within a probable illite matrix) and consists of two
massive centimeter-scale pitchblende veins; one is parallel
to foliation (Figure 12(a)) while the other crosscuts foliation
obliquely (Figure 12(b)). Both veins are associated with a
halo of mineralization invading the host rock. Mineralization
at 220 m is high-grade, vein-related (Figure 12(c)) and associated with a cataclastic-corrosion wear breccia facies
(Figure 12(d)). This breccia is formed by chaotic, subangular
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Figure 11: Drill hole ML-134. (a) General overview of the mineralized interval @205.3-249.2 m. (b) Microfractures ﬁlled with secondary
graphite or dark chlorite @210.4 m, <830 cps. (c) Fracture and quartz-feldspar segregation-related mineralization @209.8 m, <15.340 cps.
(d) Limonite oxidation front-related mineralization @217-217.3 m, <21.630 cps. The sketch shows the geometric relationship between the
front, the foliation, and the fold. (e) Oxidation front-related mineralization @221.4 to 221.8 m, <11.700 cps. The sketch shows the
geometric relationship between the front and the foliation. (f) Upper contact of principal mineralization @223.5 m. (g) Lower faulted
contact of principal mineralization @227.8 m. (h) Clay fault @227.4 m, 10.500 cps.

to rounded, mm to cm scale, clasts of pale green to grey
chloritized pelitic gneiss cemented with green dark to black
chlorite with disseminated mineralization. The edge of the
clasts exhibits corrosion patterns (dissolution gulfs).
5.2.2. Structural Interpretation and Controls on
Mineralization. The ductile patterns identiﬁed, noted as undifferentiated D1/S1 foliation (including shear zones, DBSZ and
large folding), correspond to the main pre-Athabasca shortening event synchronous of the high temperature metamorphism with lit-par-lit melting of the paragneiss and anatectic
sweats (regional D2/S2 event [50, 51]). All previous deformation and foliation events are transposed to this event. D2/S2 is
characterized by vertical open folds associated with a gentle
shortening event. No well-developed foliation associated with
D2/S2 is apparent.
The noteworthy change in the S1/shear zone pattern
noted when moving from the periphery to the mineralized
zone (from W to E), from the same steeply dipping south
sense of dip to a progressively conjugate north and south
sense dip, with the plane poles progressively spanning from
the north to the south in the stereoplots, is interpreted to
reﬂect a conjugate shear pattern. This lateral evolution is visible on the drill sections as well (Figure 9(b)) and supports (i)
the conjugate arrangement of S1/shear zones and (ii) the role
of the antithetic shear bands favouring brittle reactivation
and mineralization. The ATV oriented data from drill hole
ML-137 supports the same structural interpretation of conjugate shears. This is presented in the synthetic cross section
through the mineralized ore body in Figure 13(a). The 2D
pattern of the shear zones in the barren western trend can
be associated with noncoaxial deformation resulting in an
asymmetric shear zone pattern with the same dominant dip
to the south, while in the mineralized zone, the symmetric
conjugated shear zone pattern indicates coaxial deformation
([52]) (Figures 9(d) and 13(b)).

Mineralization in Tri-Island is disseminated and
fracture-related hosted within foliation and shears reactivated as breccia faults or veins. Most of the mineralized fractures are E-W, following the E-W orientation of the
inherited, inferred conjugate, ductile fabric, and secondarily
in NW-SE and NE-SW fractures. Although the uranium
ore body is conformable with the inherited conjugate pattern,
mineralization is inferred to be the result of post-Athabasca
faulting reactivating the inherited ductile structures [5, 12].
Post-Athabasca faulting in Martin Lake was recorded by
the oﬀset of the unconformity, the recurrent right-lateral
strike-slip oﬀset of the Tri-Island trend by globally N-Strending faults and the E-W faults that reactivated basement
shears and propagated upwards into the sandstones. These
types of faults resulted in minimal metric-scale unconformity
oﬀset but their role is inferred as critical in driving mineralizing ﬂuids from the basement into the sandstones (i.e., Cigar
Lake deposit, CL in Figure 1, [12, 53]). The cataclasticcorrosion wear breccia facies observed in drill hole ML-141,
interpreted as mineralized fault breccias resulting from the
combination of tectonic (oriented fracture network) and
hydrothermal (chaotic breccia with “corrosive wear” texture)
features. The increase of the number of faults when moving
from the barren synthetic shear zone (west) into the mineralized conjugated shear zone (east) indicates favourable conditions to enhance brittle reactivation of conjugate shears
allowing for the circulation of important amounts of ﬂuid
ﬂow.
5.3. Structural Controls in the Spitﬁre Prospect: Hook Lake
Project. The Spitﬁre uranium prospect is located at the southern boundary of the Hook Lake Project, along the Patterson
Uranium District in the southwest Athabasca Basin
(Figures 1 and 14). The Patterson Lake trend is a structural
corridor (also called the Patterson Lake corridor) that hosts
one of the world’s largest high-grade uranium systems which
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Figure 12: Drill hole ML-141. (a, b) Vein-related mineralization @216 m. (c) Vein-related mineralization @220 m. (d) Cataclastic-corrosion
wear mineralized breccia @220 m.

includes Fission Uranium Corp.’s Triple R Deposit and
NexGen Energy Ltd.’s Arrow deposit located several kilometers southwest of Spitﬁre (https://purepoint.ca/projects/
hook-lake/). The Patterson Lake corridor is a crustalscale zone of heterogeneous high strain with a strike
length of over 50 km and a width of 5 to 10 km, hosted
in Paleoproterozoic crystalline rocks of the Taltson
Domain, which is part of the southwest Rae Province
[22]. In the Hook Lake Project, three major basement
lithologies are identiﬁed: orthogneiss derived from quartz
monzodioritic and dioritic protoliths, a suite of maﬁc to
ultramaﬁc rocks that intruded the orthogneiss [54, 55],
and pelitic gneiss or pseudoplites [33]. The Patterson Lake
corridor also hosts ultrabasic intrusive rocks, carbonatite
dykes, and voluminous hydrothermal-metasomatic rocks,
accommodated deformation episodes in both the ductile

and brittle regimes [22]. A subvertical fault system extending NE-SW at Arrow (Figure 1) has been interpreted as a
chloritic-graphitic strike-slip dominated fault system of
complex left-lateral Riedel-style geometry, where multiple
brittle reactivations of primary shear fractures have
occurred, allowing for migration of hydrothermal ﬂuids,
alteration of host rocks, and precipitation of uranium mineralization [20].
The high-grade Spitﬁre mineralization (Figure 14) was
discovered in 2015. The mineralization is basement hosted
below less than 150 m of Athabasca sandstone basin inﬁll
and expands southwest to join the Harpoon prospect (NexGen Energy Ltd.). The mineralization is hosted within a
NE-trending, moderate to steeply SE-dipping graphite-rich
shear zone (Figure 14) (https://purepoint.ca/projects/hooklake/).

18

Geoﬂuids
(a)

ML-121 ML-122 ML-120 ML-119
ML-123
Mineralization
Sandstones
Siliciﬁed gneiss
Pelitic gneiss
Graphitic gneiss
Garnet-rich gneiss
Pegmatite

(b)

0

20

40 m
Non scaled

Figure 13: Cross section b7 (Figure 9(b)) through holes ML-121 to ML-123 revisited taking into account the conjugated symmetric shear zone
pattern attributed to coaxial deformation.

This section presents the 2016, 2017, and 2018 structural
studies completed on the Spitﬁre prospect (Figure 14). It is
based on observations on mineralized core, structural analysis of oriented fresh drill core (holes HK16-34, HK16-37,
HK16-39, HK16-43, HK16-47, HK17-43, KH17-56, HK1760, HK17-61, HK17-62, HK17-79, HK17-80, and HK1882), and of ATV data. The ATV was run and processed by
DGI Geoscience Inc., and interpreted by the authors. Additional observations of the mineralized intervals were performed in the revisited holes HK14-9, KH14-17, HK15-25,
and HK15-21.
5.3.1. Hosting Rocks and General Geometry of the Composite
Ore Body. Observations of fresh rocks from drill holes
allowed identifying the following lithologic sequence, from
top to bottom: (1) orthogneiss with granitic composition
(i.e., granodiorite), with preserved feldspars phenocrysts
and with diﬀerent degrees of hydrothermal quartz siliciﬁcation. These are partially hematized below the unconformity
due to pre-Athabasca basin paleoweathering and strongly
siliciﬁed at the contact with the underlying graphite-rich
mylonite zone (see below). (2) Maﬁc rocks that intrude
through the contact between the felsic orthogneiss and the
underlying graphitic gneiss (mylonite zone). This intrusive
is pale green, strongly chloritized and argillized. (3) Mylonite
or shear zone (>50 m thick) which contains (3.1) garnet-rich
granitic gneiss. Fresh garnets out of the mylonite zone evolve
to chlorite-rimed at the edges and completely chloritized
within the mylonite core. The garnets are progressively
stretched and rotated indicating a stage of high temperature
deformation (>600-800°C); (3.2) very ﬁne-grained maﬁc
rocks with local millimeter-scale but very abundant garnets.

These maﬁc rocks vary in location from above to below the
graphitic pelite. Fresh examples of these maﬁc rocks contain
disseminated sulﬁdes; (3.3) graphitic-rich pelitic gneiss,
pyrite-rich at the top, within the mylonite core (ultramylonite). (4) Pyroxene-garnet-rich maﬁc rocks with pyrite as disseminated grains or in veinlets, and magnetite in veinlets.
Hydrothermal quartz is abundant locally modifying the pelitic gneiss fabric and imparting a gneissic fabric. Preliminary
geochemical and multielement analysis currently in progress
show patterns suggesting that the granitoids and associated
rocks belong to four disctinct groups: TTG (tonalite, trondhjemite, and granodiorite), sanukitoids, BADR (basalt, andesite, dacite, and rhyolite), and boninites. The entire package of
rocks is aﬀected by diﬀerent degrees of siliciﬁcation, chloritization, and clay alteration. However, the presence of siliciﬁed
granitic gneiss and the occurrence of chlorite-altered, maﬁc
intrusives at the interface between the graphitic gneiss (mylonite zone) and the overlying granodiorite is a characteristic of
the Spitﬁre prospect. Most of the mineralization is hosted
following this mechanical discontinuity [33]. Below the graphitic mylonite zone, the rocks are relatively fresh.
The ore body, depicted within a 500 ppm cut-oﬀ envelope, strikes NE, is approximately 350 m in strike-length with
a thickness up to 30 m (Figure 14). In the NE, the ore body
extends down at least 120 m, from 320 m to 225mASL
(Figure 14). Figure 15 displays a 3D cartoon of the southwestern half of the ore body (Figure 15(a)). For simplicity, we
term the horizontal parts of the ore body “wings” and the vertical extension “root”. Figure 15 also shows the location of the
representative mineralized samples and main structural
observations from the root and the wing (Figures 15(b)–
15(f)). The root contains the high-grade mineralization in
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its deeper part, associated with pyrite-ﬁlled veins
(Figure 15(f)) and breccias with corrosion wear textures.
Breccia clasts are remnants of the pale-green maﬁc intrusive. The pseudobreccia cement is formed by grey microcrystalline chlorite that ﬁlls spaces left by dissolution and
hosts the mineralization which coats grain surfaces, ﬁlls
intragrain porosity, forms microveins in quartz, and
replaces micropyrites and parts of large pyrite grains [33].
Mineralized veins are observed at the upper part of the root
and occur parallel-to-oblique to S1 (Figures 15(d) and
15(e)). Proximal to the root zones, the wings are characterized by mineralization ﬁlling veins parallel to S1 or as disseminations in reduced zones in both the graphitic gneiss
and the overlying maﬁc rocks (Figure 15(c)). The distal
zones of the wings are characterized by foliationcontrolled disseminated mineralization (Figure 15(b)) and
secondary, remobilized mineralization at redox fronts associated with limonite. Hematite and limonite oxidation are
characteristics of the wings and generally of the upper part
of the ore body. Hematization disappears at depth, with no
oxidation present along the root at depth. Corrosion wear
textures are also observed locally in the wings.
5.3.2. Structural Analysis and Mineralization Settings. Five
drill holes had both good core recovery and acoustic televiewer data collected. The study of four of them is presented
hereafter (see location in Figure 14).
Drill hole HK16-34 did not intersect any mineralization;
rocks are quite fresh and show little deformation. This hole
makes part of the nonmineralized holes that were studied

as reference for the comparison of shear/fault zone arrangement between nonmineralized and mineralized holes. Foliation (S1) homogeneously trends NE and steeply dips SE,
with rare local changes in dip or azimuth to NNE or
WNW. The graphitic gneiss unit (357.4 to 378 m) shows high
strain, but only the top contact above the pyrite bearing graphitic gneiss appears as an unambiguous major shear zone
transposed to the general S1. Local and discrete ductile shears
and cataclastic shears were interpreted as NE-trending
reverse shears. Local minor to medium scale fractures and
faults crosscut foliation. Most of the time, faults are recognizable by the presence of centimeter-scale clay gouges. Their
orientations and types are (i) E-W-trending faults often displaying right-lateral reverse strike-slip kinematic indicators,
(ii) NW-SE-trending fracture or fault corridors, and (iii) rare
N-S- and NE-SW-trending single fractures or faults.
Drill hole HK16-47 intersected three mineralized intervals (Figure 16). (i) The upper mineralization is patchy,
occurring over an approximately 7 m thick interval. It contains relatively low grades (ex. 0.06% eU3O8 over 1.7 meters,
from gamma probe (gp)) and exhibits fracture/vein-related
oblique and parallel to foliation mineralization from 178 to
185 m (Figure 16(a)). Mineralization is hosted within granitic
gneiss. Both mineralized foliation and fractures are very similar in orientation occurring between N020 and N040, and
dipping most often from low (40°) to moderate (70°) to the
east (Figure 16(a)). (ii) The intermediate mineralization is
approximately 15 m thick, relatively low- to medium-grade
(ex. 10.3 meters of 0.18% eU3O8, gp) within a ductile shear
zone at the contact between the pelitic graphitic gneiss and
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the granodioritic/siliciﬁed gneiss (Figure 16(b)). Mineralization is dominantly parallel to S1 with fracture-related mineralization also visible subparallel and gently crosscutting the
foliation. Both mineralized shears/foliation and mineralized
fractures strike within N015 and N025 (Figure 16(b)). (iii)
The lower mineralization is the main ore zone in this hole
with 20.1 m of 0.88% eU3O8, gp (Figure 16(c)). This lower
ore body is divided into two parts: (a) the upper part, 216226 m, contains the highest grade mineralization in this hole
which is oxidized massive and botryoidal mineralization
parallel to S1; (b) the lower part is formed by disseminated
low-grade mineralization in a grey chlorite-clay sheared
and altered zone. The shear zone is structurally characterized
by two sets of mineralized shears striking N020 and N110
(Figure 16(c)). Nonmineralized faults in drill hole HK16-47
group in two main sets E-W (generally moving from
WNW-ESE and WSW-ENE, Figure 16(a)) and NW-SE
(Figure 16(b)). These faults clearly oﬀset mineralized settings
and locally juxtapose diﬀerent lithological units. They are
often highlighted by clay-gouges or clay breccias.
Drill hole HK16-43 shows a low- to medium-grade mineralization interval between 215 and 263 m (7.4 meters of
0.24% eU3O8, gp, Figure 17), hosted in a shear zone involving
granitic and graphitic gneiss, respectively. The main orientation of this shear zone is NNE (N010-030), with (a) dominant mineralization foliation and shears parallel, massive,
or botryoidal and (b) fault/vein-related mineralization common through the mineralized interval (Figures 18(a) and
18(b)). The mineralization is disseminated in cataclastic
gouges or is massive as vein cement (Figures 18(c) and
18(d)). Vein-related mineralization is often visible leaking
from the vein into the foliation within fracture damage zones

(Figure 18(b)). Mineralized fractures are subparallel to the
shear zone. The NNE orientation of both foliation and mineralized shears and veins is a remarkable feature that contrasts with the NE (N040-N050) orientation of foliation
patterns along the nonmineralized interval above 215 m
(Figure 17). Nonmineralized fractures and faults arrange in
three main sets: (i) a dominant WNW-ESE-trending set, dipping in a wide range from low angle (20°) to steeply dipping
(70°). The reason for this wide range in dips may be related to
several episodes of reactivation; (ii) a NE-SW set. This set
crosscuts foliation with a very narrow angle; dips are generally steep (70°); and (iii) an E-W- (or ENE-WSW-) trending
set of low to moderate dip to the south. All these fault sets oﬀset shear zones and mineralized settings.
Drill hole HK16-37 intersected one mineralized interval
consisting of relatively high-grade mineralization from 269.6
to 275.0 m (5.4 meters of 1.21% eU3O8) (Figure 18(e)). The
high-grade mineralization is hosted within a N045-striking
shear zone and is formed by dominant massive and/or disseminated pitchblende with pyrite along foliation, disseminated
mineralization within a chlorite/pyrite cement of a quartz
breccia showing corrosion wear textures, and two mm thin
veins inﬁlled by relicts of white quartz and black material
(probably pitchblende and dark chlorite). These latter veins
strike N015-020, dip between 50 and 60° to the SE, and branch
into the chlorite/pyrite shear zone and quartz breccia.
Table 1 presents the synthesis of the most common and
frequent structures observed both on core and from ATV
data.
5.3.3. Structural Interpretation and Controls on
Mineralization. The comparison of the oriented data from
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ATV between nonmineralized (i.e., drill holes HK16-34 and
HK17-70) and mineralized intervals (i.e., drill holes HK1647, 43 and 37) reveals a noteworthy change in both (i) the
strike of the S1/shear zone pattern from NE-SW (≈ N040-

050) to NNE-SSW (≈ N010-030) (Figures 19(a) and 19(b))
and (ii) the dip from steeply dipping higher than 70° to the
SE of the nonmineralized intervals to a shallower dip ranging
less than 65° to the SE of the mineralized intervals
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Figure 17: ATV data structural analysis from drill HK16-43 ATC and structural interpretation. Note the rotation of the nonmineralized
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(Figure 19(c)). This change in both strike and dip is interpreted as related to local bends, both laterally and vertically,
along the trace of the graphitic shear zone favourable for
the formation of dilational jog zones during inferred late
reactivation of the graphitic shear zone where mineralization
was trapped (Figure 19(d)). Few kinematic indicators could
be collected from drill core; however, those that were
obtained support this interpretation. Slickensides are commonly observed along graphitic planes and in some secondary faults (Figure 7(d)). Unfortunately, most are ambiguous
without a clear sense of displacement or indicating various
episodes of reactivation. Few good slickensides could be
observed on N-S/NNE-striking faults parallel to the main
foliation within shear zone recording unambiguous leftlateral reverse strike-slip kinematics (i.e., in drill hole
HK17-72, Figures 7(d) and 19(d)). These data attest for at
least one episode of N-S shortening. An episode of N-S compression could explain the opening as 3D dilational jogs
along NE to NNE bends along the major shear zone favouring the development of N-S/NNE-striking mineralized veins.
Although this is our preferred interpretation it does not
negate the hypothesis that mineralization developed at the
intersection between a NNE-trending fault with the NEtrending graphitic shear zone (Figure 15(a)). This alternative
hypothesis would imply a very diﬀerent kinematic context
than that suggested herein.

6. Structural Controls and Mechanisms of
Fluid-Rock Interaction
The structural analysis of the Sue and Spitﬁre sites highlights
the same type of geometrical trap in the form of fault bends
inducing the formation of dilational jog structures to which
the main mineralization is correlated. Fault bends have 3D
geometries and occur when the NE-trending major shear/fault zone changes orientation from NE to NNE and dips
shallow from 70° to 40°. In such a fault bends, dilational jog
zones opened when brittle left-lateral reverse strike-slip reactivation occurred. In such a conﬁguration, foliation was
opened as a “mille-feuille cake”, veins opened parallel or
oblique to foliation (mode I or crack veins NNE-striking),
and local cataclasites formed. In such a structural and
geometrical trap (jogs), mineralization occurred disseminated along foliation planes (Figures 20(a) and 20(b)), sealing
veins (Figure 20(c)), sometimes sealing local cataclasites
(Figures 12(d) and 20(d)), and penetrating into the host rock
from both foliation planes and veins (Figure 20(e)). One of
the common and spectacular textures observed in all studied
sites associated with or surrounding uranium mineralization
is the cataclastic-corrosion wear breccia facies described
above (Figures 12(d) and 20(d)). This breccia formed by chaotic, subangular to rounded, heterometric clasts with in some
cases the disseminated or botryoidal mineralization within
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the chloritized matrix, exhibits pitting or subsurface attack of
the edges of clasts (dissolution gulfs) indicating strong corrosion or dissolution. Detailed observation of less developed
cataclastic-corrosion breccias (protobreccias) still allows for
the observation of the initial microfractures through which
ﬂuids ﬂowed (Figures 20(e) and 20(f)) and from by which
dissolution ﬂuids leaked and pervasively invaded the host
rock (Figure 20(g)). In well-developed breccias, initial microfractures are completely obliterated suggesting that the
chemical mechanism of dissolution takes over the mechanical mechanism of fracturing. Disseminated and parallel to
foliation mineralized veins are more abundant in pelitic
gneisses. In these cases, vein walls appear as planar with
patterns of dissolution slightly visible with the naked eye
but visible on thin sections (Figures 20(b) and 20(c)).
Fracture-related corrosion wear textures or cataclasticcorrosion breccias are much better developed in (granular)
orthogneisses because microfractures often reuse intergrain
boundaries (Figure 20(e)). Corrosion/dissolution patterns
attest for high amounts of hydrothermal ﬂuid ﬂow and
enhanced ﬂuid-rock interaction in dilational jog zones.
When the dissolution mechanism takes over the fracture
mechanisms, ﬂuids can move far from jog zones and form
ore bodies bigger than the size of jogs structural traps,

hiding the original link to the structural trap. Cataclasticcorrosion breccias or similar dissolution patterns have
been observed in other deposits as for example in Sue
[45], Shea Creek [56], Midwest (Figure 20(h)), or Caribou
(McClean Project), often described as “wormy” facies
(Figure 20(f)) (i.e., [57]).
The structural analysis of the Tri-Island showing reveals
that mineralization occurs at the same location of a noteworthy change in the S1/shear zone pattern from west to east
along with a change in dip from a steeply dipping south sense
of dip to a progressively conjugate north and south sense of
dip (synthetic to the south and antithetic to the north). This
lateral evolution supports two ideas: (a) the conjugate
arrangement of S1/shear zones and (b) the role of the inherited antithetic shear bands favouring brittle reactivation and
mineralization in the basement revealed by the increasing
number of faults when moving from the barren synthetic
shear zone (west) into the mineralized conjugated shear zone
(east). A similar conjugated shear arrangement has been
recently observed by Orano’s geologists within the basement
of the giant Cigar Lake deposit (Figure 1) and is used to
explain the bump at the unconformity associated with the
deposit, as well as the conjugated deformation bands
observed within the overlying sandstones (O. Gerbeaud,
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Dominant kinematics
Inﬁll and/or associated alteration
Reverse Normal RL SS LL SS Umin Clay alt Desilicif Maﬁc (?) Chl Qtz Hem CaCO3 Py Drav Carb Pegm

RL SS: right-lateral strike-slip; LL SS: left-lateral strike-slip; Umin: uranium mineralization; Clay alt: clay alteration; Desilicif: desiliciﬁcation; Chl: chlorite; Qtz: quartz; Hem: hematite; CaCO3: calcite; Py: pyrite;
Drav: dravite; carb: undetermined carbonates; Pegm: pegmatite.

Orientation

Chronology

Structure type

Table 1: Most common and frequent structures observed both on core and from ATV data from Spitﬁre drill holes. Although the uranium mineralization is hosted within ductile shear zones
(red cells), mineralization is inferred to be the result of post-Athabasca faulting reactivating the inherited ductile structures.
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Figure 19: Comparison of the oriented data from ATV between nonmineralized and mineralized drill hole intervals in Spitﬁre. (a) Oriented
data from the nonmineralized drill hole HK17-70. (b) Oriented data from the mineralized drill hole HK16-47. Note the change in orientation
of the shear zone indicted by the arrows. (c) Oriented data from mineralized drill hole HK16-53. Note the change of the dip from the shear
zone to the footwall. (d) Sketch showing the structural interpretation as a dilational jog opening within which the mineralization is trapped.
Oriented data from drill hole HK17-72 is given.
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Figure 20: Deformation patterns and textures observed in mineralized dilation jog zones. (a, b) Reopened foliation with disseminated
mineralization in a graphite-rich shear zone (HK18-82@263.9 m, 3800 cps; HK17-80@261.2 m, 5500 cps, respectively). Reopened foliation
is underlined by pale grey clay (a) and white clay-carbonate (b) sealed veins. (c) Mineralized vein (pink) with parallel white clay-carbonate
and quartz veins (arrows) reopening foliation (HK17-79@278.3 m, >10.000 cps). (d) Well-developed cataclastic corrosion/dissolution
breccia (HK15-33@358 m). (e) Protocataclastic-corrosion/dissolution breccia still showing the initial microfractures from which ﬂuids
leaked into the host rock (HK15-33@357 m). (f) Protocataclastic corrosion/dissolution breccia from Midwest deposit (MW-855A,
500 cps). (g) Sketch of (f) showing the corrosion/dissolution pattern. (h) « Wormy » texture with mineralization from McClean Project
(Caribou). Precise location unavailable (see [57]). Scale: diameter of the drill core of all pictures is 8.5 cm.

Orano’s geologist, pers. comm.). Cataclastic-corrosion breccias are also observed in such type of conjugated structures
(Figure 12(d)).
The structural analysis of the Sue and Spitﬁre sites and
observations on drill core also indicate that the reactivation
or reuse of the inherited ductile fabric for ﬂuid ﬂow and trapping was enhanced along strong lithology contrasts. At the
Sue deposits, the correlation between drill holes indicates that
mineralization follows the regional NNE graphitic shear zone
which constitutes the main mechanical discontinuity
between the Collins Bay orthogneiss dome in the east and
the siliciﬁed metasedimentary rocks in the west. This contrast in competency likely served as a conduit which
enhanced ﬂuid ﬂow and ﬂuid-rock interaction. Abdelrazek
et al. [33] show that in Spitﬁre, most of the mineralization
is hosted following the mechanical discontinuities between
the siliciﬁed felsic gneiss and the chlorite altered maﬁc rocks
at the interface between the graphite-rich gneiss (shear zone)
and the overlying granodiorite. Abdelrazek et al. [33] suggest
that the permeability through the shear zones was ﬁrst
enhanced by mineralogical changes during metamorphicretromorphic evolution and hydrothermal alteration that
modiﬁed the rheology of the graphite-rich gneiss increasing

the competence contrast with the surrounding lithologies
and favouring brittle reactivation by combination of physicochemical mechanisms (brecciation and dissolution/corrosion) in shear zone bends (jogs) and conjugate shear zones
as determined in this work.

7. Implications on the Tectonic Regime
The two diﬀerent arrangements of mineralization traps
described above, dilational jogs and conjugate shears, may
respond to the two major orientations of shear zones that
have been classically observed within the basement by
systematic structural measurement and correlated at the
regional scale by derived structural maps from the magnetic
ﬁeld: main N- to NE-SW- and E-W-trending [5, 50]. Jeanneret et al. [50] attribute the formation of the E-Wtrending shears to the earlier D1/S1 ductile deformation
episode of N-S compression [50]. These authors attribute
the D2/S2 ductile event to the formation of the NE-trending
major shear zones with left-lateral strike-slip motion under
the same NNE major strain. The Sue deposits and the Spitﬁre
prospect are located on an N-S- to NE-SW-trending shear
zone, while the Tri-Island showing and the Cigar Lake
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Tri-Island

8. Conclusions

𝝈1

Sue
Spitfire

𝝈1

Figure 21: Sketch representing the reactivation of shear zones and
the formation of dilational jogs and conjugated faults depending
on their orientation respect to a NNE σ1: reverse left-lateral in
Spitﬁre, reverse right-lateral in Sue, and conjugated in Tri-Island.
Mineralization is in pink.

deposits are both located on E-W-trending structures. PostAthabasca brittle reactivation under N to NNE oriented σ1
as deduced from this work and supported from fracture analysis in the Sue B open pit before its remediation by [49]
would explain left-lateral reverse strike-slip reactivation
along the preexisting NE-trending ductile shear zones, while
symmetric conjugated shear zones in E-W structures would
have been reactivated as conjugated faults. Two implications
arise from these statements. (i) The ﬁrst implication is the
strong control of the inherited ductile shear patterns. NEtrending shear zones would be characterized by asymmetric
shear patterns resulting from noncoaxial N-S shortening
(Figure 9(b)). E-W structures were characterized, at least
locally, by symmetric conjugated shear patterns as the result
of N-S coaxial shortening (Figure 13(b)). Brittle reactivation
under a NNE σ1 would has induced (a) local dextralreverse strike-slip on shear segments oriented N-S with the
opening of dilational jogs on shear bends from N-S to NE,
like in the Sue area (Figure 21); (b) left-lateral reverse
strike-slip on shear segments oriented NE with the opening
of dilational jogs on shear bends from NE-SW- to NNEtrending, like in the Spitﬁre area (Figure 21); and (c) reactivation of conjugated shears along E-W structures as reverse
faults like at Tri-Island (Figure 21). (ii) The second implication is that, under such a scenario, the tectonic regime into
which uranium mineralization traps formed through the
whole Athabasca Basin could be homogeneous and compressive. Whether the compressional phase was unique and
homogeneous NNE-σ1 or with various tectonic phases with
variable orientation of σ1 is unknown. Regardless, mineralization occurred in dilation geometrical traps that could all
develop by the reactivation of shear zone bends and conjugate shear zones in a compressional regime.

The structural analysis performed at the Sue, Tri-Island, and
Spitﬁre sites brings new insights about (i) the mesoscale
structural controls and fracture-related traps to which
basement-hosted uranium deposits are associated in the Athabasca Basin, (ii) the role the inherited ductile fabric has on
the mode of brittle reactivation and the development of eﬃcient traps for mineralization at the mesoscale, and (iii) the
tectonic regime to which unconformity-related uranium
deposits of the Athabasca Basin may be related.
Common mesoscale structural controls to various
basement-hosted uranium deposits of the Athabasca Basin
are (i) 3D dilational jog zones that form when NE-trending
shear zones turn to NNE and dip lows from steeply to moderate or low (i.e., Sue deposits and Spitﬁre prospect) and (ii)
reactivated conjugated shears along E-trending trends (i.e.,
Tri-Island showing).
In such, a mesoscale structural control foliation was
opened forming veins parallel or oblique to foliation and
local cataclasites formed. Microfracturing and corrosion/dissolution acted together as mechanisms that enhanced permeability and favoured migration of hydrothermal ﬂuids and
the formation of uranium mineralization.
The opening of dilational jog zones along NE-trending
shear and the reactivation of conjugate shears along Etrending structural trends implies an N to NNE oriented compressional strain (σ1) during mineralization trap formation
which is coherent with observed reverse left-lateral kinematic
indicators. The present work and structural interpretations
highlight the importance of the inherited ductile fabric as
bends along NNE- to NE-trending shear zones and conjugate
shear bands along E-W shear zones that were favourable for
the localization of the brittle strain and the development of
dilational jogs and fractures, thus enhancing fracture-related
permeability, ﬂuid ﬂow, fault/ﬂuid/rock interaction, and uranium mineralization in the unconformity-related uranium
deposits of the Athabasca Basin.
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The spatial distribution of greenschist-facies retrograde reaction products in metabasic gneisses from Iona, western Scotland, has
been investigated. The retrograde products may be broadly accounted for by a single reaction, but their diﬀerent spatial and
temporal development indicates that a series of reactions occur with signiﬁcantly diﬀerent scales of metasomatic transfer. After
initial ﬂuid inﬂux linked to deformation-induced high permeability, reaction-enhanced permeability, coupled to cycling of ﬂuid
pressure during faulting, strongly controls the pervasive retrogression. Ca-plagioclase and pyroxene in the gneisses are replaced
by albite and chlorite in pseudomorphic textures, and this is followed by localized epidotization of the albite. Two main
generations of epidote are formed in the gneisses. Epidosite formation is associated with prominent zones of cataclasite
indicating a strong link between faulting and ﬂuid inﬂux. In contrast, complete alteration of albite to epidote in the host
metabasic gneisses is spatially complex, and areas of pervasive alteration may be constrained by both epidote-rich veins and
cataclasites. In other instances, reaction fronts are unrelated to structural features. Volume changes associated with individual
stages of the reaction history strongly control the localized distribution of epidote and the earlier more widespread development
of chlorite and albite. Such behaviour contrasts with adjacent granitic gneisses where epidotization is restricted to local
structural conduits. Many small-scale mineralized fractures with evidence of having previously contained ﬂuids do not enhance
the pervasive retrogression of the metabasic gneisses and represent conduits of ﬂuid removal. Retrogression of these basement
gneisses is dominated by a complex combination of reaction-enhanced and reaction-restricted permeability, kinetic controls on
the nucleation of reaction products, changes in ﬂuid composition buﬀered by the reactions, and periodic local migration of
ﬂuids associated with fault movements. This combination generates spatially complex patterns of epidotization that are limited
by cation supply rather than ﬂuid availability and alternations between focused and pervasive types of retrogression.

1. Introduction
Fluids in the Earth’s crust are crucially important in the
transport of solutes and the precipitation of mineral deposits
and also play a key role in controlling metamorphic transitions and inﬂuencing crustal properties, such as density,
geochemistry, rheological characteristics, and geothermal
gradients [1–11]. In near-surface permeable crustal rocks,
ﬂuids may circulate in vigorous hydrothermal systems, and

signiﬁcant geochemical modiﬁcation of the host rocks can
occur [12–15]. Processes of ﬂuid inﬁltration in rocks undergoing prograde metamorphism have also been well constrained, highlighting the importance of deformation and
the eﬀects of ﬂuid composition [16–19]. The movement of
high-temperature ﬂuids in relatively impermeable stable
basement rocks is less commonly investigated [20], despite
their importance as hosts for storing nuclear waste [21, 22].
Fluids may potentially be introduced in such rocks through
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zones of brittle failure or via grain boundary inﬁltration [23]
and are commonly consumed in retrograde reactions. Such
reactions are kinetically challenging, but proposed fast reaction rates suggest that a ﬂuid phase is unlikely to persist in
crystalline basement rocks [24]. Retrograde reaction products may either facilitate further ﬂuid inﬂux through
reaction-enhanced permeability or provide eﬀective seals to
ﬂuid transport [25–27]. There are many important studies
of the modiﬁcation of basic igneous rocks in the ocean crust
[2, 28, 29] and the interaction between ﬂuid conduits and
their host lithologies [30, 31]. However, there are few investigations of retrograde metamorphic controls in the highgrade metabasic basement lithologies that characterize
deeper parts of the continental crust [32, 33]. Equally,
although the eﬀects of variable ﬂuid pressure are recognized
within brittle fault structures (e.g., [34, 35]), the interaction
of such ﬂuids with adjacent reactive host rocks has received
relatively little attention.
This study examines the relative importance of
deformation-induced permeability and reaction-enhanced
permeability in controlling ﬂuid access to crystalline basement lithologies in a high-grade gneiss block exposed on Iona
on the west coast of Scotland. In particular, we combine ﬁeld
observations with petrographic and textural analysis based on
optical and SEM/EDX examination of polished thin sections
to investigate the factors controlling the alteration of plagioclase to epidote, a reaction of some signiﬁcance to studies of
hydrothermal alteration of the oceanic crust [13, 36–39].

2. Geological Background
Abundant intermediate to granitic orthogneisses and rare
paragneisses [40] are exposed along the western coast of the
island of Iona, Inner Hebrides, western Scotland (see
Figure 1). These are thought to be Lewisian gneisses, part of
the Coll-Tiree block [41]. In this locality, the Lewisian gneiss
complex is dominated by banded K-feldspar-rich granitic
gneisses with abundant ca. 20% amphibole-rich maﬁc
gneisses, which deﬁne m- to dm-scale layers and enclaves
within the felsic host [40, 42]. Unpublished U-Pb zircon ages
reported in McAteer et al. [43] constrain the age of the gneiss
complex to be ca. 2700 Ma with some younger granite
pegmatite sheets crystallizing at ca. 1750 Ma. The gneisses
are overlain by the Iona group, a sequence of sandstones with
a basal conglomerate (see Figure 1). To the east of Iona,
skerries of the Caledonian Ross of Mull granite (418 ± 5 Ma,
Oliver et al. [44]) are present approximately 1.5 km from
the exposures studied in this investigation (see Figure 1).
The Sound of Iona (see Figure 1) coincides with the trace
of a proposed normal fault, which here cuts out the earlier
Moine Thrust [45], a major Caledonian terrane boundary
in Scotland [46]. The majority of studies on the Lewisian
gneisses of western Scotland have focused on their origin
and high-temperature metamorphic evolution (e.g., [47]),
and there have been relatively few studies of greenschistfacies retrograde transformations (e.g., [48]). Most of the
latter have focused on their structural importance and interaction of these transformations with fault zone activity (e.g.,
[49]). Few have highlighted the partial greenschist-facies
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retrogression of the gneisses [50] as a record of ﬂuid inﬁltration into such basement lithologies. A wide variety of
fault rocks (cf. [51]) are present in the gneisses of Iona,
ranging from incohesive fault gouge to cataclasite and
mylonite and locally abundant cm-thick pseudotachylite.
Pseudotachylite is relatively abundant in other areas of
the Lewisian gneiss outcrop, including parts of the Outer
Hebrides (e.g., [52, 53]) where it is linked to Caledonian
thrust movements [54]. Faults characterize the bedrock to
many of the prominent gullies in the landscape along the
western coast of the island, and a zone of mylonitized anorthosite occupies much of the central part of southern Iona
(see Figure 1) [40]. A wide range of Proterozoic and Phanerozoic tectonic events may have inﬂuenced the gneiss complex, ranging in more recent geological times from thrusting
at the margins of the Caledonian orogen to Paleogene North
Atlantic rifting.

3. Outcrop-Scale Observations
This study focuses on a cluster of small low-lying exposures
of dominantly metabasic amphibole-rich gneisses on the
beach (see Figure 2(a)) at Camas Cuil an t-Saimh (The Bay
at the Back of the Ocean—UK Ordnance Survey Grid Reference NM 2674 2371) on the Atlantic coast of Iona (see
Figure 1). The rocks are immediately adjacent to exposures
of mostly granitic gneiss to the west, and cm- to dm-scale
sheets of each “end member” occur within each dominant
“host” (see Figures 2(c), 2(f), and 2(g)). The metabasic
gneisses contain small cm- to dm-scale feldspathic pegmatitic segregations that are generally aligned in a NE-SW orientation (see Figures 2(d) and 2(e)), consistent with the
regional structural trends in the gneisses [40]. The extent of
the exposures varies somewhat depending on the distribution
of beach sand, with the main sampled block having a total
length of 1.2 m when it was sampled in summer 2017 (see
Figure 2(a)). The small elongate epidote-rich block towards
the top of the view in Figure 2(a) is separated from the larger
block by a sand-ﬁlled gully, which on excavation contains a
quartz vein, epidote-rich gneiss, and a thin discontinuous
trace of a reddened ﬁne-grained fault rock (see Figure 2(b)).
These exposures are representative of the general relationships shown by the orthogneisses over much of the western
side of Iona. Both the amphibole-rich metabasic gneisses
and the felsic granitic gneisses have a weak fabric but otherwise lack internal heterogeneity other than the extent of
retrogression. Retrogression of the gneisses is most evident
through the patchy but widespread development of epidote
(see Figures 2(b)–2(h)). Two main types of epidotization
are present:
(1) Particularly intense alteration has locally produced
epidosites, which typically occur in cm-thick planar
structures that cut the gneisses (see Figure 2(b))
(2) Local epidote replaces plagioclase within the metabasic gneisses. This retrogression typically has a patchy
distribution but is pervasive when it does occur (see
Figures 2(c) and 2(d))
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Figure 1: Summary geological map of Iona, showing main rock units based on BGS map and Fraser [40].

Although there is generally a positive correlation
between the intensity of epidotization of the host gneisses
and the number and size of epidosite-bearing fractures, there
is a lack of systematic variation on a small scale such that
unretrogressed gneiss may be present immediately adjacent
to epidosite.
Clasts containing epidote-rich gneisses are reported in
the basal conglomerate of the Iona group sediments [40].
Therefore, at least some of the epidotization is of likely
Proterozoic age.
A variety of veins are present throughout the gneiss exposure. Generally, most larger fractures and veins have a NESW trend and a steep dip (see Figure 2(b)) (cf. [45]). A few
fractures and veins dip at moderate angles towards the east.
Larger zones of epidosite have a range of orientations, whilst
small epidote-ﬁlled fractures are dominantly shallowly or
moderately dipping towards the southeast. In thin sections,
some of the cataclasites show evidence of minor displacements that indicate top-to-northwest reverse fault movements. Calcite- and quartz-ﬁlled veins lacking epidote have

variable orientations but are typically more steeply dipping
towards the north and northwest.
The granitic gneisses in the vicinity contain abundant
pink K-feldspar and albite and also host a variety of epidote
veins ranging from thin anastomosing structures to cmthick veins of epidosite with sharply deﬁned margins (see
Figure 2(f)). Epidote may be abundant at the margins of
granitic gneiss, although there is typically limited alteration
of feldspars to epidote away from these margins (see
Figure 2(g)). In exposures of dominantly granitic gneisses
to the southwest (NM 2654 2334), irregular-shaped, cmscale pseudotachylite veins are abundant containing angular
fragments of the host gneisses (see Figure 2(h)). Such veins
are of limited lateral extent and are commonly present along
the west coast of Iona. They occur within zones of extensively
fractured gneiss, contain small angular clasts of host gneiss,
and range from pale green (see Figure 2(h)) to locally jet
black glass. The pseudotachylite veins are frequently cut
by later epidote veins that have sharply deﬁned margins
(see Figure 2(h)).
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Figure 2: Field photographs of sampled exposures of gneisses. (a) Partially retrogressed metabasic gneiss blocks exposed in beach sand.
Looking directly down on the exposure. Top of photograph represents a southeast direction. Elongate thin block towards the top of the
view contains pale green 5 cm wide epidosite (marked by green arrow, shown in (b)). Blue arrow points towards the part of the exposure
shown in (c); yellow arrow points to the view shown in (d). Positions of thin section samples F, G, H, and I are shown. Other thin
sectioned samples are from adjacent blocks. (b) View of epidosite exposure looking towards the southwest with sand removed from the
gully; (c) dark metabasic amphibole-rich gneisses with unmineralized (u) and mineralized (m) fractures, the latter is ﬁlled with pale green
epidote and separates pervasively altered epidote-rich gneiss (eg) from relatively unaltered plagioclase-rich gneiss (pg); (d) metabasic
gneiss with coarse pegmatite veins and hydrothermal veins ﬁlled with epidote and central zone of quartz. Gneiss in the central lower part
of the view shows extensive alteration of plagioclase to green epidote and has an irregular boundary with the unaltered gneiss to the right
of the view. Plagioclase in the pegmatite also locally shows extensive alteration to epidote (arrowed); (e) local alteration of feldspar-rich
pegmatite to green epidote and associated epidote replacement of plagioclase in the host gneiss. Note the spatial restriction of alteration of
the pegmatite by an epidote-ﬁlled cataclasite; (f) K-feldspar-bearing granitic gneiss with epidosite-ﬁlled fractures and limited pervasive
retrogression of the host gneiss; (g) sheets of metabasic and granitic gneiss showing pervasive epidotization of plagioclase in the former
and more limited alteration of feldspars restricted to the margins of the granitic gneiss; (h) epidote veins within pseudotachylite (ps) and
highly fractured granitic gneiss (gg) with no obvious marginal alteration of either host. Hand lens for scale.
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Figure 3: Photomicrographs of thin sections (plane polarized light: PPL). (a) Host metabasic gneiss with granoblastic texture, slightly
elongate hornblende (hbl), albite (ab), and chlorite (chl) (abbreviations follow Whitney and Evans [95]); (b) thin section scan (sample G)
(left view) and structural, lithological interpretation of texture (right view); (c) thin section scan (sample H) (left view) and structural,
lithological interpretation of texture (right view); (d) thin section scan (sample I) (left view) and structural, lithological interpretation of
texture (right view). The legend shows the ratio of elemental wt% Ca/Na determined by energy dispersive spectrometry.

4. Methods
Most samples were collected from a range of structural positions within the exposure shown in Figure 2(a); a few were
from other low-lying blocks in the immediate vicinity both
from metabasic and granitic gneisses, within a maximum distance of 10 m from the main sampled block. Polished thin
sections (e.g., Figures 3(b)–3(d)) were cut perpendicular to
the main fracture and vein orientations within each specimen
and were used for petrographic descriptions. Grain boundary
characteristics were assessed using snapped 5 mm thick
slices, following methods described by Lawther and Dempster [55]. Samples were analysed by both secondary and
backscattered electron imaging using the Quanta 200F ﬁeld

emission environmental scanning electron microscope at
the University of Glasgow. X-ray mapping of polished thin
sections using EDX emission spectroscopy processed using
AZTEC Software 3.0 was used to assess both mineral compositions and spatial variations in bulk rock chemistry that
correlate with the alteration processes. Although this semiquantitative approach results in some uncertainty in absolute
mineral compositions, this neither materially inﬂuences the
identiﬁcation of eﬀective mineral reactions from textural
analysis or the ﬁrst order volume changes associated with
these reactions. Compositions from multiple line traverses
(n = 44) each parallel to fracture orientation of ca. 15 mm
length with 30 μm spacing of 200 individual analysis spots
were acquired from across X-ray maps perpendicular to the
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Figure 4: Photomicrographs of fracture systems. (a) Brecciated texture of epidosite cataclasite (thin section I), with mylonitized quartz-ﬁlled
vein (top left) and fragments of mylonitized quartz-ﬁlled vein (arrowed) within individual clasts of epidosite in a ﬁne-grained epidote matrix
(PPL); (b) cataclasite composed of clasts of amphibole in an epidote-rich matrix (thin section G) (PPL); (c) cataclasite of amphibole gneiss, cut
by quartz- (qz-) and chlorite- (chl-) ﬁlled vein (thin section H) (PPL); (d) large highly deformed clast containing brecciated quartz and albite
within epidote-rich altered cataclasite (thin section H). Calcite-bearing vein (cal) towards the top of the view (crossed polarized light: XPL);
(e) thin band of quartz mylonite within large quartz grain in pegmatite. Original quartz shows extensive subgrain development (thin section
F) (XPL); (f) mylonite texture in quartz vein that cuts the epidosite pictured in (a) (thin section I) (XPL); (g) X-ray distribution map showing
Ca- (orange), Na- (green), and Mg- (blue) part of thin section G, with central epidote-bearing (intense orange) cataclasite containing small
relict clasts of albite (green) and amphibole (pink). Calcite veins show as red (thin section G).

main fracture orientation. An average composition for each
individual traverse was obtained to assess small-scale geochemical variation in relation to fracture location. Average
compositions associated with individual traverses show some
variation that is linked to the large grain size of the host
gneiss, but chemical diﬀerences identiﬁed on either side of
the fracture are not inﬂuenced as eﬀective grain size of each
portion of the rock is identical on either side of the fracture.
Whole rock compositional data are determined from EDS
X-ray mapping of large mm2 areas of representative gneiss
types. Whole rock compositions of largely unretrogressed
Lewisian basic gneisss used for comparative purposes are
from both Iona [40] and elsewhere in the Lewisian gneiss
outcrop [56]. Note the close match between our estimated
compositions and Iona rock compositions measured by
Fraser [40].

5. Results
5.1. Host Gneiss Petrography. The metabasic host gneisses are
composed of 0.5-1 mm dark green hornblende (ca. 35 vol%)
and clear or partly sericitized albite (ca. 40 vol%) in a granoblastic texture, with small amounts of Fe-oxides (see
Figure 3(a)) and local quartz. Apatite and zircon are present
in trace concentrations. The metabasic gneisses show a weak
mineral alignment with a general NE-SW strike deﬁned by
the shape of the amphiboles (see Figure 3(a)). The remainder
of the gneiss is composed of retrograde hydrothermal
greenschist-facies minerals. Chlorite is abundant (up to
20 vol%), although its distribution may be somewhat patchy

within an individual sample. The chlorite typically forms as
ﬁne-grained (<50 μm) aggregates in a pseudomorphic replacement of an earlier phase with a coarse-grained granoblastic
texture (see Figure 3(a)). Individual chlorites within these
aggregates tend to show a weak alignment, but this alignment
varies between each aggregate. Elsewhere on Iona, metabasic
gneisses that have experienced less retrogression contain oligoclase or andesine and hornblende, together with orthopyroxene
and/or clinopyroxene; local garnet may also be present [40].
Rare relict orthopyroxene is present in our samples. The weak
alignment of chlorite within each pseudomorph may be a
relict of an original cleavage within the pyroxene host.
The nearby granitic gneisses contain coarse-grained
coarsely perthitic K-feldspar, albite, quartz, and up to 10%
amphibole. They also show extensive retrogression, although
epidotization is limited away from discrete fractures (see
Figures 2(f) and 2(g)).
5.2. Fault Rock Types, Distribution, and Mineralization. A
variety of mineralized or unmineralized fracture types are
present (see Figures 2(b)–2(h)). Fault rocks, mostly cataclasite, may be subsequently mineralized (see Figure 4(g)), and
these together with the veins that contain evidence of significant shear displacement are described in this section. The
mineralized fault rocks are distinguished from veins by relict
clasts of host rocks (see Figure 5). A range of fault rocks occur
within the gneisses, including abundant cataclasite and rarer
mylonite (see Figure 4). The former commonly lacks abundant plagioclase and has a matrix dominated by epidote
and ﬁne-grained amphibole (see Figures 4(b) and 4(c)).
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Figure 5: Backscattered electron image of epidote vein (ep(v)) cut
by granular epidote cataclasite seam (ep(g)). Large amphibole
(hbl) in host gneiss cut by hornblende- (hbl-) actinolite (act)
cataclasite, relict clasts (arrowed) of which appear within the
granular epidote seam.

Many of the small faults show evidence of shear displacement
that is typically less than a few 100 μm, even where mylonite
is present along the fracture trace.
Cataclasite-bearing fractures (see Figures 3(b)–3(d)) are
typically most numerous in close proximity to the prominent
epidosite (see Figure 3(d)) in the southeast of the main exposures (see Figure 2(a)). The epidosite is predominantly
composed of large mm-scale angular clasts of epidosite, containing coarse-grained (typically 50 μm but up to 500 μm)
granular epidote, in a ﬁner-grained matrix of relatively Fepoor epidote cataclasite (see Figure 4(a)) with minor <5%
quartz and actinolite.
Hornblende is locally brecciated along unmineralized
fault traces and also occurs as isolated relicts along fractures
that are dominated by epidote mineralization (see
Figures 4(b), 4(c), and 4(g)). In the latter, irregular-shaped
clasts of amphibole-rich cataclasite typically have thin (510 μm) actinolite rims and occur in a matrix of ﬁne-grained
actinolite and abundant epidote (see Figure 5). The epidote
may be zoned with a relatively Fe-rich, Al-poor rim. The
hornblende clasts are typically <100 μm long and may show
evidence of a weak alignment. The amphibole-dominated
fault rocks typically occur in fractures of ca. 200-300 μm
width, but bands of ﬁne-grained cataclasite of more than
1 mm width are also present (see Figures 3(b)–3(d)).
In host gneisses that have experienced more extensive
cataclasis, the microtextures may be obscured by later partial
to near-complete alteration to epidote. Such areas form
planar zones, and near their margins may contain relatively
unaltered angular clasts (up to 1 mm) of highly deformed
quartz and feldspar protocataclasite (see Figure 4(d))
between thin anastomosing planes of ﬁne-grained chloriteand epidote-rich matrix. Some alignment of elongate quartzofeldspathic clasts and amphiboles is typically present
parallel to the margins of such zones (see Figure 4(g)). The
zones of intense cataclasis lack abundant hornblende and
are characterized by high Ca/Na (see Figure 3(c)), reﬂecting
the abundance of epidote.
Evidence of mylonitization is present within some of the
quartz-rich pegmatitic segregations, with numerous thin
trails of ﬁne-grained (10-20 μm) quartz mylonite along shear

surfaces (see Figure 4(e)). Cataclasis of adjacent gneisses is
locally intense around the margins of pegmatitic segregations
producing ﬁne-grained hornblende- and epidote-rich cataclasites (see Figure 3(c)). Some of the quartz-epidote-ﬁlled
veins have also been mylonitized, where the quartz in the
central part of the ﬁll is aligned in protomylonites subparallel
to the fracture margins (see Figure 4(f)). Such veins typically
have coarse euhedral epidote at their margin (see
Figure 6(b)). Mylonitized quartz-ﬁlled veins occur in the epidosites, and the fragments of these mylonitized veins are also
present within some individual clasts of epidosite cataclasite
(see Figure 4(a)).
5.3. Nature and Relative Timing of Veins. Two main types of
veins crosscut the gneisses. One group is dominated by epidote
(see Figures 2(d), 2(f), 2(h), 3(b)–3(d), 5, and 6(a)) but may
locally contain quartz (see Figure 6(b)) and minor pyrite. This
group may show evidence of internal shear (described in the
previous section), especially those containing quartz, but typically lack evidence of deformation. The epidote-ﬁlled veins
range in width from a few mm (see Figures 2(d), 2(f), and
2(h)) to less than 50 μm and are distinguished from the
epidote-rich structures described in the previous section
because they lack cataclastic relicts and replacement textures.
Epidote veins both cut and are cut by epidote-rich cataclasites
(see Figure 5). Many of the epidote veins are composed of
granular epidote that is coarse-grained (up to 300 μm) in the
thicker veins (see Figures 5 and 6(a)).
A set of later veins (see Figures 3 and 6(c)) is dominated
by either calcite or quartz but locally associated with actinolite, chlorite, and Fe-oxides (see Figures 6(d)–6(f)). They
occur at a high angle to those with an epidote ﬁll (see
Figures 3(b)–3(d)), have a more irregular trace, and typically
lack evidence of shear displacement and cataclasis. Some of
these veins form in an en echelon geometry. In rare instances,
calcite shows evidence of limited shear with curvature of
cleavage traces and twin planes. The calcite-quartz veins are
up to ca. 0.5 mm wide, but more typically less than 100 μm.
Calcite veins typically cut cataclasites (see Figure 3) and are
often associated with small amounts of disseminated Feoxide. Quartz veins are rare in samples where there is very
limited epidote present (see Figure 3(b)). This group of veins
has a complex mineralogy, and the nature of the mineral ﬁll
depends on the local mineralogy of the host gneiss (see
Figures 6(d)–6(g)). This variability occurs on the scale of
the grain size of the host gneiss (i.e., 0.5-1 mm). Individual
veins commonly contain calcite and quartz, but single veins
may transform from one ﬁll type to the other (see
Figures 6(d)–6(g)). Calcite ﬁll is present where the vein cuts
hornblende in the host gneiss (see Figures 6(d) and 6(g)),
whereas quartz ﬁll is present where the vein cuts quartz or
albite in the gneiss (see Figures 6(d) and 6(g)). Locally calcite
ﬁll also occurs adjacent to epidote in the wall rock. Fibrous
ﬁne-grained actinolite margins to veins are also present where
adjacent to hornblende in the wall rock (see Figures 6(d) and
6(g)). In cases where this complex and variable vein ﬁll is present, calcite typically forms in the central parts of the vein (see
Figure 6(e)). Chlorite occurs locally in these veins where the
wall rock contains Fe-oxide (see Figures 6(d) and 6(e)).

8

Geoﬂuids

250 𝜇m

250 𝜇m
(a)

(b)

qz
qz

opq

ep

cal

act

cal

act

cal

ep

chl
250 𝜇m

250 𝜇m

qz

qz

(c)

hbl

(d)

(e)

qz
hbl
cal
act

hbl

hbl

ep

ab

act

ab
ep

ep

250 𝜇m

qz

qz

(f)

250 𝜇m
(g)

Figure 6: Photomicrographs of veins. (a) Coarse-grained epidote vein, with central area containing quartz with actinolite needles, cutting
across hornblende in altered gneiss (thin section I) (PPL); (b) quartz and epidote-ﬁlled vein cutting across epidosite. Marginal epidote
shows euhedral shapes (thin section I) (PPL). Quartz has mylonite texture shown in Figure 4(f); (c) calcite-ﬁlled vein crosscutting thin
epidote-bearing sheared vein (thin section G) (PPL); (d) complex ﬁll of quartz-ﬁlled veins as they cut through a hornblende in the host
altered gneiss (thin section I) (PPL). Vein on left shows quartz-ﬁll cutting through epidote (top of view) and actinolite-ﬁll, in optical
continuity with the host hornblende, where the vein cuts the amphibole host. The vein on the right has quartz-ﬁll at top and base of view
where it cuts epidote and quartz in the wall rock and calcite-chlorite-actinolite-ﬁll where it cuts through wall rock hornblende; (e) cartoon
showing summary of mineral textures for the thick vein shown in (d); (f) quartz-ﬁlled vein transforming into calcite-ﬁlled vein with
marginal actinolite, where it cuts hornblende in the host gneiss. Note thin epidote vein cuts across hornblende host (thin section I) (PPL);
(g) actinolite- and epidote-ﬁlled fracture in the sample of gneiss from the southwest of Iona collected by Fiona Fraser (Sample F464, in
Hunterian museum collection (Entry 666), Grid Ref NM253 221) showing variation in fracture ﬁll controlled by the mineralogy of the
adjoining host. The arrow shows clear albite at the edge of the vein with epidote ﬁll.

5.4. Nature, Distribution, and Geochemistry of Pervasive
Alteration. Greenschist-facies alteration of the host gneiss
may be spatially constrained by cataclasites and/or localized

adjacent to veins (see Figures 2(c) and 7(a)). In other
instances, it is more pervasive and apparently unrelated to
the distribution of veins or cataclasites (see Figure 2(d)).
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Figure 7: Photomicrographs of pervasive alteration textures in the gneiss. (a) Epidote vein marking sharply deﬁned boundary between
plagioclase (albite)-rich gneiss to the left and epidote-rich gneiss to the right (thin section I3) (PPL); (b) granular textured epidote
replacement texture within granoblastic gneiss (thin section AH1) (XPL); (c) sericitization of plagioclase (thin section S) (XPL); (d)
marginal alteration of albite to epidote along minor fractures and grain boundaries at margins of epidosite (thin section I) (PPL); (e)
alteration of coarse-grained albite plagioclase within pegmatite to ﬁne-grained epidote along feldspar twin planes (thin section F) (PPL); (f)
complete alteration of coarse-grained plagioclase at the margin of pegmatite to a combination of ﬁne-grained epidote and small elongate
quartz “blebs” (thin section F). Adjacent albite has cataclastic texture (PPL); (g) relict plagioclase within epidote gneiss and large deformed
hornblende with minor marginal alteration to chlorite (thin section I) (PPL); (h) secondary electron image of plagioclase grain boundary
with thin sheets of chlorite coating the boundary (sample AH1).

There is no correlation of the spatial distribution of retrograde reaction products with any preexisting features of the
original host gneisses, which other than amphibole alignment are texturally and mineralogically homogeneous. Overall proximity to the larger epidosites broadly correlates with
the degree of epidote alteration of the host metabasic gneiss
(see Figure 3(d)).
Plagioclase in the metabasic gneiss and also within the
felsic pegmatite segregations has a consistent albite composition. It may show minor sericitization (see Figure 7(c)), with
small amounts of disseminated calcite. Subsequent alteration
of albite is dominated by a partial or more commonly complete replacement by epidote (see Figures 7(a) and 7(b))
and an associated increase in the Ca/Na ratio of the rock
(see Figure 3). The epidote has X Fe of ca. 0.3 typical of many
greenschist-facies compositions in metabasic lithologies [57].
The replacement initially occurs along either grain boundaries or twin planes, the latter producing regular-spaced,
parallel-aligned arrays of ﬁne-grained granular epidote
within the albite (see Figure 7(e)). Although in some

instances all retrograde products occur in close proximity
(see Figure 6(d)), more typically complete replacement of
albite produces granular aggregates of epidote (30-50 μm)
in an overall granoblastic texture with hornblende and chlorite (see Figure 7(b)). Transitional contacts between epidoteand albite-bearing gneiss are present, but in most instances,
these contacts are extremely sharp and often marked by the
presence of a thin vein of granular epidote (see Figures 2(c)
and 7(a)). Epidotization may be extremely patchy where
numerous cataclasites transect the host gneiss, but in general,
there is less alteration of albite where there are more thin
epidote-bearing veins and cataclasites in the immediate
vicinity (see Figure 3(c)). Albite in granitic gneiss has less
alteration to epidote than those feldspars in adjacent metabasic gneiss (see Figure 2(g)).
In some examples, where extensive alteration of albite to
epidote has occurred, small ca. 50 μm, oval-shaped “blebs” of
quartz are evenly dispersed throughout the epidote aggregates (see Figure 7(f)). In the feldspathic pegmatites, epidote
alteration may be extensive producing an assemblage
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Figure 8: (a) Traverse showing Ca/Na ratio of the metabasic gneiss on either side of an epidote-bearing cataclasite (thin section H). Position
of large fracture containing hornblende-epidote cataclasite marks the boundary between plagioclase (albite) gneiss to the right and epidote
gneiss to the left; (b) X-ray distribution map showing Ca distribution in orange-red shades, Na distribution shown in dark green shades,
and Mg distribution shown in blue (thin section H). Note the fracture trace itself has a similar composition to the epidote gneiss; (c) plot
showing Na and Ca contents of diﬀerent whole rock compositions of the gneisses relative to average metabasic gneiss (large red diamond)
in the Lewisian [56] and metabasic gneisses lacking evidence of retrogression from Iona (black diamond with standard deviations
represented by error bars, based on 16 samples) [40]. Cataclasite compositions within both albite- and epidote-gneisses are shown by
orange diamonds. Epidote gneiss II represents gneiss composition immediately adjacent to epidosites; (d) comparison of major element
chemistry of diﬀerent retrogressed samples of metabasic gneisses with average Lewisian metabasic gneiss [56]. Values above the line
represent enrichments; those below the line represent depletions.

dominated by epidote and coarse quartz (see Figure 2(e)).
The extent of replacement of albite by epidote within the
gneiss is matched by the Ca/Na ratio of the whole rock (see
Figure 8). This ratio broadly correlates with both the intensity and style of fracturing. Relative to the major element
compositions of unretrogressed metabasic gneisses [40], the
retrogressed gneisses show the most marked diﬀerence in
their relative Na and Ca contents (see Figure 8(d)). Albitebearing gneisses lacking signiﬁcant epidote show relative
enrichment in Na (see Figures 8(c) and 8(d)). Epidosites
and those gneisses immediately adjacent to the thicker epidosites are strongly enriched in Ca and depleted in both Na and
Mg (see Figure 8(d)). The overall major element composition
of the epidote-rich gneisses is broadly similar to typical Lewisian metadolerites [56] and unretrogressed metabasic gneisses
from Iona [40] (see Figures 8(c) and 8(d)). Cataclasites in
albite-rich gneiss and epidote-rich gneiss have compositions
that are similar to the adjacent host (see Figure 8(c)).

Hornblende tends to show the least evidence of retrogression apart from local thin altered zones of either chlorite
(see Figure 7(d)) or actinolite immediately adjacent to some
veins (see Figure 6(e)) or around relict clasts in cataclasites
(see Figure 7(d)). Even in rocks showing complete replacement of albite by epidote, granoblastic hornblende persists
largely unaltered (see Figure 7(b)). Within the zones of
epidosite, rare irregular fragments of largely unmodiﬁed
hornblende are also present and small needles of actinolite
are widely dispersed.
Several generations of chlorite are present, although
granoblastic aggregates of chlorite are most common. Minor
chlorite occurs in the vein assemblage and as a local marginal
replacement of hornblende (see Figure 7(d)). Chlorite typically forms in proximity to small amounts of Fe-oxide. Grain
boundaries of the granoblastic textured host minerals are
typically characterized by thin 5-10 μm coatings of chlorite
(see Figure 7(h)). These are less obvious where the albite
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Figure 9: Model showing the progressive changes in ﬂuid inﬁltration history in fractured metabasic and granitic gneisses. Schematic
representation of mineral reaction history shown in lower sketches for two areas (A and B) in metabasic gneiss.

has been largely replaced by epidote, but thin sheets of chlorite may still be present between clusters of epidote grains,
possibly marking the positions of former grain boundaries
within the host.
5.5. Chronology of Events. A summary of the probable
sequence of key metamorphic and structural events is presented below. This relative history is based on the textural
criteria in the ﬁeld and thin section analysis presented above.
(i) Peak metamorphic amphibolite- or hornblende
granulite-facies gneiss
(ii) Pseudotachylite formation (uncertain age but
predates many epidote-ﬁlled veins)
(iii) Large planar brittle cataclasites generated during
shearing (possible localized epidotization and minor
quartz along these fractures)
(iv) Widespread alteration of Ca-bearing plagioclase to
albite and pyroxene to chlorite in the host gneisses
(overall loss of Ca)
(v) Cycles of cataclasis, epidote (with minor quartz)
veining, and epidote replacement of cataclasite.
Locally pervasive alteration of albite to epidote in
the host gneisses (overall gain of Ca). Further brittle
failure focused along epidote-bearing faults
(vi) Calcite-quartz veins cut epidote-bearing fractures

6. Interpretation
6.1. Retrograde Reactions. A complex history of ﬂuid inﬁltration is apparent from the retrograde reaction history of the
gneisses. Although many veins in metamorphic terranes

may form through segregation processes (cf. [23, 58, 59]),
those in the gneisses from Iona are ﬁlled with hydrous phases
and crosscut a range of lithologies that lack the mineralogy of
the vein ﬁll (see Figure 6(e)). Consequently, most of the veins
are thought to represent ﬂuid conduits.
The retrograde history is dominated by pseudomorphic
replacement of the high-grade mineralogy that allows
individual reactions to be readily identiﬁed. The overall
retrograde change produces a greenschist-facies assemblage
in the original gneisses and suggests a hydration reaction
of the type:
olg + opx + water = ab + ep + qz + chl
10ðNa0:8 , Ca0:2 ÞAl1:2 Si2:8 O8 + 6ðFe, MgÞSiO3 + 4:5H2 O + 0:25O2
= 8NaAlSi3 O8 + Ca2 FeAl2 Si3 O12 ðOHÞ
+ 4SiO2 + ðMg, FeÞ5 Al2 Si3 O10 ðOHÞ8

ð1Þ
This reaction is consistent with the production of a far
greater volume of albitized plagioclase than epidote. However, the textures indicate that this retrogression occurs in
at least two stages that are spatially and temporally separated in the gneisses and involve signiﬁcant metasomatic
transfer between reaction sites (see Figure 9). The major
element chemistry of the epidote-bearing gneisses is similar to the original unaltered metabasic gneisses in the
Lewisian complex (see Figure 8) and of intermediate composition between the albite gneisses and the epidosites. As
such, there may be minimal metasomatic change overall,
but due to the spatial distribution of the retrogression,
extreme changes occur on a local scale.
Early stages of greenschist-facies alteration in the gneisses
from Iona are characterized by pervasive albitization of
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plagioclase and replacement of peak metamorphic granoblastic pyroxene by chlorite aggregates (see Figure 9). There
is no textural evidence to suggest that signiﬁcant volumes
of other minerals are involved at either of these reaction sites,
although ﬂuids and solutes are required. Thus, a reaction
such as
olg + opx + water = ab + chl
10ðNa0:8 , Ca0:2 ÞAl1:2 Si2:8 O8 + 5ðFe, MgÞSiO3 + 2Na+ ðaqÞ + 4H2 O
= 10NaAlSi3 O8 + ðMg, FeÞ5 Al2 Si3 O10 ðOHÞ8 + 2Ca2+ ðaqÞ + 0:5O2

ð2Þ
represents the early reaction history and buﬀers the evolution
of ﬂuid composition at the reaction sites. Although this reaction could be written to balance Na, both solid products form
as pseudomorphs after the two mineral reactants. This
together with the lack of any signiﬁcant disturbance to the
granoblastic texture points to no major change in the modal
proportion of the feldspar. Consequently, it is thought
probable that Na is introduced in a ﬂuid phase and, in the frequent absence of other local Ca-bearing retrograde phases,
Ca removed without signiﬁcant volume change of the feldspar during a coupled dissolution-reprecipitation reaction
[60, 61]. Cataclasite-bearing faults seem the most likely conduits for the introduction of Na-bearing ﬂuids into the basement gneisses. The Na and Ca budget may in part be
locally buﬀered by the early production of epidosite along
such faults, although epidote production in the host gneiss
itself postdates albite formation. The production of chlorite from original pyroxene may be coupled to the albitization reaction (2). This would reduce the extent of Si- and
Al-movement associated with a change in the plagioclase
composition alone.
Apart from the extreme alteration experienced in the epidosites, the localized epidotization in the host gneisses shares
the same pseudomorphic one-for-one replacement texture
with the earlier reactions. Hence, the formation of epidote
at the expense of albite (3) must also be coupled to metasomatic change involving loss of Na and addition of Ca, Fe,
and water:
ab + water = ep + qz
4NaAlSi3 O8 + 4Ca2+ ðaqÞ + 2Fe2+ ðaqÞ + H2 O + 2:5O2
= 2Ca2 FeAl2 Si3 O12 ðOHÞ + 4Na

+

ðaqÞ

ð3Þ

+ 6SiO2

This requirement for movement of Na and Ca also provides support to the suggestion that the plagioclase replacement reaction (2) may not be a closed system with respect
to Na. During the alteration of albite to epidote, quartz may
be produced (3), although largely this appears to be lost in
solution. Hence, it is represented by quartz veins that are
relatively abundant in the more intensely altered gneisses
(see Figure 3(d)) and quartz blebs where the texture is less
disturbed by later deformation (see Figure 7(f)).
The spatial decoupling of the diﬀerent retrograde reactions may be a characteristic response of basement gneisses

to ﬂuid inﬁltration and highlights a distinction between prograde and retrograde behaviour. Fluids are typically released
at prograde reaction sites, and their chemistry is controlled at
the reaction site [62]. Hence, solutes are delivered directly to
local sites of product formation. In contrast, retrograde equilibria are kinetically diﬃcult and dominated by pseudomorphic replacement textures that lack local chemical balance
[63]. With retrograde processes, ﬂuid chemistry may be subject to “external” controls, and as such, key soluble reactants
may be lacking at potential reaction sites.
6.2. Controls on the Spatial Distribution of Retrogression.
Large fracture systems commonly provide conduits for ﬂuid
and are particularly prone to alteration (see Figure 9) (e.g.,
[20, 64]). The cataclastic textures of relict minerals within
epidosite, its overall brecciated texture point, and the planar
geometry of the epidosite point towards replacement of fault
rock and importantly reactivation of these structures. As
such, there is a strong link between deformation and ﬂuid
access to the gneisses (cf. [5, 20]), and there are alternations
between mineralization and fault activity.
Spatial separation of albite-rich and epidote-rich assemblages linked to hydrothermal alteration is reported in basaltic host lithologies, where epidote is formed in conduits of
high-temperature ﬂuids and successive phases of alteration
are linked to diﬀerent ﬂuids [12, 65]. Whilst a model of
high-temperature ﬂuids moving along faults could potentially account for some of the larger planer epidosites (cf.
[66]), this seems an unlikely explanation for the generation
of the more pervasive styles of epidotization in the epidotebearing gneisses. The latter have a highly complex distribution relative to the albite gneisses and lack a simple geometric
relationship to epidote-bearing veins and cataclasites.
The pseudomorphic replacement of initial oligoclase by
albite and then albite by epidote occurs in environments
where ﬂuids may transport cations to and from reaction
sites, and hence, the overall textural conﬁguration remains
largely unmodiﬁed. The pervasive formation of albite and
chlorite and the lack of a spatial association with either
veins or cataclasites indicate that ﬂuids had access to all
parts of the gneiss along a relatively permeable grain
boundary network and through intergranular pore networks in the feldspar [27]. Ca will be available at the reaction sites producing albite, and hence, there might be an
expectation of a small volume of epidote (1) in the immediate vicinity (cf. [67]). This would require both the ﬂuid to
be supersaturated with respect to epidote, and any kinetic
hurdles with epidote nucleation must be satisﬁed. However,
epidote, or indeed any other Ca-bearing phase, does not
form in many of these locations, and epidote is developed
elsewhere over a much more limited spatial extent (e.g.,
[68]). Hence, there must either be a kinetic impediment
that is not overcome whilst the reactants are together or
epidote formation is enhanced in speciﬁc locations far from
the site of Ca release. The latter could include preferential
nucleation within nearby epidote-bearing lithologies such
as the early cataclasites. This may be enough to allow the
local separation of reaction products (e.g., [69–71]),
although perhaps not the scale of separation.
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The replacement of retrograde albite by later epidote
within the host gneisses implies temporal separation as well
as spatial separation of the retrograde reactions. Temporal
separation could be triggered by inﬂux of new ﬂuid, but there
is no evidence for a change in ﬂuid chemistry from the early
vein assemblage, and crucial epidotization occurs in a series
of replacement events in both the cataclasites and the host
gneisses. Hence, temporal separation implies a likely change
in the availability of reactants during the reaction process
that is coupled to the kinetic restrictions on epidote formation outlined above.
Many smaller structural discontinuities in the metabasic
gneisses, even those with evidence of both cataclasis and ﬂuid
presence, do not enhance pervasive wall rock alteration (see
Figure 3(b)) and instead appear to spatially limit production
of epidote in the host. As such, the concept of a permeable
damage zone on either side of the fracture core [72] does
not “hold much water” in such lithologies. Epidote veins
often mark the boundaries of pervasively altered gneiss, with
one side of the vein lacking epidote alteration (see
Figures 2(c), 7(a), and 9). Equally epidote-bearing gneisses
may occur away from epidosites and are characterized by
few fractures (see Figure 3(c)). The most notable feature of
the reaction fronts between completely epidotized, and
completely unmodiﬁed, albite is the sharpness of the transitions, either when subjected to a structural control (see
Figures 1(c), 6(a), and 8) or when away from the inﬂuence
of fractures (see Figure 1(d)). In the absence of hightemperature gradients to drive this contrast in behaviour
(cf. [64]), it seems likely that deformation must play a key
role in allowing the inﬂux or removal of ﬂuids. The asymmetrical development of epidote around fractures can be
explained by them acting as bounding planes separating
areas where permeability is structurally enhanced [73]. As
such, a mesh of open channels could be present between
bounding shear planes. Consequently, many of the epidotemineralized cataclasites and veins act as zones where ﬂuid
is extracted from the gneiss (see Figure 9), and focused ﬂow
may eﬀectively provide the limitations on pervasive ﬂow.
The later tensile calcite-quartz hydrothermal veins also
lack any association with alteration of the adjacent host
gneiss. Conditions of tensile and earlier shear fractures
appear to be similar with greenschist-facies mineralogy
developed for both. Fluids must be associated with these
veins, but a relatively static system seems probable given
the spatial distribution of the mineral ﬁll correlates so close
with the mineralogy of the wall rock (see Figures 6(e) and
6(g)). The variation in vein ﬁll indicates that very localized
interaction with the adjacent wall rock minerals occurs [59]
with no modiﬁcation of the wall rocks. This implies that
the wall rock mineralogy may exert control on nucleation
rather than providing key components for the vein ﬁll. However, the combination of open fractures with or without shear
deformation, plus ﬂuids on those fractures, plus appropriate
P-T conditions is not enough to trigger pervasive alteration
in the host rock. As such, retrograde reaction rates in ﬂuidpresent conditions appear to be slow (cf. [74]), and the ﬂuid
presence in itself is not the key factor controlling some of
the retrograde reactions. If this also applies to the epidote ret-
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rogression, then given the lack of structural constraint on
many of these reaction fronts, apparently similar thermal
and barometric conditions, and an otherwise uniform host
lithology, the fronts are likely to reﬂect limited availability
of reactants, either of ﬂuid or potentially of Ca2+ ions. This
will be constrained not by mobility of the cations involved
but by their ease of consumption in retrograde reactions
coupled to the reactive potential of the host lithologies [74].
Transient availability of reactants in this environment is
possible during active deformation allowing periodic inﬂux
or removal of ﬂuids via some elements of the fracture or grain
boundary network.
6.3. Reaction-Enhanced or Reaction-Restricted Permeability
and the Role of Deformation. Local permeability may be
modiﬁed through the volume changes due to metamorphic
reactions [25–27]. The net retrograde reaction (1) appears
to approach geochemical balance other than the addition
of water (see Figure 8), and overall hydration would result
in a ca. 4% increase in volume of solid product phases (epidote+chlorite+albite+quartz) relative to reactants (oligoclase+pyroxene), although much of the quartz may be lost in
the ﬂuid phase. However, textures suggest that the retrograde processes involve a series of spatially disconnected
reactions. Consequently, signiﬁcant metasomatic transfer
of cations between dispersed reaction sites is implied, and
solid volume changes will be correspondingly heterogeneous. The one-to-one pseudomorphic replacement textures allow local scale comparison of molar volumes of
the solid phases [61, 70].
The greenschist-facies retrograde products albite, chlorite, and epidote each create distinctive textures due to their
volume relative to the phases that they replace. Albite has a
very similar molar volume to the oligoclase [75], and chlorite
has a larger volume than pyroxene (ca. 35% increase) [76, 77]
in a reaction with an assumed constant (Mg, Fe). Thus, early
retrograde history (2) would be characterized by a ca. 4.34.7% volume increase in the solid phases, with the uncertainty reﬂecting the full range of possible orthopyroxene
and chlorite end-member compositions. Hence, the volume
change is not very sensitive to the mineral compositions of
chlorite and orthopyroxene or of the original plagioclase
[75]. If this reaction was a closed system with respect to Na,
involving a corresponding change in the modal proportions
of feldspar, then this would be associated with a ca. 7.68.3% volume decrease in the retrograde phases. Although as
discussed earlier there is no textural evidence to support this
scenario. Epidote (X Fe = 0:3) pseudomorphic replacement of
albite, with assumed constant Al and excess Si lost in solution, is associated with a decrease in volume of ca. 30% [78,
79]. If all quartz is retained at the reaction site (3), then a
modest ca. 4% increase in volume occurs, although in the vast
majority of instances, there is no textural evidence to support
this scenario. The spatial separation of reaction products dictates that these characteristics have strong control on the distribution of pervasive alteration that is not structurally
constrained (e.g., [70]). During the pseudomorphic replacement of pyroxene, the excess higher volume chlorite produced may migrate to the grain boundaries of the gneiss
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(see Figure 9), restrict permeability and porosity, and inhibit
subsequent pervasive alteration [25, 80].
In contrast to the early pervasive alteration of the
gneisses, the production of epidote is spatially restricted (cf.
[68]). Generation of relatively ﬁne-grained reaction products
will enhance permeability by the creation of grain boundaries, so the reaction itself has a tendency to proceed to
completion (see Figure 9). Crucial volume reduction associated with the replacement of albite by epidote [12, 13, 68]
may draw ﬂuids in towards the reaction front [25, 26,
81]. Fracture systems may also be generated by such local
volume changes [25]. The preservation of the granoblastic
texture of the original gneiss points to isovolumetric
replacement with little structural modiﬁcation [82], and
such behaviour depends on the existence of a framework
of amphibole in the metabasic gneisses that can resist compaction (cf. [83]). Coarse-grained amphibolites are widely
recognized as being stronger than quartzofeldspathic rocks
in most crustal conditions, and the absence of a strong
amphibole fabric suggests that dissolution-precipitation
creep was limited in these gneisses [84–88]. Such volume
reduction associated with the solid phases would further
limit the spatial extent of the epidotization, by sucking
Ca-bearing ﬂuids towards the reaction site [13, 68, 83, 89]
creating local concentrations of epidote (see Figure 9).
Reaction-enhanced permeability will also withdraw ﬂuids
from the fracture systems [25] responsible for the reintroduction of ﬂuids, limiting the ability of reactions to start on many
fracture margins (see Figure 9). This may account for the
complex distribution of epidote within the host gneisses and
the lack of a clear spatial link to fractures.
The retrogression of these metabasic gneisses is characterized by the separate spatial and temporal development of
reaction products. Accounting for this separation is crucial
to understanding the ﬂuid movement in the basement rocks.
The replacement of oligoclase by albite probably occurs
through a coupled dissolution-reprecipitation process [75]
and may be kinetically more straightforward than the
replacement of albite by epidote. Relative to the early formation of albite and chlorite, the formation of epidote in the
host gneisses is localized and may be dependent on active
deformation to overcome the kinetic restrictions. This is also
suggested by the association between cataclasite-bearing
faults and the formation of epidosite. Equally, the scale of
heterogeneity in the development of epidote-rich gneiss suggests that movement of Ca-rich ﬂuids occurs. Consequently,
the spatial distribution of epidote in the host gneiss is
unlikely to be solely generated by locally restricted nucleation
of the low volume reaction products. Ca-bearing ﬂuids generated during albitization could be drawn back into temporally high permeability damage zones and fault cores during
renewed movement on those faults [34, 35, 90, 91] and away
from the surrounding albite-rich host gneisses (see Figure 9).
The latter would have restricted permeability in the unfractured areas of gneiss due to the coating of grain boundaries
by chlorite (see Figure 9). It is uncertain whether lower ﬂuid
pressure during fault movement could inﬂuence solubility of
epidote within the ﬂuid phase (cf. [35]) and hence play a role
in its distribution. Fluid pressure cycling during coseismic

Geoﬂuids
events and interseismic periods may allow ﬂuids to be alternately drawn into and expelled from the fault zones [34, 90,
91]. This provides a mechanism for generating Na-rich ﬂuids
in the epidote-producing reactions near the faults that could
then be moved into the distal areas as a consequence of the
increased ﬂuid pressure, to produce more albite (see
Figure 9). Such behaviour would imply that in relatively
low permeability basement, changes in ﬂuid distribution
driven by tectonism might be more rapid than the response
of rocks to some kinetically diﬃcult metamorphic reactions.
6.4. Controls on Crustal Permeability. Metasomatism of oceanic crust commonly involves migration of Ca, Na, and Mg
and development of low variance greenschist-facies mineral
assemblages [12, 13, 29, 38, 64, 65, 68]. Pervasive albitization
away from epidote-bearing fracture systems is a characteristic also commonly observed in such permeable host rocks
(e.g., [92]). Availability of solutes, such as Ca, is less likely
to be a factor in the large-scale, long-lived hydrothermal
systems present in shallow crustal levels.
In many ways, the alteration of metabasic gneisses is similar to that of basalts in the shallow crust [64], although in the
former there is more local control by brittle deformation on
ﬂuid movements in otherwise low permeability rocks (e.g.,
[93]) and a closer approach to closed system behaviour.
There is also less potential for local variations in geothermal
conditions (cf. [64]) in basement rocks lacking proximal heat
sources. Faulting and stress cycling of relatively impermeable
host rocks has more potential to inﬂuence local ﬂuid pressures and the resulting metamorphic reactions. Retrograde
volume changes occur within a mechanically strong mineralogical framework and strongly control the evolving permeability [80, 94]. The evolution of permeability in such
gneisses may be applicable to the behaviour of maﬁc lower
crustal rocks in ambient greenschist-facies conditions.
Whilst processes involved in the eclogitization of granulites
[27, 80, 94] are analogous to the volume changes associated
with epidotization, the reactions studied here may be of
signiﬁcance to controls on behaviour of normal thickness
continental crust. The conversion of plagioclase to epidote
may draw ﬂuids in towards the resulting porosity and hence
focus the ﬂuid in patches of epidote gneiss and the epidosites.
The resulting heterogeneity may then inﬂuence subsequent
structural evolution (cf. [8]).
Granitic gneiss has very diﬀerent permeability characteristics to the metabasic gneiss. Whilst the abundance of albite
makes the former prone to epidotization in the presence of a
Ca-bearing ﬂuid, they are less able to support the retrograde
volume changes during reaction in the likely absence of a
strong framework of unaltered phases (e.g., amphibole).
Consequently, granitic gneisses are dominated by intense
retrogression associated with deformation-enhanced permeability along fracture planes (cf. [20]), rather than reactionenhanced permeability that will dominate the metabasic
gneisses. Equally, despite the abundance of plagioclase in
the nearby meta-anorthosite of Iona, there is little pervasive
epidotization in most exposures, presumably because of the
lack of a supporting framework to allow retrograde volume
changes to draw ﬂuids into the main body of the rock.
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7. Conclusions
The complex spatial distribution of retrograde greenschistfacies reaction products in basement gneisses reﬂects a
combination of deformation-controlled ﬂuid access and permeability controlled by the volume of the pseudomorphic
reaction products themselves. Initial ﬂuid inﬂux causes widespread albitization and chloritization of the original plagioclase-pyroxene-bearing, amphibole-rich metabasic gneisses,
which restricts permeability and generates a Ca-rich ﬂuid.
Subsequently, epidote crystallizes from this ﬂuid but is in
contrast extremely localized and replaces either albite in
patches of the host gneisses or cataclasites within prominent
fault structures. This localization may initially develop as a
consequence of kinetic controls on the nucleation of epidote
coupled to the migration of the Ca-rich ﬂuids possibly in
response to deformation cycles associated with the brittle
faulting. These spatial restrictions are then strongly augmented by reaction-enhanced permeability associated with
the replacement of albite by epidote. The combination of
processes results in a spatial and temporal decoupling of retrograde reaction products. This includes the local buﬀering
of ﬂuid compositions facilitating signiﬁcant metasomatic
transfer of Ca and Na between reaction sites. Such behaviour
seems likely to be a characteristic response of metabasic
gneisses to greenschist-facies retrogression and contrasts
with granitic gneisses where the lack of a strong amphibolerich matrix restricts the inﬂuence of reaction-enhanced permeability. Hence, in granitic gneisses, epidotization is largely
restricted to fracture networks.
This study of ﬂuid transfer within a reactive host
lithology represents the ﬁrst account of the balance
between deformation and reaction control on the evolution
of permeability in basement gneiss.
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Deeply buried Pannonian (Upper Miocene) siliciclastic deposits show evidence of secondary porosity development via dissolution
processes at a late stage of diagenesis. This is demonstrated by detailed petrographic (optical, cathodoluminescence, ﬂuorescence,
and scanning electron microscopy) as well as elemental and stable isotope geochemical investigations of lacustrine deposits from
the Makó Trough, the deepest depression within the extensional Pannonian back-arc basin. The analyses were carried out on
core samples from six wells located in various positions from centre to margins of the trough. The paragenetic sequence of three
formations was reconstructed with special emphasis on sandstone beds in a depth interval between ca 2700 and 5500 m. The
three formations consist, from bottom to top, of (1) open-water marls of the Endrőd Formation, which is a hydrocarbon source
rock with locally derived coarse clastics and (2) a conﬁned and (3) an unconﬁned turbidite system (respectively, the Szolnok and
the Algyő Formation). In the sandstones, detrital grains consist of quartz, feldspar, and mica, as well as sedimentary and
metamorphic rock fragments. The quartz content is high in the upper, unconﬁned turbidite formation (Algyő), whereas
feldspars and rock fragments are more widespread in the lower formations (Szolnok and Endrőd). Eogenetic minerals are
framboidal pyrite, calcite, and clay minerals. Mesogenetic minerals are ankerite, ferroan calcite, albite, quartz, illite, chlorite, and
solid bituminous organic matter. Eogenetic ﬁnely crystalline calcite yielded δ13CV−PDB values from 1.4 to 0.7‰ and δ18OV−PDB
values from –6.0 to –7.4‰, respectively. Mesogenetic ferroan calcite yielded δ13C V−PDB values from 2.6 to –1.2‰ and δ18OV−PDB
values from –8.3 to –14.0‰, respectively. In the upper part of the turbidite systems, remnants of the migrated organic matter
are preserved along pressure dissolution surfaces. All these features indicate that compaction and mineral precipitations resulted
in tightly cemented sandstones prior to hydrocarbon migration. Interconnected, secondary, open porosity is associated with
pyrite, kaolinite/dickite, and postdates of the late-stage calcite cement. This indicates that dissolution processes took place in the
deep burial realm in an extraformational ﬂuid-dominated diagenetic system. The ﬁndings of this study add a unique insight to
the previously proposed hydrological model of the Pannonian Basin and describe the complex interactions between the basinal
deposits and the basement blocks.

1. Introduction
Porosity development of turbidite sandstones in burial depth
greater than 3000 m is a key issue in understanding their

potential for hydrocarbon exploration. Reservoir quality of
sandstones is controlled by primary sedimentary characteristics that can be signiﬁcantly modiﬁed by diagenetic alterations [1–7]. Case studies of the diagenetic evolution of
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tight sandstone reservoirs, from the USA, China, and Germany [8–14], highlight some common features. Diagenetic
processes that signiﬁcantly inﬂuencing reservoir quality are
compaction, quartz, and carbonate cementation and clay
mineral transformations. Preservation of primary porosity
is generally assigned to early formation of chlorite coats or
early developing overpressure [15–17]. Secondary porosity
development is commonly connected to the dissolution of
unstable minerals. Although dissolution and/or precipitation
of certain clay minerals can preserve or even enhance porosity, the latter processes in many cases led to the decrease of
permeability [18].
Basin-centered gas accumulations typically consist of
sandstone reservoirs of large extent but very low permeability
[19]. They are usually characterized by abnormally high pressure and lack of a deﬁnitive gas-water contact [19]. Tight
sandstones are deﬁned as reservoirs with low porosity
(<10%), low permeability (<0.1 mD), and complex pore
structures and heterogeneity [11, 20–22]. In the early 2000s,
unconventional hydrocarbon exploration focused on potential basin-centered gas and shale-gas accumulations in the
Upper Miocene deposits of the Makó Trough [23]. Although
the exploration activity did not result in any economic discoveries, it allowed gathering vast amounts of samples and
data [24]. Studies focused on the sedimentary architecture,
geophysical, and organic geochemical properties of these
deposits [23, 25, 26]. Diagenetic components were described,
and alteration processes were interpreted from cores of legacy wells like Hódmezővásárhely-I [27].
This study investigates deeply buried Upper Miocene lacustrine sandstones from the Makó Trough, the deepest portion of
the Pannonian Basin proper, from a depth of 2700 to 5500 m
with temperatures of 90 to 220°C, respectively, [28]. It focuses
on the diagenetic history and porosity evolution of three formations, the Endrőd, Szolnok, and Algyő Formations, representing
open-water marls with locally derived coarse clastics, the overlying strongly conﬁned basin-centered turbidite system, and
an upper, slope-related unconﬁned turbidite system, respectively. The marls are the source rocks, and the sandstones of
the lower turbidite system are tight, whereas the sandstones of
the upper turbidite system show conventional or semiconventional reservoir properties [23]. This study highlights diﬀerences
in the porosity evolution of the two successive turbidite sandstone units. Sandstone samples from cores of six wells were
studied by petrographic methods (optical, cathodoluminescence, ﬂuorescence, and scanning electron microscopy) using
thin sections and small broken pieces. Additionally, the elemental and stable isotope composition of diagenetic calcite phases
was analyzed. The main objectives of the research include (1)
petrographic characterization of sandstones, (2) geochemical
evaluation of calcite phases, (3) interpretation of the paragenetic
sequence, (4) interpretation of the diagenetic processes, which
controlled the reservoir quality, and (5) evaluation of the ﬂuid
ﬂow model.

2. Geological Setting
The studied succession was deposited in Lake Pannon
(Figure 1), in an endorheic lacustrine system of brackish
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water [29]. It became isolated from the Paratethys 11.6 Ma
ago as a result of the uplift of the Alpine–Carpathian orogenic belt [30, 31]. The lake existed for about 7 Ma and had
a variety of coexisting depositional environments [32]. During the approximately ﬁrst two million years, the lake became
successively deeper and larger, but at about 10 Ma, normal
regression began. Rivers entered the lake from uplifting orogens to the NW, N, and NE. As a result, the lake basin was
gradually ﬁlled with open-water marls, sandy turbidites, silty
slope deposits, stacked deltas, and alluvial deposits [25, 30],
comprising ﬁve successive formations. The Endrőd Formation is characterized by open-water marls with intercalations
of locally derived, sediment gravity-ﬂow deposits, conglomerates, pebbly, silty sandstones, and sandstones [33]. The
Szolnok Formation is a turbidite system resulting from the
deposition of sand up to an overall thickness of 1000 m
locally. Provenance studies indicate the distal AlpineCarpathian source of these sands [34]. The uppermost turbidite system can be directly linked to the feeder shelf-slope,
seismically mirrored by large clinoforms of the Algyő Formation. These are overlain by deltaic successions of the Újfalu
Formation and alluvial deposits of the Zagyva Formation.
Well Makó-7 (M7) near the central, yet not the deepest part
of Makó Trough, demonstrates that the thickness of the
deep-water lacustrine deposits (the lower three formations)
attains 3500 m, whereas the total thickness of Upper Miocene
to Quaternary succession exceeds 6000 m locally [25].
Lake Pannon occupied the area of the Pannonian Basin,
where the back-arc extension resulted in the opening of a signiﬁcant number of subbasins separated by uplifted basement
highs [35, 36]. The main location of extension migrated in
space and time from west to east and from late Early Miocene
until early Late Miocene [35]. The Makó Trough is one of the
youngest subbasins and the deepest depocenter of the Pannonian Basin, the outline of which is deﬁned by basement highs
(Figure 1). Balázs et al. [37] reconstructed the subsidence history of the Makó Trough based on palaeontological, seismic,
and well data (Figure 2). The Makó Trough, as a half-graben,
was characterized by rapid and continuous late Miocene synrift subsidence, not obser8ved in other subbasins of the
Pannonian Basin. This resulted in extreme water depth, low
sediment ﬂux, and undisturbed “pelagic” sedimentation [25,
37].
Present-day temperature at the top of the Algyő Formation (~2500 m) is 100°C, whereas at the bottom of the Endrőd
Formation (5500 m), it is 210°C [24]. Heat ﬂow values are as
high as 100-130 mW/m2 [38]. As a consequence of the high
temperatures, the petroleum system is dynamic, and source
rocks are actively generating and charging reservoirs [39].
The dynamic nature of the hydrocarbon system has resulted
in the development of pore pressures in excess of hydrostatic
pressure [39]. The synrift phase was coeval with the deposition of deep-water sediments of the 1500 m-thick Endrőd
Formation (Figure 3). The overlying Szolnok Formation represents the immediate postrift, whereas the Algyő and Újfalu
Formations were deposited in the late postrift phase [35].
The lithology of the basin centre and slope deposits is
documented by seven well logs and 182 m of core material
(Figure 4 [25];). The lowermost studied unit is the Endrőd
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Figure 1: Maps of the studied area. (a) Depth of the Neogene basement of the Pannonian Basin [40]. The thick line indicates the largest
known extension of Lake Pannon 9.5 Ma ago, whereas the dashed lines mark the position of the shelf-edge at between 6.8 Ma and 5 Ma
[30]. White and black arrows indicate major rivers entering the basin and main direction of the sediment transport, respectively [25].
Rectangle shows the location of map on (b). (b) Map of Neogene basement depths and highs with the location of the Makó Trough; the
studied wells are marked by yellow [41]. Location of the seismic line (Figure 4) is indicated by a dashed line. Oil and gas ﬁelds are
indicated with green and red colors, respectively. Inset map shows Europe and the location of map (a) (rectangle). Hydrocarbon ﬁelds are
indicated with grey color.

Formation. It starts with a 500 m-thick interval of siltstones
with thin sandstone interbeds. This facies is only described
in the central part of the trough. The middle part consists
of a 500 m-thick succession of black calcareous marls comprising source rock intervals. It also includes turbiditic sandstones and matrix-supported conglomerates, such as
debrites. The grains of these thick interbeds were supplied

locally, from the subaerially exposed neighboring basement
highs. The upper third of the Endrőd Formation is made
up of ca 500 m-thick clay marls with rare sandy interbeds
redeposited from the ﬂanks of the meanwhile ﬂooded highs
[25, 33]. Deposits of the main basin-centered, conﬁned turbidite system (Szolnok Formation) are 1000 m in thickness and
are made up of predominantly ﬁne-grained, thin- to thick-
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Figure 2: Subsidence curve of the Makó Trough by Balázs et al.
(2017) [37] shows a very short and rapid synrift subsidence of the
basement during early Late Miocene.

bedded amalgamated sandstones. In general, this formation
is clay poor. Mudstone units are usually less than a few
meters thick and are located between sandy lobe units with
an individual thickness of 50-80 m [25]. Higher up in the
succession, the abundance of mud-rich sandstone beds, i.e.,
hybrid event beds, increases. This indicates the decrease of
conﬁnement [33]. The Szolnok Formation is laterally continuous through the basin and pinches out on the ﬂanks of
the highs. The overlying Algyő Formation has two characteristic lithological units: the lower one is comprised of
ﬁne-grained sandstone units of 20-50 m in thickness, separated by several tens of metre-thick siltstones; the upper
one is made up of claystones and siltstones that represent
the progradational shelf-slope system [23, 25, 33]. The lobes
and the thick siltstone intervals near the base of the slope
indicating free spreading and switching of the unconﬁned
system [25, 33].
2.1. Petrography and Diagenesis of Lacustrine Deposits in the
Makó Trough. Petrographic and geochemical analyses of the
calcareous marls and sandstones in the lower part of the Endrőd Formation were provided by Varga et al. [42]. The
authors interpreted immature clast composition with local
provenance. The described paragenetic sequence is comprised of framboidal pyrite and calcite connected to cementation during shallow burial, and replacive dolomite, ankerite,
and illite connected to a deep burial realm. In deeper part
of the basin, the natural gas is rich in H2S and in organosulphur [26]. Above 4500 m, isotopically, heavy sulphur (–4.7 to
34.9‰), cubic and ﬁnely crystalline pyrite, solid bitumen,
and minor amounts of anhydrite are present. Based on these
components, a zone of thermochemical sulphate reduction
(TSR) was identiﬁed [26, 43].
Petrography and stable isotopes of the diagenetic components of sandstones of the Szolnok Formation were analyzed

from lower turbiditic sandstones (Szolnok Formation) from
three shallow-buried and one deeply-buried (Makó Trough)
subbasins by Mátyás and Matter [44] and Mátyás [27]. Comparing the areas with diﬀerent burial histories revealed that
early-stage meteoric water inﬂuence, resulting in secondary
open porosity formed by feldspar dissolution, was signiﬁcant
during the diagenesis of shallow-buried deposits. The predominant diagenetic minerals in sandstones are ankerite,
kaolinite, and siderite, whereas calcite is subordinate. In contrast, in the deeply buried subbasin, the deposits were aﬀected
by compactional ﬂuids. The paragenesis is dominated by calcite, chlorite, and illite. No extensive porosity redistribution
is documented. The observed diagenetic components are typical for chemical transformations within the sandstonemudstone couplets.
Porosity values in the Endrőd and Szolnok Formation are
below 5%, whereas permeability values are below 0.01 mD. In
the uppermost part of the Szolnok Formation and in the
Algyő Formations, porosity and permeability values are up
to one to two magnitudes higher, 10–15%, and>1 mD,
respectively (Figure 4).
2.2. Hydrocarbon System of the Makó Trough. The Endrőd
Formation has an original TOC of 1.25–1.5 wt% [45] and
contains type III and type II–III kerogens [46, 47]. Vitrinite
reﬂectance is 2.0–2.2% Ro . In the Neogene of the Pannonian
Basin, the oil generation window is located in a depth range
of 2.4–4.3 km [40, 47]. Badics et al. [24] estimated the generated volume of hydrocarbons in the Makó Trough by assessing the hydrocarbon potential of source rocks, thermal
maturity history, and timing of hydrocarbon generation.
The potential shale gas interval is buried to 5000–6000 m
and has a temperature of 225–270°C. To summarize, the calcareous part of the Endrőd Formation can be considered a
fair quality, gas-prone source rock [24]. The largest oil and
gas ﬁeld in Hungary, the Algyő Field, is situated southwest
of the Makó Trough [40, 48] and was sourced from there.
The Endrőd Formation has also been assumed to be a potential basin-centered gas accumulation (cf. Law 2002 [19])
which is an unconventional gas accumulation with tight
sandstone reservoirs of the regional extent but very low
porosity and permeability.

3. Materials and Methods
In this study, three Upper Miocene lacustrine formations
were sampled: the Endrőd, Szolnok, and Algyő Formations.
Samples were taken from core sections of six wells located
in diﬀerent locations and depth intervals within the same
subbasin (Figure 4). For wells proprietary to the TXM Ltd.
Company, a code system will be used throughout the text.
Two wells (M6, M7) are located in the deepest and central
part of the Makó Trough. Four wells (Sz1, K1, Mcs1, B1)
are located on the ﬂanks. Fifteen core intervals from six wells
were sampled over a depth interval from 2702 to 5475 m
(Figure 4 and Table 1). This study focused on sandstones,
but samples of ﬁner grained deposits were also examined
(Table 1). The analyzed deposits are comprised of sandstones, calcareous marls, and siltstones that were selected
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from the middle and upper part of the open-water marl formation (Endrőd Fm), the basin-centre turbidite system (conﬁned turbidite; Szolnok Fm), and unconﬁned turbidite
system (lower unit of Algyő Fm).
Thin sections were analyzed (55, 75, and 30 each from the
Endrőd, Szolnok, and Algyő Formations, respectively) with
an OLYMPUS BX41 optical microscope. All the samples
were impregnated with blue resin before thin sectioning in
order to facilitate porosity identiﬁcation. Staining with Alizarin Red S and K-ferricyanide [49] was applied to all of the
thin sections in order to distinguish carbonate minerals and
their respective iron content. Additionally, 10 samples were
stained with a potassium rhodizonate solution to distinguish
plagioclase and a sodium cobaltinitrite solution to distinguish K-feldspar. Point counting was performed on 27 samples to investigate quantitative composition; 300 points per
thin section were counted. From each analyzed core interval,
representative samples were selected by visual inspection.
A microscope equipped with a Hg vapour lamp and ﬁlters for blue light excitation (450–490 nm) was used to detect
the organic matter. The ﬁlter set was composed of a diachromatic beam splitter (510 nm) and a barrier ﬁlter (515 nm).
Cathodoluminescence (CL) study was performed on
polished thin sections using a MAAS-Nuclide ELM-3 cold-

cathode CL device operating at 10 kV (Measurement and
Analysis Systems, Inc., Lowell, MA, USA).
An Amray 1830i type Scanning Electron Microscope
equipped with an INCA Energy-dispersive X-ray spectrometer was used in the secondary electron (SE), backscatter electron (BSE), and cathodoluminescent (CL) modes on polished
thin sections. A total of 21 samples were analyzed. Surfaces,
coated with gold, were studied on a FEI Inspect S Scanning
Electron Microscope. The chemical composition of minerals
was determined by a JXA-8530F type Electron Probe Microanalyzer in WDS mode. Measurement conditions were accelerating voltage of 15 kV, probe current 20 nA, beam diameter
5–10 μm, and ZAF correction. Altogether, 20 samples were
analyzed. Fractured surfaces of eight samples, coated with
gold, were studied on a FEI Inspect S Scanning Electron
Microscope.
X-ray diﬀraction was used for the identiﬁcation of the
mineralogical composition of separated clay fractions. The
samples were analyzed with a Panalytical PW 3040/60 X’Pert
PRO diﬀractometer (CuKα radiation, 40 kV, 40 mA, step size
0.0167 s per step).
For clay mineral analysis, the <2 μm fraction samples
were separated from the sandstones [50]. Fifteen samples
were analyzed (Table 1). Sandstones were crushed with a
hammer, then disaggregated with diluted H2O2 and treated
with a 400 W ultrasonic probe (2-3 min). Samples containing
carbonate were treated with 0.1 M EDTA solution (pH 4.5)
and washed with distilled water [51]. Size fractionation was
accomplished by timed sedimentation (Stokes’size fraction).
Oriented XRD mounts were prepared by pipetting the suspensions (7 mg sample in 1 ml of distilled water) onto glass
slides and analyzed after air drying. Furthermore, the clay
fractions were saturated with K+ or Mg2+ ions, followed by
ethylene glycol or glycerol saturation or heating (550°C), in
order to identify expandable or heat-sensitive clay minerals
[50]. The clay fractions were additionally saturated with
DMSO (dimethyl sulphoxide) in order to identify kaolinite
in the presence of chlorite [52]. Chlorite does not swell with
DMSO, so peaks remain unchanged after treatment. In the
case of kaolinite, the 7.15 Å peak moves to the 11.2 Å
position.
The <0.2 μm fraction samples were separated by timed
centrifugation from eight samples (Table 1). The resulting
suspensions were concentrated by evaporation, and the wet
samples were freeze-dried. Oriented preparations for XRD
were made by dispersing ca 5 mg clay separate in 1 ml of
water, pipetting the suspension onto a glass slide and drying
at room temperature. Oriented XRD mounts were solvated
with ethylene glycol at 60°C for 12 h. In mixed-layer phases,
the percentage of illite was determined by the 2Θ diﬀerence
values of the peak positions 001/002 and 002/003 of the illite/smectite mixed-layer peaks [50].
The clay minerals were quantiﬁed with a modiﬁed version of the Schultz method [53]. The peak areas of the clay
minerals in the Mg and glycerol saturated X-ray patterns
were determined using the Panalytical X’Pert Highscore plus
software. The correction factors of Schultz [53] which were
originally used for the quantiﬁcation of clay minerals in bulk
samples were used to quantify the clay fraction. The
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Figure 4: Seismic section of studied wells and core intervals (colored and empty squares) [41] along the line shown in Figure 1. Porosity and
permeability ranges were measured on core samples from the Makó Trough (TXM interim report).
Table 1: Distribution of studied samples within the formations.
Formation Well
Algyő
Algyő
Szolnok
Szolnok
Szolnok
Szolnok
Endrőd
Endrőd
Endrőd
∗

Core
number

K1
B1
Szk1

c1, c2
c1
c1
c1, c2, c3,
M7
c4
M6
c1
Mcs1
c1
M7
c5, c6
M6
c2, c3
c2
6

Number of samples
Number of clay mineral
Claystones and
Calcareous
Sandstones∗
samples
siltstones
marls

Core
thickness (m)

Number of thin
sections

29.9
45.7
8

14
16
14

11
9
9

3
5
5

8

36.8

31

22

9

7

9
9
18
15
19

14
16
18
18
14

10
10
12
12

4
6
6
6

4

5

Studied in detail.

correction factors are 0.35 for smectite, 0.54 for chlorite, 1 for
illite, and 0.5 for kaolinite.
Polished sections of 1 cm thickness were prepared for
sampling the calcite under a binocular microscope. A
computer-controlled micromill was used to separate carbonate phases. Stable carbon and oxygen isotope analyses were
carried out on 35 samples with a MAT253 gas isotope mass
spectrometer (Thermo Scientiﬁc) coupled to a Kiel IV
(Thermo Scientiﬁc) automatic preparation line. The carbonates were digested in H3PO4 at 70°C in a vacuum following
the method of McCrea [54]. The results are expressed in δ
-notation on the Vienna PDB standard.

4. Results
4.1. Sandstone Petrography
4.1.1. Detrital Grains. Textural features within the sandstones
exhibit a well-deﬁned trend from bottom to top. Both sorting
and maturity gradually increase upward. Sandstone interbeds

of the Endrőd Formation are characterized by very ﬁne to
ﬁne-grained sandstones. The grains are poorly to moderately
sorted and angular to subrounded. The matrix is abundant
among the detrital grains. The maturity stage sensu Folk
[55] varies between immature and submature. The Szolnok
Formation comprises predominantly ﬁne to mediumgrained sandstones, which locally alternate with thin layers
of siltstones. Grains are moderately sorted and angular to
subrounded. Its maturity stage sensu Folk [56] is classiﬁed
as submature. The Algyő Formation consists of ﬁne to
medium-grained sandstones, which alternate with siltstone
lamina. Grains are angular to subrounded and moderately
to well sorted. The maturity stage sensu Folk [56] is classiﬁed
as submature to mature.
Detrital grains in all three formations consist of quartz,
feldspar, mica, sedimentary, and metamorphic rock fragments. Monocrystalline and polycrystalline quartz are the
most abundant detrital mineral in all three formations. Kfeldspar of pale blue to grey luminescent color was found in
the uppermost part of the Endrőd and in the Algyő
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Figure 5: SEM-BSE images showing sedimentary components in matrix-rich sandstones. (a) Calcite matrix (pink arrows) occurs only in the
sandstones of the Endrőd Formation, well M7, 5471 m, Endrőd Fm. (b) Pseudomatrix and siliciclastic matrix (yellow arrows) among detrital
grains in sandstones of the lower turbidite system, well M7, 3410 m, Szolnok Fm. Abbreviations: L: carbonate rock fragment; Dol: dolomite;
Ms: muscovite; Qz: quartz.

Formation. Plagioclase feldspar with a luminescence varying
between green to none is present in all formations. Mica
exists as muscovite and biotite and is the most abundant in
the Endrőd Formation. Metamorphic rock fragments consist
of chloritic and muscovitic schists.
Sedimentary rock fragments are comprised of dolomites
and crystalline limestones. Many detrital calcite grains stain
pink. Angular detrital dolomite grains are common in the
Endrőd Formation. These grains consist of a cluster of crystals, which include euhedral and/or subhedral dolomite core
and a thin ankerite outer growth band. The crystal aggregates, i.e., the sedimentary grains themselves, possess an
angular and corroded outer surface, whereas the individual
crystals commonly have planar face inside the clusters. In
the marginal zone of the grains, euhedral dolomite rhombs
are truncated together with the ankerite outer zone. In the
Szolnok and Algyő Formations, the dolomite rock fragments
occur as rounded, sand-sized grains. In a few samples, partly
calcitised, ﬁnely crystalline dolomite grains were encountered. Bioclasts having recognizable shape are rare in the
sandstones.
4.1.2. Matrix. The matrix is composed of silt and clay-sized
detrital grains such as quartz, calcite, mica, dolomite, and
clay minerals such as chlorite, illite, and mixed-layer clays.
Sandstones of the Endrőd Formation are matrix-rich. In the
middle unit of this formation, the matrix predominantly consists of calcite (Figure 5(a)), whereas in the upper unit of this
formation, it is composed of siliciclastic particles. In the Szolnok and Algyő Formations, matrix is less common; it mainly
occurs as pseudomatrix (Figure 5(b)) or as intergranular
matrix in some samples. It is composed of calcite, dolomite,
quartz, muscovite, and chlorite.
4.1.3. Grain Contacts. In the studied sandstones, both point,
linear, and concavo-convex grain contacts were observed
(Figures 6(a)–6(c)). Point contacts occurring together with
linear contacts are very rare. They are only encountered in

a few samples from the middle part of the Endrőd Formation.
Otherwise, linear and concavo-convex contacts are typical
among framework grains in the upper part of the Endrőd
Formation. Elongated detrital grains, especially mica, are oriented parallel to bedding or are slightly deformed. In the
Szolnok and Algyő Formations, linear and concavo-convex
contacts are characterized among framework grains; otherwise, clay-rich lithoclasts and mica are deformed. Between
rigid grains, like quartz, pressure dissolution surfaces also
occur, especially in the Algyő Formation.
4.1.4. Diagenetic Minerals. The following diagenetic minerals
were identiﬁed: albite, quartz, ankerite, calcite, pyrite, and
clay minerals (Figure 6). Almost all diagenetic components
were observed in all three formations; however, there are
some components that are speciﬁc to only one formation.
Ubiquitous clay coats on grain surfaces were only observed
in a few samples of the Szolnok and Algyő Formations. However, in the majority of samples, they are scarce or absent.
The coats are composed of mixed-layer illite/smectite or
chlorite and commonly completely cover detrital grains. In
the Endrőd Formation, albite of the ﬁne sand size of the
euhedral shape indicates an advanced replacement process
and additional cement precipitation. Diagenetic albite is nonluminescent. In the Szolnok and Algyő Formations, diagenetic albite occurs inside the detrital K-feldspar and
plagioclase grains, indicating a replacement process
(Figures 6(c) and 6(d)). K-feldspar and plagioclase grains
commonly contain secondary intragranular pores and/or
are partially replaced by calcite or kaolinite and dickite in
the uppermost part of the Szolnok and the entire Algyő Formation (Figures 6(b)–6(e)). Syntaxial overgrowth quartz
cement is abundant in the Algyő Formation and scarce in
the other formations (Figure 6(f)). Microcrystalline quartz
cement commonly forms intergrowth with diagenetic clay
minerals, such as chlorite and illite, and it occurs in all
formations.
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Figure 6: SEM-BSE images, photomicrographs, and CL image showing diagenetic components.(a) Fine-grained sandstones are characterized
by concavo-convex grain contacts. Calcite (Cal1) crystals exhibit a faint crosspattern that resembles coccolith morphology. Large mottles of
calcite (Cal3) include replacive and cement phases. Microcrystalline quartz cement occurs on quartz grains, well Mcs1, 4060 m, Endrőd Fm.
(b) Ankerite cement crystals on dolomite grain. Replacive calcite (Cal3) includes the small remnants of detrital K-feldspar, well M7, 4103 m,
Szolnok Fm. (c) Sandstones of the Szolnok Formation are characterized by linear grain contacts. Diagenetic minerals consist of replacive and
cement calcite (Cal3), albite and kaolinite, well M7, 3410 m, Szolnok Fm. (d) CL image of the ﬁeld of view shown in (c). Detrital K-feldspar of
pale blue luminescent includes nonluminescent diagenetic albite. Detrital albite of greenish blue ﬂuorescent color (empty arrow) is present
among kaolinite. Postcompactional calcite (Cal3) exhibits dull red luminescent color (ﬁlled arrows), well M7, 3410 m, Szolnok Fm. (e)
Vuggy porosity (blue resin) includes secondary intragranular pores, which are typical in calcite (stained pink) and K-feldspar (stained
yellow) and secondary, dissolution-enlarged intergranular pores, which are characterized between framework grains. Kaolinite occurs next
to K-feldspar, well K1, 3020 m, Algyő Fm. (f) Quartz with straight crystal face indicates authigenic overgrowth cement precipitation.
Postcompactional calcite (Cal3) engulfs quartz cement, well K1, 3036 m, Algyő Fm. Abbreviations: Ab: albite; Ank: ankerite; Cal: calcite;
Dol: dolomite; KFs: K-feldspar; Kln: kaolinite; Ms: muscovite; Qz: quartz; Qz au: authigenic quartz. (a)–(c) SEM-BSE images. (d)
Cathodoluminescent image. (e, f) Plane polarized light.

Framboidal pyrite was encountered in the matrix in all
the three formations—it is very common in the Endrőd Formation and rare in the Szolnok and Algyő Formations. Additionally, cubic crystals of several tens of micrometers in size

are scattered in matrix-rich sandstones of the Endrőd Formation. Fine crystals and crystal aggregates of pyrite abundantly
occur next to secondary pores in the Algyő Formation. Quite
often, authigenic ankerite entirely or partly replaces the
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Figure 7: SEM-SE images showing the features of diagenetic clay minerals. (a) Kaolinite occurs together with mixed-layer illite/smectite, well
M7, 3421 m, Szolnok Fm. (b) Kaolinite and authigenic microcrystalline quartz, well M7, 3421 m, Szolnok Fm. (c) Pore-bridging illite, well M7,
3421 m, Szolnok Fm. (d) Mixed-layer illite/smectite forms intergrowths with diagenetic quartz, well M7, 3412 m, Szolnok Fm. (e) Pore-ﬁlling
and grain-rimming chlorite locally forming intergrowths with authigenic quartz, well K1, 3023 m, Algyő Fm. (f) Thick layers of
kaolinite/dickite with mixed-layer illite/smectite, well K1, 3012 m, Algyő Fm. Abbreviations: Cal: calcite; Qz au: authigenic quartz; Chl:
chlorite.

detrital dolomite grains in the form of irregular alteration
rims (Figure 6(b)). Additionally, subhedral ankerite crystals
possessing planar crystal faces are attached to dolomite

grains. These cement crystals engulf the linear contacts of
the framework grains and occlude primary intergranular
pores. Altogether, authigenic ankerite crystals are thicker
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Table 2: Composition of sandstones in selected samples derived by point counting, based on 300 counts per thin section.
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Figure 8: Linear correlation between the kaolinite content and
porosity, in the upper turbidite sandstones (Algyő Formation).

and larger in size than those inherited in detrital grains composing crystal aggregates together with dolomite crystals. In
addition, in the Szolnok Formation, Fe-rich alteration rims
can be detected in many rounded, detrital dolomite grains
and are typiﬁed by the irregular boundary line. Both dolomite grains and ankerite crystals are commonly replaced by
calcite. In the Algyő Formation, ankerite crystals are characterized by both planar faces and serrated surfaces. The latter
is observed along secondary pores.
Calcite occurs as pre and postcompactional cement crystals, and the former comes in two types. In the Endrőd and
Szolnok Formations, ﬁnely crystalline euhedral to anhedral
displacive calcite (Cal1) is typiﬁed by sector and/or normal
zonation as well as pink staining (Figure 6(a)). Many crystals
are surrounded by curved mica plates. Additionally, matrix
grains show a curved arrangement above and below these
crystals, especially in the matrix-rich sandstones of the Endrőd
Formation. Very thin calcite cement (Cal2), occurring as a
ﬁlm, covers the detrital grains, where point contacts of the
grains occur. In the areas surrounding the mottles, the grains
have linear contacts. Overall, this is rather rare, as it was only
encountered in a few sandstone interlayers, within calcareous
marls in the middle part of the formation. The calcite (Cal2)
exhibits bright orange luminescent color under CL. Poreoccluding calcite crystals (Cal3) occur in all the three formations. They are stained blue to mauve—indicating that this
phase is ferroan. Crystals engulf linear and concavo-convex
grain contacts (Figures 6(b)–6(d)). They have a compromise
boundary with the overgrowth quartz cement in the Algyő
Formation (Figure 6(f)). The replacive phase of calcite
(Cal3) occurs as irregular mottles among the detrital grains,
and crystals include small remnants of precursor feldspars,
dolomite, and ankerite. These remnants have corroded
boundaries toward the calcite (Figures 6(b)–6(d)). Elementary
maps and SEM and CL images revealed that coarser calcite
(Cal3) crystals nucleated as a replacive phase on precursor
sedimentary grains (K-feldspar, carbonates, dolomites, and
metamorphic rock fragments) or diagenetic crystals (ankerite
and calcite) and enlarged as cement occluding the reduced primary intergranular pore space (Figures 6(b)–6(d)). Finely

crystalline calcite (Cal3) is commonly a pore-occluding
cement phase (Figure 6(d)).
Mixed-layer illite/smectite is present as grain coatings in
a few samples and as a pore-ﬁlling mineral in the Szolnok
Formation (Figures 7(a)–7(d)). It is rare in the Algyő Formation. Discrete illite appears as a pore-bridging mineral
(Figure 7(c)). Chlorite and mixed-layer clays commonly
form intergrowths with microcrystalline quartz cement
(Figures 7(b) and 7(d)). In a few samples of the Algyő Formation, chlorite is the predominant cement phase, occurring as
both a grain coating and a pore-occluding mineral
(Figure 7(e)). Blocky and vermicular kaolinite and dickite
occur along partially dissolved feldspar grains, or in intergranular pores reduced by compaction (Figures 7(a), 7(b),
and 7(f)). The thickness of the blocky crystals can achieve
ca 1.3 μm (in the Szolnok Formation) and ca 3.1 μm (in the
Algyő Formation). Kaolinite engulfs quartz overgrowth
cement.
4.1.5. Porosity. In the Endrőd and Szolnok Formations, no
porosity sensu Rouquerol [57] could be detected under optical microscope. However, microporosity in sandstones associated with diagenetic clay minerals, such as illite, kaolinite,
and chlorite, was observed via SEM analysis (Figure 7).
Micropores are smaller than 20 μm and are remnants of the
primary pore space that was reduced by compaction and various cements, such as quartz, calcite, and clay minerals
(Figure 7). In samples of the Szolnok and Algyő Formations,
where diagenetic chlorite cement is present, calcite (Cal3)
cement is commonly missing and micropores appear.
In the uppermost part of the Szolnok Formation and the
Algyő Formation, secondary macroporosity is present up to
12.3% (Table 2). The most characteristic secondary pore type
is vuggy, which mainly appears as dissolution-enlarged intergranular voids. The secondary pores have a highly irregular
shape as both the margins of the sedimentary grains and that
of the diagenetic crystals which are dissolved. Their size is
commonly smaller than 100 μm. Intracrystalline secondary
porosity was detected inside the postcompactional diagenetic
calcite. Intragranular secondary pores occur in unstable
detrital K-feldspar and calcite grains (Figure 8). An uneven,
rough surface of diagenetic ankerite is also characterized
along these secondary pores. Microporosity among kaolinite/dickite crystals is also typical. These micropores are either
remnants of primary porosity reduced by compaction and
cementation, or remnants of secondary dissolutional intragranular pores within K-feldspars, which was ﬁlled by kaolinite. The open pores are interconnected.
Based on petrographic features, the analyzed sandstones
can be classiﬁed into three lithofacies, dominated by secondary
porosity, matrix, and carbonate cement (Figure 9). In the
majority of the samples, the intergranular area is dominated
by matrix and diagenetic calcite, resulting in low porosity and
permeability values. Porous sandstones, characterized by high
porosity and permeability values, are widespread in the Algyő
Formation and in the upper part of the Szolnok Formation.
4.1.6. Other Characteristic Features. Under optical microscope, dissected brown streaks of organic matter typically
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Figure 10: Photomicrographs showing petrographic features of the bituminous organic matter in samples of the Algyő Formation. (a) Brown
streaks of organic matter occur along concavo-convex grain contacts. Along secondary pores (blue resin), dark dots include pyrite and organic
matter (open arrows), well K1, 3051 m, Algyő Fm. (b) Pyrite together with organic matter (open arrows) occurs along secondary pores and
among kaolinite crystals, well B1, 2702 m, Algyő Fm. Abbreviations: Cal: calcite; Kln: kaolinite; Kfs: K-feldspar; L: carbonate rock fragment;
Qz: quartz. (a, b) plane polarized light.
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Figure 11: QFL classiﬁcation of sandstones (after Folk [56]).

occur along concavo-convex grain contacts and pressure dissolution surfaces in the Algyő Formation (Figure 10(a)). The
streaks bifurcate and surround the framework grains. The
brownish color is unevenly darker and lighter along the
streaks, and their thickness varies slightly. The surface of
postcompactional calcite cement crystals (Cal3) is corroded
along the contact with the brownish organic matter. Brown
dots of organic matter occasionally ﬁll in the tiny secondary
pores of calcite cement crystals and feldspar grains. No brownish solid organic matter was detected on open pore walls.
Small dots of the brownish organic matter (Figure 10(b)),
which are often associated with pyrite crystals, exhibit bright
green ﬂuorescence under blue light. The brownish streaks
of organic matter themselves are not ﬂuorescent. Mottles of
microporous kaolinite occasionally include brownish dots,
as well (Figure 10(b)). Based on petrographic features and
relationships with other components, the organic matter
was identiﬁed as solid bituminous residue of migrated hydrocarbons [58, 59].
4.2. Quantitative Composition. The analyzed sandstones are
litharenites and feldspathic litharenites (cf. Folk [56];
Figure 11, Table 2). The proportion of detrital grains varies
in the studied formations. The amount of detrital quartz in
sandstones gradually increases upward from the Endrőd Formation to the Algyő Formations, whereas the amount of
mica and chlorite decreases. The quartz content is higher in
the Algyő Formation (47–60%) and lower in the Szolnok

(15–54%) and Endrőd Formations (8–41%). The proportion
of detrital feldspar decreases from 14 to 0.4% with depth. The
K-feldspar content is higher in the Algyő Formation (3–9%)
and gradually decreases with burial depth from the Szolnok
Formation (0–9%) to the Endrőd Formation (0–0.4%). The
dolomite clast content is rather variable: 3–14% in the Endrőd Formation, 2–17% in the Szolnok Formation, and 4–
11% in the Algyő Formation. The proportion of diagenetic
albite (from 0.4 to 15%) and ankerite (from 1 to 4%) gradually increases with depth.
In the Szolnok Formation, a lateral variation of quantitative composition within the calcite-cemented intervals can be
seen. The amount of diagenetic calcite increases from the
centre of the basin toward the margin (from 2 to 27%). The
same trend is seen in the Endrőd Formation in the southeastern part of the basin. The highest porosity and permeability
values can be found in the Algyő Formation and in the
uppermost part of the Szolnok Formation. For the other parts
of the basin, very low values are characterized.
4.3. Clay Mineralogy. Typical clay mineral phases are illite,
chlorite, mixed-layer illite/smectite (I/S), and kaolinite
(Figure 12). Based on the results of the XRD analysis of clay
fractions, the measured proportions of illite and chlorite are
similar; they range between 11.9–64.5% and 11.2–57.7%,
respectively. The proportion of mixed-layer clays is a bit less,
varying from 7.6 to 53.6%. The amount of kaolinite is even
less; it varies between 2.3 and 14.7%. Since high amount of
kaolinite and chlorite is connected to distinct layers of the
sandstone, no depth-related trend could be recognised in
the amount of clay minerals.
Kaolinite, conﬁrmed by DMSO, is present in varying
quantities in the Algyő Formation. Its amount decreases in
the uppermost part of the Szolnok Formation, whereas it
was not detected in the lower part of this formation or in
the Endrőd Formation.
Illite, chlorite, kaolinite, and mixed-layer illite/smectite
(I/S) are typical in the <0.2 μm fraction. The reﬂection at
27 Å indicates R1 ordering of the I/S mixed-layer mineral
in one sample (3049 m). The R3 ordering is characterized
for the deeper sample (3426 m; Figure 13). The percentage
of illite in the mixed-layer illite/smectite was determined by
the °2θ diﬀerence value of the peak positions 001/002 and
002/003 [50]. This proportion increases with depth from
75% to 90% over the analyzed depth interval (27004000 m). A similar distribution was observed in the ﬁne clay
fraction, where illite, chlorite, and kaolinite are predominant
and the amount of mixed-layer I/S is minor.

5. Geochemical Data of Calcite
Stable carbon and oxygen isotope compositions of calcite
were measured mostly from bulk rock samples since more
than one calcite phase occur in most of the samples
(Figure 14; Table 3). The precompactional rhombohedral
calcite (Cal1) could be separately sampled from sandstones
of the Szolnok Formation. The values gave relatively narrow
ranges (δ13CV−PDB between 1.4 and 0.7‰ and δ18OV−PDB
between –6.0 and –7.4‰, respectively). Bulk rock
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Figure 12: XRD patterns of oriented, <2 μm fraction samples of a characteristic sample from the Algyő Fm, 3051.43 m.
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Figure 14: Stable oxygen and carbon isotopic composition of diagenetic and detrital calcite from the studied formations.

measurements of calcites (Cal1 and Cal3) from the same formation show an approximately similar carbon isotope ratio
(from 1.1 to 0.6‰) but the oxygen isotope ratio yielded additionally more negative values as well (from –6.3 to –11.4‰).
These bulk rock values overlap with ratios measured from
sandstones of the Endrőd Formation, for δ13CV−PDB between
1.6 and 0.8‰ and for δ18OV−PDB between –7.4 and –8.4‰,
respectively.
Postcompactional calcite (Cal3) was measured from all
the three formations. In most of the samples from the Szolnok and Algyő Formations, diagenetic calcite cooccurs with
detrital calcite grains, and the measured ratios cover wide
ranges between 1.0 and –0.3‰ for δ13C V−PDB and between
–1.6 and –9.8‰ for δ18OV−PDB . In the case of selective sampling of calcite (Cal3), where only a few detrital calcite grains
are encountered, more negative oxygen values were obtained
compared to the previous sample series. The oxygen isotope
ratios are similar in sandstones of the two lower formations,
ranging from –8.3 to –10.3‰, whereas the calcite (Cal3)
exhibits more negative oxygen values (from –10.0 to
-14.0‰) in the Algyő Formation. The carbon isotope ratio
yielded a wide range in the Endrőd Formation (from 2.6 to
–1.2‰) that overlaps with the values of the Szolnok Formation (from 1.0 to –0.4‰). The calcite (Cal3) in the Algyő Formation is enriched in lighter carbon isotope showing
negative values (from –0.3 to –0.6‰). A distinct group of isotope values was measured from sandstones of the Endrőd

Formation where calcite rock fragments and bioclasts are
more abundant compared to other samples. The δ13CV−PDB
values vary between –0.4 and –0.7‰, and δ18OV−PDB values
plot between –4.4 and –5.4‰.
Elementary composition of calcite was analyzed on 20
samples (Figure 15). The majority of analyzed crystals are
low-Mg calcite, in which the maximum amount of MgCO3
is approximately 3 mol%. Calcite (Cal1) in sandstones of
the Endrőd Formation has a slightly higher MgCO3 content
that can reach 6 mol%. The MnCO3 content is below
2 mol% in every sample, whereas the FeCO3 content can
reach 3 mol% in the calcite (Cal3) measured from the Endrőd
Formation. Especially, calcite (Cal1) cement has low FeCO3
and MnCO3 contents. The SrCO3 content of the diagenetic
calcites is mostly below 400 ppm. Calcite replacing feldspars
have higher SrCO3 content than calcite cement.

6. Discussion
6.1. Paragenetic Sequence. Based on the petrographic features, textural relationships and geochemical data of the
diagenetic components, a paragenetic sequence, can be
established (Figure 16). The order of diagenetic components
was examined relative to the mechanical compaction. The
compaction was evaluated by contact types of the rigid
framework grains and features of deformable grains. Thus,
point, linear, and concavo-convex contacts were taken into
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Table 3: Stable oxygen and carbon isotope data of diagenetic and detrital calcite from the studied formations.

Formation
Algyő
Algyő
Algyő
Algyő
Algyő
Algyő
Algyő
Algyő
Algyő
Algyő
Algyő
Algyő
Algyő
Algyő
Algyő
Algyő
Algyő
Algyő
Algyő
Algyő
Algyő
Algyő
Algyő
Algyő
Algyő
Algyő
Algyő
Szolnok
Szolnok
Szolnok
Szolnok
Szolnok
Szolnok
Szolnok
Szolnok
Szolnok
Szolnok
Szolnok
Szolnok
Szolnok
Szolnok
Szolnok
Szolnok
Szolnok
Szolnok
Szolnok
Szolnok
Szolnok

depth

well

sample N

δ18O

δ13C

Type of calcite

2744.60
3012.35
3012.48
3039.06
3044.76
3044.76
3051.43
3051.68
2743.75
2743.75
2744.60
3012.48
3019.94
3020.94
3020.25
3020.92
3020.92
3020.92
3023.59
3023.49
3036.84
3036.84
3036.84
3036.84
3039.24
3056.43
3056.43
4310.00
4310.00
4099.45
4099.45
4099.45
4103.49
3602.12
3421.22
3412.96
3602.45
3602.45
4088.95
4088.95
4087.79
3602.12
3602.12
3602.12
3602.12
4086.21
3412.96
3420.52

B1
K1
K1
K1
K1
K1
K1
K1
B1
B1
B1
K1
K1
K1
K1
K1
K1
K1
K1
K1
K1
K1
K1
K1
K1
K1
K1
M6
M6
M7
M7
M7
M7
Mcs1
M7
M7
Mcs1
Mcs1
M7
M7
M7
Mcs1
Mcs1
Mcs1
Mcs1
M7
M7
M7

b1-124
kv10
Kv-1-3
kv25
kv-2-17
kv14
kv15
k2-27
b1-123
b1-123
b1-124
Kv-1-3
kv17
kv24
kv11
kv-1-13
kv-1-13
kv-1-13
kv-1-24
kv16
kv-2-5
kv-2-5
kv-2-5
kv12
kv13
kv-2-26
kv-2-26
m6c1a
m6c1b
39
39
m739a
m743b
82
69
16
78
78
48
48
m7-46
82
82
82
mcs82a
m744a
16
m768a

-10.02
-13.39
-12.43
-13.68
-13.99
-13.78
-10.45
-14.00
-8.18
-7.05
-8.61
-6.77
-6.97
-5.58
-7.56
-4.39
-8.59
-5.300.85
-4.871.05
-6.88
-7.42
-1.65
-8.14
-9.79
-6.29
-9.25
-8.59
-10.29
-10.04
-8.35
-9.17
-8.97
-8.87
-9.92
-8.68
-6.68
-6.31
-5.99
-7.38
-6.83
-7.07
-11.42
-6.25
-10.98
-6.98
-8.59
-5.55
-5.20

-0.31
-0.61
-0.55
-0.45
-0.52
-0.35
-0.11
-0.49
0.19
0.66
0.04
0.30
0.71
1.07
0.58
1.41
0.23
Cal3+detr. Cal. g.
Cal3+ detr. Cal. g.
0.75
0.61
1.90
0.27
0.07
-0.09
-0.30
0.55
-0.37
-0.43
0.98
0.67
0.67
0.75
0.55
0.59
0.93
1.04
1.17
1.42
1.32
0.74
0.63
1.12
0.63
0.75
0.78
1.73
1.26

Cal3
Cal3
Cal3
Cal3
Cal3
Cal3
Cal3
Cal3
Cal3+ detr. Cal. g.
Cal3+ detr. Cal. g.
Cal3+ detr. Cal. g.
Cal3+ detr. Cal. g.
Cal3+ detr. Cal. g.
Cal3+ detr. Cal. g.
Cal3+ detr. Cal. g.
Cal3+ detr. Cal. g.
Cal3+ detr. Cal. g.
Endrőd
Endrőd
Cal3+ detr. Cal. g.
Cal3+ detr. Cal. g.
Cal3+ detr. Cal. g.
Cal3+ detr. Cal. g.
Cal3+ detr. Cal. g.
Cal3+ detr. Cal. g.
Cal3+ detr. Cal. g.
Cal3+ detr. Cal. g.
Cal3
Cal3
Cal3
Cal3
Cal3
Cal3
Cal3
Cal3
Cal1
Cal1
Cal1
Cal1
Cal1
Cal1
Cal1 + Cal3
Cal1 + Cal3
Cal1 + Cal3
Cal1 + Cal3
Cal1 + Cal3
Cal3+ detr. Cal. g.
Cal3+ detr. Cal. g.
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Table 3: Continued.
depth

well

sample N

δ18O

δ13C

Type of calcite

3426.60
3426.60
4060.40
4060.40
4060.40
4061.85
4061.85
4759.40
4760.80
4760.80
5470.26
5472.65
5472.65
5050.00
5050.00
4061.85
4061.85
4061.85

M7
M7
Mcs1
Mcs1
Mcs1
Mcs1
Mcs1
M7
M7
M7
M7
M7
M7
M6
M6
Mcs1
Mcs1
Mcs1

m7c2-75
m7c2-75
88
88
88
mcs98c1
mcs98c1
m761a
62
62
m7c6-106
m727a
m727a
m6c3b
mc63c
mcs98c1
mcs98c1
mcs98c1

-4.49
-5.10
-7.45
-8.36
-8.13
-7.81
-8.28
-8.59
-7.53
-7.29
-9.60
-9.63
-9.58
-9.89
-9.35
-10.03
-4.45
-5.42

0.35
0.20
1.29
1.04
1.02
0.83
1.57
0.48
1.02
1.13
2.65
1.34
2.44
-1.09
0.51
-1.23
-0.71
-0.45

Cal3+ detr. Cal. g.
Cal3+ detr. Cal. g.
Cal1 + Cal3
Cal1 + Cal3
Cal1 + Cal3
Cal1 + Cal3
Cal1 + Cal3
Cal1 + Cal3
Cal1 + Cal3
Cal1 + Cal3
Cal3
Cal3
Cal3
Cal3
Cal3
Cal3
detrital calcite grains
detrital calcite grains

Formation
Szolnok
Szolnok
Endrőd
Endrőd
Endrőd
Endrőd
Endrőd
Endrőd
Endrőd
Endrőd
Endrőd
Endrőd
Endrőd
Endrőd
Endrőd
Endrőd
Endrőd
Endrőd

FeCO3+MnCO3 (%)

5
4
3
2
1
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Figure 15: Elementary composition of calcite.

consideration. Although the intergranular volume (IGV) is
normally regarded as a key parameter in establishing estimates for compaction [60], using the volume of calcite to
estimate the IGV was not possible since calcite crystals commonly replaced precursor detrital grains.
Clay coats on grain surfaces suggest that at the time of
their formation, the pore space was comparable to the primary pore space of the sediment [61]. Accordingly, this process predated compaction, although it was insigniﬁcant in the
studied succession. The precipitation of framboidal pyrite
has been described as a microbially mediated process (bacte-

rial sulphate reduction; BSR) which takes place at temperatures lower than 60–80°C [62–64]. Since continuous burial
without uplift was documented from the Makó Trough
[65], framboidal pyrite formed during early diagenesis. Relationships of calcite cements (Cal1 and Cal2) to sedimentary
grains (overlapped by bended mica and ﬁne grains and
engulﬁng point contacts, respectively) suggest that these
crystals were precipitated in the primary intergranular pore
space before mechanical compaction.
Albite, ankerite, and quartz cement engulf linear grain
contacts, implying postcompactional origin. In the Szolnok
Formation, a thin alteration rim consisting of Fe dolomite
cooccurs along with ankerite, pointing to initiation of a process as replacement. Intergrowth between microcrystalline
quartz, illite, and chlorite indicates their simultaneous formation. Ferroan calcite crystals (Cal3) engulf linear grain
contacts and occlude the reduced primary intergranular pore
space. Calcite (Cal3) replaces ankerite and engulfs diagenetic
albite. Additionally, the postdating relation to overgrowth
quartz cement in the Algyő Formation indicates late timing
of calcite (Cal3) in the paragenetic sequence. Many studies
have shown that syntaxial overgrowth quartz cementation
is primarily temperature-dependent and plays a crucial role
during burial of sandstones [66]. In most of the sedimentary
basins, the minimum formation temperature for quartz
overgrowth is 70°C [67, 68]. The presence of the solid bituminous organic matter indicates hydrocarbon migration
since it occurs along pressure dissolution surfaces and postdates the latest cementation stage in sandstones of the Algyő
Formation.
Open secondary porosity, accompanied by aggregates of
ﬁnely crystalline pyrite and organic matter, postdates quartz
and calcite (Cal3) cement precipitation in the Algyő Formation. Skeletal feldspar and calcitic grains as well as corroded
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Figure 16: Paragenetic sequence of sandstones in the three studied formations.

calcite (Cal3) cement, typiﬁed by intragranular and intracrystalline porosity, indicate a dissolution process late in
the paragenetic sequence. The presence of pyrite along the
open pores suggests the alteration of the precursor migrated
organic matter, likely by thermochemical sulphate reduction
(TSR; compare [62]), and also indicates sulphate-rich extraformational ﬂuid ﬂow. Since kaolinite/dickite postdates
quartz cement in the studied succession, it is interpreted as
being formed late in the paragenetic sequence. Kaolinite is
intimately associated with corroded feldspars and open
pores; additionally, it engulfs the linear contact of the grains.
Cubic pyrite in the Endrőd Formation likely formed in
the zone of thermochemical sulphate reduction [26, 43].
6.2. Interpretation of Stable Isotopes of Calcite Phases. Unaltered aragonite shells of the Pannonian age were collected
from surface locations and were analyzed for carbon and
oxygen isotope ratios in order to provide a detailed palaeoenvironmental interpretation [69]. The analyzed whole-shell
carbon isotope ratios range between 2.1 and 0.3‰, and the
average value is 1.4‰ [69]. These values show good correlation with the isotope ratios of precompactional calcite (Cal1)
cement measured from the studied sandstones. Moreover, Fe
and Mn concentration of this calcite (Cal1) phase are very
low. These data together imply an early precipitation of calcite (Cal1) from connate pore water (cf. [70] [59];). The carbon isotope ratios of late calcite (Cal3) cover a wide range
overall in the case of the three studied formations, and the
majority of the measured isotope ratios show lower values
compared to calcite (Cal1) cement and the Pannonian aragonite shells. This negative shift in carbon isotope values indicates an organic carbon supply. Since calcite (Cal3) in the
Algyő Formation appears late in the diagenetic sequence,
postdating microcrystalline and overgrowth quartz cements,

and predating migration of organic matter (which was preserved along dissolution surfaces), the additional light isotope was likely sourced from ﬂuids ﬂow ahead of the
migrating organic matter (cf. [2]).
The isotopic data in combination with palaeofaunal evidence indicates that Pannonian lake water was brackish
[69]. The tectonosedimentary evolution of the asymmetric
extensional system was driven by the activity of a low-angle
listric normal fault, which was located on the southwestern
side of the Makó Trough [35, 37]. The studied cores were
cut in the basin centre and on the northeastern/eastern hanging wall ﬂank. During diagenesis, the meteoric water recharge—through subaerially exposed, topographically elevated
blocks—which would have supplied additional light oxygen
isotope, can be ruled out based on the facies reconstruction
and the continuous burial of the deposits in the Makó
Trough [22, 24]. Gradual transgression resulted in ﬂooding
of almost the entire Pannonian Basin, including the adjacent
basement highs of the Makó Trough, at the stage of deposition of the Endrőd Formation [32]. Accordingly, the negative
shift in the oxygen isotope ratios of diagenetic calcite phases—which is compared to that of Pannonian aragonite
shells, calculating with 0.6‰ fractionation between aragonite
and calcite [71, 72]—is interpreted as being the reﬂection of
increasing precipitation temperature during burial. In the
Szolnok Formation, bulk rock calcite (Cal1 and Cal3), in
samples from the basin margin succession, yielded more negative values than the separately measured calcite (Cal3) in
samples from the basin centre. This feature likely indicates
that at marginal settings, the calcite (Cal3) precipitation continued as well as at slightly higher temperature.
Detrital calcite grains, stained pink, in the sandstone
interbeds of calcareous marls have a distinct isotope composition, which is characterized by relatively negative carbon
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values. Isotope composition and low Fe concentration of the
detrital calcite grains suggest meteoric diagenetic alteration
of carbonate rock bodies before reworking of the grains. Negative carbon isotope values of diagenetic calcite in this unit
indicate nucleation of crystals on such type of precursor
detrital grains and mineral replacement diagenetic process
(cf. [73]).
6.3. Sources of Diagenetic Reactions. In the studied succession, the diagenetic processes are interpreted according to
the diagenetic realms, which were adapted from the model
by Morad [67]. The eogenetic and early stage mesogenetic
mineral associations (calcite, chlorite, and illite) are in accordance with the observations of Mátyás [44] and Mátyás and
Matter [27]. The deeply buried sandstones are of low hydraulic connectivity, and the eogenetic and early stage mesogenetic reactions were sourced from internal reactions of
unstable components and connate brackish pore water of
the deposits. In the uppermost part of the Szolnok Formation
and in the Algyő Formation, the sandstones contain secondary open porosity that was generated by dissolution. This
indicates extraformational ﬂuid ﬂow during the late stage of
mesogenesis.
6.3.1. Eogenetic Reactions. Primary pore-ﬁlling and graincoating clay minerals can have various origins, such as inherited coats, inﬁltrated coats, and/or bioturbation [61, 74–76].
According to Wooldridge [77], the clay particle attachment
is mediated by a bioﬁlm; thus, biological mediation plays a
crucial role in the formation of grain coats. Bioturbation
occurs in clay-rich layers of the Endrőd Formation as well
as in the turbidite formations; thus, a biomediated condition
was assured for the formation of clay coats. Euhedral and
subhedral forms of single calcite crystals (Cal1) and the overlapping ﬁne-grained particles imply that this cement phase
was precipitated in highly porous and unconsolidated sediments via displacive growth (cf. [78]). Very similar features
of calcite cement were reported from deep-sea deposits where
the cement crystals nucleated on coccoliths [79–82]. Nannoﬂora is ubiquitous, especially in the calcareous marl unit of
the Endrőd Formation, but it occurs in the lower part of
the Szolnok Formation as well [83].
Framboidal pyrite precipitation via BSR from connate
pore water was controlled by the sulphate content that indicates brackish water in the sedimentary environment. Eogenetic origin of framboidal pyrite is in accordance with the
interpretation of the published study on the Endrőd Formation by Varga et al. [42]. Redox reactions took place between
sulphate and organic matter incorporated into marls and
resulted in calcite and pyrite crystals as by-products [55].
The reaction generated acidity due to released organic acids
and CO2 that likely triggered the dissolution of some of the
cooccurring very ﬁnely crystalline coccoliths. The dissolved
compounds were precipitated in sandstone interlayers via
nucleation on coccolith skeletons as displacive calcite cement
(Cal1) and on framework grains as calcite cement ﬁlm (Cal2).
The latter locally prevented the compaction of deposits. An
additional reaction product was HS- that removed Fe from
the water [55]. This latter reaction explains the low Fe con-
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centration of the precompactional calcites (pink stained
Cal1 and brighter luminescent Cal2). The amount of precompactional calcites was likely limited by the sulphate content of connate brackish pore water.
Analogues of the above-described shallow burial diagenesis can be found in diagenetic couplets of marls and calcitecemented sandstones, which were studied in detail in marine
settings. Matter [84] and Czerniakowski et al. [85] described
the stages of diagenesis of deep-water marls and chalks. In
those rocks, discoasters and coccoliths as well as sedimentary
particles form nucleii on which ﬁnely crystalline calcite
cement precipitated during shallow burial. They concluded
that CaCO3 cement can be sourced from the dissolution of
the more readily soluble ﬁne-grained carbonate particles.
6.3.2. Early Stage Mesogenetic Reactions. The proportion of
illite in mixed-layer illite/smectite gradually increases with
depth and the transition from R1 to R3 ordering occurs at a
depth of around 3400 m. In the deepest analyzed sample
(4087 m), the smectite-to-illite transformation reaction is
complete, and only discrete illite can be found. This is in
accordance with the results of Hillier et al. [86] published
from the Makó Trough. Ankerite in sandstones mainly
occurs in the zone of mesogenesis and in many cases, it is
connected to the transformation of clay minerals, because
this reaction involves loss of iron and magnesium [87–90].
In the Makó Trough, ankerite is postcompactional, as it
engulfs linear grain contacts, and its amount slightly
increases with depth. This suggests that its formation was
coeval with clay mineral transformations. Later on, calcite
(Cal3) replaced and postdated ankerite. Ankerite is one of
those minerals that tend to nucleate exclusively on the surfaces of speciﬁc preexisting crystals [59]. In the studied sandstones, diagenetic ankerite initiated with replacement of the
outer area of detrital dolomite grains and continued as
cement precipitation. All these features suggest that ankerite
began to form at around 50°C at the same time as clay mineral transformations. Accordingly, the ankerite distribution
was controlled by the chemical drive and the availability of
dissolved Fe and Mg in pore ﬂuids.
Albite is a widespread diagenetic mineral in the examined
samples, and its amount increases with depth. In the shallower samples, the albitization of feldspar is partial, whereas
in deeper samples (deeper than 4000 m), the detrital feldspars
are completely albitized. In the latter case, albite overgrowth
cement is also present. The albite is nonluminescent, suggesting a diagenetic origin (cf. [91]). The burial trend indicates
that albitization was a temperature-controlled process in
the Makó Trough. Albitization of detrital K-feldspar is a
common diagenetic alteration process in reservoir sandstones and occurs within a temperature range of 65 to
125°C [92]. The illitization of smectite was interpreted as
the source for albitization and quartz cementation in the
studied sandstones (cf. [91] [68],).
Quartz cement is generally observed as the most abundant diagenetic component in clean quartz arenites with
low clay content [93]. In the studied samples, quartz cement
is most widespread in the Algyő Formation, which also has a
high detrital quartz content. Otherwise, quartz cement is
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Figure 17: Reconstruction of ﬂuid ﬂows for the studied northeastern segment of the Makó Trough, which is located at the passive margin
setting near the Pusztaföldvár High. This model is adapted and modiﬁed after Juhász et al. [109], which was previously proposed for a
neighboring subbasin (Békés Basin). The schematic section is based on seismic proﬁle (data compiled from Bada et al. [23] and Molnár
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the kerogen migration—according to the model by Szalay and Koncz [47], Magyar et al. [48], and Bada et al. [22]—from which the
organic matter was preserved as streaks of residual bitumen in the upper turbidites (Algyő Fm).

extremely scarce in the lower two formations, which are rich
in feldspar grains and rock fragments. Intergrowth of microcrystalline quartz with illite and chlorite indicates coeval formation. According to Bjorkum [94], the presence of K- and
Al-bearing minerals (illite, micaceous clay) on the surfaces
of quartz grains can enhance pressure dissolution and quartz
cementation. Mica ﬂakes are widespread on the surfaces of
quartz grains in the studied sandstones, suggesting a possible
source for quartz cementation. In the lower two formations,
only microcrystalline quartz cement is encountered. In these
sandstones, the primary pore space was reduced by compaction, ankerite, and calcite (Cal3) cementation, suggesting

cement crystal precipitation below the temperature range of
quartz cementation. In most of the sedimentary basins, the
minimum formation temperature for quartz is 70°C [67, 68].
Authigenic chlorite in sandstones has been reported over
a wide range of temperatures from 70 to 200°C and is characterized for the mesogenetic realm [95–99]. Grain-coating chlorite
commonly plays a signiﬁcant role in preventing quartz cementation and enhancing or preserving reservoir quality [15, 16, 96,
98], but due to the very small quantity in the studied sandstones,
this eﬀect is negligible. Authigenic chlorite in the studied sandstones was likely sourced from eogenetic precursor minerals,
such as berthierine, kaolinite, and smectite (cf. [98]), or from
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the dissolution of detrital grains and volcanic rock fragments
(cf. [100]). In the Makó Trough, the majority of chlorite are of
a detrital origin, which was transported from eroded metamorphic basement rocks [34].
Since the replacive calcite (Cal3) is localized near altered
K-feldspars, dolomite, ankerite, and other detrital carbonate
grains, the chemical drive of nucleation and the internal
source of replacive calcite in this case are obvious (cf. [66,
101, 102]). Small ferroan calcite (Cal3) crystals occluded the
compactionally reduced primary intergranular pore space
that suggests the cementation of sandstones which was fed
by pressure dissolution of ﬁne-grained detrital carbonates.
The estimated temperature range of ferroan calcite (Cal3),
in the case of the lower two formations, is lower in the basin
centre and somewhat higher in ﬂank areas, as is reﬂected by
the oxygen isotope ratios. The Fe content of the crystals likely
originates from the coeval clay mineral transformations
(cf. [59]). These features imply a common compactioncementation lithiﬁcation of sandstone-mudstone couplets
as described by Matter [84]. Silt-sized carbonate particles
are abundant in the Endrőd Formation, many of which are
likely remnants of nannoﬂora and planktonic foraminifers
[83]. Accordingly, the precipitation of ankerite was terminated by overwhelming abundance of Ca2+ in pore ﬂuids that
was a result of carbonate dissolution in marl interbeds and
compactionally driven ﬂuid ﬂow to sandstones. The characteristic feature of calcite, that no special nucleation substrate
is required, also contributed to switching on calcite cementation. The carbon and oxygen isotope ratios of ferroan calcite
(Cal3) exhibit a linear correlation, especially in the sandstones of the Szolnok and Algyő Formations. This feature
also refers to rock-buﬀered dissolution and reprecipitation
of CaCO3 where at higher temperature, additional light carbon isotope was sourced from organic matter maturation
taking place in the underlying marls. In the Szolnok Formation, the laterally increasing trend (from centre to margin)
in the amount of ferroan calcite (Cal3) crystals as well as in
the estimated precipitation temperature (based on the trend
in the oxygen isotope ratios) indicates compaction-driven
ﬂuid ﬂow, directed laterally and upwards. Pervasive calcite
cementation was estimated to occur below 70°C in sandstones
of the lower two formations, which prevented the precipitation of other minerals, i.e., quartz cement. Higher estimated
temperature of calcite (Cal3) cement (above 70°C) is consistent with the petrographic feature that calcite (Cal3) and
quartz cement crystals have compromise boundaries.
In the sandstones of the Algyő Formation, remnants of
the migrated organic matter were detected along concavoconvex grain contacts. This feature indicates that hydrocarbon migration occurred when the formation had minor
porosity, and pore ﬂuids localized along pressure dissolution
surfaces. At the marginal setting (where this turbidite formation was studied), the hydrocarbons originated from the
directly underlying open-water marls as source rocks (Endrőd Formation [39, 103];) and migrated after maturation.
The measured formation temperature in these wells is 100°C.
6.3.3. Late Stage Mesogenetic Reactions. Secondary porosity
in authigenic calcite, which is one of the latest diagenetic
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minerals, indicates that a dissolution process took place in
the deep burial realm. The presence of ﬁnely crystalline pyrite
implies that the secondary vuggy porosity postdated hydrocarbon migration and was generated by thermochemical sulphate reduction (TSR). The observed open porosity, which
postdates quartz cementation, suggests extraformational
ﬂuid ﬂow. Water containing sulphate was trapped and stored
in the fracture system of crystalline (metamorphic and dolomite) basement rocks, and later, on these were ﬂooded by the
brackish water of Lake Pannon. During late stage of burial, in
the centre of the subbasin, the developing overpressure in
deeply buried open-marine source rock marls [104] likely
triggered the ﬂuids to ﬂow laterally into the fracture system
of uplifted basement highs (Figure 17). Results of computer
modeling suggest that because of their rather special structural position, the basement highs govern ﬂuid ﬂow like a
chimney [105].
Kaolinite was formed via alteration of feldspar in the
studied sandstones. Formation of kaolinite has been reported
from many reservoir sandstones, and it is connected to either
meteoric ﬂuid recharge or organic matter maturation [94,
106, 107]. In the mesogenetic realm, kaolinite is commonly
related to acidic ﬂuids generated in organic-rich deposits
during hydrocarbon maturation [2, 7, 108]. In the studied
sandstones, kaolinite postdates quartz cementation that indicates a deep burial origin. Kaolinite accompanied the latestage open porosity development where TSR reactions created an acidic environment.
6.4. Hydrologic Connection between Basinal Deposits and
Basement Blocks—Revised Model. Secondary porosity development, in a ﬂuid-dominated system at a late stage of diagenesis, can be integrated into the model proposed by
Juhász et al. [109]. This model describes a long-standing
hydrologic connection between the uplifted and fractured
crystalline basement highs, and the Pannonian deposits in
the neighboring subbasin (Békés Basin). The key elements
of the hydrogeologic model are [1] the exhumation and subaerial exposure of crystalline rocks, [2] the meteoric water
percolation and recharge into the basinal deposits, and [3]
the following basin-wide thermal subsidence and hydraulic
inversion.
In the Pannonian Basin, the back-arc extension resulted
in the opening of a signiﬁcant number of subbasins separated
by uplifted basement highs [35, 36]. The main controlling
structure was a low-angle listric normal fault that accommodated the subsidence of subbasin and the uplift of the adjacent footwall [34]. The uplift was associated with subaerial
exposure and erosion at the structural culmination of the
footwall. The basement highs were islands or peninsulas in
Lake Pannon [32]. During the rift climax, the highs became
submerged. Open-water marls of the Endrőd Formation
either overlie basal conglomerates or rest directly on crystalline basement [40].
Mátyás [44], Mátyás and Matter [27], Mátyás et al. [69]
and Juhász et al. [109, 111] reported signiﬁcant amounts of
kaolinite from the Szolnok Formation as well as from basal
conglomerate formation deposited on the active margin of
other subbasins. These studies proposed that diagenesis in
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shallow-buried sandstones close to basement highs was most
likely governed by descending meteoric water channeled by
fractures of elevated basement rocks. The sedimentary model
of the Makó Trough shows that at the time of shallow burial
of the Szolnok Formation, the basement highs were already
covered with open-water marly–silty sediments [24]. Integration of the previous diagenetic results with the sedimentary
and geodynamic models implies that eogenetic diagenetic
alteration via meteoric ﬂuids did not occur in the studied
deep subbasin.
Petroleum migration, from underlying Miocene source
rocks through the fracture system of basement rocks, was
described by Schubert et al. [105]. According to observations
on ﬂuid inclusions [27, 105], a newly established hydrologic
connection occurred in the deep burial realm between the
basinal deposits and the basement blocks. Molnár et al.
[110] also demonstrated that the dense fracture network of
the basement behaves as a migration pathway toward the
overlying sandstone deposits. A very thick sedimentary succession in the rapidly subsiding subbasins of the Makó
Trough generated overpressure in the Endrőd Formation
that likely triggered the ﬂuid ﬂow upward through the basement fractures. In the present study, the sandstone diagenesis
from the Makó Trough revealed that late-stage kaolinite/dickite and open porosity in those sediments located on the
passive margin of the subbasins are the indicators of an external ﬂuid-dominated system. Brackish water containing sulphate was trapped and stored in the fracture system of
crystalline (metamorphic and dolomite) basement rocks
when the water of Lake Pannon ﬂooded.

7. Conclusions
In order to evaluate the diﬀerences in porosities and permeability in Upper Miocene lacustrine deep-water sandstones
of the Endrőd, Szolnok, and Algyő Formations, a detailed
diagenetic study from core samples from a deeply buried,
asymmetric extensional subbasin of the Pannonian Basin
was carried out. In the deposits located in the passive marginal setting, the majority of diagenetic alterations were
sourced internally. These diagenetic components reﬂect a
general burial trend that is commonly recorded in siliciclastic
basins: In sequential order, these are framboidal pyrite, precompactional calcite, ankerite, albite, quartz, postcompactional ferroan calcite, bituminous organic matter, and clay
minerals, such as illite and chlorite. Consequently, the studied sandstones were tightly cemented. Remnants of the
migrated organic matter were observed only along pressure
dissolutional surfaces.
Open porosity in the sandstones of the Algyő Formation
along with the upper zone of the Szolnok Formation developed together with ﬁnely crystalline pyrite and kaolinite/dickite during the late stage of diagenesis, indicating an
open diagenetic system and external ﬂuid source. The recharging brackish ﬂuid implies local hydrologic connection
between the basinal deposits and the basement high. The
ﬁndings of this study add a unique element to the previously
proposed hydrologic model and describe the complex interactions between basinal deposits and basement blocks.
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Crustal-scale ﬂuid ﬂow can be regarded as a bimodal transport mechanism. At low hydraulic head gradients, ﬂuid ﬂow through
rock porosity is slow and can be described as diﬀusional. Structures such as hydraulic breccias and hydrothermal veins both
form when ﬂuid velocities and pressures are high, which can be achieved by localized ﬂuid transport in space and time, via
hydrofractures. Hydrofracture propagation and simultaneous ﬂuid ﬂow can be regarded as a “ballistic” transport mechanism,
which is activated when transport by diﬀusion alone is insuﬃcient to release the local ﬂuid overpressure. The activation of a
ballistic system locally reduces the driving force, through allowing the escape of ﬂuid. We use a numerical model to investigate
the properties of the two transport modes in general and the transition between them in particular. We developed a numerical
model in order to study patterns that result from bimodal transport. When hydrofractures are activated due to low permeability
relative to ﬂuid ﬂux, many hydrofractures form that do not extend through the whole system. These abundant hydrofractures
follow a power-law size distribution. A Hurst factor of ~0.9 indicates that the system self-organizes. The abundant small-scale
hydrofractures organize the formation of large-scale hydrofractures that ascend through the whole system and drain ﬂuids in
large bursts. As the relative contribution of porous ﬂow increases, escaping ﬂuid bursts become less frequent, but more regular
in time and larger in volume. We propose that metamorphic rocks with abundant veins, such as in the Kodiak accretionary
prism (Alaska) and Otago schists (New Zealand), represent regions with abundant hydrofractures near the ﬂuid source, while
hydrothermal breccias are formed by the large ﬂuid bursts that can ascend the crust to shallower levels.

1. Introduction
Fluid ﬂow through rocks and sediments plays a crucial role in
many geological and geomechanical processes. They are
responsible for a variety of geological phenomena, for example, the formation of veins and hydraulic breccias. Fluids
carry dissolved components and heat that advect together
with the ﬂuid and are a critical control on many geological
processes (e.g., [1]). Understanding the fundamental controls
on ﬂuid ﬂow is of primary importance for many applications,
e.g., for hydrocarbon migration into reservoirs and during
production [2–4], geothermal energy extraction [5, 6], and
hydrothermal ore formation and alteration [7]. Classic
crustal-scale ﬂow models generally assume continuous ﬂow

models that take place by slow ﬂuid percolation through
pores, typically driven by topography [8–10], or density differences normally associated with thermal instabilities [11,
12]. However, ﬂuid ﬂow can be dynamic, which, for example,
is of major practical relevance as seismicity may be triggered
by sudden changes in ﬂuid ﬂow due to ﬂuid injection during
fracking or geothermal energy production [2, 13].
Veins and breccias provide abundant evidence in the geological record, that natural ﬂuid ﬂow is not always steady
state. Veins are dilatant structures, typically fractures, in
which minerals precipitated from ﬂuids [14]. Veins may feature microstructures that reveal that they formed by the
“crack-seal mechanism” [15], where a fracture repeatedly
opens and is subsequently sealed again due to mineral
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growth. The process of cracking and sealing can be repeated
thousands of times in a single vein. Fractures can be highly
conductive structures when open and connected but become
barriers to ﬂow when ﬁlled with minerals [14, 16, 17]. The
crack-seal process thus implies strongly varying ﬂuid ﬂuxes,
as well as stress states that must repeatedly reach the failure
criterion to induce fracturing. Tensional crack-seal veins
are common down to midcrustal levels. Tensional (dilatant)
fractures at midcrustal levels can only form when elevated
ﬂuid pressure provides a signiﬁcant contribution to reaching
the failure criterion, making such fractures “hydrofractures”
[18]. Repeated crack-sealing must thus, at least for a significant part, be due to ﬂuctuating ﬂuid pressures and not
only to variations in tectonic stresses. In the diagenetic
range (50 to 200°C), fracture development is aﬀected by
chemical reactions ([19], on the one hand through chemically assisted fracture growth [20] and on the other hand
by dissolution/precipitation reactions, which eﬀect the openness of a fracture. Cements can reduce the local permeability
and the large-scale connectivity of fracture systems, while
dissolution may increase them [19]. Fracturing can also
occur locally due to reaction-driven expansion and has been
described, e.g., in granulite facies migmatites [21], during serpentinization [22–24], and during spheroidal weathering
[25]. Phase transformations as the replacement of leucite to
analcime produce an increase in volume which generates
local stresses in the material that can cause fractures,
enabling new ﬂuid pathways [26, 27]. However, stress
changes due to mineral reactions are slow compared to those
due to ﬂuid pressure changes.
Breccias are rock masses composed of broken rock fragments or clasts. Breccias can form by deposition of transported clasts (namely sedimentary breccias [28, 29]) or due
to tectonic diminution on faults [30], or as of interest here,
hydraulic fracturing by overpressured ﬂuids (namely hydraulic breccias [31, 32]). The Black Forest ore district in SW Germany is a well-studied region where ﬂuid overpressure and
dynamic ﬂuid ﬂow has been invoked to explain the formation
of mineralised veins and hydrothermal breccias (e.g., [33,
34]). These veins are typically situated close to or at the basement/cover unconformity [33, 35]. The diﬀerent stages of
breccia formation that can be observed in breccias in the
Teufelsgrund mine (Münstertal, SW Germany; Figure 1(a))
indicate hydraulic fracturing as the main formation mechanism [31]. This can be inferred from the arrangement of
clasts, where some clasts lay next to others in their original
cracked position, whereas other clasts are separated from
each other. The elevated ﬂuid temperature at which these
breccias formed furthermore indicates rapid ﬂuid transport
from deeper crustal levels [36]. The Hidden Valley breccia
(Figure 1(b)) in South Australia is a huge 10 km2 hydrothermal breccia with clasts sizes from tens of microns to hundreds
of meters, with mixing of clasts that were originally >km apart
vertically [32]. According to Weisheit et al. [32], the formation
of this breccia spanned about 200 Myrs with ﬂow velocities up
to the order of 1 m/s. As the authors point out, such high ﬂuid
ﬂow velocities could not have been maintained for prolonged
periods of time, as the total ﬂuid ﬂux would then by far exceed
the available ﬂuid budget of about 5-30 km3.

Geoﬂuids
The permeability of rocks is a primary and critical geological parameter because migrating ﬂuids in the Earth’s
crust play a major role in mass and heat transfer and for
crustal rheology. Permeability has been regarded as a
dynamic parameter, as it changes in response to stress, ﬂuid
production, and geochemical reactions [37]. In Darcian ﬂow
through a porous medium permeability (κ in m2) and ﬂuid
viscosity (ηin Pa·s) are the rate parameters that determine
ﬂuid ﬂuxes at a given driving ﬂuid pressure gradient (dP/dx
in Pa/m). The ﬂux (J f ) of a ﬂuid through a permeable porous
medium is described by Darcy’s law [38], here given in onedimensional form in the vertical direction z (positive downwards).
Jf = −

κ dP
η dz

ð1Þ

Permeability varies by >16 orders of magnitude in geological materials (from <10−23 m2 in crystalline rocks to
10−7 m2 in well-sorted gravels) [39]. Analyses of geothermal
and metamorphic data indicate that the permeability of a tectonically active continental crust decreases logarithmically
with depth [40, 41].
The driving pressure is the diﬀerence between the
equilibrium ﬂuid pressure and the actual ﬂuid pressure
[42]. Where ﬂuid pressure is close to hydrostatic variations
in surface elevation may result in topography-driven ﬂow,
variations in ﬂuid density due to temperature or salinity differences may result in convective ﬂow (e.g., [1]). In
topography-driven and convective ﬂow systems, regions exist
with downwards ﬂuid ﬂow, for which dP/dz must be negative. However, this is diﬃcult to reconcile with the high,
supralithostatic ﬂuid pressures required to fracture rocks to
form veins and breccias [14, 43]. When ﬂuid pressure is close
to lithostatic, dP/dz is positive. Fluids that formed the Hidden Valley Breccia, or the abundant ore-bearing breccias in
the German Black Forest, are therefore more likely to have
been produced from below these breccias by upward ﬂow.
Possible sources are igneous intrusions [44], ﬂuid release
due to decompression [33, 36], or mineral dehydration
reactions [32, 45].
Transport of clasts over longer distances, as well as structures, indicates that ﬂuid ﬂow rates may be as high as m/s [32,
44, 46]. Fluid ascent rates of 10-2 to 10-1 m/s have been estimated based on analyses of breccia fragments [47] and veins
[48]. Such velocities are diﬃcult to achieve over long time
periods and indicate that ﬂuid ﬂow is not continuous but
occurs in short bursts [32]. It is well known that high ﬂuid
pressures that result in opening of fractures are not constant,
but rather intermittent [47, 49–57]. Fluid pressure builds up
to exceed the tensional strength of the rock and causes failure, which causes the local permeability to suddenly increase,
after which pressure decreases and ﬂow can occur until the
fracture permeability is sealed oﬀ again. This ﬂuid ﬂow
mechanism is not permanent and only of short duration
and localised in both time and space. Fluid ﬂow is therefore
a highly dynamical process and is able to eﬃciently transport
large amounts of ﬂuid via hydrofractures.
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Figure 1: Examples of hydrothermal breccias. (a) Teufelsgrund mine, Black Forest, Germany (47°50 ′ 37″ N, 7°49 ′ 14″ E). Breccia clasts consist
of local but altered host rock. The matrix mostly consists of ﬂuorite and barite. (b) Hidden Valley, Mt. Painter inlier, Northern Flinders
Ranges, South Australia (30°05 ′ 25″ S, 139°30 ′ 28″ E). Clasts are a mix of various, heavily altered lithologies, such as metasediments (layered
clast on right), basalts (dark clast bottom left), and basement gneisses.

Intermittent ﬂow is predicted to occur when the matrix
permeability of a rock is insuﬃcient to accommodate ﬂuid
ﬂow, which leads to an increase in ﬂuid pressure and opening
of fractures [56, 58]. Fluid pulses released by this process may
propagate as batches along so-called mobile hydrofractures
[35], which propagate at the upper tip while simultaneously
closing at their bottom end when exceeding a critical length
[59]. These mobile hydrofractures propagate together with
their contained ﬂuid and can potentially reach very high velocities [32, 35, 59, 60] and transport deep ﬂuids and heat up to
very shallow crustal levels (e.g., [61]). During propagation, a
hydrofracture can interact and merge with other hydrofractures [62], which can lead to mixing of diﬀerent ﬂuids [36].
Propagation pathways and arrest of mobile hydrofractures
are controlled by the local ﬂuid pressure, local material
properties, and by the externally applied stress ﬁeld [60].
Despite the tendency for crustal permeability to decrease
with time, long-lived (103-106 years) hydrothermal systems
exist [32, 63, 64], which indicate that processes such as
hydrofracturing seem to be an important mechanism [65].
Large-scale crustal permeability adjusts to accommodate
rates of internal and external forcing, and in the deeper crust,
internal ﬂuid production induced by metamorphism, magmatism, and mantle degassing are responsible [65, 66]. The
logarithmic permeability-depth curve therefore reﬂects a
dynamic competition between permeability creation due to
ﬂuid sourcing and rock failure, and permeability destruction
due to compaction, mineral precipitation, hydrothermal
alteration, and retrograde metamorphism [41]. This dynamic
interaction can lead to intermittent behaviour and self-organization, which has been proposed for, e.g., the fault-valve
behaviour in fractures [51, 52, 67], hydraulic fracturing
[68], and in magmatic-hydrothermal ore deposits [69]. Diagenetic assemblages close to normal faults [70] could prove
that normal faults can function as valves that intermittently
transport ﬂuid as a consequence of enhanced permeability
after failure [51]. Permeability has been described as a toggle
switch that can take on very high (eﬀectively inﬁnite) and
very low (eﬀectively zero) values [58]. Crustal-scale permeability is therefore a dynamically self-adjusting property.
Many transport systems show intermittent behaviour in
experiments [71] and in numerical models [56, 58, 72–75].

Scale invariance is a typical feature of intermittent dynamical
systems, leading to power-law distributions. Weisheit et al.
[32] analyzed the clast size distribution of the Hidden Valley
breccia and ﬁgured out that a single process was responsible
to produce clast sizes over six orders of magnitude. Scale
invariance is often found in nature, as in the frequency-size
distributions of rock fragments [32, 76], in the size distribution of fractures [77–79], the magnitude-frequency distribution of earthquakes [80], and more.
A large number of studies modelled hydrofracture formation and dynamic ﬂuid ﬂow, using, e.g., ﬁnite element
[75, 81–84] or particle-lattice models [17, 85–88]. Although
hydrofracturing is a complex and highly dynamical phenomenon, the associated transport dynamics can be modelled
with a very simple setup using a cellular automaton as introduced by Bak et al. [72], and already adapted to ﬂuid ﬂow by
Miller and Nur [58] and Bons and van Milligen [56]. The
sandpile model was the ﬁrst model of a dynamical system
displaying self-organized criticality [72]. The idea of this
model is that one randomly adds particles to a grid. The pile
grows and the slope increases, until it reaches a critical value.
Additional particles then lead to avalanches that maintain the
critical slope. The special feature of this model is that it
evolves into a critical state with no intrinsic time or length
scale, without detailed speciﬁcations of the initial conditions
[72]. Bons and van Milligen [56] used a similar setup to simulate the production, accumulation, and transport of ﬂuids
within rocks and observed a self-organized critical type of
transport when transport in hydrofractures is activated.
Miller and Nur [58] used a crustal-scale cellular automaton
model to show that increasing ﬂuid pressure induces local
hydrofractures, with hydrofracture size distributions following power laws when the system is at a critical state. Sánchez
et al. [73] added a diﬀusive component to a standard sandpile, identifying that both transport mechanisms interact
with each other and that diﬀusivity can erase the memory
of the system. The transport characteristics can be distinguished by identifying the eﬀects on long-range correlations,
and by analysing diﬀerences in avalanche transport characteristics when diﬀusive transport is activated [73].
Steady Darcy ﬂow and intermittent fracture ﬂow both
seem to be important mechanisms, and these two end-
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member ﬂuid ﬂow modes have been investigated extensively.
There is abundant evidence that such transport systems are
neither purely diﬀusive nor purely intermittent, but surprisingly, little work has been published on the transition
between the two regimes (e.g., [71]), especially regarding
ﬂuid ﬂow. In this contribution, we assume that ﬂuid transport through the crust can be described as a bimodal transport system. We use a model that is analogous to the
sandpile model of Bak et al. [72] in that falling sand grains
are replaced by increments in ﬂuid pressure and opening
of, and sudden, transient discharge through hydrofractures
represent the avalanches. As in Sánchez et al. [73], we add
Darcian ﬂow through pores as a second, much slower transport mode. To achieve this, we treat Darcian ﬂuid ﬂow (Eq.
(1)) as a diﬀusive process in which the driving pressure is dissipated by diﬀusion. We particularly investigate the transition between the very slow (Darcian transport through
pores) and very fast (intermittent fracture ﬂow) transport
mode.

2. Methods
2.1. Diﬀusional Pressure Dissipation. We assume a rigid
matrix model in which porosity (ϕ) is constant. This assumption is permissible as ﬂuids are generally at least an order of
magnitude more compressible than rocks. Pressure and
amount of ﬂuid in the pore space are related through the
compressibility α (in Pa-1) of the ﬂuid. We can express this
with:
ΔV
ΔP =
αV 0

ð2Þ

V 0 is the reference volume (one m3 times the porosity) of
ﬂuid at P = 0 (hydrostatic pressure) and ΔV an additional
volume of ﬂuid that is added to the pore space. Fluid ﬂux
(J f ) can now be related to a change in pressure in time
(e.g., [89]):
dP
1 dV −1 dJ f
κ d2 P
=
=
=
dt ϕα dt
ϕα dz
ηϕα dz2

ð3Þ

Note that this equation is similar to Fick’s second law for
diﬀusion, with the pressure diﬀusion coeﬃcient D = κ/ηϕα
(in m2/s).
Following Fick’s second law, pressure gradients can dissipate in a diﬀusional fashion with an eﬀective diﬀusivity D
= κ/ηϕα (in m2/s). The compressibility of ﬂuids varies with
pressure and temperature [90], but for simplicity is here
taken as a constant 5 · 10−10 Pa−1 . Porosities in solid rocks
also vary from <1 to ~30%. The viscosity of aqueous ﬂuids
varies as well, from ca. 10−3 to 10−4 Pa · s with increasing temperature [91]. Taking these ranges into account, one obtains
a range of about 10-5 to 10-1 m2/s for D in rocks (but D can be
much larger in unconsolidated coarse clastic sediments).
Pressure diﬀusion is therefore normally much faster than
chemical diﬀusion, except in very low-permeability rocks.

Table 1: Symbols.
Symbol

Description

SI unit

Jf

Flux

s−1 m−1

κ

Permeability

m2

η

Fluid viscosity

Pa·s

α

Compressibility

Pa-1

D

Pressure diﬀusion coeﬃcient

m2/s

φ

Porosity

Prock

Solid pressure ρrock · g · z

Pa

Plith

Eﬀective lithostatic pressure
Prock − Phydro

Pa

Volume

m3

ρlith

Solid density

kg/m3

ρf

Fluid density

kg/m3

g

Gravitational acceleration

m/s2

t

Time

s

Depth

m

V

z
Pcluster
λ

Model variable: Average P over
cluster elements
Model variable: Element size

m (subscript)
H

Subscript indicates model parameters
Hurst exponent

Note that all used symbols and parameters are given in
Table 1.
2.2. Model Setup. In order to simulate bimodal ﬂuid transport
by the two mechanisms, Darcian ﬂow and transport through
fractures, we use a square, 2-dimensional orthogonal grid of
N × N elements of linear size λ (Figure 2). We only consider
the case that ﬂuid enters the model at the base and is transported to the top. The model is laterally wrapping, i.e., ﬂuid
leaving the model on one side enters on the other side.
Instead of tracking ﬂuid ﬂow itself, we record the pressure
P for each element, where P is deﬁned as the diﬀerence
between the actual ﬂuid pressure (P f ) and the hydrostatic
ﬂuid pressure (Ph ): P = P f – Phydro . Phydro is set at zero at
the top row of elements and increases with 104 Pa/m with
depth z (assuming a ﬂuid density of 1000 kg/m3 and a gravitational acceleration, g, set at 10 m/s2). Fluid ﬂow is implicitly
modelled by tracking the evolution of P using the pressure
diﬀusion equation (3). Fractures initiate and propagate when
a failure criterion is reached. It is assumed that ﬂow through a
fracture is fast enough so that pressures within it are
equalised eﬀectively instantaneously.
The basic loop in the simulation is as follows:
(1) One element in the bottom row is randomly selected
and the pressure in that element is increased by Δ
Pm = 1 to simulate the inﬂux of ﬂuid from below.
Each element in the bottom row is selected once
every time step in a random order, which introduces
a certain level of random noise in the simulations.
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Psurface = 0

Simulation has three loops:
(i) A single times step
(ii) Pressure increase
(iiii) Formation and propagation
of hydrofractures

Depth

Randomly select element
in bottom row

Increase P in element

Fluid influx

Repeat for all elements in bottom row

Repeat for number of time steps

Hydrofracture formation and propagation loop
IsP>Plith in any
element?

Yes

“Break”element
Select random
neighbour and break too
Equalise P in cluster

Drain fluid
in cluster from
model

Yes

Does cluster reach
surface (z = 0)?
No

No

Yes

Is P>Plith anywhere in cluster?

Diffuse P, using
dP/dt = D∆2P

Figure 2: Flow diagram of the numerical simulations. The model consists of a rectangular grid of N × N elements in which the local ﬂuid
pressure in excess of the hydrostatic ﬂuid pressure is recorded. Inﬂux of ﬂuid from below is simulated by an incrementally increasing the
pressure in the bottom row of the model. The main loop consists of adding ﬂuid and letting the pressures diﬀuse. Adding pressures is
carried out one randomly selected element at a time after which possible hydrofracture initiation is considered. If this occurs, a subloop is
initiated for the further propagation of the hydrofracture.

(2) After the pressure increase, the possible initiation of a
hydrofracture is assessed for every element in the
model. A fracture is initiated when the pressure
exceeds the eﬀective lithostatic pressure Plith = ρrock ·
g · z − Phydro , with the rock density ρrock set at
2800 kg/m3, and Plith set to zero at the surface, i.e., in
the top row of elements. The hydrofracture is initiated
by giving the element the label “broken.”
(3) If a fracture is initiated, a propagation loop is
started. As only one hydrofracture can exist at any
one time in the simulation, all elements with the
label “broken” form one connected cluster. First
step of the fracture propagation subloop is to equalise the pressure to Pcluster in all elements within the
cluster. Pcluster is simply the average of the individual pressures of all cluster elements. In the second
step, the element on the edge of the cluster with
the highest (P − Plith ) is selected. If the failure criterion (P − Plith > 0) in that element is reached, one

randomly selected direct neighbour element that
has not yet failed is added to the cluster. This
subloop is repeated until either
(1) none of the elements in the cluster reaches the
failure criterion, or
(2) the cluster reaches the surface. In the latter case,
the pressure in all elements within the cluster is
set to zero, which implies that ﬂuid pressure is
reduced to hydrostatic and any excess ﬂuid is
released at the surface. Once fracture propagation
is ﬁnished, all elements within the cluster are
reset to “unbroken” (implying instantaneous
closing or healing of the fracture) and the time
and size (number of broken elements) of the
cluster is recorded.
(4) Finally, once pressures are increased in all elements
in the bottom row (step 2) and any resulting hydrofractures are dealt with (step 3), Darcian ﬂow is
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Table 2: Simulation parameters and movie names (in the supplementary material (available here)). Values of D are used for all ﬁgures and are
the equivalents in nature.
Dmod

Dmod

λ=1

0

λ = 10

Permeability k

0

0

λ = 100

D

0

Movie name

12

1_D0.avi

12

10_D0.avi

4:36 · 10

0

0

0

Timesteps [s]

0

4:38 · 10

0

12

5 · 10

100_D0.avi

λ = 100

10

-7

2 · 10−9

-23

10

5 · 1012

100_D2e-9.avi

λ = 100

10-4

2 · 10−6

10-20

5 · 1012

100_D2e-6.avi

λ = 100

-3

−5

-19

12

100_D2e-5.avi

12

100_D6e-5.avi

12

100_D1e-4.avi

10

−3

λ = 100

3 · 10

−3

λ = 100

5 · 10

2 · 10

−19

6 · 10

3 · 10
5 · 10

10

In the current model, fractures completely close or heal
after one calculation step. Healing is thus eﬀectively instantaneous relative to the diﬀusional ﬂow process. Microstructures of crack-seal veins do show that cracks can and do
commonly seal faster than ﬂuid pressure builds up. We therefore chose to model the healing as eﬀectively instantaneous,
which obviates the need to add a healing-rate parameter. It
should, however, be borne in mind that this is an end member and that reducing the healing rate changes the patterns of
fractures [17].
Equation (3) shows that the eﬀective pressure diﬀusion
coeﬃcient, D, is a function of porosity, ﬂuid viscosity,
compressibility, and permeability. D is varied in the simulations, which implies a variation in permeability, as the
other variables are kept constant. This allows us to explore
the transition from hydrofracture (low D) to Darcian-ﬂow
dominated (high D) behaviour.
2.3. Scaling. Scaling of the model values (subscript m) to realworld values is determined by the size λ of individual elements and the pressure increase (dPbase /dt) at the base due
to ﬂuid inﬂux. A unit model pressure gradient in (Pm /dj)
equals the eﬀective lithostatic gradient Glith = dPlith /dz = 1:8
·104 Pa/m. From this, we obtain for the scaling between
Pmodel and the real-world P:
dPlith dPlith dj dPm
dP
=
⇔ lith = Glith λ:
dz
dPm dz dj
dPm

ð4Þ

We assume a ﬁxed ﬂuid ﬂux J base = 10−11 m/s, which is
typical for metamorphic ﬂuid ﬂux in the crust at a depth of
10-15 km [39]. This inﬂux enters one element along a window of λ × 1 m2 (assuming the model is 1 m thick in the third
dimension) and is added to the ﬂuid residing in the ϕ · λ2 m3
pore space of the element. This results in a pressure increase
dP/dt of:
dP 1 dV/dt 1 J base λ J base
=
=
:
=
dt α V
α ϕλ2
ϕαλ

5 · 10

−19

-4

simulated using an explicit, forward ﬁnite diﬀerence
scheme. Pressures in the top row are set to zero.

Glith =

5 · 10

10

−5

ð5Þ

5 · 10

Assuming a porosity ϕ = 0:01 and a compressibility of
α = 5 · 10−10 Pa−1 , we obtain dP/dt = 0:02 Pa/s. We can now
determine the time step Δt = dt/dt model :
dP J base
dP dPm dt m
ϕαλ dP dPm
=
=
⇔ Δt =
:
dt
J base dPm dt m
ϕαλ dPm dt m dt

ð6Þ

In the model, the pressure at the base is raised by dPm /
dt m = λ/Glith every time step. For an element size of λ = 100
m, the time step is thus 5 · 105 s (almost 6 days). We can
now ﬁnally determine the scaling of the model pressure diﬀusion coeﬃcient (Dm ) to the real-world diﬀusivity (D) and
permeability (κ):
D=

λ2
κ
ϕηαλ2
⇔κ=
Dm =
Dm :
ϕηα
Δt
Δt

ð7Þ

For the given Δt = 5 · 105 s and λ = 100 m, we obtain
D = 0:02 · Dm . Assuming η = 10−3 Pa · s, the chosen range
of modelled Dm -values from 10-7 to 0.005 corresponds to
a permeability range of 1 · 10−23 to 5 · 10−19 m2 . The minimum permeability for which no failure would occur at the
given lithostatic gradient and ﬂuid ﬂux is 5:6 · 10−19 m2 .
The simulations therefore almost reach the permeability
would never be activated. All used simulation settings are
given in Table 2.
2.4. Analysis. Frequency distributions of hydrofracture sizes
have been evaluated. Simulation visualisation and calculation
of the time-averaged vertical pressure proﬁle have been done
with ImageJ [92]. The time-averaged vertical pressure proﬁle
can be calculated via Image-Stacks–Z-project and AnalyzePlot Proﬁle. The eﬀective diﬀusivity is the slope of the timeaveraged vertical pressure proﬁle. Besides this, the rescaled
range (R/S) statistics was calculated for the pressure ﬂuctuations to quantify the degree of self-similarity. To calculate the
rescaled range (R/S) of a time series, one calculates R, which
is the diﬀerence between the maximum and minimum accumulated departure from the mean within time span t, divided
by the standard deviation (S) [93, 94]. Estimates of R/S are
calculated for subsets of time intervals. When plotting these
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D= 0

(b)

t = 9⁎1010
D = 2⁎10–6

D = 2⁎10–9

t = 9.4⁎1010

D = 2⁎10–6

t = 9.8⁎1010

D = 6⁎10–5

D = 1⁎10–4

t = 1.02⁎1011

t = 1.06⁎1011

180

Fluid pressure above
hydrostatic pressure (MPa)

(a)

0

Figure 3: Snapshots of simulation results, in the form of maps of the pressure ﬁeld. Movies of the model can be found in the supplementary
material (available here). (a) Results for diﬀerent diﬀusion coeﬃcients. (b) Five steps of the simulation with D = 2 ∗ 10−6 , starting at a time
where one hydrofracture reached the top of the model. Note how the initially sharp boundaries become increasingly fuzzy, as ﬂuid ﬂows
(i.e., pressure diﬀuses) into the recently drained regions.

values (R/S) versus time lags, the logarithmic slope of this
plot gives the Hurst parameter [93]:
R
= ðαt ÞH
S

ð8Þ

Where α is a constant and t is the time lag. A Hurst
parameter of H = 0:5 indicates random noise, and a value
of H = 1 indicates a fully correlated time series. It has been
shown that a Hurst exponent of H = 0:8 to H = 0:9 indicates
a strong self-similarity of the system [56, 73].

3. Results and Discussion
3.1. Simulation Results. Figure 3(a) shows snapshots of the
modelled pressure distribution for D ranging from 0 to
10-4. All the ﬂuid is transported by hydrofractures when
the diﬀusion coeﬃcient is D = 0. The top region of the
model has a zero overpressure (black in Figure 3(a)). High
overpressures only occur near the base (bright colours in
the ﬁgure). Since matrix ﬂow is zero, ﬂuid overpressures
can only propagate upwards in hydrofractures and elements
with Pm > 0 and must have been reached by hydrofractures
that did not reach the surface. Hydrofractures that extend
more than about 1/3 of the model tend to reach the surface
and drain all their ﬂuid.
At D = 10−4 , corresponding to the other end of the spectrum, the pressure ﬁeld decreases approximately linearly, signifying that almost all ﬂuid pressure is transported towards
the top of the model by diﬀusional matrix ﬂow. In between
these two end members, matrix ﬂow and hydrofracture ﬂow
interact with each other, giving rise to a complex behaviour.
In general, overpressured ﬂuid gets accumulated and is transported upwards in sudden and fast-ﬂowing bursts within
propagating hydrofractures. Hydrofractures that do not
reach the top bring ﬂuid up to create regions with nearly
lithostatic pressure. Those that do make it to the surface
drain all their contained ﬂuid, resulting in low-pressure

zones that emanate from the base. At low D, the boundaries
between the diﬀerent regions are sharp, while they become
fuzzy with increasing D. This is illustrated in Figure 3(b),
which shows ﬁve stages (for D = 2 ∗ 10−6 ), starting from the
point in time where one hydrofracture just crossed the whole
model.
The average pressure in the system (Figure 4) ﬂuctuates
strongly in the case of pure hydrofracture transport (D = 0),
even though the input ﬂux at the base of the model is constant. The mean pressure remains low, about a quarter of
the maximum mean pressure (for pure diﬀusion resulting
in a linear decrease from bottom to top). With an increasing
diﬀusion coeﬃcient, the pressure ﬂuctuations become more
periodical and hydrofracture events become less frequent.
With D = 6 ∗ 10−5 to 10−4 ﬂuctuations become highly periodical. Especially with D = 10−4 , one sees an ever repeating regular cycle of pressure buildup, followed by a strong drop in
mean pressure as a single hydrofracture drains a large area
of the model. The average pressure plot for D = 10−4 shows
strong similarities with the pressure plot of the fault-valve
process by Sibson [51], where a postseismic valving discharge
occurs due to enhanced permeability postfailure when the
normal fault zone is locally overpressured. In both situations,
the pressure over time is highly periodical.
Whereas Figure 4 shows the mean pressure of the whole
model area as a function of time, Figure 5 shows the timeaveraged pressure as a function of depth. The pressure
decreases from a maximum at the base towards zero at the
top. At low diﬀusion rates (D < 2 ∗ 10−6 ), the average pressure decreases steeply, and at ﬁrst approximately linearly, to
about zero halfway up the model. This is visible in Figure 3
where the top half of the models is black at low D. The average pressure-depth curves become smoother and less steep
with increasing D, trending towards a linear decrease in the
case of pure diﬀusional transport. These results reveal the
interesting eﬀect that adding the diﬀusional transport mode
to hydrofracturing does not lead to better draining of the system, but the opposite: on average, more ﬂuid resides inside
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Pressure (Pa)
9⁎107

5.4⁎107

Time (s)

1.8⁎107

5⁎1012

0
D = 6⁎10–5
D = 1⁎10–4

D=0
D = 2⁎10–9
D = 2⁎10–6

Figure 4: Mean pressure in the whole model as a function of time. No and little diﬀusion produces an intermittent and irregular behaviour.
Higher diﬀusion coeﬃcients result in more periodical pressure ﬂuctuations.
1.8⁎108

Depth (m)

Pressure (Pa)

0

Decreasing D

0

104

0
Depth (m)

104
10–1

10

103
105
Effective D

107

D = 6⁎10–5
D = 1⁎10–4

D=0
D = 2⁎10–9
D = 2⁎10–6
(a)

(b)

Figure 5: (a) Time-integrated vertical pressure proﬁle. Red line indicates theoretical graph for pure diﬀusion. (b) Eﬀective diﬀusion
coeﬃcient with depth.

the model, and ﬂuid pressures are higher at the top than in
the absence of diﬀusion. The two transport modes are not
simply additive. The additional diﬀusion inhibits the formation of hydrofractures, as it reduces the increase of pressure
peaks that would lead to hydrofracturing.
Figure 5 shows that mean ﬂuid-pressure gradients vary
with depth, even though parameters such as failure criterion
and pressure diﬀusion (and hence permeability) are constant
throughout the model. If such gradients would be observed in
nature, they could be interpreted as the result of variations in
permeability [39]. Considering that the ﬂux is constant, one
could determine an apparent D by dividing the pressure gradient by the ﬂux (based on Eqs. (1) and (3)). At high D, the

time-averaged pressure decreases steadily from the base of
the model to the top, resulting in an apparent diﬀusion coefﬁcient that decreases moderately with depth (Figure 5(b)). At
low D, the pressure decreases almost linearly from the base
towards about the middle of the model. For this region, one
would obtain a constant and high apparent D. The upper half
of the model has a very low-pressure gradient, which would
lead to a very high apparent D (Figure 5(b)). This exercise
highlights the fact that the activity of hydrofractures aﬀects
the pressure gradient and may result in erroneous apparent
pressure diﬀusivity and, hence, apparent permeability. This
apparent permeability should not be employed in models
that assume Darcian ﬂow only.
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Figure 6: Self-similarity analysis of pressure ﬂuctuations with rescaled range analysis. (a) Rescaled range (R/S) versus time lag in model time
steps. The slope of the curve indicates the Hurst exponent (H, plotted in (b)). Dotted lines show H = 0:5 and H = 1. (b) Hurst exponents
versus D for shown data-series, including those shown in (a). For D = 0H = 0:9049, where H = 0:9 indicates self-organized criticality [56,
73]. With a higher diﬀusion coeﬃcient, the Hurst exponent ﬁrst decreases, until it increases up to almost H = 1, indicating a fully
correlated time series.

The nature of the pressure ﬂuctuations is illustrated with
the rescaled-range analysis (R/S; [93, 94]) as is shown in
Figure 6(a). The slope of the R/S analysis gives a Hurst exponent of H ~ 0:9 for D = 0 (Figure 6(b)). For higher diﬀusion
coeﬃcients, the slope remains relatively constant up to D =
10−8 , decreases from D = 2 ∗ 10−6 to D = 2 ∗ 10−5 , and
increases to almost H = 1 for highest D (Figure 6(b)). A Hurst
exponent around H = 0:8 to H = 0:9 indicates some kind of
self-organized criticality [56, 73]. The initially decreasing
Hurst exponent reveals that the memory of the system stored
in local inhomogeneities is erased due to the continuous
smoothing driven by diﬀusion [73]. As soon as diﬀusion is
the dominant transport mechanism, the Hurst exponent
increases to H = 1, which accounts for a fully correlated signal.
3.2. Statistical Properties of Hydrofracture Size Distributions.
Similar models and experiments [56, 72, 73] showed that
ﬂow avalanche magnitudes tend to develop power-law frequency distributions. Here, we use the number of elements
in a hydrofracture to deﬁne its size. The frequency of hydrofractures systematically decreases with their size down to
sizes of about 2% of the model size (a few hundred elements
in the standard 100 × 100 model) (Figure 7). The frequency
(f ) distributions of hydrofracture sizes (expressed in number
A of elements that form a hydrofracture) that do not reach
the surface follow power laws, resulting in a straight line in
a log(f ) versus log (A) plot (Figure 7):
f ðAÞ = f 1 ⋅ A−m

ð9Þ

The resulting best-ﬁt values for f 1 , the frequency of the
smallest possible hydrofracture of one single element, and

the power-law exponent (m) are listed in Table 3. The deviation of the power-law distribution at large sizes is due to ﬁnite
size eﬀects (limited system size). When comparing the frequency distributions of hydrofracture batch sizes for diﬀerent element sizes (Figure 7(a)), we observe that the
probability to reach a certain batch size becomes higher in a
larger system, but the slope does not change with increasing
the system size. This simply reﬂects that there are fewer fractures in a small area than in a large one. The relative frequencies (slope in Figure 7(a)) of fracture sizes should, however,
not change, as is the case.
Hydrofractures that reach the surface are invariably large
and their sizes do not follow the aforementioned power-law
trends. Fractures of about 10% of the model area are the most
frequent. As the hydrofractures that reach the surface are
always large, their number relative to the ones that do not
reach the surface is small. The fraction of hydrofractures that
reach the surface equates the change that one hydrofracture
reaches the surface. This fraction is approximately constant
at about 0.15% at low D < 2 ∗ 10−6 (Table 3). The number
of hydrofractures per time step also remains approximately
constant. This means that at D < 2 ∗ 10−6 , diﬀusion essentially plays no role and hydrofractures drain all ﬂuid from
the system.
With increasing D ðD = 2 ∗ 10−5 to 10−4 Þ, the hydrofracture frequency decreases (Figure 7(b)), in particular the frequency of hydrofractures not reaching the surface
(Table 3). At the same time, the fraction and size of fractures
that reach the surface increases (Figure 7(b) and Table 3).
The frequency distribution of escaping hydrofractures reaching the top of the model seems to exhibit log-normal behaviour but is diﬃcult to evaluate due to limited data points.
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Figure 7: Absolute frequency of hydrofracture size distributions (a) for diﬀerent element sizes (λ = 1, 10, and 100 m) and D = 0. Frequencies
of hydrofractures that do not reach the surface follow a power law, whereas the distribution for hydrofractures that reach the surface is
approximately log-normal. (b) Same as in (a), but for diﬀerent diﬀusion coeﬃcients. An element size of λ = 100 was used for all
simulations. Power-law ﬁts for hydrofractures not reaching the surface for both (a) and (b) are given in Table 3.
Table 3: Data and power-law ﬁts of data shown in Figure 7.
Volume of
fractures
reaching the
surface (%)

Volume of
fractures not
reaching the
surface (%)

No. of events
reaching the
surface

No. of events
reaching the
surface (%)

No. of events
not reaching
the surface

No. of events
not reaching
the surface (%)

Power-law ﬁt for
fractures not reaching
the surface

D=0
λ=1

14.81

85.19

10

0.52

1,906

99.48

f ðSÞ = 7:71 · 104 S−2:41

D=0
λ = 10

2.78

97.22

34

0.19

18,197

99.81

f ðSÞ = 6:72 · 105 S−2:48

D=0
λ = 100

1.87

98.13

401

0.16

253,050

99.84

f ðSÞ = 1:83 · 107 S−2:84

D = 2 · 10−9
λ = 100

1.87

98.13

393

0.15

251,940

99.84

f ðSÞ = 1:61 · 107 S−2:81

D = 2 · 10−6
λ = 100

1.88

98.12

459

0.17

265,630

99.83

f ðSÞ = 3:26 · 107 S−3:03

D = 2 · 10−5
λ = 100

2.93

97.06

447

0.25

179,091

99.75

f ðSÞ = 2:53 · 107 S−3:15

D = 6 · 10−5
λ = 100

85.14

14.86

159

18.73

690

81.27

f ðSÞ = 7:18 · 104 S−2:40

D = 10−4
λ = 100

97.99

2.00

15

75

5

25

f ðSÞ = 44:36S−0:585

Hydrofractures that do not reach the top of the model
(Figure 7) have a power-law distribution and spread ﬂuid
within the crust. These power-law distributions imply that
rare but large events transport most of the ﬂuid. Such distributions are often invoked to indicate a self-organized criticality (SOC) in the underlying dynamics of the system [72, 95].
The SOC-type behaviour arises from the existence of a criti-

cal slope, which triggers the removal of excess ﬂuid when it is
locally exceeded. The activation of a “ballistic” system locally
reduces the drive, as the ﬂuid escapes in hydrofractures. The
system then (locally) switches back to diﬀusional transport.
The criterion for activation of ballistic dissipation is itself
scale independent; pressure has no scale. The activation of
the ballistic mode thus happens on all scales at the same time.

Geoﬂuids
The many hydrofractures that do not reach the surface
are restricted to the bottom of the model, just above the
level where ﬂuid is produced. The expression in the geological record would be abundant crack-seal veins. Abundant
veins are common in metamorphic rocks in accretionary
prisms, such as the Kodiak accretionary complex, Alaska,
USA, [96] or the Otago Schists, New Zealand [97, 98]. In
both cases, ﬂuids are sourced by dehydration reactions
below, and veins are most abundant (up to 30% of the rock
volume) in greenschist-facies rocks. The lower part of the
models with abundant hydrofractures may represent these
vein-rich zones.
Hydrofractures that do reach the top of the model
(Figure 7) are those that transport all the ﬂuid out of the
model. This means that a relatively small number of large
events actually drain the ﬂuid. Their size distribution does
not follow the power-law distributions of hydrofractures not
reaching the top of the model. These large events can be interpreted as “dragon-kings” [99]. Such “dragon kings” are outliers which coexist with power-law distributions of event
sizes but exceed the power-law extrapolations and are often
associated with the occurrence of a bifurcation, catastrophes,
or tipping points [99]. They also have been found in, for example, frequency-rupture area statistics of earthquakes [100].
Although not following a power-law distribution themselves,
they are intimately related to the smaller hydrofractures that
(self-) organize the ﬂuid-pressure distribution and the initiation of large ﬂuid-escape events [101]. In geological reality,
these large hydrofractures would represent large ﬂuid expulsion events that would rapidly transport large volumes of
ﬂuids from deep to shallow crustal levels where they may
form hydrothermal breccias as shown in Figure 1 that are
at relatively shallow crustal levels compared to their ﬂuid
source. Although ﬂuid pressures would be expected to be
close to hydrostatic here, as in the top region of the models,
the ascending hydrofractures contain overpressured ﬂuids,
which are capable of inducing fracture propagation and
even hydraulic brecciation. If ﬂuid ascent is fast enough,
as would be expected during hydrofracture propagation
[35], ﬂuids will not be able to cool to ambient temperatures
during ascent. The resulting ﬂuids thus arrive to the arrest
site overpressured and hot (i.e., hydrothermal) and may
carry high concentration of dissolved elements, making
them prone to deposit ores and cause rock alterations.
The simulations shown here may give some indication on
the character of escaping ﬂuid batches. In case of high ﬂuid
ﬂuxes (high ﬂuid production rate and/or short duration of
the ﬂuid production), the system is expected to be close to
the pure hydrofracturing end member. Pressure diﬀusion
would be too low to signiﬁcantly modify pressure buildup.
Fluid escape events would be frequent, but escaping volumes
relatively small. The maximum duration of the formation of
Jurassic hydrothermal ore deposits in the Black Forest
(Figure 1(a)) is ~55 Myrs [33, 102]. However, the actual duration may have been much shorter and related to pulses in
basin formation. The Black Forest ore province is characterised by very many, but mostly small and presently uneconomic deposits, consistent with many, but relatively small
ﬂuid escape events.
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The 10 km2 Hidden Valley hydrothermal megabreccia
(Figure 1(b)) formed over a period of ~150-200 Myrs, much
longer than the Black Forest ore deposits. Lower ﬂuid ﬂuxes
would allow more pressure diﬀusion. The system would be
positioned in the transition regime between hydrofracture
and diﬀusion dominated behaviour. The resulting ﬂuid
escape events are now expected to be fewer and more regularly spaced in time (Figure 4), but also relatively large. Very
large ﬂuid escape events may explain the extreme brecciation,
as well as ﬂuidisation and mixing of breccia clasts [32].

4. Conclusions
(i) A numerical model is presented to explore the eﬀect of
the relative contributions of Darcian porous ﬂow and
ﬂow through hydrofractures on crustal-scale ﬂuid
ﬂow. This is achieved through varying the ﬂuid pressure diﬀusivity, a function of permeability, while keeping the hydrofracture initiation and ﬂuid ﬂux constant
(ii) When hydrofracture transport dominates, the system self-organizes. Abundant hydrofractures form
at the base of the model and their size-frequency distributions are power laws. The Hurst parameter of
~0.9, calculated from the mean pressure variations
over time, supports the development of a selforganized critical state. The hydrofracture size distributions show “dragon-king”-like large hydrofractures that deviate from the power-law distribution.
These large hydrofractures actually drain the ﬂuid
from the system
(iii) With the increasing contribution of Darcian porous
ﬂow, pressure ﬂuctuations become larger in magnitude and more regular and cyclical. The transitional
regime to Darcian ﬂow is thus characterised by
fewer, but larger ﬂuid expulsion events
(iv) The observed ﬂuid transport behaviour may explain
the abundance of crack-seal veins in metamorphic
rocks in, for example, accretionary complexes, as
well as the development of hydrothermal hydraulic
breccia deposits at shallower crustal levels
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Petrographic and geochemical analyses (δ18O, δ13C, 87Sr/86Sr, clumped isotopes, and elemental composition) coupled with ﬁeld
structural data of synkinematic calcite veins, fault rocks, and host rocks are used to reconstruct the episodic evolution of an
outstanding exposed thrust zone in the Southern Pyrenees and to evaluate the fault behavior as a conduit or barrier to ﬂuid
migration. The selected thrust displaces the steeply dipping southern limb of the Sant Corneli-Bóixols anticline, juxtaposing a
Cenomanian-Turonian carbonate unit against a Coniacian carbonate sequence. Successive deformation events are recorded by
distinct fracture systems and related calcite veins, highlighting (i) an episodic evolution of the thrust zone, resulting from an
upward migration of the fault tip (process zone development) before growth of the fault (thrust slip plane propagation), and (ii)
compartmentalization of the thrust fault zone, leading to diﬀerent structural and ﬂuid ﬂow histories in the footwall and hanging
wall. Fractures within the footwall comprise three systematically oriented fracture sets (F1, F2, and F3), each sealed by a separate
generation calcite cement, and a randomly oriented fracture system (mosaic to chaotic breccia), cemented by the same cements
as fracture sets F1 and F2. The formation of fractures F1 and F2 and the mosaic to chaotic breccia is consistent with dilatant
fracturing within the process zone (around the fault tip) during initial fault growth, whereas the formation of the latest fracture
system points to hybrid shear-dilational failure during propagation of the fault. The continuous formation of diﬀerent fracture
systems and related calcite cementation phases evidences that the structural permeability in the footwall was transient and that
the ﬂuid pathways and regime evolved due to successive events of fracture opening and calcite cementation. Clumped isotopes
evidence a progressive increase in precipitation temperatures from around 50°C to 117°C approximately, interpreted as burial
increase linked to thrust sheet emplacement. During this period, the source of ﬂuid changed from meteoric ﬂuids to evolved
meteoric ﬂuids due to the water-rock interaction at increasing depths and temperatures. Contrary to the footwall, within the
hanging wall, only randomly oriented fractures are recognized and the resulting crackle proto-breccia is sealed by a later and
diﬀerent calcite cement, which is also observed in the main fault plane and in the fault core. This cement precipitated from
formation ﬂuids, at around 95°C, that circulated along the fault core and in the hanging wall block, again supporting the
interpretation of compartmentalization of the thrust structure. The integration of these data reveals that the studied thrust fault
acted as a transverse barrier, dividing the thrust zone into two separate ﬂuid compartments, and a longitudinal drain for
migration of ﬂuids. This study also highlights the similarity in deformation processes and mechanisms linked to the evolution of
fault zones in compressional and extensional regimes involving carbonate rocks.
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1. Introduction
The study of outcrop analogues in fractured carbonate reservoirs is important to better understand the characteristics
and evolution of synkinematic fracture systems and their
control on ﬂuid migration during crustal deformation [1–
4]. In areas undergoing compressional regimes, the largest
ﬂuid ﬂuxes, mass transfer, and heat transport commonly
occur along the main thrust faults and related fracture networks because of the loading induced by thrust sheet
emplacement [5–7]. By contrast, ﬂuid ﬂow rates in adjacent
rock-matrix and poorly connected synkinematic fractures
are commonly very low and ﬂuid composition are often
rock-buﬀered [6, 8]. In some cases, the development of thrust
systems may also inhibit vertical ﬂuid transport inducing
ﬂuid overpressure [9–11] leading to hydraulic fracturing
[12–14]. Whether a fault zone will constitute either a conduit
or barrier to ﬂuid migration depends, among other factors,
on the architecture of the fault zone and the permeability
associated with the developed structures [15, 16]. Since the
fault zone consists of a fault core, which is usually formed
of low-permeability fault rocks, and a damage zone, which
mainly includes extensional fractures and faults, overall permeability of the fault is conditioned by the amount, the spatial distribution, and the internal composition of these two
fault zone elements [15, 17]. Besides, such structural permeability is dynamic and may vary spatially and temporally
across the fault zone due to successive episodes of fracture
opening and cementation [18, 19].
Although numerous studies based primarily on structural
and numerical data have provided conceptual and analytical
models on the architecture, mechanical properties, and ﬂuid
ﬂow along fault zones [7, 15, 20], there exist only a few studies coupling ﬁeld data and geochemistry of synkinematic
minerals ﬁlling fractures that characterize the ﬂuid migration
through a thrust zone [21–25] and its spatial behavior as a
conduit or barrier system [26, 27]. An outstanding exposed
thrust in the Southern Pyrenees was chosen as a case study
to evaluate qualitatively the fault-related permeability and
its control on the ﬂuid ﬂow within and around the fault zone.
Here, we combine structural, petrological, and geochemical
data of calcite veins and host rocks present in the studied
thrust zone. Therefore, the main objectives of this paper are
(i) to determine the origin, composition, and temperature
of the vein-forming ﬂuids and the timing of ﬂuid migration
in relation to the fracturing events and (ii) to discern the ﬂuid
pathways, the extent of ﬂuid-rock interaction, and the transfer
of ﬂuids across a fault zone during thrusting. The ﬁeld and lab
results are then compared with other studies reporting ﬂuid
ﬂow within fault zones in other geological settings to generalize our conclusions to fault zones in carbonate settings.

2. Geological Setting
The Pyrenees constitute an asymmetrical and doubly verging
orogenic belt that resulted from the Alpine convergence
between the Iberian and European plates from Late Cretaceous to Oligocene, causing the inversion of previous Mesozoic rift basins and their incorporation into the thrust
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system [28–32]. The Pyrenean structure consists of a central
antiformal stack of basement-involved thrust sheets from the
axial zone [30], ﬂanked by two oppositely vergent fold-andthrust belts and their related Cenozoic Aquitaine and Ebro
foreland basins [30, 33] (Figure 1(a)).
The South Pyrenean fold-and-thrust belt comprises a
piggy-back imbrication of south verging and east-west striking thrust sheets involving Mesozoic and Tertiary cover rocks
detached above Late Triassic evaporites [34] and transported
southwards over the Ebro foreland basin. From north to
south, they are the Bóixols thrust sheet, emplaced during
the Late Cretaceous to Paleocene, the Montsec thrust sheet,
originated during the Paleocene to late Ypresian, and the
Serres Marginals thrust sheet, formed during the LutetianOligocene [35, 36] (Figure 1(a)). In the frontal part of the
Bóixols thrust sheet, a south verging and east-west trending
fault-related anticline developed in relation to the propagation of the Bóixols thrust (the Sant Corneli-Bóixols anticline;
Figures 1(b) and 1(c)). It is characterized by a gently dipping
northern backlimb and a vertical to overturned southern
forelimb [37].
Rocks cropping out along the Bóixols anticline comprise
a large stratigraphic record ranging in age from Jurassic to
Oligocene and deposited during the main tectonic events that
aﬀected the study area [38] (Figures 1(b) and 2). The stratigraphic sequence includes prerift Jurassic limestones and
dolostones, synrift Lower Cretaceous limestones, marls and
clays, preorogenic (postrift) Late Cenomanian to Santonian
limestones, sandy limestones and marls and synorogenic Late
Santonian to Oligocene marls and clays, sandstones, sandy
limestones, and conglomerates ([38] and references therein).
In the central part of this anticline, the southern tilted forelimb is oﬀset by minor low-dipping south-directed thrusts
developed after the main folding phase, as evidenced by the
displacement of already folded beds [38–40]. Therefore, they
have been interpreted as postfolding accommodation structures or as hanging wall splays of the main Bóixols thrust
[39, 40, 42]. One of these minor thrust faults is well exposed
2 km southeast of the Bóixols village (15 km of the L511 road),
in the southern-central Pyrenees (Figure 3), exhibiting a complex calcite-ﬁlled fracture network developed in the fault core
and damage zone of both the footwall and hanging wall of this
reverse fault. This outcrop represents an exceptional ﬁeld analogue to observe in a 300 m long outcrop the variation in
deformation mechanisms developed across a fault zone and
its contribution as seal or conduit for ﬂuids. In this area, the
studied thrust juxtaposes the Upper Cretaceous Santa Fe Formation against the Collada Gassó Formation (Figures 2 and
3). The Collada Gassó Formation [43] is formed of Coniacian
grainstones with the variable presence of quartz, marly limestones, and limestones with abundant fossil content and has
a general thickness of 150 to 250 m [38]. The Santa Fe Formation [44] is basically constituted of Cenomanian-Turonian
limestones with a general thickness of 20 m [38].

3. Methodology
This study combines ﬁeld structural data, including bedding
and fracture orientation and dips, fracture type identiﬁcation,
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Figure 1: (a) Simpliﬁed geological map of the Pyrenees (modiﬁed from [32]). (b) Geological map of the Sant Corneli-Bóixols anticline
showing the studied outcrop (modiﬁed from [38, 39]). (c) N-S cross section of the Sant Corneli-Bóixols anticline (modiﬁed from [40]).
Location is shown in (b).

kinematics, and crosscutting relationships, with petrological
and geochemical analyses. Structural data were plotted in
equal-area lower-hemisphere projections, and diﬀerent fracture sets were established according to their type, strike, orientation respect to bedding, mineral inﬁllings, and relative age
deduced from crosscutting relationships. Representative samples of each fracture generation and related host rocks were
sampled in order to perform petrological and geochemical
analyses. Thin sections were prepared and studied under optical and cathodoluminescence microscopes at the Facultat de
Ciències de la Terra of the Universitat de Barcelona, using a
Zeiss Axiophot optical microscope and a Technosyn Cold
Cathodoluminescence microscope, model 8200 Mk5-1 operating between 16–19 kV and 350 μA gun current.
Thirty-one samples of calcite cements and host rocks
were sampled for carbon and oxygen isotopic analysis using
a 500 μm-diameter dental drill. Around 50-100 μg of each
sample was reacted with 100% phosphoric acid for two
minutes at 70°C. The resultant CO2 was analyzed with an
automated Kiel Carbonate Device attached to a Thermal Ionization Mass Spectrometer Thermo Electron MAT-252
(Thermo Fisher Scientiﬁc) following the method of [45].
The International Standard NBS-18 and the internal standard RC-1, traceable to the International Standard NBS-19,
were used for calibration. The standard deviation is ±0.03‰
for δ13C and ±0.05‰ for δ18O expressed with respect to
the VPDB standard (Vienna Pee Dee Belemnite). Analyses
were carried out at “Centre Cientíﬁcs i Tecnològics” of the
Universitat de Barcelona (CCiTUB).
The elemental composition of the calcite cements and
related host rocks (12 samples in total) was analyzed with a
high-resolution inductively coupled plasma-mass spectrometer (HR-ICP-MS, model Element XR, Thermo Fisher Scientiﬁc). Around 100 mg of each sample was extracted with a
400/500 μm-diameter dental drill, and then, powdered samples were dried at 40°C for 24 h. Then, 100 mg of sample

was acid digested in closed polytetraﬂuoroethylene (PTFE)
vessels with a combination of HNO3 + HF + HClO4
(2.5 mL : 5 mL : 2.5 mL v/v). The samples were evaporated,
and 1 mL of HNO3 was added to make a double evaporation.
Finally, the samples were redissolved and diluted with MilliQ water (18.2 MΩ cm-1) and 1 mL of HNO3 in a 100 mL volume ﬂask. In order to improve the sensitivity of the ICP-MS,
a tuning solution containing 1 g L-1 Li, B, Na, K, Sc, Fe, Co,
Cu, Ga, Y, Rh, In, Ba, Tl, and U was used, and as internal
standard, 20 mg L-1 of a monoelemental solution of 115In
was used. Reference materials are the BCS-CRM no. 393
(ECRM 752-1) limestone, JA-2 andesite, and JB-3 basalt.
The precision of the results was expressed in terms of two
standard deviations of a set of eight reference material measurements (reference material JA-2), whereas accuracy (%)
was calculated using the absolute value of the diﬀerence
between the measured values obtained during the analysis
and the certiﬁed values of a set of eight reference material
analysis (reference material BCS-CRM no. 393 for major
oxides and JA-2 for trace elements). The detection limit
(DL) was calculated as three times the standard deviation of
the average of ten blanks. Analyses were performed at the
Geochemistry Facility of labGEOTOP of Geoscience Barcelona (GEO3BCN-CSIC).
The 87Sr/86Sr isotope ratios were analyzed in calcite
cements and host rocks (9 samples). Powdered samples were
fully dissolved in 5 mL of 10% acetic acid. After centrifugation, the supernatant was dried and dissolved in 1 mL of
1 M HNO3. The resulted solid residue, generated after evaporation, was diluted in 3 mL of 3 M HNO3 and loaded into
chromatographic columns to separate the Rb-free Sr fraction,
by using SrResin™ (crown-ether (4,4 ′ (5 ′ )-di-t-butylcyclohexano-18-crown-6)) and 0.05 M HNO3 as eluent. After
evaporation, samples were loaded onto a Re ﬁlament along
with 1 μL of 1 M phosphoric acid and 2 μL of Ta2O5. Isotopic
ratio analyses were carried out in a TIMS-Phoenix mass
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spectrometer (Isotopx) following a dynamic multicollection
method, during 10 blocks of 16 cycles each one, maintaining
a 88Sr beam intensity of 3-V. Isotopic ratios were corrected
for 87Rb interferences and normalized using the reference

value of 88 Sr/86 Sr = 0:1194, in order to correct for the possible
mass fractionation during loading and analysis of the sample.
During sample analysis, the isotopic standard NBS-987 was
analyzed six times, yielding an average value of 0:710243 ±
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0:000009 (standard deviation, 2σ). NBS 987 data have been
used to correct the sample ratios for standard drift from the
certiﬁed value. The analytical error in the 87Sr/86Sr ratio,
referred to two standard deviations, was 0.01%, whilst the
internal precision is 0.000003. Sr procedural blanks were
always below 0.5 ng. Analyses were carried out at the “CAI
de Geocronología y Geoquímica Isotópica” of the Universidad Complutense de Madrid.
The 143Nd/144Nd isotope ratios were also analyzed in calcite cements and host rocks (9 samples in total). Samples
were weighed in Teﬂon® vessels, with enriched spike solution
(149Sm-150Nd, Oak Ridge) and dissolved in 5 mL of ultrapure
HF and 3 mL of ultrapure HNO3 (Merck-Suprapur™). The
PFA vessels were placed for 65 hours into an oven at 120°C.
Then, cold vials were evaporated on a heat plate at 120°C.
4 mL of distilled 6N HCl was added to the dried samples
and placed in an oven overnight at 120°C. The resulted solid
residue, generated after evaporation, was dissolved in 3 mL of
distilled and titrated 2.5N HCl. In order to separate the
dissolved fraction from the residue, if any, samples were
centrifuged for 10 minutes at 4000 rpm. Chromatographic
separation of the total group of REE was performed using
cation exchange resin DOWEX 50W-X8 200-400 mesh (previously calibrated). Then, recovered REE fractions were
completely dried and again dissolved in 200 μL 0.18N HCl.
These solutions were passed in a new chromatographic step
(Ln-resin) in order to obtain a complete separation between
the Nd and the Sm fractions (using 0.3N HCl and 0.4N

HCl as eluent, respectively). Dried Sm and Nd samples dissolved with 2 μL of 0.05 M phosphoric acid were loaded onto
a side rhenium (Re) ﬁlament of a triple Re ﬁlament arrangement. Nd ratios were analyzed in a mass spectrometer TIMSPhoenix®, following a dynamic multicollection method,
through 160 cycles at a stable intensity of 1 V for the 144Nd
mass. In turn, Sm ratios were analyzed in the same spectrometer, following a single static method through 112 cycles
maintaining 1 V intensity for the 149Sm mass. Nd measurements were corrected for possible 142Ce and 144Sm interferences and they were normalized to a constant ratio of
146
Nd/144 Nd = 0:7219 to correct the possible mass fractionation during the processes of loading and analyzing at the
TIMS. Nd isotopic standard JNdi-1 was checked along
with the samples to correct the sample ratios for standard
drift from the certiﬁed value. The analytical error (2STD)
in the 147Sm/144Nd ratio was 0.1% and in the 143Nd/144Nd
ratio was 0.006%. Procedural blanks were always below
0.1 ng. Analyses were performed at the “CAI de Geocronología y Geoquímica Isotópica” of the Universidad Complutense
de Madrid.
Clumped isotope thermometry was applied to four representative samples of the calcite cements Cc1 to Cc4 in order
to determine the temperature and δ18Oﬂuid in ‰VSMOW
of the vein-forming ﬂuids. Around 2–3 mg aliquots of powdered calcite cements was measured with an automated line
developed at Imperial College London (the Imperial Batch
Extraction system, IBEX). Samples were dropped in 105%
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cathodoluminescence microphotographs of the hanging wall host rocks composed of a wackestone of calcispheres and planktonic foraminifera.

phosphoric acid at 90°C and reacted for 30 minutes. The
reactant CO2 was separated with a Poropak Q column and
transferred into the bellows of a Thermo Scientiﬁc MAT
253 mass spectrometer. The characterization of a single replicate consisted of 8 acquisitions in dual inlet mode with 7
cycles per acquisition. The total time of analysis per replicate
is ~2 hours, and each sample was replicated at least 3 times.
The postacquisition processing was completed with software
for clumped isotope analyses (Easotope) [46]. During phosphoric acid digestion, Δ47 values were corrected for isotope
fractionation with a phosphoric acid correction of 0.069‰
at 90°C for calcite [47]. The data were also corrected for nonlinearity applying the heated gas method [48] and projected
into the reference frame of [49]. Carbonate δ18O values were
calculated with the acid fractionation factors of [50]. Results
were converted to temperatures applying the calibration
method of [51]. Calculated δ18Oﬂuid values are expressed in
‰ with respect to the Vienna Standard Mean Ocean Water
(VSMOW).

4. Results

The Collada Gassó Formation consists of massive to
well-bedded dark grey to brown limestones with an E-W
orientation and dipping 80° towards the north. The limestones consist of grainstones made up of bivalves, gastropods,
echinoids, bryozoans, corals, miliolids, partially to totally
micritized components (i.e., peloids), and locally quartz
grains. The inter- and intraparticle porosity is cemented by
calcite cement (Cc0) (Figure 4(a)). Under cathodoluminescence, the skeletal components show a dull to bright brown
color, whereas the inter- and intraparticle calcite cement
(Cc0) displays a bright yellow color (Figure 4(b)). This formation is characterized by the widespread presence of
bedding-parallel compaction stylolites, developed during
progressive burial prior to deformation.
The Santa Fe Formation consists of a massive succession
of grey limestones with an E-W orientation and dipping 80–
85° towards the north. The limestones are made up of wackestones, locally packstones, with a notably presence of calcispheres and planktonic foraminifera (Figure 4(c)). Under
cathodoluminescence, it exhibits a very dark orange color
(Figure 4(d)).

4.1. Nature of Host Rocks. In the study area, two Upper Cretaceous sequences are present [38, 42]: the Collada Gassó
Formation, located in the footwall, and the Santa Fe Formation, located in the hanging wall.

4.2. Fault Zone Structure. The studied fault zone exhibits a
classical fault organization with a main slip plane, a fault core,
and two surrounding damage zones within the footwall and
hanging wall, respectively (Figures 5 and 6). The slip plane
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Figure 5: (a) Sketch of the spatial distribution of veins within the outcrop. In the footwall, three systematically oriented vein systems (F1 to
F3) (b) evolve to randomly oriented veins located next to the fault core (c). In the hanging wall, only randomly oriented veins are observed (d).
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Figure 6: Spatial distribution and crosscutting relationships between veins developed within the studied thrust zone. Vein density increases
towards the fault plane. In the footwall, three vein systems (F1, F2, and F3) (a, b, and c, respectively) evolve to randomly oriented veins (d) on
approaching the fault core (e). In the hanging wall, only randomly oriented veins are observed, being more chaotic towards the fault plane (f).
The yellow circle refers to sample location.

locates immediately below the fault core (Figure 5(a)), strikes
E-W, dips between 15 and 30°N, and has a displacement of
several hundred meters juxtaposing the Cenomanian-

Turonian sequence of the hanging wall against the Coniacian
succession of the footwall [38, 42] (Figures 3 and 5). The fault
core overlying the slip plane consists of a 2 to 7 m thick, light
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Figure 7: Fault core images. (a) Hand sample photograph of the foliated cataclasite showing S-C shear lenses (lithons) of grey host rock
micritic limestone and calcite, bounded by dissolution seams or stylolites. Detail of the calcite cement can be found in Figure 8(d). (b, c)
Optical microphotographs of the foliated cataclasite matrix with the presence of reddish clay minerals concentrated along pressure
solution surfaces (yellow arrow).

grey to yellowish foliated cataclasite (Figure 7). This foliated
cataclasite is characterized by well-developed S-C shears
forming sigmoidal lenses (imbricated lithons), a combination of host rock carbonate and calcite lenses within a
ﬁne-grained micritic matrix (Figure 7(b)) with abundant
calcite cement (Figures 6(e) and 7). Imbricated lithons are
bounded by well-developed pressure-dissolution seams or
stylolites (Figure 7(a)). S-C shears and stylolites strike
ENE-WSW, compatible with the NNW-SSE shortening
direction. Orange to reddish clay minerals concentrate
along pressure-dissolution surfaces and are locally scattered
within the micritic matrix (Figure 7(c)).
The transition from the fault core to the hanging wall
damage zone is marked by discrete S-C sigmoidal shears
without the development of foliated cataclasite, or by a discrete, discontinuous slip plane mineralized with calcite
(Figure 5(c)).
Both the footwall and hanging wall damage zones
comprise multiple sets of systematically and randomly oriented calcite-cemented fractures (i.e., veins) developed at
both sides of the fault core (Figures 5 and 6). Although
in both cases, there is a progressive increase in deforma-

tion and vein intensity from the protolith towards the fault
core (Figure 5(a)), the geometry of veins diﬀers from one
to another damage zone.
In the footwall damage zone, there are two areas showing
diﬀerent vein characteristics (Figure 5(a)). The ﬁrst area is
around 30 m wide from the protolith and is characterized
by three systematically oriented vein systems (F1 to F3) with
clear crosscutting relationships between them (Figures 5(a)–
5(c)). F1 consists of NNW-SSE extensional veins dipping
between 50 and 70° to the SW. They are up to 1–2 m long
and less than 2 cm thick (Figures 5(a), 5(b), and 6(a)). F2 is
characterized by E-W extensional veins steeply dipping to
the S-SW. These veins are several meters long and up to
5 cm thick (Figures 5(a), 5(b), and 6(b)). F3 consists of N-S
and NE-SW en échelon conjugate sets of tension gashes
(i.e., hybrid extensional-shear calcite veins) gently dipping
towards the NW (Figure 6(c)). These veins are centimetricsized and have sigmoidal shapes. The second area observed
in the footwall covers around 15-20 m between the ﬁrst area
and the fault core and is dominated by randomly oriented
calcite veins deﬁning a dilational mosaic to chaotic breccia
[52] (Figure 6(d)).

Geoﬂuids
By contrast, in the hanging wall, the damage zone is narrower, only concentrated in the 15-20 meters near the fault
core (Figure 6(e)), and it is deﬁned by randomly oriented calcite veins deﬁning an incipient crackle breccia (proto-breccia) [52] (Figure 6(f)). Fracture density is lower than within
the footwall damage zone.
4.3. Calcite Cements of Veins and Breccias. The damage zones
in the footwall and hanging wall not only diﬀer in the type
and distribution of fracture systems, as previously described,
but also they also show diﬀerent fracture-ﬁlling calcite
cements, characterized by distinct petrological and geochemical features.
In the footwall, three calcite cement generations (Cc1 to
Cc3) have been observed ﬁlling the fracture systems F1 to
F3 and two of those calcite cements (Cc1 and Cc2) are also
present in the mosaic to chaotic breccia (randomly oriented
fractures).
Calcite cement Cc1 exhibits a milky to slightly brownish
color in hand sample and consists of up to 1 mm-sized anhedral crystals showing mechanical twinning and featuring a
blocky to elongated blocky texture, in which crystals grow
syntaxially. This cement shows a dark to light orange cathodoluminescence (Figure 8(a)). Calcite Cc1 precipitated in
fractures F1 and in the mosaic to chaotic breccia of the
footwall.
Cc2 displays a white to translucent aspect in hand sample. It is formed of anhedral to subhedral calcite crystals,
ranging in size from approximately 0.2 to 5 mm, with a
blocky to elongated blocky texture. The elongated blocky
Cc2 cement grows syntaxially from the fracture walls
(Figures 8(a) and 8(b)). Crystals present abundant twin
planes and show a nonluminescent to bright orange concentric zonation under cathodoluminescence in which the zoning pattern generally coincides with the crystal growth
(Figure 8(b)). Calcite Cc2 precipitated in fractures F2 as well
as in fractures F1 and in the mosaic to chaotic breccia of the
footwall after Cc1.
Cc3 exhibits a milky appearance in hand sample and is
constituted of up to 0.5 mm anhedral blocky, locally elongated crystals. It has mechanical twinning and presents a dull
orange luminescence (Figure 8(c)). Cc3 precipitated in fractures F3.
On the other hand, in the hanging wall and in the fault
core, only one calcite cement (Cc4) is observed. Cc4 precipitated in the main fault plane and in randomly oriented fractures. This cement has a milky aspect in hand sample and is
characterized by up to 1 mm anhedral crystals with a nonluminescent to dark brown luminescence (Figure 8(d)).
4.4. Oxygen and Carbon Isotopes. The δ18O and δ13C isotopic
composition of the calcite cements Cc1 to Cc4, adjacent host
rocks, and fault rocks is summarized in Table 1 and presented in Figure 9. The calcite cement Cc0 in the interparticle
porosity of the grainstone from the Collada Gassó Formation
(footwall) has δ18O values between -7.2 and -6.7‰VPDB
and δ13C values between -0.5 and +0.7‰VPDB. The micrite
matrix of the wackestone from the Santa Fe Formation
(hanging wall) shows δ18O values between -6.2 and -5.8‰
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VPDB and δ13C values between +2.1 and +2.2‰VPDB.
The carbonate micritic matrix from the cataclasite yields
δ18O values between -7.1 and -6‰VPDB and δ13C values
between +2.3 and +3‰VPDB.
The calcite cements Cc1 to Cc4 exhibit a wider range of
values (Figure 9). Cc1 has δ18O values ranging between -8.2
and -6.5‰VPDB and δ13C values between -2 and -1.5‰
VPDB. Cc2 is characterized by δ18O values between -8.2
and -5.4‰VPDB and δ13C values between -6.3 and -3.3‰
VPDB. Cc3 shows δ18O values between -13 and -11.7‰
VPDB and δ13C values between -3.2 and -1.9‰VPDB and
Cc4 has δ18O values between -13.1 and -11.9‰VPDB and
δ13C values between -0.6 and +2.4‰VPDB. Calcite cements
precipitated in the footwall (Cc1, Cc2, and Cc3) exhibit negative δ13C isotopic values, whilst the calcite cement precipitated within the fault plane and hanging wall (Cc4) displays
heavier δ13C values (Figure 9(a)). In addition, the δ18O
values also exhibit two diﬀerent trends within the four calcite
cements: Cc1 and Cc2 show δ18O values similar to those of
Cc0 and host rocks (Figures 9(a) and 9(b)), whereas Cc3
and Cc4 have lighter δ18O values with respect to the host carbonate values (Figures 9(a) and 9(b)).
4.5. Clumped Isotopes. Temperatures in °C and δ18Oﬂuid in ‰
VSMOW of the vein-forming ﬂuids are calculated from the
measured Δ47 using the formula of [54, 55], respectively
(Table 1 and Figure 10). The Δ47 value for Cc1 ranges
between 0.619 and 0.642, which translates into temperatures
of 42–51°C and δ18Oﬂuid of -1.8 to -0.1‰VSMOW. For Cc2,
Δ47 is between 0.562 and 0.589, implying temperatures
between 64 and 78°C and δ18Oﬂuid between +3.7 and
+5.9‰VSMOW. For Cc3, Δ47 varies between 0.498 and
0.515, which translates to temperatures between 105 and
117°C and δ18Oﬂuid between +3.2 and +5.5‰VSMOW.
Finally, Δ47 values of Cc4, between 0.53 and 0.535, imply
temperatures of 93 to 96°C and δ18Oﬂuid between +0.7 and
+1.9‰VSMOW. In the footwall, the calculated temperatures
progressively increase from Cc1 to Cc3 and the δ18Oﬂuid is
lighter in Cc1, whilst Cc2 and Cc3 have a similar value.
4.6. Strontium Isotopes. A selected number of samples from
each calcite cement generation (Cc0 to Cc4) and related host
rocks were analyzed for Sr isotopic composition (Table 1 and
Figure 11). Cc0 (in the footwall host rocks) has a 87Sr/86Sr
ratio of 0.707606, whereas host rocks from the hanging wall
have a 87Sr/86Sr ratio of 0.707718. These values fall within
the range of values expected for Upper Cretaceous marine
carbonates [56] (Figure 11(b)).
The calcite cements in the footwall exhibit higher
87
Sr/86Sr ratios with respect to the calcite cement (Cc0)
cementing their adjacent host rock (Figure 11(a)). This ratio
is 0.707707 for Cc1, ranges from 0.707695 to 0.707699 for
Cc2, and is 0.707698 for Cc3. By contrast, the calcite cement
Cc4 has a 87Sr/86Sr ratio similar to its adjacent host carbonate in the case of the crackle proto-breccia veins located
in the hanging wall (0.707715) and more radiogenic than
the host rock in the case of the fault plane (0.707771)
(Figure 11(a)).
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Figure 8: Paired optical and CL microphotographs from calcite cements precipitated within the fault core and fault damage zone of the
studied thrust. (a) Fracture F1 cemented by calcite cements Cc1 and Cc2. (b) Calcite cement Cc2, with its characteristic CL zonation,
ﬁlling a fracture F2. (c) Cc3 ﬁlling a F3 fracture, postdating a fracture F2 ﬁlled with Cc2. (d) Cc4 in the main fault plane.

4.7. Elemental Composition. The elemental composition (Ca,
Mg, Fe, Mn, and Sr), including rare earth elements (REE) and
yttrium (Y), was measured for each calcite cement generation

and their host carbonates and the results are presented in
Tables 2 and 3 and in Figure 12. In general, the trace element
compositions widely vary depending on the calcite cement,

Geoﬂuids

13

Table 1: δ18O, δ13C, and 87Sr/86Sr isotopic signature of the calcite cements, fault rocks, and host rocks. The Δ47 , δ18Oﬂuid, and precipitation
temperatures obtained from clumped isotopes are also included. Fw means footwall and Hw means hanging wall.
Sample
Bx1B
Bx 3
Bx36.I
Bx36.IV
Bx36.V
Bx3.III
Bx1A.I
Bx1B.II
Bx3.II
Bx36.II
Bx36.III
Bx35
Bx1A.II
Bx2A
Bx2B
Bx4
Bx5
Bx6
Bx7.I
Bx7.II
Bx 8
Bx66.C
Bx1.HR
Bx2A.HR
Bx3.HR
Bx7
Bx8
Bx6.I
Bx6.II
Bx66
Bx67

Fracture

Cement

δ18O ‰VPDB

δ13C ‰VPDB

F2
F1
Breccia (Fw)
Breccia (Fw)
Breccia (Fw)
F1
F2
F2
F1
Breccia (Fw)
Breccia (Fw)
F2
F3
F3
F3
F3
Thrust plane
Breccia (Hw)
Breccia (Hw)
Breccia (Hw)
Breccia (Hw)
Slip plane
Host rock (Fw)
Host rock (Fw)
Host rock (Fw)
Host rock (Hw)
Host rock (Hw)
Fault rock (matrix)
Fault rock (matrix)
Fault rock (matrix)
Fault rock (matrix)

Cc1
Cc1
Cc1
Cc1
Cc1
Cc2
Cc2
Cc2
Cc2
Cc2
Cc2
Cc2
Cc3
Cc3
Cc3
Cc3
Cc4
Cc4
Cc4
Cc4
Cc4
Cc4
Cc0
Cc0
Cc0

-8.2
-7.3
-7.6
-7.4
-6.5
-8.2
-7
-6.3
-7
-7.8
-7.2
-5.4
-13
-12.1
-11.9
-11.7
-12.9
-12.3
-13.1
-11.9
-12.3
-12
-7.2
-6.7
-7
-5.8
-6.2
-6.9
-7.1
-6.6
-6

-1.7
-1.8
-2
-1.6
-1.5
-3.7
-4.6
-4.6
-3.3
-5.6
-6.3
-4
-1.9
-2.9
-2.8
-3.2
+0.4
+2.4
+0.4
+0.9
-0.6
+1.6
-0.5
+0.7
+0.1
+2.2
+2.1
+2.9
+3
+2.6
+2.3

whilst the REY (REE and Y) pattern in the four cements follows a trend comparable to that of the adjacent host rock
(Figure 12(c)).
In the footwall, the calcite cements Cc1 and Cc2 are characterized by low Mg and Sr contents, intermediate Mn, and
variable Fe concentrations, whereas Cc3 has high Mn and
Fe contents, intermediate Mg values, and variable-high Sr
concentrations (Figure 12(a)). The REY concentration of
these cements (Cc1 to Cc3) is lower compared to that of
the cement within the host rock (Cc0), but follows a similar
ﬂat trend, with a slight negative Ce anomaly (Figures 12(b)
and 12(c)) and a slight positive Y anomaly (except for Cc2
that may exhibit either a positive or negative Ce anomaly)
(Figure 12(c)).
In the fault core and hanging wall, Cc4 exhibits high Mg
and Sr concentrations, intermediate Fe values, and low Mn
contents. The REY pattern of Cc4 is also ﬂat with a better
deﬁned negative Ce anomaly and a positive Y anomaly,

Δ47

δ18Oﬂuid ‰VSMOW

T (°C)

0.707707

0.619/0.642

-1.8 to -0.1

42 to 51

0.707699

0.562/0.589

+3.7 to +5.9

64 to 78

0.707698

0.498/0.515

+3.2 to +5.5

105 to 117

0.707771

0.53/0.535

+0.7 to +1.9

93 to 96

87

Sr/86Sr

0.707695
0.707765

0.707715

0.707606

0.707718

which are also present in the hanging wall host rock. The
REY concentrations are lower in cement Cc4 than in its adjacent host rocks, except for the calcite in the fault plane that
exhibits higher concentrations (Figure 12(c)).
Mg/Ca and Sr/Ca molar ratios of the parent ﬂuids that
precipitated the calcite cements were calculated using the formula of [57] for low temperature (25–40°C) and for higher
temperature (90–100°C) of precipitation using distribution
coeﬃcients (KMg = 0:012 at 25°C [58], KMg = 0:1163 at 90°C
[59], KSr = 0:054 at 25°C [60], and KSr = 0:08 at 100°C [61]).
The obtained molar ratios are presented in Table 2.
4.8. Neodymium Isotopes. Nine representative samples from
calcite cements and related host rocks were also analyzed
for Nd isotopic composition. However, although the Nd concentration is above the detection limit for all the analyzed
samples (Table 3), the 143Nd/144Nd ratio could not be measured. This is attributed to both the low Nd concentration
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Figure 9: (a) Crossplot showing the δ18O and δ13C compositions of the calcite cements, host rocks, and fault rocks (carbonate matrix from
the cataclasite). Cretaceous marine limestone values (green box) are from [53]. (b) δ18O values of the calcite cements versus δ18O values of the
related host rocks.
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Figure 10: Temperatures (°C) vs. δ18Oﬂuid (‰VSMOW) calculated
from clumped isotope thermometry for calcite cements Cc1 to Cc4.

in the samples, ranging between 0.5 and around 10 ppm
(Table 3), and the scarce quantity of sample that was possible
to collect, generally around 30 mg, which was not enough for
a dynamic multicollection method through 160 cycles at a
stable intensity of 1 V.

5.1. Dissolution versus Precipitation Zones. The studied fault
zone has diﬀerent brittle structures accommodating deformation both in the fault core and in the damage zone. Within
the fault core, the presence of tectonic stylolites and S-C
structures evidences processes of pressure solution and/or
frictional sliding [54, 55]. Such processes are associated with
contractional stress concentration and slip accommodation
imposed by the advancing thrust [64, 65]. By contrast, within
the damage zone, the widespread presence of veins represents
dilational sites where calcite precipitated [66, 67]. The mechanism of calcite precipitation was likely induced by the rapid
ﬂuid pressure drop due to ﬂuid trapping in the fractures
developed in the footwall and hanging wall [10, 66, 68, 69].
The repartition of such structures, stylolites, S-C foliation,
and veins, and therefore of zones of dissolution and zones
of precipitation, is the result of a heterogeneous distribution
of stress and the variation in deformation intensity across
the fault zone [54].
5.2. Structural Context of Fracturing and Veining. The main
stress orientations responsible for the development of the
studied thrust system have been calculated plotting the main
plane orientation and related slickenlines (Figure 6(e)). The
estimated stress ﬁeld shows a SSE transport direction, compatible with the N-S to NNW-SSE shortening direction
reported in the Pyrenees [28, 30, 39], and a vertical minimum
principal stress (σv = σ3 ), characteristic of compressional
regimes [9, 10]. The studied vein systems are interpreted as
developed during the thrust activity under the same compressional regime [8, 42, 70]. The synchronicity between
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Figure 11: (a) 87Sr/86Sr isotopic ratios of calcite cements and host carbonates plotted against the Sr content. (b) 87Sr/86Sr ratios compared with
the 87Sr/86Sr isotopic ratios of seawater through time from the LOWESS curve [56].

thrusting and veining is supported by the exclusive presence
of veins in the damage zone as well as by the gradual increase
in vein density and slight change in strike when approaching
the main thrust plane. However, the steeply dipping orientation of F1 and F2 with respect to the subhorizontal σ1 axis
diﬀers with theoretical models that describe the formation

of ﬂat-lying extensional fractures that open in the σ3 vertical direction (i.e., oriented parallel to the σ1 axis) [9, 10, 13,
68, 71]. Despite this apparent discrepancy, the presence of
the same calcite cements (Cc1 and Cc2) in F1-F2 fractures
and in the mosaic to chaotic breccia developed along the fault
plane corroborates the synchronicity between thrusting and
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Table 2: Elemental composition (Ca, Mg, Fe, Mn, and Sr) of the diﬀerent calcite cements (Cc1 to Cc4), the interparticle cement Cc0 in the
footwall host rocks (FW), and the hanging wall rocks (HW). The calculated Mg/Ca and Sr/Ca molar ratios of the parent ﬂuid using the
distribution coeﬃcient equation [57] are also shown.
Sample
Cc1
Cc2
Cc2
Cc2
Cc3
Cc3
Cc3
Cc4
Cc4
Cc4
FW
HW

Ca (ppm)

Mg (ppm)

Fe (ppm)

Mn (ppm)

Sr (ppm)

Mg/Ca low T

Mg/Ca high T

Sr/Ca low T

Sr/Ca high T

37236
378096
385024
393269
387653
300362
350768
322604
366243
346495
298763
321638

859.7
921.1
741.0
865.9
1912.4
1997.7
1397.6
3637.8
1908.1
1784.2
3376.3
2968.0

2518.8
1249.4
1188.8
564.1
2967.2
2704.6
2997.7
2345.2
1658.3
1298.2
3248.8
980.1

236.8
222.3
151.5
86.6
380.5
409.3
661.1
97.3
80.3
65.2
345.6
68.8

239
216.2
219.5
270.7
906.8
548.1
356.1
699.5
623.6
625.3
340.8
468.9

0.317
0.335
0.264
0.303
0.678
0.914
0.548
1.550
0.716
0.708
1.553
1.268

0.033
0.035
0.027
0.031
0.070
0.094
0.056
0.160
0.074
0.073
0.160
0.131

0.0049
0.0044
0.0043
0.0052
0.0178
0.0139
0.0077
0.0165
0.0130
0.0138
0.0087
0.0111

0.0037
0.0033
0.0033
0.0039
0.0134
0.0104
0.0058
0.0124
0.0097
0.0103
0.0065
0.0083

Table 3: REE and Y contents of the diﬀerent calcite cements (Cc1 to Cc4), the interparticle cement Cc0 from the footwall (FW), and the host
rocks from the hanging wall (HW). Values are given in ppm. ∗ DL: detection limit.
Sample
∗

La

Ce

Pr

Nd

Sm

Eu

Gd

Tb

Dy

Y

Ho

Er

Tm

Yb

Lu

DL

0.21

0.32

0.04

0.15

0.03

0.01

0.02

0.003

0.02

0.2

0.003

0.01

0.002

0.01

0.01

Cc1
Cc2
Cc2
Cc2
Cc3
Cc3
Cc3
Cc4
Cc4
Cc4
Cc0
HW

7.13
3.03
3.48
0.81
6.15
5.22
1.31
2.73
0.78
2.08
9.83
2.39

13.46
9.96
4.35
1.26
10.73
9.19
2.38
6.03
1.05
1.84
23.27
3.52

1.81
0.85
1.07
0.17
1.64
1.22
0.38
0.86
0.17
0.53
3.04
0.52

6.01
3.00
3.81
0.59
5.77
4.38
1.45
2.89
0.58
1.82
10.56
1.75

1.38
0.75
0.95
0.23
1.36
0.95
0.37
0.69
0.24
0.44
2.44
0.41

0.26
0.14
0.20
0.04
0.26
0.19
0.08
0.13
0.04
0.08
0.49
0.07

1.35
0.66
0.88
0.17
1.21
0.96
0.33
0.58
0.14
0.36
2.16
0.36

0.19
0.08
0.13
0.02
0.17
0.13
0.04
0.08
0.02
0.05
0.28
0.05

1.05
0.43
0.71
0.15
0.92
0.72
0.25
0.43
0.14
0.25
1.52
0.33

7.04
3.31
5.43
1.29
6.53
5.44
2.37
3.35
1.87
2.45
8.70
3.23

0.17
0.07
0.12
0.03
0.15
0.12
0.05
0.07
0.03
0.05
0.22
0.06

0.45
0.19
0.35
0.07
0.39
0.32
0.13
0.19
0.09
0.14
0.61
0.18

0.08
0.03
0.06
0.01
0.06
0.05
0.02
0.03
0.02
0.03
0.11
0.03

0.37
0.16
0.30
0.06
0.31
0.24
0.10
0.15
0.08
0.13
0.51
0.17

0.06
0.03
0.05
<LD
0.05
0.04
0.02
0.02
<LD
0.02
0.08
0.03

fracturing. In the case of conjugated fracture systems F3,
their bisector angle indicates a subhorizontal σ1 and a subvertical σ3 , and therefore, their formation is compatible
with the prevailing stress ﬁeld associated with thrusting
(σv = σ3 ).
Two mechanisms, a local variation of the stress axes as
well as high ﬂuid pressure conditions, are invoked to explain
the formation of the steeply dipping F1 and F2 fractures in
relation to the low angle reverse fault [72–74]. In the ﬁrst
case, the remote stress ﬁelds could have varied locally within
a constant far-ﬁeld compressional regime to become properly oriented for the development of these fractures [71, 72,
75]. Such a local variation of the magnitude and orientation
of the remote stress ﬁelds is attributed to the formation of a
process zone at the front of the fault tip during thrust (slip
plane) propagation [71, 76]. This occurs, ﬁrstly, because the
fault tip acts as a stress concentrator amplifying the magnitude of the remote stress [76] and, secondly, because the
main compressive stress (σ1 ) exhibits diﬀerent angles with

the fault in compressive quadrants with respect to dilational
quadrants in propagating faults [71, 76].
Several observations, which are described below, indicate
that the formation of the studied fractures occurred under
high ﬂuid pressure conditions, and therefore, it is associated
with a hydraulic (over)pressure mechanism. Fluid overpressure may explain the high concentration of systematically
oriented extensional (F1, F2) and extensional-shear (F3)
veins, as well as the absence of any structural orientation of
veins in the breccias [77]. Comparable fracture systems (systematic arrays of extensional and extensional-shear fractures) are expected to develop in compressional settings
when the tensile overpressure condition is achieved, that is,
when the pore ﬂuid pressure exceeds the least compressive
stress (Pf > σ3 ) [9, 10, 78]. Such a ﬂuid pressure is common
during the propagation of thrust faults in compressional
regimes [9, 12, 67, 79] and is attributed to the following: (i)
the constraint stress ﬁeld around the fault tip may generate
overpressure of a conﬁned ﬂuid [80, 81], (ii) the low dip of
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Figure 12: (a) Elemental composition (Mg, Fe, Mn, and Sr) in ppm of calcite cements and host rocks. Bars indicate maximum, minimum, and
average composition. (b) PAAS-normalized Ce/Ce∗ vs. Pr/Pr∗ crossplot showing the Ce and Pr anomalies of calcite cements and host rocks
using the method of [62] modiﬁed by [63]. Field I: no anomaly. Field IIa: positive La anomaly and no Ce anomaly. Field IIb: negative La
anomaly and no Ce anomaly. Field IIIa: positive Ce anomaly. Field IIIb: negative Ce anomaly. Field IV: positive Ce and La anomalies. (c)
PAAS-normalized rare elements and yttrium (REY) patterns of calcite cements and host rocks.
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thrusts prevents vertical ﬂow [14, 68], and (iii) it is because of
sediment compaction induced by loading during thrust sheet
emplacement [77, 81].
5.3. Fluid History and Pathways. The widespread presence of
calcite cements in the diﬀerent fracture sets indicates that
these structures themselves were traps for ﬂuids migrating
during thrusting. Field observations based mainly on the
macroscopic vein features and crosscutting relationships
between them together with the above presented petrological
and geochemical data evidence the formation of four calcite
cementation phases (Cc1 to Cc4) that record the evolution
of the ﬂuid system during the thrust activity. Since the footwall and hanging wall exhibit diﬀerent fracture systems and
diﬀerent calcite cements, the ﬂuid system was compartmentalized [26, 27, 82, 83].
5.3.1. Fluid System in the Footwall. The evolution of the ﬂuid
system in the footwall during thrusting is inferred from the
geochemical data of calcite cements Cc1, Cc2, and Cc3.
Calcite cement Cc1 is observed within fractures F1 and
within the mosaic to chaotic breccia located in the footwall.
This cement has δ18O (-8.2 to -6.5‰VPDB) and δ13C values
(-2 to -1.5‰VPDB) similar or slightly more depleted with
respect to those of the interparticle calcite cement (Cc0) in
the adjacent host rocks (Figures 9(a) and 9(b)). This fact,
together with the observed positive Y anomaly in both Cc1
and Cc0, indicates buﬀering of the vein-forming ﬂuids by
the adjacent host carbonates due to ﬂuid-rock interaction
[84]. The ﬂuid-rock interaction is also recorded in the
δ18Oﬂuid obtained from clumped isotopes, yielding values
between -1.8 and -0.1‰VSMOW. These values may result
from interaction between meteoric waters, which have typically negative δ18O values, and marine carbonates, with
δ18O values around 0‰PDB [64]. This fact is supported by
the calculated Mg/Ca and Sr/Ca molar ratios, indicating the
involvement of meteoric ﬂuids, and the diluted elemental
composition in Cc1 with respect to Cc0, showing lower
REY concentration and lower Mg, Mn, and Sr contents
(Figure 12(a)). Likewise, the 87Sr/86Sr ratio of Cc1 is slightly
more radiogenic than Cc0 but is still between the ranges of
Cretaceous marine carbonates (Figure 11). The homogeneous orange luminescence of Cc1 is interpreted as constant
precipitation rates during a single precipitation event, and
the presence of a negative Ce anomaly suggests precipitation
in an oxic environment [84] (Figures 12(b) and 12(c)).
Finally, the temperature of Cc1, also obtained from clumped
isotope thermometry, ranges between 42 and 51°C. The presence of meteoric ﬂuids and the relatively low temperatures
could indicate shallow burial depths, probably less than
1 km if we consider a normal geothermal gradient of 25–
30°C/km and a surface temperature of 20°C. Therefore, Cc1
precipitated from meteoric ﬂuids (Figure 13(a)) with a composition strongly buﬀered by the Cretaceous host carbonates.
Calcite cement Cc2 is found in fractures F1 and F2 and
within the mosaic to chaotic breccia from the footwall. This
cement has similar 87Sr/86Sr ratios and δ18O values to Cc1
but precipitated at higher temperatures (between 64 and
78°C) and from heavier δ18Oﬂuid (between +3.7 and +5.9‰
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VSMOW). These higher temperatures and the δ18Oﬂuid
imply hot formation waters. However, the low δ13C values
(Figure 9), the diluted Mg, Sr, and REY concentrations
(Figure 12), and the calculated Mg/Ca and Sr/Ca molar
ratios of Cc2 reveal the involvement of meteoric ﬂuids
with increasing inﬂuence of organic-derived carbon [85–
89] (Figure 12(b)). The CL zonation of Cc2, alternating
between non- and bright luminescent zones, the presence
of positive and negative Ce anomalies (Figures 12(b) and
12(c)), and the oscillations in the Fe and Mn contents
(Figure 12(a)) indicate oxidizing-reducing ﬂuctuation, typical of the meteoric environment [6, 90–93]. These facts indicate that Cc2 precipitated from formation ﬂuids that likely
evolved from heated meteoric waters during the development
of the second fracturing event (F2). The evolution of these
ﬂuids probably involved water-rock interactions during progressive increase in burial depths and temperatures linked to
thrust sheet emplacement [94–96].
Calcite cement Cc3, occluding fractures F3, shows an
87
Sr/86Sr ratio similar to cements Cc1 and Cc2 (Figure 11),
δ13C within the same range of values of Cc2 (Figure 9(a)),
and a lighter δ18O than the previous cement generations
and the adjacent host carbonates (Figures 9(a) and 9(b)).
Such depletion is related to hotter precipitation conditions
(between 105 and 117°C). On the other hand, the δ18Oﬂuid
(between +3.2 and +5.2‰VSMOW), the high Sr, Mn, and
Fe contents (Figure 12(a)), and the calculated Mg/Ca and
Sr/Ca molar ratios for the vein-forming ﬂuids are within
the range of formation waters [57, 87, 95]. The homogeneous
bright-orange luminescence points to complete precipitation
of Cc3 during a single precipitation event [97], and the presence of a negative Ce anomaly indicates oxic precipitation
conditions [84] (Figure 12(b)).
In conclusion, the progressive depletion in δ18O values
from Cc1 to Cc3, as well as the continuous increase in precipitation temperatures and enrichment in δ18Oﬂuid and in the
elemental composition, evidences a progressive change in
the ﬂuid regime during ongoing deformation. This change
may result from a continuous shift in the ﬂuid composition,
due to the evolution of the meteoric waters, or from a progressive change in the ﬂuid origin, from percolation of
diluted meteoric waters to the upﬂow of hotter formation
ﬂuids. The evolution of the ﬂuid system is also attested by
the disequilibrium between Cc3 and its adjacent host rocks
(Figure 9(b)) and may be indicative of a continuous opening
of the ﬂuid system, which is in turn attributed to the increase
in fracture density and superposition of diﬀerent fracturing
events [4, 98–102]. Previous contributions reported the relationships between folding, fracturing, and ﬂuid migration in
the eastern part of the Sant Corneli-Bóixols anticline (around
the Coll de Nargó area, Figure 1(b)) [37]. During the latest
stages of deformation in the frontal part of the anticline, these
authors also reported a change in the ﬂuid origin and composition, that is, from percolation of meteoric waters, circulating at approximately 40°C, to migration of hotter formation
ﬂuids, at temperatures around 90°C [103]. Consequently,
the comparison between both studies suggests a common
ﬂuid behavior during the latest-folding to postfolding stages
of deformation in the whole anticline.
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Figure 13: Fluid ﬂow model during the evolution of the studied thrust (not to scale) showing the relationships between synkinematic fracture
development, the stress state at each deformation phase, and the involved ﬂuid ﬂow event. (a) During initial fault growth, deformation was
concentrated in the process zone (around the fault tip) allowing the formation of fractures F1 and randomly oriented fractures (mosaic to
chaotic breccia). During this episode, meteoric ﬂuids inﬁltrated at high structural reliefs, warmed at depth, and then migrated through
diﬀused deformation around the fault tip. (b) During progressive deformation, new fractures develop and meteoric ﬂuids evolved at
increasing depths and temperatures. During these two initial fracturing events (F1-F2), the remote stress ﬁeld varied locally within the
process zone to generate steeply dipping fractures. (c) As the thrust developed, fractures F3 were formed in the footwall damage zone. The
orientation of these fractures reﬂects the far-ﬁeld stress regime unaltered by faulting. The ﬂuid involved in this stage evidences the
continuous increase in precipitation temperatures due to burial during thrust emplacement. From this stage, the thrust drained ﬂuids that
only inﬁltrated in the hanging wall. These ﬂuids were likely expelled from underlying Cretaceous carbonates due to rock compaction
during thrusting.
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5.3.2. Fluid System in the Hanging Wall. Calcite cement Cc4
precipitated within the main fault plane, within the fault core,
and within the randomly oriented fractures (crackle protobreccia) located in the hanging wall. The similarity between
δ13C values in Cc4 and its host carbonates, together with
the high Mg contents and the REY pattern showing a welldeﬁned negative Ce anomaly and a positive Y anomaly,
similar to that of the host rocks, indicates buﬀering of the
precipitating ﬂuid by the hanging wall carbonates
(Figures 9 and 12). This buﬀered composition of the ﬂuids
is also recorded in the δ18Oﬂuid obtained from clumped isotopes and yielding values between +0.7 and +1.9‰VSMOW.
However, the depletion in δ18O values in Cc4 in relation to
the adjacent rocks suggests that the system was opened to
advection of the vein-forming ﬂuid (Figures 9(a) and 9(b)).
The Mg/Ca and Sr/Ca molar ratios calculated for the ﬂuid
that precipitated Cc4 reveal the presence of formation waters,
which precipitated at temperatures between 93 and 96°C
(according to clumped isotope thermometry). The 87Sr/86Sr
ratio of Cc4, similar to that of the hanging wall host rock
(0.707718) in the crackle proto-breccia (0.707715), but more
radiogenic in the fault plane (0.707771) (Figure 11), reveals a
channelized ascending ﬂuid migrating through the thrust
plane towards the hanging wall, where it progressively
increased the ﬂuid-rock interaction. Cretaceous evaporated
seawater is the most probable source for these formation
ﬂuids, if we take into account that (i) Cretaceous carbonates
are broadly present around and underlying the studied
thrust, (ii) the 87Sr/86Sr ratios of Cc4 are consistent with Cretaceous seawater and the δ18Oﬂuid is slightly more enriched
with respect to marine values (Figure 10), and (iii) during
the Late Cretaceous, there was a transition from marine to
lagoonal and thus more restricted and evaporative conditions
[104]. Upward migration of Cretaceous connate seawater
was also reported during the postfolding stages of evolution
in the eastern part of the Sant Corneli-Bóixols anticline [37].
5.4. Thrust Zone Evolution. The successive deformation
stages, associated with diﬀerent fracture systems, record an
episodic evolution of the studied thrust zone. We interpret
this evolution to result from an upward propagation of the
fault tip leading to distributed deformation within the process zone before propagation of the fault [71, 89, 105, 106].
During initial fault growth, deformation at the fault tip,
i.e., within the process zone, was dominated by concentration
of dilatant (extensional) fracturing, giving rise to fractures
F1 and the mosaic to chaotic breccia from the footwall
(Figure 13(a)). The ﬂuid associated with this initial deformation stage responsible for precipitation of calcite cement Cc1
was a host-rock buﬀered meteoric ﬂuid. Meteoric ﬂuids
probably inﬁltrated the system on high structural reliefs that
were likely elevated during growth of the Sant CorneliBóixols anticline (Figure 13(a)). These ﬂuids warmed up to
~50°C at depth by a normal geothermal gradient and then
migrated through diﬀuse deformation developed in the process zone before the growth and propagation of the thrust slip
plane (Figure 13(a)) [71, 89, 105]. As deformation continued,
new dilatant fractures F2 developed, and F1 fractures reopened and randomly oriented fractures from the breccia con-
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tinued forming. This synchronicity is evidenced by the
presence of the same calcite cement (Cc2) in the aforementioned fractures. The second ﬂuid ﬂow event, associated with
the second deformation stage, was characterized by the progressive evolution of meteoric ﬂuids due to water-rock interactions at increasing depths and temperatures (Figure 13(b)).
During these two initial stages of deformation, the remote
stress ﬁelds varied locally in the process zone, allowing for
the formation of steeply dipping fractures (F1 and F2)
(Figures 13(a) and 13(b)).
Finally, the thrust slip plane propagated through the
process zone. Frictional processes occurred along the thrust
surface as well as the progressive weakening of the fault zone,
which led to the formation of the foliated cataclasite, characterized by S-C shear fabric, pressure solution seams, calcite
mineralization, and carbonate ﬁne-grained matrix. This
micritic matrix is petrographically similar to that of the hanging wall protolith (Figures 4(c) and 7(b) and 7(c)) and
displays comparable isotopic composition (Figure 9). These
observations indicate that the cataclasite matrix derived from
the hanging wall carbonates. During this period of thrust
sheet emplacement, fractures F3 developed. We interpret
that the orientation of these fractures represents the farﬁeld stress regime unaltered by faulting (Figure 13(c)). The
calcite cement Cc3, precipitated in fractures F3, reﬂects the
presence of formation ﬂuids and the progressive increase in
precipitation temperatures, up to ~117°C, which could indicate progressive burial during fault growth from calcite
cement Cc1 to Cc3 [107].
Later, the thrust acted as a preferential pathway for ﬂuids
that only inﬁltrated in the hanging wall block (Figure 13(c))
as indicated by the presence of the same calcite cement
(Cc4) along the thrust slip plane, in the fault core and within
the crackle proto-breccia from the hanging wall. Thus, this
observation corroborates the compartmentalization of the
ﬂuid system. As proposed in other settings where faults
compartmentalize ﬂuid ﬂow between the footwall and
hanging wall, the presence of veins without a preferred
structural orientation (i.e., randomly oriented veins) is
indicative of overpressured ﬂuid migrating during deformation. Pressured ﬂuids were likely expelled from Cretaceous
carbonates due to sediment compaction during thrust sheet
emplacement [77] (Figure 13(c)).
The interpreted evolution of the studied fault zone is
similar to models already proposed in other extensional settings during upward propagation of normal faults deforming
carbonate rocks [71, 80, 89, 105, 108, 109]. Therefore, the
comparison between these studies allows us to provide
insights into deformation processes and mechanisms related
to propagation of faults in diﬀerent geological settings. Interestingly, all these contributions reported an initial stage of
fault nucleation related to the development of a process zone
(in the fault tip) before individualization of the fault plane.
This period was characterized by the formation of hydraulic
extension fracturing and brecciation and the presence of a
ﬂuid in chemical equilibrium with the host rocks. Finally,
the progressive deformation resulted in the propagation of
the fault (slip plane) through the process zone and the circulation of external ﬂuids along the main slip surfaces (i.e.,
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longitudinal ﬂuid migration). These studies also reported an
evolution of the fracture connectivity, a continuous opening
of the ﬂuid regime, and a progressive change in the ﬂuid
composition and origin during the evolution of the fault
zone [80, 89, 105].
5.5. Structural Permeability: Thrust Sealing Capability and
Fluid Pressuring. The petrology and geochemistry of the
studied calcite cements indicate that the thrust separates
two compartments with diﬀerent deformation and ﬂuid ﬂow
patterns. It is therefore likely that the thrust acted as a transversal barrier for ﬂuids migrating between the footwall and
hanging wall. The barrier role of the thrust is attributed (i)
to the poor permeability of the foliated cataclasite and its
micritic carbonate matrix with concentration of clay minerals associated with pressure-solution surfaces and (ii) to
the nonporous character of the hanging wall carbonates
(i.e., wackestones). In the latter case, although it has not been
measured, the permeability is likely lower in the hanging wall
wackestones with respect to the footwall grainstones. Therefore, the thrust acted as a transversal barrier and a longitudinal drain from ﬂuids [15].
Additionally, considering the footwall damage zone as a
high fractured compartment, its structural permeability is
qualitatively evaluated. In this compartment, systematically
oriented fractures (F1 to F3) were cemented by three generations of calcite cement (Cc1 to Cc3) and the randomly oriented fractures were cemented by Cc1 and Cc2. This
evidences that the structural permeability was transient and
that successive episodes of fracturing added new pathways
to ﬂuids that were rapidly occluded by calcite precipitation
and sealing [18, 70]. According to theoretical models, the
presence of existing fractures appropriately oriented for reactivation prevents the formation of new fracturing events [10].
Therefore, a new fracturing episode developed when the previous fracture system regained cohesive strength by calcite
precipitation [10]. The fact that the calcite cements Cc1 to
Cc3 vary geochemically through time demonstrate that the
ﬂuid pathways, path lengths (associated with diﬀerent fracture sizes), and the extent of ﬂuid-rock interaction changed
during the thrust nucleation (process zone development)
and growth (thrust slip plane propagation), which has been
corroborated by the diﬀerent ﬂuid compositions and temperatures obtained from clumped isotopes. In the same location,
a previous study [42] documented the distribution of fractures developed in the footwall and discussed the permeability properties of the footwall damage zone in terms of
porosity creation and occluding processes based on structural analysis and crosscutting relationships between veins.
These authors also concluded that the footwall damage zone
had to be considered as a low-quality reservoir analogue
because any porosity developed during fracturing was rapidly
sealed by cementation processes [42].
The comparison between the above described scenario
and the model proposed in the Oman Mountains [26] highlights that ﬂuid behavior during thrusting greatly varies in
diﬀerent geological settings. In particular, the analysis of calcite cements precipitated across the fault zone in both studies
reveals that the thrust faults acted as transversal barriers to
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ﬂuid migration but were preferential paths for channelized
ﬂuids along the thrust planes (longitudinal drains). In the
studied outcrop, ﬂuids in the footwall did not reach the hanging wall because of the impermeable fault core rock (foliated
cataclasite) and a diﬀerent ﬂuid migrated upwards along the
thrust plane and towards the hanging wall. By contrast, in the
outcrop of Oman [26], ﬂuids migrated along the thrust fault
and towards the footwall, the only block in which syntectonic
fractures developed. Our contribution and that of [26] highlight the importance of a good understanding of the timing of
fracturing and the associated ﬂuids in order to characterize
the hydraulic behavior of a fault zone.

6. Conclusions
The studied thrust displaces a subvertical Upper Cretaceous
carbonate succession located in the southern limb of the Sant
Corneli-Bóixols anticline, in the Southern Pyrenees. Structural data together with petrological and geochemical analyses of synkinematic calcite veins developed within the fault
zone constrain the evolution of the structural permeability
and the thrust sealing capability and provide insights into
the paleoﬂuid system at the time of thrusting:
(i) The heterogeneous distribution of deformation
mechanisms across the thrust zone resulted in
strong host rock dissolution within the fault core
and calcite precipitation in veins within the damage
zone
(ii) The evolution of the thrust zone resulted from the
upward propagation of the fault tip, producing distributed deformation in the process zone and subsequent propagation of the fault (slip plane), similar to
the models already proposed for normal faults
deforming carbonate rocks. During this evolution,
the diﬀerent deformation and ﬂuid ﬂow histories in
the footwall and hanging wall indicate that the fault
core acted as a transversal barrier due to its low permeability associated with the foliated cataclasite
arrangement and matrix cementation. In the footwall, three systematically oriented fracture systems
(F1 to F3) and randomly oriented fractures developed during progressive deformation. The structural
permeability in the footwall damage zone was transient, and successive episodes of fracturing added
new pathways to ﬂuids but were rapidly occluded
by calcite precipitation. By contrast, in the hanging
wall, only randomly oriented fractures are present
(iii) Three calcite cements (Cc1 to Cc3) precipitated
within the fracture systems developed in the footwall. The petrology and geochemistry of Cc1 to
Cc3 reveal a progressive change in the ﬂuid origin
and/or composition from percolation of meteoric
ﬂuids at temperatures between 42 and 51°C to
upward migration of hotter formation waters at
temperatures between 105 and 117°C. On the other
hand, only one calcite cement (Cc4) precipitated in
the hanging wall and in the fault core from hot
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formation waters at 95°C. These formation ﬂuids
were probably expelled from Cretaceous carbonates
and migrated along the thrust plane towards the
hanging wall during deformation. The comparison
between the present study and previous data
reported in the eastern part of the Sant CorneliBóixols anticline reveals the same ﬂuid regimen
and evolution of the ﬂuid system during the postfolding stages of deformation in the whole anticline

Data Availability
All data used to support the ﬁndings of this study are
included within the article.

Conflicts of Interest
The authors declare that there is no conﬂict of interest
regarding the publication of this paper.

Acknowledgments
This research was carried out within the framework of the
Dirección General de Investigación Cientíﬁca y Técnica
Spanish Project (PGC2018-093903-B-C22) (Ministerio de
Ciencia, Innovación y Universidades/Agencia Estatal de
Investigación/Fondo Europeo de Desarrollo Regional, Unión
Europea) and the Grup Consolidat de Recerca “Geologia
Sedimentària” (2017-SGR-824). The PhD research of DM-L
is supported by the FPI2016 (BES-2016-077214) Spanish
program from MINECO.

References
[1] H. Watkins, D. Healy, C. E. Bond, and R. W. H. Butler,
“Implications of heterogeneous fracture distribution on reservoir quality; an analogue from the Torridon Group sandstone, Moine Thrust Belt, NW Scotland,” Journal of
Structural Geology, vol. 108, pp. 180–197, 2018.
[2] J. W. Cosgrove, “The association of folds and fractures and
the link between folding, fracturing and ﬂuid ﬂow during
the evolution of a fold–thrust belt: a brief review,” Geological
Society, London, Special Publications, vol. 421, no. 1, pp. 41–
68, 2015.
[3] A. Travé, P. Labaume, and J. Vergés, “Fluid systems in foreland fold-and-thrust belts: an overview from the Southern
Pyrenees,” in Thrust Belts and Foreland Basins, O. Lacombe,
F. Roure, J. Lavé, and J. Vergés, Eds., pp. 93–115, Frontiers
in Earth Sciences; Springer Berlin Heidelberg, Berlin, Heidelberg, 2007.
[4] E. Fitz-Diaz, P. Hudleston, L. Siebenaller et al., “Insights into
ﬂuid ﬂow and water-rock interaction during deformation of
carbonate sequences in the Mexican fold-thrust belt,” Journal
of Structural Geology, vol. 33, no. 8, pp. 1237–1253, 2011.
[5] J. Oliver, “Fluids expelled tectonically from orogenic belts:
their role in hydrocarbon migration and other geologic phenomena,” Geology, vol. 14, no. 2, p. 99, 1986.
[6] P. Muchez and M. Sintubin, “Contrasting origin of palaeoﬂuids in a strike-slip fault system,” Chemical Geology,
vol. 145, no. 1-2, pp. 105–114, 1998.

[7] A. Gudmundsson, “Fluid overpressure and ﬂow in fault
zones: ﬁeld measurements and models,” Tectonophysics,
vol. 336, no. 1-4, pp. 183–197, 2001.
[8] A. Gudmundsson, S. S. Berg, K. B. Lyslo, and E. Skurtveit,
“Fracture networks and ﬂuid transport in active fault zones,”
Journal of Structural Geology, vol. 23, no. 2-3, pp. 343–353,
2001.
[9] R. Sibson, “Frictional mechanics of seismogenic thrust systems in the upper continental crust—implications for ﬂuid
overpressures and redistribution,” Thrust Tectonics and
Hydrocarbon Systems, vol. 82, pp. 1–17, 2004.
[10] R. H. Sibson, “Tensile overpressure compartments on lowangle thrust faults,” Earth, Planets and Space, vol. 69, no. 1,
p. 113, 2017.
[11] R. H. Sibson, “Crustal stress, faulting and ﬂuid ﬂow,” Geological Society, London, Special Publications, vol. 78, no. 1,
pp. 69–84, 1994.
[12] C. Hilgers, D. L. Kirschner, J.-P. Breton, and J. L. Urai, “Fracture sealing and ﬂuid overpressures in limestones of the Jabal
Akhdar dome, Oman mountains,” Geoﬂuids, vol. 6, no. 2,
pp. 168–184, 2006.
[13] R. Sibson and J. Scott, “Stress/fault controls on the containment and release of overpressured ﬂuids: examples from
gold-quartz vein systems in Juneau, Alaska; Victoria, Australia and Otago, New Zealand,” Ore Geology Reviews, vol. 13,
no. 1-5, pp. 293–306, 1998.
[14] R. H. Sibson, “Arterial faults and their role in mineralizing
systems,” Geoscience Frontiers, vol. 10, no. 6, pp. 2093–
2100, 2019.
[15] J. S. Caine, J. P. Evans, and C. B. Forster, “Fault zone architecture and permeability structure,” Geology, vol. 24, no. 11,
p. 1025, 1996.
[16] S. J. Jolley, D. Barr, J. J. Walsh, and R. J. Knipe, “Structurally complex reservoirs: an introduction,” Geological Society, London, Special Publications, vol. 292, no. 1, pp. 1–24,
2007.
[17] F. Agosta, M. Alessandroni, M. Antonellini, E. Tondi, and
M. Giorgioni, “From fractures to ﬂow: a ﬁeld-based quantitative analysis of an outcropping carbonate reservoir,” Tectonophysics, vol. 490, no. 3-4, pp. 197–213, 2010.
[18] F. Agosta, M. Prasad, and A. Aydin, “Physical properties of
carbonate fault rocks, fucino basin (Central Italy): implications for fault seal in platform carbonates,” Geoﬂuids, vol. 7,
no. 1, pp. 19–32, 2007.
[19] S. Barker, Dynamics of ﬂuid ﬂow and ﬂuid chemistry during
crustal shortening, vol. 250, pp. 331–344, 2007.
[20] A. Taillefer, R. Soliva, L. Guillou-Frottier, E. Le Goﬀ,
G. Martin, and M. Seranne, “Fault-related controls on
upward hydrothermal ﬂow: an integrated geological study
of the Têt fault system, Eastern Pyrénées (France),” Geoﬂuids,
vol. 2017, 19 pages, 2017.
[21] A. Travé, P. Labaume, F. Calvet, and A. Soler, “Sediment
dewatering and pore ﬂuid migration along thrust faults in a
foreland basin inferred from isotopic and elemental geochemical analyses (Eocene southern Pyrenees, Spain),” Tectonophysics, vol. 282, no. 1-4, pp. 375–398, 1997.
[22] B. Lacroix, L. P. Baumgartner, A.-S. Bouvier, P. D. Kempton,
and T. Vennemann, “Multi ﬂuid-ﬂow record during episodic
mode I opening: a microstructural and SIMS study (Cotiella
thrust fault, Pyrenees),” Earth and Planetary Science Letters,
vol. 503, pp. 37–46, 2018.

Geoﬂuids
[23] V. Trincal, M. Buatier, D. Charpentier et al., “Fluid–rock
interactions related to metamorphic reducing ﬂuid ﬂow in
meta-sediments: example of the Pic-de-Port-Vieux thrust
(Pyrenees, Spain),” Contributions to Mineralogy and Petrology, vol. 172, no. 9, p. 78, 2017.
[24] A. Travé, P. Labaume, F. Calvet et al., “Fluid migration during
Eocene thrust emplacement in the south Pyrenean foreland
basin (Spain): an integrated structural, mineralogical and
geochemical approach,” Geological Society, London, Special
Publications, vol. 134, no. 1, pp. 163–188, 1998.
[25] L. F. Martinez Casas, A. Travé, D. Cruset, and D. MuñozLópez, “The Montagut fault system: geometry and ﬂuid ﬂow
analysis (Southern Pyrennes, Spain),” Petrogenesis and Exploration of the Earth’s Interior, pp. 211–214, 2019.
[26] L. Breesch, R. Swennen, and B. Vincent, “Fluid ﬂow reconstruction in hanging and footwall carbonates: compartmentalization by Cenozoic reverse faulting in the Northern
Oman Mountains (UAE),” Marine and Petroleum Geology,
vol. 26, no. 1, pp. 113–128, 2009.
[27] I. Moretti, P. Labaume, S. M. F. Sheppard, and J. Boulègue,
“Compartmentalisation of ﬂuid migration pathways in the
sub-Andean Zone, Bolivia,” Tectonophysics, vol. 348, no. 13, pp. 5–24, 2002.
[28] P. Choukroune, “The Ecors Pyrenean deep seismic proﬁle
reﬂection data and the overall structure of an orogenic belt,”
Tectonics, vol. 8, no. 1, pp. 23–39, 1989.
[29] S. P. Srivastava, H. Schouten, W. R. Roest et al., “Iberian plate
kinematics: a jumping plate boundary between Eurasia and
Africa,” Nature, vol. 344, no. 6268, pp. 756–759, 1990.
[30] J. A. Muñoz, “Evolution of a continental collision belt:
ECORS-Pyrenees crustal balanced cross-section,” in Thrust
Tectonics, pp. 235–246, Springer Netherlands, Dordrecht,
1992.
[31] J. Vergés and M. Fernàndez, “Tethys–Atlantic interaction
along the Iberia–Africa plate boundary: the Betic–Rif orogenic system,” Tectonophysics, vol. 579, pp. 144–172,
2012.
[32] J. A. Muñoz, “Fault-related folds in the southern Pyrenees,”
American Association of Petroleum Geologists Bulletin,
vol. 101, no. 4, pp. 579–587, 2017.
[33] J. A. Muñoz, A. Martinez, and J. Verges, “Thrust sequences in
the eastern Spanish Pyrenees,” Journal of Structural Geology,
vol. 8, no. 3-4, pp. 399–405, 1986.
[34] M. Seguret and M. Daignieres, “Crustal scale balanced crosssections of the Pyrenees; discussion,” Tectonophysics,
vol. 129, no. 1-4, pp. 303–318, 1986.
[35] F. Roure, P. Choukroune, X. Berastegui et al., “Ecors deep
seismic data and balanced cross sections: geometric constraints on the evolution of the Pyrenees,” Tectonics, vol. 8,
no. 1, pp. 41–50, 1989.
[36] J. Verges and J. A. Munoz, “Thrust sequence in the southern
central Pyrenees,” Bulletin de la Société Géologique de France,
vol. VI, no. 2, pp. 265–271, 1990.
[37] R. M. G. Bond and K. R. McClay, “Inversion of a Lower Cretaceous extensional basin, south central Pyrenees, Spain,”
Geological Society, London, Special Publications, vol. 88,
no. 1, pp. 415–431, 1995.
[38] J. Mencos, “Metodologies de reconstrucció i modelització 3D
d’estructures geològiques: anticlinal de Sant Corneli-Bóixols
(Pirineus centrals),” Universitat de Barcelona, 2010, PhD
thesis.

23
[39] S. Tavani, J. Mencos, J. Bausà, and J. A. Muñoz, “The fracture
pattern of the Sant Corneli Bóixols oblique inversion anticline (Spanish Pyrenees),” Journal of Structural Geology,
vol. 33, no. 11, pp. 1662–1680, 2011.
[40] J. M. Garcia-Senz, Cuencas Extensivas del Cretácico Inferior
en los Pirineos Centrales, formación y subsecuente inversión.
PhD Thesis, Universitat de Barcelona, Barcelona, 2002.
[41] J. Mencos, N. Carrera, and J. A. Muñoz, “Inﬂuence of rift
basin geometry on the subsequent postrift sedimentation
and basin inversion: the Organyà Basin and the Bóixols
thrust sheet (south central Pyrenees),” Tectonics, vol. 34,
no. 7, pp. 1452–1474, 2015.
[42] J. Gutmanis, L. Ardèvol i Oró, D. Díez-Canseco, L. Chebbihi,
A. Awdal, and A. Cook, “Fracture analysis of outcrop analogues to support modelling of the subseismic domain in carbonate reservoirs, south-central Pyrenees,” Geological
Society, London, Special Publications, vol. 459, no. 1,
pp. 139–156, 2018.
[43] J. Gallemí Paulet, R. Martínez Ribas, and J. Pons, Unidades
del Cretácico superior en los alrededores de San Corneli (Provincia de Lleida), Cuadernos de Geología Ibérica, Madrid,
Spain, 1982.
[44] P. H. W. Mey, P. J. C. Nagtegaal, K. J. Roberti, and J. J. A.
Hartevelt, “Lithostratigraphic subdivision of post-Hercynian
deposits in the South-Central Pyrenees,” Leidse geologische
mededelingen, vol. 41, pp. 221–228, 1968.
[45] J. M. McCrea, “On the isotopic chemistry of carbonates and a
paleotemperature scale,” The Journal of Chemical Physics,
vol. 18, no. 6, pp. 849–857, 1950.
[46] C. M. John and D. Bowen, “Community software for challenging isotope analysis: ﬁrst applications of ‘Easotope’ to
clumped isotopes,” Rapid Communications in Mass Spectrometry, vol. 30, no. 21, pp. 2285–2300, 2016.
[47] W. Guo, J. L. Mosenfelder, W. A. Goddard, and J. M. Eiler,
“Isotopic fractionations associated with phosphoric acid digestion of carbonate minerals: insights from ﬁrst-principles theoretical modeling and clumped isotope measurements,”
Geochimica et Cosmochimica Acta, vol. 73, no. 24, pp. 7203–
7225, 2009.
[48] K. W. Huntington, J. M. Eiler, H. P. Aﬀek et al., “Methods
and limitations of “clumped” CO2 isotope (Δ47) analysis by
gas-source isotope ratio mass spectrometry,” Journal of Mass
Spectrometry, vol. 44, no. 9, pp. 1318–1329, 2009.
[49] K. J. Dennis, H. P. Aﬀek, B. H. Passey, D. P. Schrag, and J. M.
Eiler, “Deﬁning an absolute reference frame for ‘clumped’
isotope studies of CO2,” Geochimica et Cosmochimica Acta,
vol. 75, no. 22, pp. 7117–7131, 2011.
[50] S.-T. Kim and J. R. O’Neil, “Equilibrium and nonequilibrium
oxygen isotope eﬀects in synthetic carbonates,” Geochimica et
Cosmochimica Acta, vol. 61, no. 16, pp. 3461–3475, 1997.
[51] T. Kluge, C. M. John, A.-L. Jourdan, S. Davis, and
J. Crawshaw, “Laboratory calibration of the calcium carbonate clumped isotope thermometer in the 25–250 °C temperature range,” Geochimica et Cosmochimica Acta, vol. 157,
pp. 213–227, 2015.
[52] N. H. Woodcock and K. Mort, “Classiﬁcation of fault breccias
and related fault rocks,” Geological Magazine, vol. 145, no. 3,
pp. 435–440, 2008.
[53] J. Veizer, D. Ala, K. Azmy et al., “87Sr/86Sr, δ13C and δ18O
evolution of Phanerozoic seawater,” Chemical Geology,
vol. 161, no. 1-3, pp. 59–88, 1999.

24
[54] C. Delle Piane, M. B. Clennell, J. V. A. Keller, A. Giwelli, and
V. Luzin, “Carbonate hosted fault rocks: a review of structural
and microstructural characteristic with implications for seismicity in the upper crust,” Journal of Structural Geology,
vol. 103, pp. 17–36, 2017.
[55] G. S. Lister and A. W. Snoke, “S-C mylonites,” Journal of
Structural Geology, vol. 6, no. 6, pp. 617–638, 1984.
[56] J. M. McArthur and R. J. Howarth, “Shields, G.A. Strontium
isotope stratigraphy,” in The Geologic Time Scale, vol. 1–2,
pp. 127–144, Elsevier, 2012.
[57] W. L. McIntire, “Trace element partition coeﬃcients-a review
of theory and applications to geology,” Geochimica et Cosmochimica Acta, vol. 27, no. 12, pp. 1209–1264, 1963.
[58] A. Mucci and J. W. Morse, “The incorporation of Mg2+ and
Sr2+ into calcite overgrowths: inﬂuences of growth rate and
solution composition,” Geochimica et Cosmochimica Acta,
vol. 47, no. 2, pp. 217–233, 1983.
[59] A. Katz, “The interaction of magnesium with calcite during
crystal growth at 25-90°C and one atmosphere,” Geochimica et Cosmochimica Acta, vol. 37, no. 6, pp. 1563–
1586, 1973.
[60] A. Katz, E. Sass, A. Starinsky, and H. D. Holland, “Strontium
behavior in the aragonite-calcite transformation: an experimental study at 40-98°C,” Geochimica et Cosmochimica Acta,
vol. 36, no. 4, pp. 481–496, 1972.
[61] D. J. J. Kinsman, “Interpretation of Sr+2 concentrations in
carbonate minerals and rocks,” SEPM Journal of Sedimentary
Research, vol. Vol. 39, 1969.
[62] M. Bau and P. Dulski, “Distribution of yttrium and rare-earth
elements in the Penge and Kuruman iron-formations, Transvaal Supergroup, South Africa,” Precambrian Research,
vol. 79, no. 1-2, pp. 37–55, 1996.
[63] G. E. Webb and B. S. Kamber, “Rare earth elements in Holocene reefal microbialites: a new shallow seawater proxy,” Geochimica et Cosmochimica Acta, vol. 64, no. 9, pp. 1557–1565,
2000.
[64] F. Salvini, A. Billi, and D. U. Wise, “Strike-slip faultpropagation cleavage in carbonate rocks: the Mattinata fault
zone, southern Apennines, Italy,” Journal of Structural Geology, vol. 21, no. 12, pp. 1731–1749, 1999.
[65] B. Lacroix, A. Travé, M. Buatier, P. Labaume, T. Vennemann,
and M. Dubois, “Syntectonic ﬂuid-ﬂow along thrust faults:
example of the south-Pyrenean fold-and-thrust belt,” Marine
and Petroleum Geology, vol. 49, pp. 84–98, 2014.
[66] P. D. Bons, M. A. Elburg, and E. Gomez-Rivas, “A review of
the formation of tectonic veins and their microstructures,”
Journal of Structural Geology, vol. 43, pp. 33–62, 2012.
[67] K. Bitzer, A. Travé, and J. M. Carmona, “Fluid ﬂow processes
at basin scale,” Acta Geologica Hispánica, vol. 36, pp. 1–20,
2001.
[68] R. H. Sibson, “Brittle-failure controls on maximum sustainable overpressure in diﬀerent tectonic regimes,” American
Association of Petroleum Geologists Bulletin, vol. 87, no. 6,
pp. 901–908, 2003.
[69] D. M. Saﬀer and H. J. Tobin, “Hydrogeology and mechanics
of subduction zone forearcs: ﬂuid ﬂow and pore pressure,”
Annual Review of Earth and Planetary Sciences, vol. 39,
no. 1, pp. 157–186, 2011.
[70] V. F. Bense, T. Gleeson, S. E. Loveless, O. Bour, and J. Scibek,
“Fault zone hydrogeology,” Earth-Science Reviews, vol. 127,
pp. 171–192, 2013.

Geoﬂuids
[71] J. M. Vermilye and C. H. Scholz, “The process zone: a microstructural view of fault growth,” Journal of Geophysical
Research - Solid Earth, vol. 103, no. B6, pp. 12223–12237,
1998.
[72] P. Upton, M. Begbie, and D. Craw, “Numerical modelling of
mechanical controls on coeval steep and shallow dipping
auriferous quartz vein formation in a thrust zone, Macraes
mine, New Zealand,” Mineralium Deposita, vol. 43, no. 1,
pp. 23–35, 2008.
[73] M. J. Begbie and D. Craw, “Geometry and petrography of
stockwork vein swarms, macraes mine, Otago schist, New
Zealand,” New Zealand Journal of Geology and Geophysics,
vol. 49, no. 1, pp. 63–73, 2006.
[74] R. L. Enlow and P. O. Koons, “Critical wedges in three dimensions: analytical expressions from Mohr-Coulomb constrained perturbation analysis,” Journal of Geophysical
Research - Solid Earth, vol. 103, no. B3, pp. 4897–4914, 1998.
[75] J. J. Wilkinson and J. D. Johnston, “Pressure ﬂuctuations,
phase separation, and gold precipitation during seismic fracture propagation,” Geology, vol. 24, no. 5, pp. 395–398, 1996.
[76] C. H. Scholz, N. H. Dawers, J.-Z. Yu, M. H. Anders, and P. A.
Cowie, “Fault growth and fault scaling laws: preliminary
results,” Journal of Geophysical Research - Solid Earth,
vol. 98, no. B12, pp. 21951–21961, 1993.
[77] B. Dewever, R. Swennen, and L. Breesch, “Fluid ﬂow compartmentalization in the Sicilian fold and thrust belt: implications for the regional aqueous ﬂuid ﬂow and oil migration
history,” Tectonophysics, vol. 591, pp. 194–209, 2013.
[78] Y. Branquet, A. Cheilletz, G. Giuliani, B. Laumonier, and
O. Blanco, “Fluidized hydrothermal breccia in dilatant faults
during thrusting: the Colombian emerald deposits,” Geological Society, London, Special Publications, vol. 155, no. 1,
pp. 183–195, 1999.
[79] S. F. J. Cox, M. A. Knackstedt, and J. W. Braun, “Principles of
structural control on permeability and ﬂuid ﬂow in hydrothermal systems,” Structural Controls on Ore Genesis; Society
of Economic Geologists, pp. 1–24, 2001.
[80] M. Bussolotto, A. Benedicto, L. Moen-Maurel, and
C. Invernizzi, “Fault deformation mechanisms and fault
rocks in micritic limestones: examples from Corinth rift normal faults,” Journal of Structural Geology, vol. 77, pp. 191–
212, 2015.
[81] R. H. Sibson, “Structural permeability of ﬂuid-driven faultfracture meshes,” Journal of Structural Geology, vol. 18,
no. 8, pp. 1031–1042, 1996.
[82] P. Labaume, S. Sheppard, and I. Moretti, “Structure and
hydraulic behaviour of cataclastic thrust fault zones in sandstones, Sub-Andean Zone, Bolivia,” Journal of Geochemical
Exploration, vol. 69-70, pp. 487–492, 2000.
[83] I. Moretti, P. Labaume, S. Sheppard, and J. Boulegue, “Compartmentalisation of ﬂuid ﬂow by thrust faults, Sub-Andean
Zone, Bolivia,” Journal of Geochemical Exploration, vol. 69–
70, pp. 493–497, 2000.
[84] R. Tostevin, G. A. Shields, G. M. Tarbuck, T. He, M. O. Clarkson, and R. A. Wood, “Eﬀective use of cerium anomalies as a
redox proxy in carbonate-dominated marine settings,”
Chemical Geology, vol. 438, pp. 146–162, 2016.
[85] H. Irwin, C. Curtis, and M. Coleman, “Isotopic evidence
for source of diagenetic carbonates formed during burial
of organic-rich sediments,” Nature, vol. 269, no. 5625,
pp. 209–213, 1977.

Geoﬂuids
[86] T. E. Cerling, J. Quade, Y. Wang, and J. R. Bowman, “Carbon
isotopes in soils and palaeosols as ecology and palaeoecology
indicators,” Nature, vol. 341, no. 6238, pp. 138-139, 1989.
[87] M. R. Howson, A. D. Pethybridge, and W. A. House, “Synthesis and distribution coeﬃcient of low-magnesium calcites,”
Chemical Geology, vol. 64, no. 1-2, pp. 79–87, 1987.
[88] I. Cantarero, A. Travé, G. Alías, and V. Baqués, “Pedogenic
products sealing normal faults (Barcelona Plain, NE Spain),”
Journal of Geochemical Exploration, vol. 106, no. 1-3, pp. 44–
52, 2010.
[89] V. Baqués, A. Travé, A. Benedicto, P. Labaume, and
I. Cantarero, “Relationships between carbonate fault rocks
and ﬂuid ﬂow regime during propagation of the Neogene
extensional faults of the Penedès basin (Catalan Coastal
Ranges, NE Spain),” Journal of Geochemical Exploration,
vol. 106, no. 1-3, pp. 24–33, 2010.
[90] S. Boggs and D. Krinsley, Application of Cathodoluminescence Imaging to the Study of Sedimentary Rocks, Cambridge
University Press, Cambridge, UK, 2006.
[91] V. Vandeginste, R. Swennen, M. Allaeys, R. M. Ellam,
K. Osadetz, and F. Roure, “Challenges of structural diagenesis
in foreland fold-and-thrust belts: a case study on paleoﬂuid
ﬂow in the Canadian Rocky Mountains West of Calgary,”
Marine and Petroleum Geology, vol. 35, no. 1, pp. 235–251,
2012.
[92] N. Beaudoin, N. Bellahsen, O. Lacombe, and L. Emmanuel,
“Fracture-controlled paleohydrogeology in a basementcored, fault-related fold: Sheep Mountain Anticline, Wyoming, United States,” Geochemistry, Geophysics, Geosystems,
vol. 12, no. 6, 2011.
[93] H. G. Machel, “Application of cathodoluminescence to carbonate diagenesis,” in Cathodoluminescence in Geosciences,
pp. 271–301, Springer Berlin Heidelberg, Berlin, Heidelberg,
2000.
[94] R. Worden, “Quantitative diagenesis: recent developments
and applications to reservoir geology,” Marine and Petroleum
Geology, vol. 13, no. 5, pp. 597-598, 1996.
[95] A. Travé, F. Calvet, M. Sans, J. Vergés, and M. Thirlwall,
“Fluid history related to the Alpine compression at the margin of the south-Pyrenean foreland basin: the El Guix anticline,” Tectonophysics, vol. 321, no. 1, pp. 73–102, 2000.
[96] I. P. Montañez and L. J. Crossey, “Diagenesis,” in Encyclopedia of Geochemistry, W. M. White, Ed., Encyclopedia of Earth
Sciences Series; Springer International Publishing, Cham,
2017.
[97] P. Nuriel, G. Rosenbaum, J.-X. Zhao et al., “U-Th dating of
striated fault planes,” Geology, vol. 40, no. 7, pp. 647–650,
2012.
[98] N. Vilasi, R. Swennen, and F. Roure, “Diagenesis and fracturing of Paleocene-Eocene carbonate turbidite systems in the
Ionian Basin: the example of the Kelçyra area (Albania),”
Journal of Geochemical Exploration, vol. 89, no. 1-3,
pp. 409–413, 2006.
[99] L. Lefticariu, E. C. Perry, M. P. Fischer, and J. L. Banner,
“Evolution of ﬂuid compartmentalization in a detachment
fold complex,” Geology, vol. 33, no. 1, p. 69, 2005.
[100] M. P. Fischer, I. C. Higuera-Díaz, M. A. Evans, E. C. Perry,
and L. Lefticariu, “Fracture-controlled paleohydrology in a
map-scale detachment fold: insights from the analysis of ﬂuid
inclusions in calcite and quartz veins,” Journal of Structural
Geology, vol. 31, no. 12, pp. 1490–1510, 2009.

25
[101] M. A. Evans, G. E. Bebout, and C. H. Brown, “Changing ﬂuid
conditions during folding: an example from the Central
Appalachians,” Tectonophysics, vol. 576-577, pp. 99–115,
2012.
[102] D. Cruset, I. Cantarero, J. Vergés, C. M. John, D. MuñozLópez, and A. Travé, “Changes in ﬂuid regime in synorogenic sediments during the growth of the south Pyrenean
fold and thrust belt,” Global and Planetary Change, vol. 171,
pp. 207–224, 2018.
[103] N. Nardini, D. Muñoz-López, D. Cruset et al., “From early
contraction to post-folding ﬂuid evolution in the frontal part
of the Bóixols thrust sheet (Southern Pyrenees) as revealed by
the texture and geochemistry of calcite cements,” Minerals,
vol. 9, no. 2, p. 117, 2019.
[104] O. Oms, V. Fondevilla, V. Riera et al., “Transitional environments of the lower Maastrichtian South-Pyrenean Basin
(Catalonia, Spain): the Fumanya member tidal ﬂat,” Cretaceous Research, vol. 57, pp. 428–442, 2016.
[105] P. Labaume, E. Carrio-Schaﬀhauser, J.-F. Gamond, and
F. Renard, “Deformation mechanisms and ﬂuid-driven mass
transfers in the recent fault zones of the Corinth Rift
(Greece),” Comptes Rendus Geoscience, vol. 336, no. 4-5,
pp. 375–383, 2004.
[106] Z. Reches and D. A. Lockner, “Nucleation and growth of
faults in brittle rocks,” Journal of Geophysical Research-Solid
Earth, vol. 99, no. B9, pp. 18159–18173, 1994.
[107] F. X. Passelègue, O. Fabbri, M. Dubois, and S. Ventalon,
“Fluid overpressure along an Oligocene out-of-sequence
thrust in the Shimanto Belt, SW Japan,” Journal of Asian
Earth Sciences, vol. 86, pp. 12–24, 2014.
[108] I. S. Stewart and P. L. Hancock, “Brecciation and fracturing
within neotectonic normal fault zones in the Aegean region,”
Geological Society, London, Special Publications, vol. 54, no. 1,
pp. 105–110, 1990.
[109] I. S. Stewart and P. L. Hancock, “Normal fault zone evolution
and fault scarp degradation in the Aegean region,” Basin
Research, vol. 1, pp. 139–153, 1988.

Hindawi
Geoﬂuids
Volume 2020, Article ID 9647197, 25 pages
https://doi.org/10.1155/2020/9647197

Research Article
Structural Controls on Shallow Cenozoic Fluid Flow in the Otago
Schist, New Zealand
Simon C. Holbek ,1 Madison Frank,1 James M. Scott,1 Steven A. F. Smith,1
Petrus J. le Roux,2 Tod E. Waight,3 Robert Van Hale,4 Malcolm R. Reid,4,5
and Claudine H. Stirling4,5
1

Department of Geology, University of Otago, Dunedin 9054, New Zealand
Department of Geological Sciences, University of Cape Town, Rondebosch 7700, South Africa
3
Department of Geosciences and Natural Resources Management (Geology Section), University of Copenhagen,
Copenhagen K, Denmark
4
Department of Chemistry, University of Otago, Dunedin 9054, New Zealand
5
Centre for Trace Element Analysis, University of Otago, Dunedin 9054, New Zealand
2

Correspondence should be addressed to Simon C. Holbek; simon.holbek@gmail.com
Received 14 October 2019; Revised 2 July 2020; Accepted 13 July 2020; Published 25 August 2020
Academic Editor: Antonio Benedicto
Copyright © 2020 Simon C. Holbek et al. This is an open access article distributed under the Creative Commons Attribution License,
which permits unrestricted use, distribution, and reproduction in any medium, provided the original work is properly cited.
The Otago Schist in the South Island of New Zealand represents an exhumed Mesozoic accretionary prism. Two coastal areas
(Akatore Creek and Bruce Rocks) south of Dunedin preserve structural and geochemical evidence for the development of
postmetamorphic hydrothermal systems that involved widespread ﬂuid-rock reaction at shallow crustal depths. The Jurassic to
Triassic pumpellyite-actinolite (Akatore Creek) to upper greenschist facies (Bruce Rocks) metamorphic fabrics were crosscut by
sets of regionally extensive Cretaceous exhumation joints. Many of the joints were subsequently reactivated to form networks of
small-displacement (<metres) strike-slip faults containing cemented fault breccias and veins composed of hydrothermal calcite,
siderite, and ankerite. Paleostress analysis performed on infrequent fault slickenlines indicates an overall strike-slip paleostress
regime and a paleo-σ1 orientation (azimuth 094°) similar to the contemporary σ1 orientation in Otago and Canterbury (azimuth
c. 110°-120°). High δ18O values in vein calcite (δ18 OVPDB = 21 to 28‰), together with the predominance of Type I calcite twins,
suggest that vein formation occurred at low temperatures (<200°C) in the shallow crust and was associated with strongly
channelized ﬂuid ﬂow along the joint and fault networks. Mass-balance calculations performed on samples from carbonate
alteration zones show that signiﬁcant mobilisation of elements occurred during ﬂuid ﬂow and ﬂuid-rock reaction. Whole-rock
and in situ carbonate 87Sr/86Sr data indicate varying degrees of interaction between the hydrothermal ﬂuids and the host rock
schists. Fluids were likely derived from the breakdown of metamorphic Ca-rich mineral phases with low 87Rb in the host schists
(e.g., epidote or calcite), as well as more radiogenic components such as mica. Overall, the ﬁeld and geochemical data suggest
that shallow ﬂuid ﬂow in the ﬁeld areas was channelized along foliation surfaces, exhumation joints, and networks of brittle
faults, and that these structures controlled the distribution of ﬂuid-rock reactions and hydrothermal veins. The brittle fault
networks and associated hydrothermal systems are interpreted to have formed after the onset of Early Miocene compression in
the South Island and may represent the manifestation of fracturing and ﬂuid ﬂow associated with reverse reactivation of
regional-scale faults such as the nearby Akatore Fault.

1. Introduction
Interactions between brittle faulting, ﬂuid ﬂow, alteration,
and mineralization in the upper crust can strongly inﬂuence

rock physical properties and strength [1–3], seismogenic
potential and the distribution of earthquake sequences [4–
6], and the evolution and geometry of mineralized zones. In
the South Island of New Zealand, the timing and distribution
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of ﬂuid ﬂow along basement-hosted brittle-ductile shear
zones controlled the formation of ore deposits, especially
orogenic gold deposits [7–11]. However, relatively few
studies have been performed with the aim of establishing a
structural and geochemical framework for ﬂuid ﬂow and
mineralization events that occurred at relatively shallow
crustal levels in regionally extensive basement schists.
The Otago Schist (Figure 1) contains well-studied examples of paleohydrothermal systems that developed within
midcrustal faults and shear zones at various stages of regional
metamorphism and exhumation [8–13]. However, there are
also excellent examples of shallow paleohydrothermal systems that are relatively poorly understood. The purpose of
this study is to determine the main structural and geochemical processes that inﬂuenced shallow ﬂuid ﬂow and mineralization within the Otago Schists. This will help to constrain
the potential sources of ﬂuids in shallow basement rocks, as
well as the role of preexisting structures in controlling patterns
of faulting and ﬂuid ﬂow. We characterise the structure and
geochemistry of carbonate-bearing fault and vein networks
and show that hydrothermal ﬂuids were strongly channelized
along brittle faults that developed in many cases by reactivation of preexisting exhumation joints. Whole-rock geochemistry, coupled with in situ mineral 87Sr/86Sr, δ13C, and δ18O
analyses, enables the interpretation of ﬂuid pathways and the
main ﬂuid-rock reactions that occurred during faulting.

2. Regional Geology and Active Tectonics
New Zealand is composed of two main geological provinces,
the Western and Eastern Provinces, which are intruded by
the Median Batholith [14, 15] (Figure 1(a)). Metasedimentary rocks in the Western Province deﬁne a series of tectonostratigraphic terranes that formed on the Cambrian to
Ordovician Gondwana margin, which were subsequently
intruded by plutonic rocks [16]. The Eastern Province, which
contains the Otago Schists studied here, represents the forearc and accretionary prism to the Mesozoic Gondwana margin [16] (Figures 1(b) and 1(c)). Active tectonics in the South
Island of New Zealand is dominated by the Alpine Fault
system, which represents the present-day boundary between
the Australian and Paciﬁc Plates. Motion along the Alpine
Fault is predominantly dextral strike-slip, but a signiﬁcant
component of dip-slip has caused formation of the Southern
Alps mountain range and has resulted in te exhumation of
the middle to upper crustal rocks at the surface (e.g., [17]).
Our study area on the coastline south of Dunedin City is
in the Eastern Province Permian-Triassic Rakaia Terrane and
Caples Terrane/Chrystalls Beach Complex (Figures 1(b) and
1(c)). These terranes were formed on the submarine convergent margin of Gondwana and are dominated by metaturbidites, although the Rakaia Terrane is slightly more SiO2 rich
than the Caples Terrane and is thought to have been derived
from a more continental source [18]. The Chrystalls Beach
Complex is a predominantly metasedimentary mélange that
also contains rare metabasalts and metavolcanics and is
interpreted as either an atypical part of the Caples Terrane
or an intervening microterrane [19, 20]. The continental
source for the Rakaia Terrane is suggested by whole-rock
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Sr/86Sr isotope data (at 135 Ma) that show it to be more
radiogenic (87 Sr/86 Srð135 MaÞ > 0:7065) than the Caples Terrane (87 Sr/86 Srð135 MaÞ < 0:7055) or the Chrystalls Beach
Complex (0.7052 and 0.7064) [21–25].
The Rakaia-Caples/Chrystalls Beach rocks experienced
metamorphism and deformation within the Mesozoic accretionary prism, which led to formation of an expansive schist
belt termed the Otago Schist (Figure 1(c)). The Otago Schist
was metamorphosed at prehnite-pumpellyite to upper greenschist facies conditions between ~200 Ma and 135 Ma, with the
metamorphic peak estimated to have been ~140-135 Ma [22,
26–28]. Crustal xenoliths in intraplate basalts indicate that
the lower Otago crust was aﬀected by granulite to ultra-hightemperature metamorphic conditions at ~92 Ma [29].
Progressive exhumation of the Mesozoic accretionary
prism from the Early Cretaceous resulted in the formation of
regionally extensive exhumation joints and associated fracture
systems in the Otago Schist [28, 30, 31]. The orientation of
these joints is mainly perpendicular to the metamorphic foliation and, in cases where a stretching lineation or metamorphic
rodding is present, suborthogonal to the linear fabrics [31].
Joints are most abundant in greenschist facies rocks and less
abundant at lower metamorphic grades (prehnite-pumpellyte
facies) [31]. Following the development of the modern Alpine
Fault plate boundary in the Early Miocene, much of the South
Island of New Zealand experienced compressional inversion,
which resulted in widespread reverse reactivation of normal
faults that had initially formed in response to Late Cretaceous–Oligocene rifting and basin subsidence [32, 33]. One of
the major reactivated faults is the Akatore Fault, which strikes
NE-SW and dips steeply (c. 60-70°) to the SE in the study area
(Figure 1(b)). The Akatore Fault is the easternmost onshore
structure in the active Otago reverse fault province [34], which
contains several active reverse faults striking NE-SW to NNESSW. The Akatore Fault hosted at least three M7.0 reversefault earthquakes between 13,317 B.C. and 1278 A.D [35].
Analysis of borehole breakouts and earthquake focal mechanisms indicates that the contemporary crustal stress ﬁeld in
the South Island is relatively homogenous and is characterized
in most areas (including Otago) by a regional strike-slip stress
regime (i.e., σ2 is subvertical) and a maximum horizontal compressive stress axis (σ1 ) between c. 110° and 120° [36–42]. This
σ1 orientation is broadly compatible with active reverse faulting
along NE-NNE striking structures, although this would require
σ3 to be subvertical in a typical “Andersonian” faulting regime.
Analysis of stress ratios throughout New Zealand shows that σ2
is comparable in magnitude to σ3 in the lower South Island,
suggesting that switching between strike-slip and reverse-fault
stress regimes may be possible [41]. A scenario in which σ1 >
σvertical = σ2 ~ σ3 , with possible switching between stress
regimes, was also suggested to explain the mixture of strikeslip and reverse fault ruptures observed during the 2010-2011
Canterbury earthquake sequence [40].

3. Analytical Methods
3.1. Paleostress Analysis of Brittle Faults. Win_TENSOR was
used to determine paleostress orientations by analysing
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Figure 1: Geological setting of the ﬁeld areas. (a) Simpliﬁed map of the South Island of New Zealand showing the Otago Schist and Alpine
Schist. (b) Map showing the distribution of metamorphic facies in the Otago Schist, metamorphic terranes, the Chrystalls Beach Complex,
and the Akatore Fault, together with the ﬁeld locations at Akatore Creek and Bruce Rocks. Stereoplot in the bottom-left corner illustrates
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breakout data (after [39] and [41]). (c) Simpliﬁed cross-section through the Otago Schist showing the regional scale antiformal structure.
Schematic relationship to the Mesozoic accretionary prism is also shown [43].

slickenlines preserved on small-displacement fault surfaces
[44]. Only ten strike-slip faults with slickenlines and
unequivocal shear sense could be identiﬁed in the ﬁeld due

to poor preservation of kinematic indicators on schisthosted fault surfaces. The small dataset limits interpretations
of the paleostress conditions; however, a qualitative
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comparison can be made between the reconstructed paleostress orientations and the contemporary stress ﬁeld summarized in the previous section.
3.2. Geochemical Analysis of Carbonate Veins and Fault Rock
Matrices. Major element compositions were determined in
situ on single minerals using a JEOL JXA-8200 Superprobe
at the University of Copenhagen, Denmark, and a Zeiss
scanning electron microscope (SEM) at the University of
Otago Micro and Nanoscale Imaging facility (OMNI). The
Superprobe operated with an acceleration voltage of 15 kV,
a beam current of 15 nA, and a spot size of 5 μm, whereas
the SEM operated with an acceleration voltage of 15 kV and
a beam current of 2.7 nA.
Whole-rock major and trace element compositions were
determined by ALS Minerals in Brisbane, Australia, by
inductively coupled plasma-atomic emission spectroscopy
(ICP-AES) or by coupled plasma-atomic mass spectroscopy
(ICP-MS). Loss on ignition (LOI) was measured by weighing
one gram of sample powder, prior to and after experiencing
1000°C for one hour.
143
Nd/144Nd and 87Sr/86Sr whole-rock isotope data were
measured at the University of Cape Town on a NuPlasma
HR in the MC-ICP-MS Facility. Samples were dissolved in
HF : HNO3 solution for 48 hours at 140°C and subsequently
dried down and converted to nitrate followed by standard
chemistry to separated Nd and Sr [45, 46]. The reference
standards were JNdi-1 for the Nd isotopes and NIST
SRM987 for the Sr isotopes [47].
In situ trace element concentrations and Sr isotope
data were measured using Laser Ablation Multiple Collector Inductively Coupled Plasma Mass Spectrometry (LAMC-ICP-MS) in the Department of Chemistry, Centre
for Trace Element Analysis, University of Otago. An
Applied Spectra RESOlution 193 m laser ablation system
with an M-50 laser ablation cell coupled to a Nu
Plasma-HR MC-ICP-MS instrument collected data directly
on thin sections. The instrument laser was operated with
an on-sample ﬂuence of 2.5 J/cm2 at a laser repetition rate
at about 5 Hz with a stage propagation speed of 5-10 μm/s
on a targeted area with data collected in time-resolved
mode. The concentration of in situ trace elements was collected with a spot diameter of 50 μm, where the ablated
material is ionised and measured by quadrupole ICP-MS.
Reference materials were analysed repeatedly against NIST
610 glass and combined with measured Ca of carbonate
mineral grains for corrections. In situ 87Sr/86Sr data were
collected as line transects on thin sections at a propagation
speed of 5-10 μm/s. A 2 Hz preablation run was programmed to clean the surface of the track before ablations,
where He gas transferred the ablated material into the
ICP-MS. Six collector chambers in the ICP-MS were set
to collect material with atomic masses from 82 to 88,
representing the masses of Sr, Rb, and Kr, and are used
to correct the isotopic values measured, due to overlapping
atomic masses between the isotopic element of Sr, Rb, and
Kr. The Sr data were collected and reduced [48].
Target carbonate phases were microdrilled with a target
weight up to 2000 μg ± 200 μg. δ13C (δ13 C = 13C/12 C) and
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δ18O (δ18 O = 18O/16 O) analyses were conducted on the Isotopic Ratio Mass Spectrometer (IRMS) with Thermo Delta
Plus XP coupled to a trace GC ultra with a combi PAL autosampler at the Department of Chemistry, University of
Otago. Samples were sealed and air was replaced by helium.
Five drops of phosphoric acid were applied, followed by
100 μl aliquot of the evolved CO2-He gas which was later
extracted and injected into the IRMS. The standards NBS18, IRU-Marble, and NBS-19 were used to calibrate the
instrument and along with laboratory standards IRUMarble and Atlantis3 (marine carbonate) to determine the
precision and accuracy.

4. Results
4.1. Structural Geology of Akatore Creek and Bruce Rocks.
Akatore Creek and Bruce Rocks are located on the southern
limb of a regional-scale antiform in the dominantly quartzofeldspathic Otago Schist (Figure 1; [28, 49]). The main protolith lithologies to the Otago Schist are mudstone and
sandstone, which are overprinted by a metamorphic foliation
in both ﬁeld areas. The combination of quartz, albite, chlorite, and muscovite, together with minor epidote, titanite,
and calcite at Bruce Rocks indicates greenschist facies conditions, whereas the occurrence of pumpellyite at Akatore
Creek indicates prehnite-pumpellyite facies metamorphic
conditions [49]. Whole rock Ar-Ar and Rb-Sr data indicate
that the metamorphic assemblages in both areas formed in
the Late Jurassic to Early Cretaceous [22, 28, 49].
4.2. Metamorphic Foliation and Exhumation Joints. Foliation
measurements in both ﬁeld areas are tightly clustered. At
Akatore Creek, the metamorphic foliation is shallowly east
dipping, whereas at Bruce Rocks, the foliation dips moderately to the southwest (Figures 2(a) and 2(b)). The foliation
in both areas is crosscut by pervasively developed sets of
exhumation joints, interpreted to have formed during
Early–Late Cretaceous exhumation due to release of residual
elastic strain [31]. The joints commonly formed at large
angles to the metamorphic foliation (Figures 2(c), 2(d), 3,
4(a), and 4(b)) and are relatively planar for distances of
metres to tens of metres (Figure 3). The spacing between adjacent joints varies from a few centimetres to a few metres
(Figures 3, 4(a), and 4(b)). At Akatore Creek, there are three
main sets of exhumation joints that are all steeply dipping
(Figures 2(c), 3, and 4(a)): (set 1) SE-NW striking, (set 2) EW striking, and (set 3) N-S striking. At Bruce Rocks, the joints
form one main set that strikes E-W and is moderately to
steeply N-dipping (Figures 2(d) and 4(b)). Joints frequently
occur with stepped geometries, where the tips of adjacent
joints overlap by a few centimetres to tens of centimetres.
4.3. Brittle Faults Containing Carbonate Veins and
Carbonate-Cemented Breccias. Many of the exhumation
joints were reactivated as small displacement strike-slip
faults, which are present as networks of linked faults visible
across the coastal platforms (Figure 3). Thus, many of the
brittle faults inherited the orientations and relatively planar
nature of the preexisting joints (Figures 2(e), 2(f), 3, and 4).
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At Akatore Creek, the two dominant sets of steeply dipping faults (SE-NW striking and E-W striking) have similar orientations to the main sets of exhumation joints
(Figures 2(e), 3, 4(c), and 4(e)). Where the kinematics
and shear sense of the steeply dipping faults could be
determined (n = 10), they show that the faults form conjugate sets of strike-slip to slightly oblique-slip faults
(Figures 2(g) and 3). Analysis of paleostress using infrequent slickenlines preserved on fault surfaces at Akatore
Creek gives the following principal paleostress orienta-

tions: σ1 = 40° /094° , σ2 = 50° /273° , and σ3 = 00° /004°
(Figure 2(g)). In addition to the steeply dipping strikeslip faults, Akatore Creek also contains a set of faults that
formed parallel to the metamorphic foliation (Figure 2(e)),
but displacement and shear sense could not be determined
for this set of faults. At Bruce Rocks, one of the dominant
fault sets (E-W striking and steeply N-dipping) is inherited
from preexisting exhumation joints, whereas the other
set formed parallel to the metamorphic foliation
(Figures 2(f) and 4(d)).
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In cases where joint tips overlapped, reactivation as smalldisplacement strike-slip faults resulted in the formation of
rhombohedral-shaped dilational jogs ﬁlled by carbonatecemented mosaic or crackle breccias (Figures 4(c), 4(e), and
4(g)). Small faults with displacements of less than a few centimetres typically contain thin (<cm) layers of cohesive
carbonate-cemented breccia (Figure 4(d)) and/or thin
(<mm) discontinuous carbonate veins. They can also be
surrounded by orange-stained carbonate alteration zones up
to a few centimetres wide. Faults that developed larger displacements contain layers of carbonate-cemented fault breccia
up to a few tens of centimetres wide, which can be surrounded
by orange-stained carbonate alteration zones up to a few
metres wide (Figure 4(f)). The margins between fault breccias
and the surrounding schist are typically sharp and planar
(Figure 4(d)), which reﬂects the inherited planarity of the preexisting joints. Well-developed fault breccias contain angular
fragments of Otago Schist set in a matrix of hydrothermal
carbonate and minor pyrite (Figures 4(g) and 4(h)).
4.4. Carbonate Geochemistry. Major element geochemistry
indicates that several diﬀerent compositions of hydrothermal
carbonate are present within veins and the matrix of faultrelated breccias (Figures 5 and 6): calcite (Ca wt:% = ~ 40),
siderite (Fe wt:% = ~ 37), and ankerite, as well as intermediate compositions between calcite and ankerite
(Ca wt:% = ~ 20–40, Fe + Mg wt:% = ~ 0–20). Ca, Fe, and K

element maps reveal that carbonate alteration zones up to a
few millimetres thick around small carbonate veins consist
of ﬁne-scale networks of very thin calcite veins with a ﬁbrous
texture (<200 μm; Figures 5(b) and 6(c)). Larger syntaxial
veins (>0.5 mm: Figures 6(c) and 7(d)) are also present
within the alteration zones; these often have siderite on the
rim and calcite at the core (Figures 6(c) and 6(d)). Microscopic crosscutting relationships indicate that the syntaxial
veins formed ﬁrst, followed by the networks of ﬁbrous calcite
veins, which in turn were crosscut by the larger carbonate
veins (Figure 5(b)). Nearly all of the carbonate phases from
both study areas lack deformation twins, with the exception
of infrequent Type I deformation twins, develops in botryoidal calcite from Akatore Creek (Figure 6(a); [50]).
LA-ICP-MS trace element spot analyses were collected
on the hydrothermal carbonate-cemented breccias and the
hydrothermally altered Otago Schist (Table 1). Trace element
results show that the concentration of Sr is relatively low in
siderite (BR2.E2A-2: <750 ppm; Table 1) and relatively high
in ﬁbrous calcite veins from the altered greyschists (AK34:
>5000 ppm; Table 1). The Sr concentration is signiﬁcantly
higher in ﬁbrous calcite veins from mica-rich greyschist
layers (BR2.E2B: >2100 ppm; Table 1) compared to veins in
quartzofeldspathic layers (BR2.E2C: <2100 ppm; Table 1) at
Bruce Rocks. The concentration of rare earth elements
(REE) in both study areas varies by up to three orders of magnitude (ΣREEðNÞ varies from >10 to <10000; Table 1). Rare
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Figure 7: Whole-rock mass-balance calculations. (a) Outcrop at Bruce Rocks where samples were collected from unaltered grayschist
(samples 1-3), altered greyschist from within carbonate alteration zones (samples 4-6), and fault breccia (samples 7-8). (b) Whole-rock
geochemistry of the altered greyschist compared to the average of three unaltered greyschist samples (BRWR-1:3). Values higher than one
are gained during alteration, and anything below one has been lost. The ﬁgure shows mobilization of Fe2O3, CaO, MgO, and MnO
together with Sr, Y, and REE.

earth element patterns from carbonates in both study areas
generally show light REE enrichment over heavy REEs
(LaðNÞ /LaðNÞ ≥ 1; Table 1). There is a general negative europium anomaly in both areas, with EuðNÞ /Eu ∗ ðNÞ ≤ 1
(Table 1; where EuðNÞ /Eu ∗ ðNÞ = EuðNÞ /ðSmðNÞ × GdðNÞ Þ1/2 ).
A few samples show heavy REE enrichment
(LaðNÞ/LuðNÞ ≤ 1; Table 1) and a slightly positive europium

anomaly (EuðNÞ/Eu ∗ ðNÞ ≥ 1; Table 1), which could be due
to contamination from other mineral phases such as plagioclase or zircon.
4.5. Elemental Composition of Alteration Zones. Samples for
whole-rock major and trace element analyses were collected
from an outcrop at Bruce Rocks composed of greyschist.
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P (ppm)
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(a)

Table 1: In situ trace element compositions of hydrothermal carbonate from Akatore Creek and Bruce Rocks. Europium anomaly (Eu(N)/Eu*(N) = Eu(N)/(Sm(N) × Gd(N))1/2), LREE/HREE
(LaðNÞ /LuðNÞ ), and the sum of REEs (ΣREEðNÞ ) are calculated and normalised to CI–Condrite values [51].
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1.00

0.16

1.19

0.46

2.09

0.37

1.92

0.50

1.46

6.82

1.40

11.09

6.15

61.80

-

-

1.55

15.61

2971

-

0.07

1.93

2.23

-

0.04

639

-

1.64

-

2.23

5.80

-

-

0.06

0.29

2.30

0.38

2.94

1.07

5.33

0.83

5.17

1.35

4.80

22.30

5.44

47.80

29.90

117

0.03

0.01

7.53

37.20

2735

0.30

0.45

11.10

0.41

0.44

0.13

928

2.85

9.20

11.50

8.20

65.00

17.70

-

0.07

0.22

1.80

0.32

2.35

0.91

4.40

0.67

4.36

1.25

4.11

20.70

4.72

42.10

24.70

94.40

0.01

-

4.03

30.79

2396

0.05

0.33

7.40

1.31

0.29

0.16

720

1.66

4.84

0.39

10.00

8.30

14.60

-

-

0.24

1.87

0.28

2.14

0.73

3.53

0.57

3.68

1.01

3.28

14.51

3.37

26.60

14.49

59.50

-

-

1.51

24.29

2610

0.02

0.19

3.46

-

0.20

0.08

620

1.29

3.94

-

6.78

2.50

11.70

7.64

0.55

V

0.69

13.00

0.77

Ti

(b)

1.19

3.22

0.68

Sc

0.62

5.70

0.82

70.80

0.72

K

0.81

BR2E.1 BR2E.2 BR2E.3 BR2E.4 BR2E.5 BR2E.6 BR2E.7 BR2E.8 BR2E.9 BR2E.10 BR2E.11 BR2E.12 BR2E2A.2-1 BR2E2A.2-2 BR2E2A.2-3 BR2E2B.1 BR2E2B.2 BR2E2B.3 BR2E2B.4 BR2E2B.5

0.92

P (ppm)

0.60

Sample

-: below detection limits (bdl).

25.92

Eu(N)/Eu∗(N)

AK17-1 AK17-2 AK17-3 AK23-1. AK23-2. AK23-3. AK24-1. AK24-2. AK24-3. AK33-1. AK33-2. AK33-3. AK34-1. AK34-2. AK34-3. AK40-1. AK40-2. AK40-3. AK42-1. AK42-2. AK42-3.

La(N)/Lu(N)

Sample

Table 1: Continued.

12
Geoﬂuids

0.95

LaðNÞ /LuðNÞ

EuðNÞ /Eu ∗ ðNÞ

234

0.87

16.36

1.05

23.20

224

0.18

0.92

12.56

835

0.80

0.97

14.88

274

0.20

3.03

0.92

14.35

202

10.00

0.18

0.87

9.71

175

3.63

0.03

11.76

1.17

5.46

10.64

21.10

-

2.32

0.64

6.72

41.73

6.71

-

3.72

1.04

7.54

32.28

7.84

-

3.77

(c)

0.70

5.82

12.82

5.74

0.01

4.63

0.88

14.43

238

0.56

6.32

11.80

2.94

1.01

2.35

7626

4.52

18.00

2.03

0.94

2.50

6435

3.57

13.40

3.90

1.02

2.42

7493

4.18

18.50

0.99

6.36

192

0.01

1.37

2.38

0.91

5.59

151

0.01

0.56

2.00

0.83

11.01

509

0.02

3.79

6.93

0.90

12.20

434

0.02

4.91

4.49

0.89

6.61

314

0.02

1.66

2.05

-

62.10

6.75

12.66

1.67

7.77

1.87

0.57

1.95

0.35

2.15

0.45

1.25

Ba

La

Ce

Pr

Nd

Sm

Eu

Gd

Tb

Dy

Ho

Er

1.49

Zr

0.01

14.39

Y

Cs

2468

Sr

Nb

-

-

Ni

0.09

0.01

Co

Rb

608

Mn

Ga

-

Cr

-

1.31

V

1.39

0.19

Ti

Cu

4.04

Sc

Zn

2.36

-

2.22

0.83

3.77

0.65

3.34

1.04

3.02

13.97

3.04

26.40

15.95

103

-

-

4.56

26.90

2224

0.05

0.18

8.90

0.49

0.21

0.09

738

2.05

4.87

0.45

5.82

11.10

15.30

1.69

0.62

3.06

0.43

2.68

0.79

2.75

10.00

2.29

18.60

10.80

71.90

-

0.00

3.04

20.80

2310

-

0.12

1.74

0.09

-

0.02

644

0.94

1.79

2.00

4.27

-

-

2.10

0.79

3.73

0.57

3.68

1.08

2.84

14.20

3.19

26.80

16.57

94.30

-

-

4.50

27.06

2619

-

0.19

6.23

-

0.21

0.07

759

2.24

5.04

10.60

5.52

3.78

-

1.47

0.60

2.75

0.41

2.65

0.71

2.15

9.71

2.13

17.40

11.00

81.10

0.02

-

4.02

19.80

2884

-

0.19

8.86

5.03

0.23

0.07

695

1.44

4.04

2.60

3.21

8.50

12.10

2.47

0.88

3.97

0.65

3.92

1.01

2.77

12.33

2.73

22.80

15.53

99.50

-

-

8.90

31.20

1730

-

0.77

18.00

0.35

0.59

0.18

830

0.73

4.96

5.90

1.04

14.90

23.40

3.58

1.28

6.27

0.83

5.60

1.40

3.94

18.80

4.04

34.69

22.84

105

-

11.11

44.50

1791

-

0.78

20.20

1.10

0.64

0.24

919

0.78

6.12

2.56

1.52

11.30

29.40

4.28

1.54

7.20

1.07

6.66

1.76

5.11

23.90

5.26

45.50

30.00

116

-

10.44

55.20

1853

0.03

1.19

38.50

0.27

1.75

0.42

1156

1.16

10.68

6.00

2.18

18.60

32.20

5.27

2.13

9.65

1.46

8.24

2.32

6.88

29.70

6.23

54.50

35.00

129

0.15

-

7.97

67.00

1758

0.32

4.58

171

6.00

23.00

7.11

2140

1.74

38.60

22.00

3.60

117

53.40

3.90

1.44

6.84

0.96

6.19

1.69

4.81

22.90

4.58

45.30

25.70

109

-

-

9.65

51.10

1771

0.06

0.92

26.00

4.22

1.63

0.42

1110

-

12.00

4.20

1.78

28.30

25.10

2.07

0.73

3.17

0.45

2.93

0.77

2.34

9.66

2.10

15.41

9.99

52.50

-

-

5.99

31.82

2032

0.00

0.49

125

0.54

8.71

2.95

1804

-

7.79

4.20

2.24

-

33.90

7.18

2.49

11.02

1.54

9.40

2.31

6.40

30.40

6.48

54.00

32.30

46.90

-

-

7.48

74.50

2082

-

0.91

205

1.38

17.30

5.20

2410

-

13.90

7.30

6.37

9.10

50.00

1.14

0.33

1.55

0.21

1.61

0.36

1.01

4.87

1.19

9.20

5.60

17.10

-

-

3.49

17.10

1433

-

0.15

47.80

1.97

4.10

1.07

1052

-

4.24

1.90

1.91

4.50

24.60

3.12

1.13

5.15

0.69

4.84

1.15

3.54

15.70

3.29

25.50

14.66

46.00

-

-

7.37

45.30

1815

-

0.39

144

1.00

11.60

3.72

1866

-

6.34

3.70

3.68

4.30

40.10

1.60

0.60

2.72

0.38

2.70

0.63

1.91

8.20

1.65

13.99

8.46

53.10

-

-

3.89

23.90

1988

-

0.36

66.50

7.10

4.34

1.84

1510

-

6.65

5.60

2.26

18.10

30.20

1.63

0.58

2.32

0.33

2.03

0.45

1.06

4.09

0.70

4.81

2.91

13.18

-

-

6.53

27.80

523

-

0.10

12.07

-

0.41

0.19

1040

-

9.83

2.22

3.17

-

45.30

4.01

1.45

6.56

0.95

5.70

1.32

4.13

15.90

3.19

22.20

13.10

49.20

-

0.00

13.40

55.20

1836

-

0.20

18.80

-

0.24

0.12

1270

-

23.10

4.60

4.21

1.99

54.70

2.48

0.96

4.38

0.63

4.22

1.05

3.40

13.20

2.48

18.00

10.70

27.00

-

-

9.80

33.20

1067

-

0.15

14.80

-

0.39

0.24

1016

-

20.20

3.11

1.68

3.33

52.00

3.89

1.53

6.73

0.96

6.51

1.66

5.07

20.90

4.18

32.50

19.20

63.60

-

-

12.22

50.80

2391

-

0.23

20.20

-

0.29

0.23

1168

-

26.45

3.15

2.58

1.95

47.80

3.96

1.45

6.54

0.95

5.93

1.43

4.76

19.00

3.81

30.70

17.80

61.00

-

0.01

10.14

53.60

1968

-

0.28

12.40

-

0.24

0.12

1151

-

15.67

2.82

4.83

1.63

50.70

0.28

0.10

0.41

0.05

0.40

0.10

0.21

1.34

0.30

2.68

1.59

20.60

-

-

4.77

3.81

736

-

0.07

13.00

-

0.21

0.16

902

-

6.60

2.72

0.68

1.69

40.70

BR2E2.6 BR2E2.7 BR2E2.8 BR2E2.9 BR2E2.10 BR2E3.1 BR2E3.2 BR2E3.3 BR2E3.4 BR2E3.5 BR2E3.6 BR2E3.7 BR2E3.8 BR2E3.9 BR2E3.10 BR6A.1 BR6A.2 BR6A.3 BR6A.4 BR6A.5 BR6A.6

K

P (ppm)

Sample

-: below detection limits (bdl).

1320

19.46

ΣREEðNÞ

1.79

23.70

13.10

1.44

4.29

11.19

U

0.83

14.35

6.15

Th

13.60

14.10

Pb

17.00

BR2E.1 BR2E.2 BR2E.3 BR2E.4 BR2E.5 BR2E.6 BR2E.7 BR2E.8 BR2E.9 BR2E.10 BR2E.11 BR2E.12 BR2E2A.2-1 BR2E2A.2-2 BR2E2A.2-3 BR2E2B.1 BR2E2B.2 BR2E2B.3 BR2E2B.4 BR2E2B.5

Sample

Table 1: Continued.
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0.87

0.01

167

5.40

0.92

Th

U

ΣREEðNÞ

LaðNÞ /LuðNÞ

EuðNÞ /Eu ∗ ðNÞ

1.00

8.59

315

0.03

0.91

5.00

-

0.11

0.20

1.69

0.28

0.94

7.36

310

0.34

0.23

8.70

-

0.13

0.23

1.95

0.34

0.91

6.58

453

0.46

0.37

10.19

-

0.19

0.37

2.78

0.47

0.92

7.94

572

0.44

0.20

14.43

-

0.22

0.41

3.57

0.55

0.94

6.75

716

0.83

0.84

38.60

-

0.13

0.56

4.47

0.77

(d)

0.95

7.65

525

0.20

0.56

17.80

0.00

0.10

0.36

3.29

0.50

0.90

4.58

236

11.33

0.34

47.90

-

0.09

0.23

1.95

0.32

0.91

5.05

755

20.92

2.69

47.60

-

0.06

0.69

5.74

0.94

0.87

3.53

128

12.92

0.49

21.50

-

0.02

0.17

1.25

0.18

3.83

21.90

6.13

1.92

Sm

Eu

27.70

Ce

Nd

18.60

La

Pr

-

Nb

28.10

-

Zr

Ba

14.71

Y

Cs

1450

66.50

Sr

-

Rb

1.31

3.91

15.16

3.11

24.40

14.53

39.90

-

-

12.55

43.90

1657

0.20

0.22

Ga

0.36

0.25

0.17

0.23

Ni

17.50

0.15

Co

1112

7.76

1071

Mn

-

Zn

-

Cr

21.57

4.17

2.96

2.59

53.30

Cu

1.51

22.30

V

0.74

Sc

Ti

-

K

6.92

23.20

103

22.23

183

111

14.30

-

-

58.50

156

500

-

1.32

8.77

-

0.35

0.21

1460

-

73.20

1.59

1.93

-

86.60

0.59

2.03

7.47

1.45

11.90

6.62

76.90

-

-

6.24

21.80

3840

-

0.12

35.20

-

0.32

0.08

1133

-

8.70

2.13

1.92

-

31.40

7.20

22.50

100

22.00

179

118

161

0.08

0.00

3.73

212

1913

0.61

1.77

12.80

0.30

0.94

0.43

844

1.02

15.20

5.30

15.49

164

41.00

9.49

33.90

172

40.60

339

204

223

0.17

0.02

4.09

154

2657

0.73

3.45

35.20

1.50

2.18

3.02

1511

2.24

21.74

13.80

38.70

226

68.00

12.19

37.52

220

38.30

306

172

62.30

0.28

0.64

2.81

240

1220

1.22

3.05

12.70

2.20

0.57

0.64

759

2.50

14.20

460

12.13

260

40.00

1.01

3.24

13.51

2.71

20.50

11.80

129

0.10

0.01

0.53

38.60

1918

0.55

0.70

6.12

0.10

0.13

0.05

746

0.99

7.65

19.00

2.00

214

12.90

0.03

0.09

0.34

0.07

0.42

0.31

11.46

-

0.00

1.58

3.47

543

-

0.05

8.95

0.03

0.16

0.06

1358

0.21

0.68

0.86

0.10

0.65

31.80

0.04

0.08

0.24

0.04

0.25

0.19

17.40

0.00

0.00

1.46

4.38

728

-

0.02

3.24

0.07

0.04

0.03

673

-

0.39

0.93

0.03

0.94

28.60

0.14

0.35

1.37

0.25

1.63

1.01

17.27

-

0.00

3.47

6.50

728

-

0.06

10.10

-

0.28

0.16

1146

0.19

1.30

1.79

0.60

0.86

31.70

0.06

0.14

0.41

0.06

0.35

0.23

11.22

-

-

2.05

2.55

596

-

0.02

5.17

0.05

0.07

0.06

1145

-

0.52

0.85

0.04

1.14

30.70

1.39

4.23

14.56

2.74

18.18

9.70

23.10

-

-

9.59

48.60

1147

0.01

0.16

7.73

0.29

0.13

0.05

1236

0.25

3.43

1.51

5.50

5.90

31.70

42.30

0.91

8.42

220

0.03

0.68

6.24

-

0.07

0.14

1.33

0.21

P (ppm)

1.02

7.59

320

0.02

1.31

4.50

-

0.05

0.23

1.74

0.29

BR6A.7 BR6A.8 BR6A.9 BR6A.10 BR6A.12 BR6A.13 BR6A.14 BR6A.15 BR6A.16 BR6A.17 BR6A.18 BR6A.19 BR6A.20

0.89

6.93

235

0.01

0.71

2.38

-

0.01

0.17

1.35

0.24

Sample

-: below detection limits (bdl).

-

-

Hf

1.80

0.13

Lu

Pb

1.10

Ta

0.18

Yb

0.37

1.10

4.25

0.84

7.11

4.40

225

0.02

-

0.92

15.20

1858

0.06

0.05

1.67

0.28

-

0.02

805

-

2.42

0.85

0.27

16.60

9.60

BR62 1

0.85

4.93

365

26.73

3.78

57.70

-

0.08

0.32

3.14

0.46

0.59

1.93

7.62

1.51

12.04

7.96

184

0.01

-

0.44

25.30

1792

0.03

0.10

2.93

0.15

0.10

0.04

854

-

1.88

3.00

0.35

9.00

8.10

BR62 2

0.85

4.38

198

9.73

0.47

31.30

0.00

0.08

0.21

1.58

0.24

1.25

3.94

16.10

3.18

25.50

15.00

79.90

0.01

-

3.47

37.70

1521

-

0.19

10.00

0.18

0.15

0.09

1231

-

3.02

0.28

2.59

6.19

9.40

BR62 3

0.94

1.54

124

0.14

0.08

18.10

-

0.10

0.20

1.47

0.22

1.11

3.37

11.93

2.15

15.83

9.29

217

0.08

-

0.41

41.70

1724

0.31

0.42

2.91

0.47

0.11

0.05

766

-

5.37

0.84

1.54

68.00

31.00

BR62 4

0.83

3.21

397

0.48

0.23

35.00

-

0.22

0.44

3.44

0.57

2.89

9.60

35.50

6.88

51.90

30.20

240

0.11

0.00

2.25

114

1781

0.42

0.82

5.67

0.21

0.12

0.05

884

-

10.86

2.50

2.81

122

22.10

BR62 5

0.85

4.02

293

0.20

0.08

31.40

-

0.11

0.29

2.21

0.34

4.63

15.36

57.00

10.29

70.50

40.90

139

0.14

0.05

0.32

120

1224

0.52

1.27

7.40

0.59

0.36

0.10

583

0.75

5.81

19.40

7.02

130

25.70

BR62 6

0.88

5.28

472

0.40

0.25

45.50

0.13

0.39

2.92

0.51

3.56

12.44

58.40

11.82

95.40

57.00

154

0.29

0.04

5.80

97.70

1154

0.88

1.86

16.40

0.61

2.60

1.62

885

1.95

11.55

37.00

4.81

203

42.00

BR62 7

0.82

4.21

451

0.30

1.78

31.00

0.17

0.45

3.40

0.57

2.86

11.10

47.60

10.08

75.30

31.90

66.60

0.06

0.01

2.14

67.20

1583

0.35

0.95

16.70

0.73

0.43

0.11

850

-

2.77

13.00

1.07

103

32.00

BR62 11

1.10

4.48

32.66

0.08

0.08

9.37

-

0.06

0.04

0.20

0.04

BR2E2.6 BR2E2.7 BR2E2.8 BR2E2.9 BR2E2.10 BR2E3.1 BR2E3.2 BR2E3.3 BR2E3.4 BR2E3.5 BR2E3.6 BR2E3.7 BR2E3.8 BR2E3.9 BR2E3.10 BR6A.1 BR6A.2 BR6A.3 BR6A.4 BR6A.5 BR6A.6

Tm

Sample

Table 1: Continued.
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506

4.86

0.83

LaðNÞ /LuðNÞ

EuðNÞ /Eu ∗ ðNÞ

0.93

4.28

373

0.39

0.17

27.88

-

0.21

0.36

3.23

0.45

3.43

1.24

5.42

0.77

4.76

-: below detection limits (bdl).

0.10

0.15

Hf

ΣREEðNÞ

0.41

Lu

U

3.43

Yb

0.03

0.63

Tm

Th

4.60

Er

-

1.74

Ho

67.20

7.89

Dy

Pb

1.19

Ta

8.23

Tb

0.86

9.81

2186

0.14

0.06

88.90

-

0.75

1.21

10.02

1.89

14.33

5.31

25.79

3.95

25.81

0.81

4.64

183

0.68

0.64

15.20

-

0.08

0.15

1.36

0.25

1.87

0.63

2.76

0.45

2.42

0.85

5.65

516

1.39

3.47

9.50

0.00

0.04

1.70

13.80

2.22

15.35

5.73

26.53

4.26

27.80

0.88

7.45

2290

1.97

7.53

19.41

0.00

0.07

1.32

11.41

1.88

14.18

5.69

28.12

4.71

30.50

0.90

16.58

3359

1.33

1.30

6.00

0.09

-

1.86

15.09

2.50

17.50

6.82

36.50

5.96

41.30

0.95

9.91

3546

0.79

0.64

3.40

0.00

0.00

0.26

1.79

0.29

2.17

0.87

3.81

0.60

3.93

0.87

4.90

290

2.76

0.01

3.01

-

0.03

0.02

0.15

0.02

0.15

0.05

0.20

0.03

0.20

0.78

1.85

11.37

0.66

-

1.08

-

0.03

0.03

0.28

0.05

0.29

0.10

0.37

0.03

0.17

0.94

0.58

14.84

0.78

0.01

7.70

-

0.06

0.05

0.43

0.06

0.38

0.14

0.63

0.09

0.53

0.96

2.08

36.34

1.16

0.00

6.42

-

0.04

0.01

0.13

0.02

0.11

0.05

0.24

0.03

0.22

0.98

2.08

11.03

0.58

1.45

6.02

-

0.10

0.48

3.99

0.55

3.81

1.36

6.57

0.97

5.82

BR6A.7 BR6A.8 BR6A.9 BR6A.10 BR6A.12 BR6A.13 BR6A.14 BR6A.15 BR6A.16 BR6A.17 BR6A.18 BR6A.19 BR6A.20

Gd

Sample

Table 1: Continued.

0.86

2.15

374

0.12

0.14

2.03

-

-

0.09

0.55

0.11

0.84

0.32

1.42

0.25

1.45

BR62 1

0.88

5.55

103

0.26

0.18

1.95

-

-

0.12

0.97

0.17

1.35

0.51

2.51

0.34

2.57

BR62 2

0.81

7.11

174

0.34

0.49

11.42

-

0.06

0.28

2.37

0.43

2.86

1.05

5.35

0.76

5.13

BR62 3

0.85

5.70

364

0.35

0.17

2.77

-

-

0.28

2.12

0.38

2.69

0.99

4.34

0.64

4.33

BR62 4

0.89

3.52

282

1.08

0.71

11.45

-

0.03

0.79

6.24

1.03

7.06

2.57

12.50

1.86

12.90

BR62 5

0.79

4.08

831

0.86

0.38

3.10

0.00

0.02

1.15

9.18

1.29

8.77

3.27

16.31

2.71

18.77

BR62 6

0.83

3.82

1187

1.84

0.81

3.20

0.00

0.20

0.70

5.53

0.97

6.99

2.67

13.28

2.27

14.70

BR62 7

0.80

8.68

1161

0.55

17.20

7.59

0.00

0.04

0.39

3.57

0.61

4.01

1.61

8.02

1.38

10.20

BR62 11

Geoﬂuids
15

16

Geoﬂuids

Table 2: Whole-rock major and trace element geochemistry of greyschist, altered greyschist, and hydrothermal breccia from Bruce Rocks.
Lithology
Sample
SiO2 (wt.%)
TiO2
Al2O3
Fe2O3
CaO
MgO
MnO
Na2O
K2O
LOI
Total
Ba (ppm)
Ce
Cr
Cs
Dy
Er
Eu
Ga
Gd
Hf
Ho
La
Lu
Nb
Nd
Pr
Rb
Sm
Sn
Sr
Ta
Tb
Th
Tm
U
V
W
Y
Yb
Zr

BRWR-1

Greyschist
BRWR-2

BRWR-3

BRWR-4A

67.94
0.79
16.23
3.00
0.43
1.12
0.04
3.63
2.72
3.75
99.65
662
38
20
3.28
2.64
1.72
0.91
21
3.03
6.30
0.57
18
0.26
7.60
18
4.60
94
3.33
2.00
43
0.60
0.41
8.59
0.26
1.43
105
2.00
15
1.80
233

64.57
0.78
17.35
3.54
0.75
1.38
0.05
4.06
2.88
4.37
99.73
686
45
20
3.30
2.80
1.61
1.13
21
3.49
5.50
0.56
21
0.23
7.50
21
5.32
97
4.22
2.00
63
0.60
0.50
9.10
0.22
1.81
100
2.00
14
1.74
200

69.86
0.59
13.40
3.33
1.30
1.17
0.05
3.91
1.72
4.26
99.59
392
40
10
1.95
2.70
1.40
1.11
15
3.33
4.30
0.48
19
0.19
5.30
20
4.98
55
3.83
1.00
93
0.40
0.48
6.99
0.18
1.38
75
2.00
13
1.42
150

40.85
0.45
8.57
7.60
15.50
3.43
0.14
2.23
1.12
19.02
98.91
292
52
10
1.37
8.28
4.84
2.04
11
7.28
2.80
1.74
28
0.56
3.80
27
6.54
38
5.91
1.00
652
0.30
1.16
4.48
0.66
1.33
66
1.00
53
4.15
103

The outcrop is cut by a fault that contains a 1.5-meter-thick
layer of carbonate-cemented breccia surrounded by a 0.1–
1 m wide carbonate-bearing alteration zone (Figure 7(a)).
Three samples represent the greyschist host rocks (samples
1, 2, and 3); two samples were collected from within the main
alteration zone (sample 5 from the margin and sample 6
closer to the fault breccia); two samples were collected from

Altered greyschist
BRWR-4B
BRWR-5
41.73
0.59
11.06
7.05
13.85
3.10
0.13
2.91
1.48
17.18
99.08
363
45
10
1.61
6.72
4.01
1.65
13
5.81
3.70
1.40
24
0.42
4.90
23
5.45
47
5.24
1.00
563
0.40
0.99
4.90
0.52
1.14
80
2.00
43
3.27
137

53.09
0.39
9.76
4.00
10.85
2.96
0.08
3.01
1.32
13.67
99.13
340
25
10
1.66
4.30
2.72
1.04
11
3.75
3.00
0.96
14
0.34
3.40
13
2.93
45
2.86
1.00
469
0.30
0.65
3.71
0.43
1.49
52
2.00
34
2.49
119

BRWR-6
49.00
0.65
12.34
5.14
10.10
2.78
0.11
3.54
1.72
13.14
98.52
437
35
20
2.17
4.09
2.55
1.14
15
3.82
4.10
0.86
18
0.34
5.10
17
4.10
59
3.44
2.00
364
0.40
0.64
5.34
0.36
0.90
85
1.00
30
2.29
167

Hydrothermal breccia
BRWR-7
BRWR-8
40.74
0.44
9.54
4.74
18.60
2.03
0.20
2.67
1.17
18.90
99.03
280
23
10
3.51
3.16
2.22
0.77
10
2.77
3.00
0.74
13
0.23
3.60
12
2.74
36
2.41
1.00
296
0.30
0.43
3.96
0.27
0.60
57
1.00
27
1.64
117

37.93
0.25
6.20
3.86
22.90
2.58
0.33
0.33
1.88
22.32
98.58
555
29
20
6.20
2.85
1.78
0.53
8.70
2.74
2.10
0.61
14
0.26
4.50
13
3.16
73
2.60
1.00
350
0.30
0.45
5.60
0.27
1.95
53
1.00
28
1.73
76

within a subsidiary 20 cm-thick alteration zone surrounding
a hydrothermal vein lying parallel to the foliation (samples
4A and 4B); and two samples were collected from the fault
breccia (samples 7 and 8).
Whole-rock SiO2 values of the greyschist range from 65
to 70 wt.%, with CaO, Fe2O3, and MgO between 1 and
4 wt.% (Table 2). The greyschist in the alteration zone,
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143 Nd/ 144 Nd

(20 Ma)

0.5127
a aab

0.5126

0.5125

g

g

g

b

0.5124
0.702

0.704

0.706

0.708

0.710

0.712

87 Sr/ 86 Sr

(20 Ma)

0.714

0.716

0.718

0.720

Age-corrected (20 Ma) sample:
Measured in situ Sr isotopes (See lOB)
Metamorphic epidote Sr isotopes

a Altered greyschist
b Breccia
g Greyschist

(a)
87 Sr/ 86 Sr

0.7050

0.7054

0.7058

0.7062

0.7066

0.7070
AK-23

Calcite (breccia)
AK-17

BR6.B

BR6.A

AK-33

AK-42
Calcite (fibrous veins)
BR2.E2B

AK-34
BR2.E2C

AK-40

AK-24

0.7050

0.7054

0.7058

0.7062
87 Sr/ 86 Sr

0.7066

BR2.E2A
0.7070

Akatore Creek (AK)

Botryoidal carbonate

Bruce Rocks (BR)

Siderite

(b)

Figure 8: Strontium and neodymium isotopes. (a) Measured in situ Sr/86Sr of carbonate phases (the grey area, see (b) for data) compared to
age-corrected (20 Ma) measured whole-rock 87Sr/86Sr and 143Nd/144Nd from the greyschist, altered greyschist, and hydrothermal breccia.
Published in-situ 87Sr/86Sr for epidote are plotted for comparison [11, 24]. (b) Individual in situ 87Sr/86Sr isotope data of the diﬀerent
types of carbonate phases from Akatore Creek and Bruce Rocks. The grey boxes represent the weighted average Sr isotope ratio with
errors from each group of samples.
87

BRWR-1
BRWR-2
BRWR-3
BRWR-4A
BRWR-4B
BRWR-5
BRWR-6
BRWR-7
BRWR-8

Sample

93.5
96.8
55.3
37.6
47.4
44.6
58.8
36.2
73.4

42.7
63
92.9
652
563
469
364
296
350

3.33
4.22
3.83
5.91
5.24
2.86
3.44
2.41
2.6

18.1
21.4
19.6
26.6
22.5
13
16.8
11.6
12.6

Rb (ppm) Sr (ppm) Sm (ppm) Nd (ppm)
0.71917
0.71455
0.70939
0.70639
0.70662
0.70649
0.70696
0.70689
0.70769

Sr/86Sr

87

0.000014
0.000017
0.000013
0.000015
0.000011
0.000021
0.000011
0.000013
0.000012

±2σ
0.71791
0.71328
0.70890
0.70634
0.70655
0.70641
0.70636
0.70679
0.70751

Sr/86Sr (20 ma)

87

0.000014
0.000017
0.000013
0.000015
0.000011
0.000021
0.000011
0.000013
0.000012

±2σ
0.51260
0.51265
0.51264
0.51262
0.51264
0.51264
0.51263
0.51264
0.51250

Nd/144Nd

143

0.000009
0.000012
0.000010
0.000012
0.000010
0.000011
0.000010
0.000011
0.000010

±2σ

-0.43
0.41
0.19
-0.15
0.17
0.17
0.06
0.29
-2.42

ϵ Nd (20 ma)

Table 3: Whole-rock Sr-Nd isotope ratios (±2σ errors), including age correction to 20 Ma to represent a Miocene age.

0.51259
0.51263
0.51262
0.51260
0.51262
0.51262
0.51262
0.51263
0.51249

Nd/144Nd (20 ma)

143

0.000009
0.000012
0.000010
0.000012
0.000010
0.000011
0.000010
0.000011
0.000010

±2σ
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Table 4: In situ average 87Sr/86Sr isotope ratios with error and mean square weighted deviation (MSWD) values from the diﬀerent carbonate
types.
Locality

Sample

Lithology

Akatore Creek

AK17-1
AK17-2
AK23-1
AK23-2
AK23-3
AK23-4
AK23-5
AK24
AK33-1
AK33-2
AK34-1
AK34-2
AK40
AK42-1
AK42-2

Breccia
Breccia
Breccia
Breccia
Breccia
Breccia
Breccia
Botryoidal carbonate
Breccia
Breccia
Fibrous vein
Fibrous vein
Fibrous vein
Quartz-calcite vein
Quartz-calcite vein

BR2.E2A-1
BR2.E2A-2
BR2.E2B-1
BR2.E2B-2
BR2.E2C-1
BR2.E2C-2
BR6.A-1
BR6.A-2
BR6.B

Botryoidal carbonate
Siderite
Fibrous vein
Fibrous vein
Fibrous vein
Fibrous vein
Breccia
Breccia
Quartz-calcite vein

Bruce rocks

5

Shallow hydrothermal
calcite, S. alps

𝛿13CVPDB ‰

0

Metamorphic calcite

–5
–10
–15
–20

Decrease in temperature
0

5

10

15
20
𝛿18OSMOW‰

25

30

Akatore Creek
Bruce Rocks

Figure 9: δ 13CVPDB ‰ and δ18OSMOW ‰ of carbonates from
Akatore Creek and Bruce Rocks, compared with the ﬁelds for
primary metamorphic calcite and shallow hydrothermal calcite in
the Southern Alps of New Zealand [10]. Remobilisation and
recrystallisation of metamorphic calcite and precipitation at a
lower temperature are interpreted to have caused an increase in
δ18OSMOW ‰ (indicated by arrow).

however, has lower SiO2 = 40–50 wt.% and higher CaO (10–
15 wt.%), Fe2O3, and MgO (3–7 wt.%) (Table 2). The fault
breccia also has low SiO2 (37–40 wt.%) and high CaO (18–

87

Sr/86Sr

±2σ

No.

MSWD

0.70624
0.70639
0.70635
0.70692
0.70646
0.70626
0.70598
0.70633
0.70595
0.70604
0.70630
0.70608
0.70588
0.70577
0.70588

0.00039
0.00004
0.00006
0.00010
0.00007
0.00005
0.00005
0.00005
0.00004
0.00003
0.00047
0.00007
0.00008
0.00037
0.00004

2
3
1
1
1
1
1
5
2
3
2
4
5
2
3

2.1
0.7
—
—
—
—
—
2
0.2
0.74
2.5
2.1
3.2
2.1
0.29

0.70579
0.70624
0.70641
0.70606
0.70596
0.70624
0.70593
0.70618
0.70614

0.00005
0.00011
0.00008
0.00004
0.00009
0.00005
0.00007
0.00059
0.00009

8
2
2
2
1
3
3
3
6

2.6
0.25
1.5
0.28
—
1.9
1.1
0.98
6.3

22 wt.%) (Table 2). Loss on ignition (LOI) and Sr are both
low in the greyschist samples (LOI = 3–4 wt.%, Sr = 42:7–
92.9 ppm; Table 2), but distinctly higher in the altered
greyschist (LOI = 13–17 wt.%, Sr = 364-652) and the fault
breccia (LOI = 18–22 wt.%, Sr = 296–350 ppm; Table 2).
Mass balance calculations show losses and gains of
major and trace elements during alteration (Figure 7(b)).
Volume corrections were applied by calculating a correction factor (k) according to the abundances of TiO2, Zr,
Nb, and Hf, which appear to have been immobile during
alteration [11]. Each element from the altered samples
was compared to the average of the unaltered greyschist
(samples 1-3; Figure 7). Results suggest that during alteration there was enrichment in CaO, Fe2O3, MgO, MnO,
Sr, and Y, as well as several REEs, with small losses in
SiO2, Al2O3, and K2O (Figure 7).
4.6. Strontium and Neodymium Isotopes. Whole-rock
Nd/144Nd isotope ratios of the greyschist (samples 1-3:
143
Nd/144 Nd = 0:51260–0.51265), altered greyschist (samples
4-6: 143 Nd/144 Nd = 0:51250–0.51264) and the fault breccia
(samples 7-8: 143 Nd/144 Nd = 0:51262–0.51264) cluster
around 143 Nd/144 Nd = 0:5126 (Figure 8(a)), with the exception of one fault breccia sample that is less radiogenic
(sample 8: 143 Nd/144 Nd = 0:51249; Figure 8(a), Table 3).
143

20
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Table 5: Calculated δ13CVPDB‰ and δ18OSMOW‰ stable isotope
ratios of hydrothermal carbonate phases from Akatore Creek and
Bruce Rocks.
Sample
AK14-A
AK14-B
AK15-A
AK15-B
AK16-A
AK16-B
AK17-A
AK17-B
AK18-A
AK18-B
AK21-A
AK21-B
AK23-A
AK23-B
AK24-A
AK24-B
AK26A-A
AK26A-B
AK26B-A
AK26B-B
AK26C-A
AK26C-B
AK28-A
AK28-B
AK30-A
AK30-B
AK31-A
AK31-B
AK33-A
AK33-B
AK34-A
AK34-B
AK37-A
AK37-B
AK38-A
AK38-B
AK39-A
AK39-B
AK40-A
AK40-B
AK41-A
AK41-B
AK42-A
AK42-B
AK43A-A
AK43A-B
AK43B-A

δ13CVPDB (‰)

δ18OSMOW (‰)

-8.05
-9.15
-6.78
-6.34
-8.63
-8.65
-10.68
-10.28
-6.92
-7.20
-8.86
-8.80
-9.06
-9.32
-5.18
-5.43
-6.25
-6.45
-3.70
-4.69
-3.23
-3.40
-2.96
-3.06
-6.51
-6.55
0.46
0.53
-3.05
-2.68
2.18
2.47
-6.36
-6.45
-4.27
-4.63
0.04
0.79
-4.62
-4.20
-16.32
-15.71
-15.23
-15.19
-5.19
-5.53
-8.25

20.24
20.13
24.50
23.95
24.32
24.54
24.21
23.93
25.11
25.11
24.85
24.77
24.87
24.85
20.74
21.04
25.09
25.20
22.61
22.89
20.60
20.85
24.39
24.58
24.73
24.56
25.56
25.43
23.97
23.21
24.57
24.47
25.06
24.63
23.10
23.54
24.23
24.09
18.88
18.68
25.31
25.18
24.17
24.27
25.35
25.28
24.60

Table 5: Continued.
Sample
AK43B-B
AK46-A
AK46-B
AK49-A
AK49-B
AK4A-A
AK4A-B
AK4B-A
AK4B-B
AK50-A
AK50-B
AK51-A
AK51-B
BR1.B V1
BR1.B V2
BR1.B V3
BR13 B B1
BR13 B B2
BR13 B V1
BR13.DB V1
BR13.DB V2
BR13.DB V3
BR2 A B1
BR2 A B2
BR2 A B3
BR2.E2 CC1A
BR2.E2 CC1B
BR2.E2 CC1C
BR2.E2 CC2A
BR2.E2 CC2B
BR2.E2 V1
BR2.E2 V2
BR2.E2 V3
BR2.E3 CC2C
BR6 AB B1
BR6 AB B2
BR6 AB B3
BR6 AF B1
BR6 AF B2
BR6 AF B3
BR6 DA V2
BR6 DA V3
BR6 DR V1
BR6.AC B1
BR6.AC B2
BR6.AC B3
BR6.AC1 B1
BR6.AC1 B2

δ13CVPDB (‰)

δ18OSMOW (‰)

-8.69
-12.11
-12.07
-7.78
-7.82
-8.63
-8.14
-8.14
-8.16
-8.39
-8.44
-10.06
-9.84
-5.86
-5.80
-5.87
-0.77
-0.87
-2.05
-5.27
-4.70
-5.11
-11.07
-11.12
-10.91
-3.44
-3.43
-3.48
-2.81
-2.77
-5.33
-5.13
-5.04
-2.84
-4.66
-4.55
-4.60
-2.26
-2.28
-2.29
-3.47
-3.71
-3.06
-4.86
-6.76
-6.97
-1.40
-1.42

24.60
24.10
24.11
24.82
25.00
22.14
22.52
20.15
20.32
24.73
25.10
24.54
24.24
23.40
23.28
23.26
23.96
24.02
23.45
23.64
23.46
23.61
26.22
26.17
26.11
21.87
21.72
21.55
23.02
22.84
21.78
21.66
21.92
22.91
24.06
24.06
24.17
22.33
22.68
22.94
22.69
23.13
22.81
23.63
25.57
25.91
22.40
22.43
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Table 5: Continued.

Sample
BR6.AC1 B3
BR6.B B1
BR6.B B2
BR6.B B3
BR6.B QV1
BR6.B QV2
BR6.B1 B1
BR6.B1 B2
BR6.B1 B3

δ13CVPDB (‰)

δ18OSMOW (‰)

-1.38
-7.57
-7.44
-7.39
-0.10
-0.14
-2.41
-2.45
-2.47

22.37
28.52
28.59
28.74
19.80
19.65
22.46
22.35
22.31

Strontium isotopes were measured on whole-rock samples (Table 3; Figure 8(a)) and in situ on vein carbonates
(Table 4; Figure 8(b)). The whole-rock 87Sr/86Sr ratios show
the unaltered greyschists (samples 1-3) to be more radiogenic
(87 Sr/86 Sr = 0:70939–0.71917) than either the altered greyschist (samples 4-6: 87 Sr/86 Sr = 0:70639–0.70696) or the fault
breccias (samples 7 and 8: 87 Sr/86 Sr = 0:70689–0.70769). In
situ 87Sr/86Sr data of hydrothermal calcite and siderite from
both study areas occupy a relatively narrow range of 87 Sr/86
Sr = 0:70577–0.70646, with a majority plotting at 0.7060–
0.7062 and overlapping with the hydrothermally altered
whole rock analyses (Figures 8(a) and 8(b)). Botryoidal carbonate from a hydrothermal vein at Bruce Rocks, and calcite
from a calcite-quartz vein at Akatore Creek, both yielded an
average 87Sr/86Sr~0.70578 and were the least radiogenic samples (Figure 8(b)). Siderite grains at Bruce Rocks have Sr isotope ratios of 0:70624 ± 0:00011 (n = 2) (Table 4; Figure 8(b)).
4.7. Carbon and Oxygen Isotopes. The δ13CVPDB and
δ18OSMOW values of ﬁve calcite samples from Bruce Rocks
show a range of δ13CVPDB from -11.to 0.8‰ and δ18OSMOW
ranging from 21.7 to 28.6‰ (Figure 9; Table 5). A larger
spread of δ13CVPDB (-16.0 to 2.3‰) and δ18OSMOW (18.8 to
25.5‰) is present in six calcite samples from Akatore Creek
(Figure 9; Table 5).

5. Discussion
5.1. Structural Controls on the Shallow Hydrothermal Fluid
System. We interpret the paleohydrothermal systems
exposed at Akatore Creek and Bruce Rocks to have developed
within the Otago Schist under low-temperature and lowpressure conditions (Figure 10). The presence of infrequent
thin (type 1) deformation twins in calcite suggests temperatures below 170°C [50, 52, 53]. Additionally, the range of
δ13C and δ18O values overlaps with other datasets obtained
from shallow (<5 km depth; [10]) cavity-ﬁlling hydrothermal
vein calcite in the Southern Alps of New Zealand [10]
(Figures 9 and 10). This ﬁeld of δ13C and δ18O has previously
been interpreted to represent remobilisation of metamorphic
calcite and reprecipitation at low temperatures (200-300°C;
[10]). Primary metamorphic calcite in the Otago Schist
makes up c. 5% of the modal mineralogy, and has a restricted
carbon and oxygen stable isotope range, where relatively low

δ13C likely reﬂects metamorphism of primary organic matter
(Figure 9, [10, 54, 55]). Breakdown of metamorphic carbonate and liberation of CO2 into a relatively shallow hydrothermal system will result in ﬂuid precipitation at a lower
temperature, and therefore a shift towards higher δ18O values
while maintaining an overlap in δ13C values (Figure 9, [10]).
Overall, the carbon and oxygen isotope ratios from both
study areas are clustered and overlap with published data
collected from carbonates that were precipitated in shallow
hydrothermal systems in the Southern Alps [10, 11].
Structural observations suggest that on a macroscale
(metres to decametres) ﬂuid ﬂow was strongly channelized
along foliation surfaces and Cretaceous exhumation joints
that were reactivated as small-displacement strike-slip faults.
This formed breccia- and vein-bearing fault networks with
orientations that were strongly controlled by the orientations
of the preexisting joint sets (Figure 10(a)). On a more local
scale, ﬂuid diﬀusion from the faults into the surrounding wall
rocks was controlled mainly by the permeability of the schist
wall rocks, which favoured ﬂuid penetration along foliation
surfaces and grain boundaries (Figure 10(b)). Additionally,
large volumes of ﬂuid appear to have been channelled
within dilational jogs connecting overlapping fault segments, a geometry that was likely inherited from overlapping joints (Figures 4(c), 4(e), and 4(g)). Since the fault
networks (and associated breccias and veins) are the youngest tectonic structures observed in the ﬁeld areas, this
supports the interpretation that faulting and associated
hydrothermal ﬂuid ﬂow occurred under relatively lowtemperature conditions, since the exhumation joints are
thought to have formed mainly above the ductile-tobrittle transition at <250°C [31].
The calculated paleostress tensor for the strike-slip fault
networks at Akatore Creek is characterised by a σ1 azimuth
of 094° and a subvertical σ2 , representing an Andersonian
strike-slip stress regime (Figure 2(g)). The modern-day stress
tensor in the Otago and Canterbury regions contains a
subhorizontal σ1 with an azimuth of 115° ± 5° [39, 40] similar
to the paleo-σ1 derived from the strike-slip faults in the study
areas. The contemporary stress ﬁeld is thought to have
initiated in the Early Miocene, when the South Island of
New Zealand experienced a transition from dominantly
extensional tectonics to dominantly compressional and
strike-slip tectonics, controlled by the development of the
Alpine Fault as the modern-day plate boundary [39]. During
compressional inversion, previously formed Cretaceous–
Oligocene basin-bounding normal fault systems –including
the Akatore Fault in the study area– were reactivated as
high-angle reverse faults that continue to be active to the
present day [56]. Our interpretation is that the vein- and
breccia-bearing strike-slip fault networks exposed at Akatore
Creek and Bruce Rocks (Figures 2–4) represent shallowly
formed, post-Early Miocene structures that formed in a stress
ﬁeld similar to the contemporary stress ﬁeld. If this is correct,
the fault networks broadly overlap in age with reverse
movements on the nearby Akatore Fault, which has accumulated several hundreds of metres of reverse displacement at
the surface since the Miocene [35–42, 44–57]. The fault networks exposed along the coast may therefore represent the
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Figure 10: Cartoon interpretation of the formation of the shallow hydrothermal systems at Akatore Creek and Bruce Rocks. (a) Cross-section
of the Otago Schist, showing reactivation of Late Cretaceous exhumation joints as post-Early Miocene brittle fault networks that resulted in
strongly channelized shallow ﬂuid ﬂow. (b) Structural controls on ﬂuid ﬂow include preferential ﬂow along faults (reactivated joints) and the
Mesozoic foliation, causing enrichment in Ca, Fe, Mg, Mn, Sr, Y, and REE within the alteration zone.

manifestation of broadly distributed, upper-crustal deformation within the “damage zones” of regional-scale reverse faults
such as the Akatore Fault. The broadly synchronous activity of
steep, NE-SW striking reverse faults (e.g., Akatore Fault) and
conjugate sets of strike-slip faults, is a deformation pattern
similar to that recognized in recent earthquake sequences in
Otago and Canterbury. For example, the 2010-2011
Canterbury earthquake sequence involved activation of
steeply-dipping, NE-SW striking reverse faults and conjugate
sets of E-W (dextral) and NW-SE (sinistral) trending strikeslip to oblique-slip faults, with orientations comparable to
those documented in this paper [40]. Analysis of stress ratios
in Otago and Canterbury suggest that the magnitude of σ3 is
similar to the magnitude of σ2 , meaning that switching
between “strike-slip” and “reverse” Andersonian stress
regimes is possible [40, 41]. One possibility is that the fault
networks described here represent distributed deformation
associated with rupture on the Akatore Fault, in which case
the carbonate-cemented breccias and carbonate veins may
reﬂect channelized ﬂuid ﬂow associated with permeability
increases within coseismic fracture zones.

5.2. Evolution of Fluid Composition and Wall-Rock
Interaction. Paleohydrothermal ﬂuid ﬂow was associated
with enrichments in CaO, Fe2O3, MgO, CO2, and MnO,
and losses in SiO2, Al2O3, and K2O during alteration of the
schist wall rocks (Figure 10). This mobilisation correlates
with precipitation of calcite, ankerite, and siderite as the main
carbonate phases. Petrographic observations of syntaxial
veins showing a distinct compositional diﬀerence between
the core (calcite) and rims (siderite) suggests that there was
a change in ﬂuid composition from early Fe-rich ﬂuids to
later Ca-rich (and Fe-depleted) ﬂuids. One possible reason
for this could be the late precipitation of hydrothermal pyrite
that would result in the removal of Fe in the system.
Strontium is a useful trace element in hydrothermal
carbonate minerals because it has a similar charge and ionic
radius to Ca, which means a substitution can readily occur.
Potassium, which is substituted easily by Rb, is not compatible in carbonate phases due to a much larger ionic radius
than Ca, and so the carbonate Sr isotope ratio is not aﬀected
by overdecay of 87Rb. Any variation of Sr isotopic compositions in hydrothermal carbonates will therefore reﬂect
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ﬂuid-rock interaction. The majority of in-situ Sr isotope data
from the hydrothermal carbonate phases varies between 87
Sr/86 Sr = 0:70577 and 0.70646 and shows no signiﬁcant difference between the diﬀerent types of carbonate texture
(Figure 8, Table 4). The high Sr concentration in mica-rich
layers within ﬁbrous foliation-parallel veins is also coupled
to the most radiogenic Sr isotope ratio of 0:70641 ± 0:00008
(n = 2). The value is lower than age-corrected (20 Ma) bulk
Otago Schist (87Sr/86Sr(20 Ma) of 0.70890–0.71791)
(Figure 8(a), Table 4). Therefore, the hydrothermal carbonates require interaction between a moderately unradiogenic
component and a relatively radiogenic component. The
radiogenic component could be derived from breakdown of
mica grains, which are hosted within the hydrothermal fault
breccias and altered greyschist and have interacted with the
hydrothermal carbonates. The origin of an unradiogenic Sr
component requires breakdown of mineral phases that have
low Rb/Sr. Metamorphic epidote is a minor component in
the greyschist but has 87Sr/86Sr of 0.70343–0.70519 [11, 25]
that is less radiogenic than the hydrothermal carbonates
(87 Sr/86 Sr = 0:70577–0.70646; Figures 8(a) and 8(b), Table 2).
Since metamorphic epidote takes up no Rb, it is representative of the initial greyschist Sr isotope ratio at the time of
Otago Schist metamorphism (150-135 Ma–Late JurassicEarly Cretaceous; [28]). Other possibilities for nonradiogenic ﬂuid components are metamorphic plagioclase
and metamorphic calcite, both of which have low Rb/Sr
and therefore should have the same initial metamorphic
value as the epidote. Age correction of the Otago Schist bulk
rocks gives a similar value to the metamorphic epidote. A key
point is that the CO2-rich nature of the ﬂuids that ﬂuxed
through Bruce Rocks and Akatore Creek suggests that metamorphic carbonate was probably mobilised in the ﬂuid
source. Since the hydrothermal fault breccias have higher
ﬂuid: rock ratios than the surrounding wall-rock, this may
explain why whole-rock Sr isotope data of the hydrothermal
breccias are more radiogenic than the altered greyschist.
Another reason could be that the hydrothermal fault breccias
have a higher concentration of hydrothermal carbonate
compared to the altered greyschist.

6. Conclusions
The vein- and breccia-bearing fault networks exposed at
Akatore Creek and Bruce Rocks are interpreted to represent
a post-Early Miocene hydrothermal system that formed at
shallow depths in the Otago Schist. The orientation and
geometry of the fault networks and the associated channelized ﬂuid ﬂow were strongly inﬂuenced by the metamorphic
foliation and by reactivation of preexisting Cretaceous
exhumation joints. Paleostress analysis suggests that the
small-displacement strike-slip fault networks developed in a
paleostress ﬁeld containing a maximum principal stress (σ1
) oriented at c. 094°, which is similar to the modern-day σ1
orientation in Canterbury and Otago. The δ18O values of
vein carbonates in the ﬁeld areas overlap with shallow hydrothermal calcite elsewhere in the South Island. Stable isotope
data coupled with the presence of thin type 1 twins in calcite
implies vein precipitation under low-temperature conditions
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(<200°C). Sr isotope data indicate that the carbonate Sr
isotope signature is inherited from mixing between an
unradiogenic and a radiogenic source. The unradiogenic
source may be metamorphic epidote and calcite, while the
radiogenic source is likely to be muscovite from the host
greyschists, although meteoric water and seawater cannot
be ruled out. The brittle fault networks and associated hydrothermal systems are interpreted to have formed after the
onset of Early Miocene compression, and may represent
fracturing and ﬂuid ﬂow associated with reverse reactivation
of regional-scale faults such as the nearby Akatore Fault.
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Midcrustal rocks in retrograde metamorphic settings are typically H2O-undersaturated and ﬂuid-absent and have low permeability.
Exhumed continental retrograde faults, nonetheless, show evidence for the operation of ﬂuid-mediated weakening mechanisms
during deformation at midcrustal conditions. To explore the origin and eﬀects of ﬂuids in retrograde faults, we study the Kuckaus
Mylonite Zone (KMZ), an exhumed crustal-scale, strike-slip shear zone in the southern Namibian Namaqua Metamorphic Complex.
The KMZ deformed quartzofeldspathic migmatised gneisses at midcrustal retrograde conditions (450-480°C, 270-420 MPa) in the
Mesoproterozoic, 40 Ma after granulite facies peak metamorphism at 825°C and 550 MPa. The mylonites contain fully hydrated
retrograde mineral assemblages, predominantly adjacent to anastomosing high-strain zones, providing evidence of local H2O
saturation and ﬂuid presence during deformation. Whole rock and quartz vein δ18O values suggest that at least some of the ﬂuids
were meteoric in origin. The rocks across the shear zone retain the eﬀect of diﬀerent protoliths, implying little eﬀect of ﬂuid-rock
interaction on whole rock major element chemistry. Together with a general scarcity of quartz veins, this suggests that ﬂuid/rock
ratios remained low in the KMZ. However, even small amounts of H2O allowed reaction weakening and diﬀusion-precipitation,
followed by growth and alignment of phyllosilicates. In the ultramylonites, a ﬁne grain size in the presence of ﬂuids allowed for grain
size sensitive creep. We conclude that the inﬂux of even small volumes of ﬂuids into retrograde shear zones can induce drastic
weakening by facilitating grain size sensitive creep and retrograde reactions. In retrograde settings, these reactions consume ﬂuids,
and therefore elevated ﬂuid pressures will only be possible after considerable weakening has already occurred. Our ﬁndings imply
that the range of seismic styles recently documented at active retrograde transform faults may not require high ﬂuid pressures but
could also arise from other local weakening mechanisms.

1. Introduction
Given a range of assumptions, including constant ﬂuid pressure (Pf ), strain rate, and composition, increasing depth in
the continental crust results in a pressure-dependent increase
in the frictional strength of rocks and a thermally dependent
reduction in viscous strength [1]. Therefore, the frictionalviscous transition theoretically represents the strongest part
of the continental crust, but it is still poorly understood [2].
Deformation around the frictional-viscous transition is localised into shear zones, which may exert a major control on
the strength of the lithosphere (e.g., [3–5]). The relative

strength or weakness of a shear zone is, however, a complex
puzzle, in which a combination of interconnected lithological,
mechanical, and physical variables play a role. Traditionally,
most studies of continental crustal rheology have focussed
on quartz and feldspar (lithological variables), deforming by
frictional sliding and/or dislocation creep (mechanical variables) over a range of pressures (P), temperatures (T), and
Pf (physical variables; e.g., [6]). This is based on the assumption that quartz and feldspar are the two most abundant minerals in the continental crust, frictional sliding and dislocation
creep are two dominant deformation mechanisms, and P, T,
and Pf are the primary physical variables. Among these
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variables, ﬂuids have a direct eﬀect on the eﬀective pressure as
well as additional eﬀects on the lithology through metamorphic reactions [7–9]. Fluids have also been associated with a
number of weakening mechanisms such as (1) the breakdown
of strong minerals into weaker minerals [8, 10, 11]; (2) grain
size reduction by the nucleation of retrograde and replacement
minerals [8, 12, 13]; (3) aiding diﬀusion creep and other grain
size sensitive deformation processes [14–17]; (4) causing
hydrolytic weakening in minerals deforming by dislocation
creep [18, 19]; and (5) depending on permeability, ﬂuid presence can reduce the eﬀective normal stress by increasing ﬂuid
pressure [7].
Given the potential importance of ﬂuids in shear zones, a
related question pertains to the sources, volumes, and pathways exploited by these ﬂuids. In prograde metamorphic
settings, like subduction zones, the deforming lithologies
themselves constitute the ﬂuid source. Peacock [20] estimated
that approximately 8:7 × 1011 kg of bound H2O, stored in the
oceanic crust and overlying sediments, is subducted past the
accretionary prism each year. Depending on the P-T path of
this subducting slab, the breakdown of hydrous minerals such
as lawsonite, chlorite, or amphibole will release some of these
ﬂuids [20, 21], causing locally elevated ﬂuid pressures. This is
well displayed in exhumed subduction melanges as abundant
veining [22, 23] that may be the geologic product of episodic
tremor and slow slip [24].
Contrary to prograde metamorphic settings, rocks in retrograde settings will have been previously dehydrated during
higher-grade metamorphism. Under retrograde conditions,
such rocks will consist of ﬂuid-undersaturated mineral
assemblages that are incapable of producing ﬂuids through
dehydration reactions but are capable of undergoing rehydration if external ﬂuid addition was to occur [25–29]. Weakening simply due to elevated ﬂuid pressures is therefore not
generally applicable to explain the weakness of active retrograde faults [30, 31]. Exhumed active and inactive retrograde
fault zones like the Median Tectonic Line (MTL; Japan; [32]),
Karakoram (India; [33]), and Outer Hebrides Fault Zone
(Scotland; [34]) do, nonetheless, display retrograde mineral
assemblages, requiring at least some ﬂuids to have played a
role during deformation. Furthermore, a ﬂuid presence at
depth is commonly inferred for active retrograde faults based
on geophysical observations [35–37]. Fluids are thereby
likely to have an important role in the weakening occurring
in retrograde settings, but their source, volume, and the speciﬁc mechanisms they facilitate remain unclear.
As locally produced ﬂuids are unlikely in retrograde shear
zones, external sources are required to explain ﬂuid presence
[38]. Depending on the tectonic setting, possible external
sources include meteoric water (e.g., Alpine Fault; [39, 40]),
metamorphic dehydration of associated lithologies undergoing prograde metamorphism (e.g., SAFZ; [41, 42]), magma
crystallisation or migration (e.g., MTL; [43]), and mantle
degassing (e.g., SAFZ; [44]). Fluid volumes in previous studies
on retrograde faults are mainly qualitative estimates and vary
considerably from completely dry to large volumes of ﬂuids
[28, 34]. For external ﬂuids to be invoked, a permeable pathway between the ﬂuid source and shear zone is required.
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To explore the origin and eﬀects of ﬂuids in retrograde
transform faults, we study an exhumed example, the Kuckaus
Mylonite Zone in Namibia. This crustal-scale, strike-slip
shear zone was active at midcrustal retrograde conditions
(450-480°C, 270-420 MPa) in the Mesoproterozoic, 40 Ma
after granulite facies peak metamorphism (825°C, 550 MPa;
[45–47]). Retrograde mineral assemblages, predominantly
adjacent to local high-strain zones, provide evidence of ﬂuid
involvement during deformation [45]. By studying rocks
from the KMZ we aim to answer the following three questions: (1) Where did the ﬂuids come from? (2) What eﬀect
did they have on the lithological aspects that may inﬂuence
the strength of the shear zone? (3) Did ﬂuids also facilitate
weakening by increasing Pf , as is often inferred in active
shear zones? To address the ﬁrst question, oxygen isotope
compositions of quartz veins, mylonites, and wall rocks are
used to consider possible ﬂuid sources [48–50]. To assess
the lithological eﬀects the ﬂuids had on the shear zone, isocons, constructed using major element concentrations, have
been used together with microstructural observations to
assess what retrograde and replacement reactions occurred
in the system as well as to estimate mass changes, induced
by ﬂuid ﬂow, across the shear zone [51, 52]. Aided by microstructural observations, we ﬁnally discuss the results and
their interdependent nature to determine which weakening
mechanisms, associated with the introduction of ﬂuids, were
dominant during shearing in the KMZ.

2. Geological Setting
The KMZ is part of the Marshall Rocks-Pofadder shear zone
system (MRPSZ), a subvertical NW-SE striking, dextral,
shear zone that extends for 550 km across Namibia and South
Africa (Figure 1; [46, 47]). In the study area, the MRPSZ is
localised in rocks of the Aus Domain, separated to the south
from the Richtersveld and Bushmanland Subprovinces by the
Southern Namaqua Front, and to the north from the
Konkiep Subprovince by the Lord Hill-Excelsior Shear Zone
[53]. These subprovinces and domains constitute the northwestern part of the Namaqua Metamorphic Complex
(NMC). The NMC is bound to the south by rocks of the
younger Saldania belt, and to the north by the Kalahari Craton. The central parts are covered by the Karoo Supergroup,
with exposures limited to the western and eastern coasts of
southern Africa ([54]).
The tectonostratigraphy of the rocks of the Aus Domain
is believed to consist of both reworked 2000-1700 Ma basement and younger 1250-1100 Ma supracrustal and igneous
rocks [55, 56]. The supracrustals belong to the Garub
sequence, whereas three intrusive suites have been identiﬁed
in the mapping area [46, 56]. The ﬁrst voluminous igneous
suite is the Tsirub Gneiss, a garnet-bearing tonalitic to granodioritic augen gneiss, whereas the other igneous suite is an
unnamed and undiﬀerentiated biotite gneiss that is made
up of K-feldspar, plagioclase, quartz, and biotite [46]. Apart
from these two volumetrically dominant gneisses, the
mapped area contains scattered bodies of leucogranites, comprising megacrystic K-feldspar and quartz, with minor biotite
and garnet [46, 47, 56].
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Figure 1: Geological setting of the Kuckaus Mylonite Zone (KMZ) in the Namaqua Metamorphic Complex (NMC) of southern Africa (a).
The KMZ is part of the Marshall Rocks-Pofadder shear zone system (MRPSZ), subparallel to the Southern Namaqua Front (SNF) and the
Lord Hill - Excelsior Shear Zone (LHESZ) (b). In the study area, the KMZ is exposed over a 2 by 5 km area (shape of mapped area is a
function of Quaternary sands coverage), with Tsirub Gneiss (TG) in the NE, the main leucogranite (LG) bodies in the middle, and biotite
gneiss (BG) in the SW (c). Strain is heterogeneously distributed over 1-2 km (same strain gradient key as in Figure 2). Red boxes show
locations of areas A-D in Figure 2.

The NMC is a metamorphic belt associated with the
formation of Rodinia in the Namaqua orogeny, with hightemperature–low-pressure peak metamorphism at 12001050 Ma [46]. The biotite gneiss and Tsirub Gneiss have
experienced the same tectonometamorphic history, both
preserving migmatitic textures. They were subsequently
deformed during the later stages of the Namaqua orogeny
under retrograde midcrustal conditions at 270-420 MPa
and 450-480°C [45], 40 Ma after peak granulite facies metamorphism at 550 MPa and 825°C, c. 1065-1045 Ma [56].
Most leucogranite bodies within the study area behaved as
more competent units than the surrounding gneisses, and
are thereby inferred as prekinematic; however, some minor
leucogranite bodies show evidence of shear-zone-parallel
liquid-state ﬂow suggesting synkinematic intrusion [47].
In the study area, the KMZ is manifested as an approximately 1-2 km wide zone of heterogeneously distributed
strain, separating the Tsirub Gneiss in the NE from the biotite gneiss in the SW (Figure 1; [47]). The largest leucogranite

body (∼2000 m long, <200 m wide) is located between the biotite gneiss and Tsirub Gneiss, with its long axis aligned parallel
to the shear zone margins. Smaller leucogranite bodies, with
long axes down to a few m, can be found at scattered locations
in the Tsirub Gneiss [47]. The leucogranite bodies, together
with gneissic lozenges ranging in size from m to tens of m
wide, form low-strain zones around which the strain is heterogeneously distributed. The mylonitic fabric is predominantly
subvertical, striking NW-SE, with a subhorizontal lineation
[47]. The highest-strained rocks are localised into narrow
ultramylonites which can be a few tens of cm wide [57].
As a big proportion of the strain is localised around the
central leucogranite body, three areas around it were chosen
for more detailed study, one at the nortwestern tip and two
on either side (Figures 1 and 2). A fourth location was chosen
within the biotite gneiss, where strain is heterogeneously distributed around low-strain lozenges into anastomosing, thin
(tens of cm wide), ultramylonite zones, within broader mylonites (Figures 1 and 3).
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3. Outcrop Descriptions
From west to east, the four areas chosen for more detailed
study were assigned letters A-D. Area A covers the NW tip

of the central leucogranite body. Areas B and C are located
on either side of the central leucogranite body, with B transitioning into the biotite gneiss and C into the Tsirub Gneiss
(Figure 1(c)). Area D is located within the biotite gneiss,
where multiple low-strain lozenges are surrounded by anastomosing high-strain zones (Figure 3).
3.1. Area A. Strain is heterogeneously distributed over a
∼140 m wide shear zone, juxtaposing Tsirub Gneiss to the
NE and the biotite gneiss to the SW (Figure 2). The gneissose
fabric of the Tsirub Gneiss dips steeply (>80°SW), whereas
the migmatitic fabric of the biotite gneiss is more irregular,
in places tightly folded with subvertical limbs and subhorizontal hinge lines.
The mylonitic fabric dips predominantly >80°SW; however, local variations range between 75° SW and 75°NE. The
lineation plunges gently (<10°) to the SE. The features
described here are continuous along strike, at the scale of
the exposure, if not otherwise stated.
The transition from wall rock to protomylonite and
further to mylonite is gradual, over a distance of ∼30 m in
the biotite gneiss and over ∼50 m on the Tsirub Gneiss side.
The transition from mylonite to ultramylonite is a sharper,
gradual transition, occurring over <10 cm and deﬁned by a
drastic grain size decrease (Figure 4(b)). Apart from the two
ultramylonite zones transitioning NE and SW into the Tsiruband biotite gneisses, respectively, a third ultramylonite zone
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occurs halfway between the ﬁrst two, separating two ∼30 m
wide less deformed domains. All three ultramylonite zones
are 1-2 m wide, but contain lower-strain elongate pods in
places, resulting in thinner, anastomosing, tens of cm wide
ultramylonite bands. The southwesterly domain between the
ultramylonites is made up of mylonitic biotite gneiss, whereas
the northeasterly domain comprises rocks of granitic composition and texture. The former depicts a mylonitic fabric
throughout its width, while the latter, on the other hand, is
only sheared along its edges, with its central parts displaying
a less orderly nature, coarser grain sizes, with a mixture of
brittle tensile and shear fractures with a weak ductile overprint
and minor ductile shear zones.
All three ultramylonite zones are bordered by zones that
show an increased abundance of medium- to coarse-grained
chlorite and epidote or K-feldspar, resulting in diﬀerent
shades of green and pink (Figures 2, 4(a), and 4(d)). These
zones, located at or near the greatest strain gradients in the
shear zone, exhibit a less developed mylonitic fabric than
the adjacent mylonites, however, in the same orientations.
The zones are elongate parallel to the general strike of the
shear zone, with ellipsoidal pods ranging in along-strike
length from a few meters up to ∼100 m.
3.2. Area B. Area B covers an area with the central leucogranite body to the NE and with the biotite gneiss to the SW
(Figure 2). Here, the dip of the mylonitic fabric increases
progressively from 80° in the SW to vertical in the NE with
a subhorizontal lineation plunging gently (<10°) to the SE.
The overall strain distribution shows the most strained rocks
closest to the boundary between the two lithologies. But
whereas only the outermost ~15 m of the leucogranite is
mylonitised, the biotite gneiss is more widely aﬀected by
shearing, with the unsheared wall rock occurring outside
the mapped area.
The least strained biotite gneisses in area B are thereby
protomylonites, grading into mylonites over a few m
approximately 35 m SE of the boundary between the biotite
gneiss and the leucogranite. The mylonite zone tapers slightly

towards the SE. The transition to ultramylonite occurs ∼15 m
SW of the boundary between the biotite gneiss and the leucogranite. The ultramylonite is dark brown in colour with an
extremely ﬁne grain size. Lower-strain elongate lozenges are
scattered within the ultramylonite; they do not, however,
crosscut the mylonitic fabric. At the mylonite to ultramylonite transition, these lozenges are up to ∼8 m long and a
few meters wide (Figure 2). With decreasing distance from
the boundary between biotite gneiss and leucogranite, the
aspect ratio of the lozenges becomes larger and the long axes
become more uniformly parallel to the mylonitic fabric. The
boundary between the biotite gneiss and the leucogranite is
marked by a distinct shift in colour to a paler brown and further to a more pink colour. In only a few m, the grain size
increases with the transition to mylonite and further to protomylonite approximately 10 m from the boundary. 15 m
from the boundary to the biotite gneiss, the leucogranite
displays a phaneritic texture.
The 5 m closest to the boundary on the NE (leucogranite)
side depicts a clear reduction in quartz content, and the feldspar appears more fractured compared to further away from
the local high-strain core. On the SW (biotite gneiss) side of
the transition on the other hand, similarly to area A, there are
lozenges characterised by a coarser grain size than the ultramylonite that hosts them. These lozenges consist of either a
mixture of quartz and K-feldspar or chlorite and epidote. The
biotite gneiss mylonites are distinctly richer in K-feldspar than
the biotite gneiss protomylonite and host few, scattered, mutually crosscutting veins. The veins display a massive texture of
either quartz, K-feldspar, or a mixture of the two, and are up
to 10 cm in thickness. They dip steeply (>75°) both to the SW
and NE, and whereas some were found parallel to the mylonitic
fabric, most cross-cut it to follow a slightly more N-S strike.
3.3. Area C. On the northeastern side of the central leucogranite body, the strain is, similar to area B, localised against the
leucogranite body and manifested as a steeply dipping foliation (>70°). Contrary to area B, here the local high-strain
zone constitutes the boundary between the leucogranite and
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the Tsirub Gneiss and dips to the NE. The lineation is again
plunging gently (<10°) to the SE. The high-strain zone has
irregular boundaries but is approximately 8 m wide, with up
to 50 cm thick ultramylonite at its core (Figure 2). The transition from ultramylonite to mylonite, deﬁned by a grain size
reduction, occurs sharper than in the previous areas, over a
few cm. The transitions from mylonite to protomylonite
and further into wall rock occur progressively over ∼5 m on
both sides. Area C does not contain zones with an increased
abundance of chlorite, epidote, or K-feldspar.
3.4. Area D. Area D covers an area in the biotite gneiss where
the strain is heterogeneously distributed with high-strain
zones separating lozenges of migmatitic biotite gneiss
(Figure 3). The short axes of the lozenges are up to 75 m, with
the long axes mostly stretching across the entire mapped area
(∼250 m) in a NW-SE direction, with a few pinching out
within it. The orientation of the mylonitic fabric in the
high-strain zones is more varied than in the previously
described areas, ranging from >60°SW to >75°NE; however,
the strike is fairly constant, NW-SE. The lineation is plunging
steeper than in previous areas, however, again gently at <20°.
The leucosome and melanosome layers (mm to <5 cm thick)
making up the migmatitic fabric in the lozenges are tightly
folded in parasitic to larger, tight to open, folds with amplitudes of tens of m. The hinge lines of these folds are, similarly
to the lineation, plunging gently (<20°) to the SE. Area D
additionally contains a few scattered locations where brittle
deformation occurs over elongate domains up to a few m in
length, parallel to strike, and tens of cm wide. These domains
are overprinted by ductile deformation.
The anastomosing high-strain zones are predominantly
continuous along strike and vary in thickness from tens of
cm to ∼50 m. They occur predominantly where fold limbs,
of the larger amplitude folds, are oriented subparallel to the
general orientation of the local shear zone boundaries
(Figure 3). Preferential reshearing of the parasitic fold limbs
is also apparent at outcrop scale (Figure 4(c)). The relative
thicknesses of protomylonite, mylonite, and ultramylonite
in these zones vary along strike and from one high-strain zone
to the next; however, even the thinnest ∼10 cm high-strain
zones commonly comprise ultramylonite at their cores, resulting in sharp transitions from migmatitic wallrock to ultramylonite. The transitions are, like in the previous areas, deﬁned
by a grain size reduction with gradual boundaries.
Area D also contains zones similar in nature to the ones
in areas A and B, pink or green in colour, comprising higher
concentrations of K-feldspar or chlorite and epidote with a
coarser grain size than the surrounding mylonites. These
zones are elongated parallel to the mylonitic fabric, have
irregular thicknesses from 10 cm to 10 m, and range in length
from a few m to continuous across the mapped area. They are
typically located along the greatest strain gradients adjacent
to the ultramylonites (Figure 4(a)).
The sampled high-strain zone is representative of the
high-strain zones in area D. It strikes NW-SE with a dip of
∼60°SW and contains a ∼10 cm thick ultramylonite core,
continuous over the mapped area, which gradually transitions to mylonite over a few cm (Figure 4(b)). The ultramylo-
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nitic core is bordered on either side by a ∼5 m thick, gradual,
mylonite to protomylonite transition zone, followed by a gradation to a background unsheared migmatitic fabric over the
next few m. A 1 m wide area of the mylonite on the northern
side of the ultramylonite shows an increased concentration of
chlorite. The zone, clearly distinguishable from the wider
mylonites by its green colour and coarser grain size
(Figure 4(a)), follows the boundary of the ultramylonite.

4. Microstructures
Diener et al. (2016) suggested that strain localisation in the
KMZ was achieved by the growth of weak retrograde mineral
phases as well as grain size reduction, both facilitated by a ﬂuid
presence. Whereas increased K-feldspar, chlorite, and/or epidote abundance is typical adjacent to ultramylonites, this association is not present within the ultramylonites themselves. On
the outcrop scale, the increase in K-feldspar, chlorite, and/or
epidote content does not therefore correlate with strain intensity, but rather with strain gradients, more speciﬁcally the narrow transitions from mylonite to ultramylonite (Figure 4(b)).
For a more comprehensive study of the controls on strain localisation, eﬀects of ﬂuids, and the deformation mechanisms that
were active in the KMZ, bulk rock samples were collected from
all four areas. Samples were typically 10 to tens of cm in the
shortest dimension, and were collected along transects, roughly
perpendicular to strike, wherever changes in lithology or strain
intensity occurred, causing the spacing between samples to
vary (Figures 2 and 3). This approach inevitably leads to a sampling bias with higher-strained rocks being overrepresented;
however, it provides the best opportunity to compare the
results between the diﬀerent lithologies and with changes in
strain. Oriented thin sections were prepared in the Department
of Geological Sciences at the University of Cape Town, cut perpendicular to foliation and parallel to stretching lineation.
4.1. Wall Rocks and Protomylonites. The diﬀerent protoliths
contain feldspar, quartz, biotite, muscovite, chlorite, amphibole, and accessory minerals including apatite, rutile, titanite,
and zircon. Feldspar porphyroclasts are up to 4 mm in all
low-strain examples except for the Tsirub Gneiss, where the
grain size is <2 mm. Many feldspar porphyroclasts are
fractured, some of which display shear displacement in, for
example, bookshelf-type microstructures (Figure 5(a)). Most
porphyroclasts are subrounded; however, angular and
rounded porphyroclasts are also present (Figures 5(a)–
5(d)). Furthermore, the porphyroclasts display extensive
microcracking, deformation twinning, and patchy undulose
extinction (Figures 5(a)–5(d)). Feldspar is also present as
neoblasts < 20 μm, between fractures and in stress shadows
(Figures 5(a)–5(d)). Quartz is present in discontinuous ribbons that range from a few grains wide to ∼1 mm thick.
Quartz grain sizes range from ∼10 μm where they are
pinched between feldspar porphyroclasts to ∼200 μm where
the ribbons are thickest. The ribbon quartz display a strong
CPO [57]. Quartz is also found ﬁlling fractures in feldspar
porphyroclasts and as neoblasts in their stress shadows
(Figures 5(a) and 5(c)). Phyllosilicates are mostly ﬁne grained
(<50 μm) and aligned parallel to foliation where they were not
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Figure 5: Representative photomicrographs of protomylonites from the KMZ. Feldspar porphyroclast contain both tensile and shear
fractures, and plagioclase is heavily sericitized. Quartz is found in discontinuous ribbons with a range of grain sizes (∼10-200 μm),
deﬁning the mylonitic foliation in conjunction with the phyllosilicates. (a) Sample 29, biotite gneiss, from area D. (b) Sample 2, Tsirub
Gneiss, from Area A. (c) Sample 12, biotite gneiss, from area A. (d) Sample 35, leucogranite, from area C. White bars = 1 mm.

obstructed by feldspar porphyroclasts, and much like quartz,
phyllosilicates are found ﬁlling feldspar porphyroclast fractures
and in their stress shadows. The neoblasts in the porphyroclast
stress shadows all show low degrees of internal strain [57]. Sericite ﬂakes also occur within the plagioclase grains. Some phyllosilicates are, however, found in larger grain sizes (1 mm),
namely chlorite, which is also one of the major diﬀerences
between the separate protoliths. Chlorite is found in the highest
amounts in the biotite gneiss, followed by the Tsirub Gneiss,
and is absent in the leucogranite. In the biotite gneiss, chlorite
is found enveloping feldspar porphyroclasts and stretched out
from their stress shadows, forming in places thicker ∼1 mm
bands (Figures 5(a) and 5(c)). In the Tsirub Gneiss, chlorite is
found with other ﬁne-grained (<30 μm) phyllosilicates in thinner (<100 μm) seams, parallel to the foliation.
4.2. Mylonites and Ultramylonites. The mineralogy is largely
the same in the higher-strain rocks compared to the lowstrain rocks, except for zones of increased K-feldspar, chlo-

rite, and epidote contents observed locally along some
mylonite-ultramylonite transitions. There is a slight increase
in phyllosilicate content, mostly muscovite, in the mylonites
compared to the protomylonites, but such increase is not
seen in the ultramylonites compared to the mylonites [57].
In the mylonites, the feldspar porphyroclasts are smaller
(<1 mm) and rounder compared to the protomylonites
(Figures 6(a)–6(c)); however, the other microstructural
observations still apply. The proportion of K-feldspar to
plagioclase is higher than in the protomylonites, as is the proportion of neoblasts to porphyroclasts. The quartz ribbons
are thinner, compared to the protomylonites, and are only a
few grains wide at their thickest in the mylonites
(Figures 6(a)–6(c)). Whereas the quartz ribbons of the mylonites display a CPO, most of the quartz in the ultramylonites
is dispersed in the ﬁne-grained matrix (Figures 6(d)–6(f))
and lacks a CPO [57]. The phyllosilicates are ﬁne grained
(<30 μm) and dispersed within the matrix. In the mylonites,
the phyllosilicates are arranged into interconnected networks,
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Figure 6: Photomicrographs of high-strain rocks from the KMZ. (a–c) are representative mylonites with feldspar porphyroclasts containing
tensile and shear fractures, quartz ribbons, and a ﬁne-grained matrix. (d–f) are representative ultramylonites, dominated by ﬁne-grained
mixtures of all constituent phases of the rock, with a few relict feldspar porphyroclasts. (a) Sample 31, Tsirub Gneiss from area C. (b)
Sample 25, biotite gneiss from area D. (c) Sample 34, leucogranite from area C. (d) Sample 32, Tsirub Gneiss from area C. (e) Sample 10,
biotite gneiss from area A. (f) Sample 42, leucogranite from area B. White bars = 1 mm.

a few grains thick, with their basal plane aligned subparallel to
foliation and long axis subparallel to the lineation direction
(Figure 7(a)). These networks of interconnected phyllosilicates
are not present in the ultramylonites, where although similarly
present and oriented, they are not connected (Figure 7(b)).
The ultramylonites consist nearly completely of a ﬁnegrained (<20 μm), distributed mixture of all constituent
phases of the rock, with ﬁne grains of mostly feldspars and
quartz (<5 μm) present in many triple junctions [57]. Kfeldspar porphyroclasts, <1 mm in size and well rounded, are
nonetheless still present in a few ultramylonites (Figure 6).

5. Geochemical Methods
In the KMZ, areas enriched in K-feldspar or chlorite and/or
epidote are identiﬁed at the outcrop scale, predominantly adja-

cent to ultramylonite cores of local shear zones (Figures 2, 3,
and 4). Furthermore, replacement reactions, including plagioclase breakdown and growth of muscovite, feldspars, and
quartz, can be inferred from thin sections (Figures 5 and 6).
The occurrence of these replacement phases is still localised to the mylonites, and increase in abundance from the
protomylonites to the mylonites and further to the ultramylonites. These reactions require an increase in water content
from proto- to ultramylonites, and may have also involved
a component of mass transfer. A ﬂuid is thus needed, the
source and eﬀect of which will be investigated further with
the help of geochemical methods.
The rock samples collected are therefore also used to
measure oxygen isotope ratios as well as bulk whole rock
major-, minor-, and trace-element concentrations using
X-ray ﬂuorescence (XRF). Although quartz veins are very
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Figure 7: Scanning electron microscope backscatter electron images of (a) layers of interconnected phyllosilicate networks in a mylonite and
(b) a representative ultramylonite depicting a ﬁne-grained mixture, with a random distribution of all constituent phases of the rock. Quartz
and albite are dark gray, K-feldspar is light gray, and phyllosilicates are light gray and lamellar shaped. White bars = 20 μm.

rare in the KMZ, where synkinematic quartz veins were
found, they were sampled for isotopic analysis from within
and outside the four areas described above. The quartz veins
chosen were parallel to foliation, ductilely deformed, slightly
boudinaged, and/or exhibited a similar mineral lineation to
the surrounding rocks, and therefore interpreted as synkinematic (Figure 4(e)). All samples were crushed with a Sturtevant laboratory jaw-crusher and, apart from the quartz
samples, further powdered with a tungsten carbide mill.
The geochemical analyses on the powders and quartz chips
were conducted at Cape Town University.
5.1. Oxygen Isotopes. O-isotope data are presented in delta
notation as given by


Rx − Rstd
δ=
× 1000,
Rstd

ð1Þ

where R is the ratio of 18O/16O, x represents the sample, and
std stands for standard.
The oxygen isotope analyses of quartz and whole rock
samples were performed using both laser and conventional
ﬂuorination. The laser ﬂuorination follows the method of
Harris and Vogeli [58], where 2-3 mg clean quartz chips were
reacted with BrF5 and collected as O2. For the conventional
ﬂuorination, analyses were made using externally heated Ni
bombs, employing ClF3 as a reagent at 550°C, and converting
the liberated O2 to CO2. Raw data were converted to δ
-notation relative to standard mean ocean water (SMOW)
based on internal garnet (MON GT; δ18 O = 5:38 ‰) and
quartz (MQ; δ18 O = 10:1 ‰) standards, for data obtained
by the laser and conventional ﬂuorination methods,
respectively. Duplicates of the standards were run with each
batch to monitor analytical precision, with the long-term
variability suggesting 2σ errors of 0.15 ‰ (MON GT) and
0.16 ‰ (MQ).

5.2. XRF. Bulk rock major- and trace-element compositions
were measured on a Panalytical Axios wavelength-dispersive
XRF spectrometer housed in the Department of Geological
Sciences at the University of Cape Town. Samples were heated
to 110°C overnight, for at least 8 hours, to dry. The powders
were weighed before and after this drying process to record loss
of absorbed water (H2O-). After this, the samples were heated
in a ceramic crucible and held at a temperature of 850°C for
at least 4 hours, before cooling and weighing again to record
Loss On Ignition (LOI). The samples were subsequently fused
with a lithium borate ﬂux to produce fused discs, on which
major element compositions were measured, and pressed powder briquettes, from which trace-element data were recorded.

6. Geochemical Results with
Additional Calculations
The chemical compositions of the Tsirub Gneiss, biotite
gneiss, and leucogranite indicate that they are granitic in
composition (Table 1). Even though the ranges above
exclude samples enriched in chlorite, epidote, or K-feldspar,
there are still signiﬁcant variations in elemental concentrations. These variations are likely found in variably deformed
samples. To test this, and to better visualise these variations,
the graphical isocon method presented by Grant [59] is used.
Tables of the compositions of all rocks are provided in the
supplements (Table S2).
6.1. Isocon Method. The isocon diagram [59] allows for a
qualitative visualisation of changes in element concentrations
and mass changes between two samples. With the premise
that ﬂuid ﬂow is channelised in shear zones, it was used separately for all transects to compare the whole rock XRF data
for each sample within and around the high-strain zones
against the least deformed samples of the same protolith.
Once the chosen samples are plotted against each other in a
diagram, a line is plotted from the origin through a chosen
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Table 1: Compositional ranges for the biotite gneiss, Tsirub Gneiss,
and the leucogranite.

SiO2
TiO2
Al2O3
Fe2O3
MnO
MgO
CaO
Na2O
K2O
P2O5
SO3
Cr2O3
NiO
H2OLOI
Total

Biotite gneiss

Tsirub Gneiss

Leucogranite

61.98-71.50
0.13-0.89
13.80-15-.22
1.73-7.79
0.01-0.12
0.34-3.18
0.14-4.52
2.44-4.66
3.14-6.51
0.07-0.22
0.00-0.01
0.00-0.03
0.01
0.07-0.19
0.73-1.38
98.90-99.46

66.36-74.38
0.13-0.20
13.53-15.03
1.31-4.15
0.02-0.07
0.25-1.11
0.45-1.51
2.58-3.37
4.29-6.19
0.07-0.28
0.00-0.01
0.00-0.02
0.01-0.02
0.18-0.31
0.62-1.79
98.95-99.67

70.52-79.80
0.13-0.30
9.12-14.18
1.22-2.56
0.02-0.03
0.13-0.45
0.10-0.50
0.25-3.47
4.61-6.79
0.04-0.18
0.00-0.01
0.00
0.01
0.06-0.17
0.66-1.40
98.89-99.56

immobile element, the slope of which gives the inferred mass
change of the deformed sample compared to the protolith.
Titanium is typically immobile (e.g., [51, 60]), but Ti contents
are too low to be representative of element mobility in several
of our rocks. We therefore assumed the immobility of aluminium, as it has previously been shown to be immobile during
deformation of granitoids at similar conditions [61–63]. We
also note that all samples have a mean aluminium saturation
index (as deﬁned by Zen [64]) of 1.12 (±0.11), indicating
aluminium saturation and no trends of aluminium mobility
between high- and low-strain rocks (Table S1). A 1 : 1
relationship means no mass change; if the gradient is lower
than that, the deformed sample has experienced mass gain
compared to the protolith, and conversely a mass loss if the
gradient is higher. The elements plotting above the 1 : 1 line
have increased in weight % in the deformed sample
compared to the protolith, whereas the ones plotting below
the line have decreased. Scaling factors are used to disperse
the elements over the graph for easier qualitative evaluation
of relative changes.
For quantitative results comparing all our deformed samples to their protoliths, calculations were made following
Spruzeniece and Piazolo’s [52] adaptation of the original
equations of Gresens [65]. To estimate the changes in concentration of major, minor, and trace elements between the
protolith and the deformed sample, equation (2) was used,
where ΔM is the mass change in percent and C is concentration. The total mass change (in %) between the two analysed
samples can be estimated using equation (3), where S is the
protolith
slope of the isocon (S = ðCdeformed
immobile /C immobile Þ ).
protolith

ΔM mobile =

Cimmobile
C deformed
immobile

!

C deformed
mobile
protolith

Cmobile

!

!
− 1 × 100,

ð2Þ

ΔM total

  
1
− 1 × 100:
S

ð3Þ

6.2. Element Mobility with Inferred Mass Changes (%). Here,
we compare a selection of eight samples of highly strained
rocks from all four areas to their wall rocks, with the aid of
isocon diagrams (Figure 8), to assess their chemical changes.
We also evaluate one pink and one green sample, representative of the K-feldspar and epidote/chlorite-enriched rocks in
the KMZ, respectively. Tables of changes in element concentration and mass for all rocks can be found in the supplements (Table S3).
6.2.1. Area A. The two ultramylonites (CKMZ 4 and 10;
Figure 2) on the edges of the shear zone in area A were chosen for this evaluation, as their protoliths (CKMZ 2 and 12;
Figure 2) are more unambiguous compared to the central,
third, ultramylonite. On the biotite gneiss side (Figure 8),
the element mass changes vary from -88% (MgO) to +120%
(K2O).
Relatively big losses (51-88%) are also seen in TiO2,
Fe2O3, MnO, and CaO. Apart from K2O, the only other gain
was experienced by SiO2 (21%). The changes are much
smaller on the Tsirub Gneiss side (Figure S1), with a range
from -58% (CaO) to +8% (Na2O). The ultramylonites
experienced a relative loss of most elements, apart from
negligible gains in SiO2 and TiO2.
6.2.2. Area B. The rock with the least amount of strain on the
biotite gneiss side in area B, a protomylonite (CKMZ 39),
exhibited anomalous aluminium concentrations. For this
reason, the wall rock from area A, an along-strike equivalent
(CKMZ 12), was used in relative mass loss calculations for
the biotite gneiss mylonites in area B (Figure 2). The biotite
gneiss ultramylonite (CKMZ 41; Figure 2) has experienced
gains of SiO2 (24%), Na2O (17%), and K2O (75%;
Figure S1). The losses of all other elements range from 21%
in NiO to 97% in CaO. On the leucogranite side (Figure 8),
the ultramylonite (CKMZ 42; Figure 2) has experienced
gains of 789% in Na2O, but a loss of <84% of other
major elements.
6.2.3. Area C. As the local high-strain zone in area C is
relatively narrow, only 5 samples were collected, one of which
was an ultramylonite (CKMZ 33; Figure 2). To be more
conﬁdent in that the changes outlined here are relative to
the correct protolith, we look at the mylonites on either side
of the central ultramylonite. On the leucogranite side
(Figure S1), notable changes occurred in MgO (+173%) and
CaO (+174%) with the rest having experienced changes of
only ±<18%. The mylonite on the Tsirub Gneiss side
exhibited lower changes (<87%), with gains of SiO2, Na2O,
and K2O, and losses of TiO2, Fe2O3, MnO, MgO, CaO,
P2O5, and NiO (Figure 8).
6.2.4. Area D. In area D, all samples have the same protolith
(Figure 3). Calculations where nevertheless still made using
the least deformed samples, migmatitic biotite gneiss (CKMZ
18 and 28), from either end of the transect. Here, we look at
one ultramylonite sample (CKMZ 25) calculated against the
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Figure 8: Part of the isocons described in the text showing changes in element concentrations and mass changes between two samples. Rock
descriptions can be found in Table S1, and the remaining isocons can be found in Figure S1.

protolith to the south, due to its closer proximity, and a protomylonite (CKMZ 22) just north of the zone enriched in
chlorite and epidote, against the biotite gneiss north of the
local high-strain zone. The ultramylonite experienced relatively minor changes (<47%), with gains of SiO2, Na2O,
K2O, and NiO as well as losses of TiO2, Fe2O3, MnO, MgO,
CaO, and P2O5 (Figure S1). Similarly, the protomylonite
underwent small relative gains (<10%) of SiO2, Na2O, and
K2O, but experienced moderately larger losses (<90%) of
the other major elements (Figure S1).
6.2.5. Chlorite/Epidote- (Green) and K-Feldspar- (Pink)
Enriched Samples. One green sample (area D; CKMZ 23;
Figure 3) and one pink sample (area A; CKMZ 11; Figure 2)
were chosen for analysis. The green sample had experienced
gains (<32%) of TiO2, Fe2O3, MgO, CaO, Na2O, and P2O5,
as well as losses (<52%) of SiO2, MnO, and K2O (Figure S1).

The pink sample on the other hand experienced notable
gains of K2O (154%) and moderately high losses (80-96%) of
TiO2, Fe2O3, MnO, MgO, CaO, and P2O5 (Figure 8(j)).
6.2.6. Overall Trend. Some of the scatter may be explained by
sample heterogeneity and/or analytical error; however, overall
trends still emerge. The most obvious patterns across the
KMZ is the loss of Fe2O3, MgO, and CaO and the gain of
SiO2, K2O, and Na2O in ultramylonites relative to their protoliths (Table 2). This trend is especially consistent in high-strain
rocks with biotite gneiss or Tsirub Gneiss as wall rock. The two
samples compared against the leucogranite do not only stray
from this trend, but also have the highest measured variations
in major element concentrations across the entire KMZ.
6.3. Total Mass Change. In the previous section, we discussed
chemical changes between selected protolith-mylonite pairs.
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Table 2: The overall trend of changes in element concentrations in selected shear zone rocks relative to their protoliths, across the KMZ, is
loss of Fe2O3, MgO, and CaO and gain of SiO2, K2O, and Na2O.
Area
Sample
Rock type
SiO2
TiO2
Al2O3
Fe2O3
MnO
MgO
CaO
Na2O
K2O
P2O5
NiO

A

A

B

B

C

C

D

D

A(x)

D(x)

4
TG
1.3
0.2

10
BG
21.0
-51.0

41
BG
24.0
-59.2

42
LG
-41.8
-39.7

32
TG
19.9
-29.1

34
LG
-9.4
-5.3

22
BG
10.3
-35.5

25
BG
11.8
-35.2

11
BG
26.5
-80.2

23
BG
-6.8
7.8

-6.7
-34.5
-13.5
-57.6
8.1
-11.8
-56.9
-46.3

-59.4
-84.4
-88.3
-80.0
-7.9
119.6
-42.4
-7.1

-70.6
-92.3
-88.6
-96.8
16.5
74.6
-63.4
-21.0

-42.9
-70.6
-28.7
-54.7
788.8
-39.5
-82.2
-35.3

-27.8
-29.2
-37.0
-67.0
30.6
13.3
-72.2
-41.3

-18.3
5.8
173.3
174.0
8.7
-16.6
-17.2
-6.0

-28.5
-23.5
-21.0
-19.3
0.2
0.1
-34.7
-30.6

-17.5
-22.2
-44.0
-46.9
9.3
37.1
-27.7
6.7

-86.7
-92.8
-93.5
-96.1
-15.0
153.6
-82.4
343.5

18.2
-1.4
31.9
10.3
6.9
-35.5
11.2
-19.4

TG=Tsirub Gneiss; BG=biotite gneiss; LG=leucogranite; (x)=enriched in K-feldspar/epidote/chlorite. Loss=italics. Gain=bold.
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Figure 9: Mass changes (a) and δ18O values (b) against distance from local high-strain zones. The largest mass change occurs closer to the
high-strain zones. Proximity to the local high-strain zones does not seem to aﬀect the δ18O value.

We now consider mass changes across all the transects using
all samples. Whereas the changes in some of the individual
elements are signiﬁcant, the same cannot be said about the
relatively low range of mass changes in the KMZ (-39%
to +11%), with an almost negligible average of -4.5%
(Figure 9, Table S3). Most mass changes greater than ±10%
are found within 5 m of the local high-strain zone cores. The
majority of the samples >5 m away from the high-strain
zones show only minor (<5%) mass changes, with a few
exceptions of both losses and gains. This correlates with the

observations of a higher proportion of retrograde minerals
adjacent to the cores of the local high-strain zones.
In area A, the mass changes are <7% except for within
and immediately adjacent to the domain of granitic composition and texture, where some of the biggest losses in the KMZ
are found (Figure 10). The highest mass loss (39%) was calculated for a sample obtained from an area of the granitic
domain with a brittle overprint. Similar mass losses are found
in area B (Figure 10), where all three mylonitized samples of
the leucogranite show mass losses in excess of 20%. Because
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Figure 10: Mass changes and δ18O values against distance (0 =
northern end of transect) across the local high-strain zones in
areas A-D. The dashed red lines represent the cores of local
high-strain zones.

of anomalous XRF results for the biotite gneiss wall rock in
area B, calculations for the deformed samples were made
against the wall rock in area A. The results showed no significant mass changes, much like the biotite gneiss side in area
A. In areas C and D, the mass changes are within ±10%, with
the greatest changes close to the ultramylonites (Figures 10).
Even though the chlorite/epidote and K-feldspar-enriched
samples display signiﬁcant changes in concentration of
individual elements across the KMZ, their overall mass

6.4. Oxygen Isotope Compositions. HDGEO_3023268The
average mass change of -4.5% between deformed rocks and
their protoliths in the KMZ is negligible, and even the maximum individual sample mass change of -39% is an order of
magnitude lower than the volume gain of 240% reported by
Spruzeniece and Piazolo [52] for rocks from a brittleductile shear zone belonging to the Wyangala shear zone system, within the Wyangala batholith in the Eastern Lachlan
Fold belt, Australia, and half of the volume loss (-60%)
reported by O’Hara [51] for granitic gneisses of the Blue Ridge
province, deformed at similar conditions to the KMZ, along the
Rector Branch thrust fault in the southern Appalachians. Nonetheless, mass changes are indicated by the isocon diagrams and
variations in the concentrations of elements for individual rock
samples are in places substantial (Table 2; Figures 9 and 10).
There is therefore a need for a synkinematic, localised, ﬂuid
presence, the source of which can be constrained using oxygen
isotopic compositions.
We measured both quartz vein and whole rock δ18O
values. Quartz veins are direct precipitates from ﬂuids, and
the δ18O value of the ﬂuid at the time of precipitation can
be estimated using the inferred temperature of precipitation.
The whole rock data on the other hand allows us to assess
changes in δ18O value between samples from within the shear
zones and their wall rocks. Both the quartz and the whole
rock δ18O depend on the nature of the ﬂuid-rock interaction,
with initial ﬂuid δ18O value, the ﬂuid/rock ratio, and temperature controlling the ﬁnal δ18O value. The δ18O values of
ﬂuids from diﬀerent sources are highly variable, in simple
terms meteoric water has values < 0 ‰, whereas values
from ∼5 to 10 ‰ are typical of either magmatic or metamorphic ﬂuids, and high values (>10 ‰) are typical of metamorphic ﬂuids where the protolith has a high authigenic mineral
component (metapelites and metacarbonates; Figure 11).
6.4.1. Quartz Vein δ18O. The quartz veins have a range in
δ18O values from -1.2 to 11.6 ‰ with a mean value of
8:0 ± 4:1 ‰ (n = 8; Figure 12; Table S1). The large standard
deviation is caused by six out of the eight samples ranging
between 8 and 12 ‰, with only two outliers with the low
values of -1.2 and 4.2 ‰. The quartz vein with a δ18O value
of 4.2 ‰ is from the mylonite-hosted veins in area B.
The negative quartz δ18O value is from the middle of area
A, on the “granitic” domain side of the boundary to the central ultramylonite zone (Figure 2(b)). A second analysis of
quartz chips from this vein was performed to validate the
negative δ18O value, and a value of -3.8 ‰ was obtained.
The diﬀering value is likely due to vein heterogeneity; however, it conforms to the previous low value. If we assume that
the quartz vein with a negative δ18O value precipitated at the
typical T of KMZ mylonitic deformation, then this quartz
formed from water with a δ18O value of ∼-4 ‰, as the
quartz-water fractionation at 450°C is ∼3 ‰ [66].
6.4.2. Whole Rock δ18O. The whole rock samples have δ18O
values which range from 5.4 to 13.1 ‰, with a mean of
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9:5 ± 1:5 ‰ (n = 35; Figure 12; Table S1). The two gneisses
have mean δ18O values below and above this average, with
the biotite gneiss predominantly hosting lower values
(mean = 9:1 ± 0:6 ‰) and Tsirub Gneiss conversely the
higher (mean = 10:6 ± 1:5 ‰). Whole rock δ18O values
obtained from the leucogranite are spread over the whole
range (mean = 10:6 ± 1:6 ‰). The lowest whole rock δ18O
value of 5.4 ‰ is from a granitic sample adjacent to the
quartz vein in area A with the low quartz δ18O value
of -1.2 ‰ (Figure 2). Samples with increased abundance of
chlorite and/or epidote or K-feldspar also have lower whole
rock δ18O values, in general, than both high- and low-strain

rocks, which have a similar distribution to each other. In
both areas C and D, the whole rock δ18O proﬁles across the
sampled high-strain zones are ﬂat (Figure 10), and apart
from one leucogranite sample containing fractures, so is the
proﬁle for area A (Figure 10). In area B, the whole rock δ18O
values drop by ∼2 ‰ going in to the high-strain zone from
both the low-strain leucogranite and biotite gneiss sides
(Figure 10). Furthermore, the whole rock δ18O values do not
show a clear correlation with mass changes across the KMZ
(Figure 13).

7. Discussion
7.1. Fluid Sources. The synkinematic quartz veins, as well as
the retrograde and replacement minerals, observed in the
KMZ require inﬂux of ﬂuids during deformation. However,
as the rocks in which the KMZ localised had experienced
peak granulite facies metamorphic conditions, they were likely
previously dehydrated [45]. The source/sources for the
required ﬂuids would therefore have been primarily external.
The synkinematic quartz veins are direct precipitates
from at least one of these ﬂuid sources, and can thereby give
the δ18O of the ﬂuid at the time of precipitation, assuming a
temperature of precipitation. Excluding two low δ18O
samples, the range in quartz vein δ18O values (8.4-11.6 ‰)
in the KMZ is within those expected for both metamorphic
and magmatic ﬂuid sources (Figure 11). On the other hand,
as the quartz-water fractionation factor at 450°C is ∼3 ‰
[66], the two quartz veins with the lowest δ18O values
of -1.2 ‰ and 4.2 ‰ formed from water with δ18O values
of ∼-4 ‰ and 1 ‰, respectively. To retain these low values at
depth when precipitating into veins, this initial δ18O of water
would have had to have been <-4 ‰. The ﬂuid is therefore
unambiguously of meteoric origin for this sample (Figure 11;
[67]), unless the ﬂuid originated from a very low δ18O rock
predating KMZ activity [68], but no such material has been
observed in the area. Whereas a few quartz veins were
obtained from areas where brittle deformation has a ductile
overprint, the sampled quartz veins were found parallel to foliation with some being slightly boudinaged and/or having a
mylonitic mineral lineation consistent with the strike-slip
kinematics of the KMZ (Figure 4(e)). Therefore, as the foliation formed during ductile deformation, at near-constant T
conditions of ∼450°C [45], so did the quartz veins. This
implies that the KMZ, while actively deforming at midcrustal
conditions, was at least locally and transiently connected to a
ﬂuid source at the surface.
Previous studies have proposed various models for how
to get surface water down to and below the frictionalviscous transition, for example, inverted stress gradients in
a compressional regime allowing dehydration ﬂuids to ﬂow
up temperature [69], overthrusting of metamorphosed rocks
over unmetamorphosed rocks [70], increased permeability at
dilational jogs due to fracturing caused by hydraulic implosion [48], seismic pumping of ﬂuids down a shallow decollement [71], and topographically driven ﬂuid ﬂow [40, 72]. Of
these, however, only the Sierra Crest Shear Zone (SCSZ),
California [48], is relevant in comparison to the KMZ. The
others are reliant on their speciﬁc tectonic settings, all
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diﬀerent to that of the strike-slip settings of both the SCSZ
and the KMZ. In the SCSZ, dilational jogs allowed meteoric
ﬂuids to penetrate down to the brittle-ductile transition.
The KMZ similarly shows signs of localised brittle deformation, albeit sparsely. In the KMZ, however, stress changes
and associated damage related to earthquake propagation
from the brittle crust above [73, 74] seem like a more likely
option. Interestingly, recent experiments on calcite gouge
have demonstrated how microscale cavitation can bring
about a switch from dislocation and diﬀusion creep to
dilatant deformation and lead to earthquake ruptures at conditions commonly associated with ductile ﬂow [75], another
potential mechanism for the KMZ if this mechanism can
occur in quartzofeldspathic rocks. Furthermore, the dilatancy component inherent in creep cavitation may be
suﬃcient to facilitate ﬂuid ﬂow in the mid- to lower crust
[14, 16], without the need for earthquake ruptures.
The quartz vein δ18O values observed in the KMZ could
simply be explained by ﬂuids of the same O-isotope composition having variable degrees of exchange with rocks along the
ﬂuid pathway or by precipitation at diﬀerent T. Whereas
precipitation at diﬀerent T is unlikely given that there is no
evidence for changing temperature during deformation [45],
a variable degree of exchange remains viable. Veins precipitated from magmatic (granitic) ﬂuids are reported to have a
narrow range in δ18O values which covers the observed range
of values from the KMZ (Figure 11). As the KMZ hosts synkinematic igneous intrusions, a ﬂuid contribution from a magmatic (granitic) source seems likely. Metamorphic ﬂuids, on
the other hand, are harder to envisage as the gneisses would
have been dehydrated at peak granulite facies conditions and
subsequently lack hydrous minerals. Lateral ﬂuid migration
along strike is, however, still a viable option for metamorphic,
as well as other, ﬂuids, although no deﬁned source is identiﬁed
and viability of the transport distance is therefore not clear.
The whole rock δ18O values are consistent with the variable exchange at constant T hypothesis. The only sample

aﬀected by a signiﬁcant inferred exchange with meteoric
water, because it has a δ18O value much lower than other
rocks of the same protolith, is a leucogranite whole rock sample (δ18 O = 5:4 ‰) directly adjacent to the quartz vein with
the lowest recorded δ18O (-1.2 ‰). The rest of the leucogranite samples have whole rock δ18O values a few ‰ on either
side of the boundary between I-type and S-type granitoids.
The Tsirub Gneiss (mean = 10:6 ‰) has slightly higher
whole rock δ18O values compared to the biotite gneiss
(mean = 9:1 ‰). Both, however, fall well within the ﬁeld of
primary whole rock δ18O values previously reported for
orthogneiss (Figure 11, Table S4).
7.2. Mineral Reactions and Mass Transfer. The types of
replacement reactions most prevalent in the KMZ is growth
of muscovite, chlorite, and feldspar. Whereas chlorite growth
is restricted to localised areas, sericitization is seen throughout
the shear zone. K-feldspar and plagioclase growth also occur
throughout the shear zone; however, pervasive K-feldspar
enrichment is only found in localised zones (Figures 3 and
4(d)). The breakdown of feldspar and biotite in the presence
of water to form muscovite, neoblasts of feldspar, and quartz
has been reported from other midcrustal granitoid-hosted
shear zones [10, 52, 76] and conforms well with the general
trend observed in the bulk rock geochemistry with gains of
SiO2, K2O, and Na2O and loss of Fe2O3, MgO, and CaO.
The reduction in Fe2O3, MgO, and CaO may also be due to
the breakdown of the minor epidote and amphiboles observed
in some of the low-strain gneisses. The replacement of feldspar
by muscovite leads to a volume reduction which would have
increased the porosity and permeability and allowed continued ﬂuid ﬂow [77]. If the available ﬂuid volumes would have
remained low, however, the feldspar-to-muscovite reaction
may halt, even reverse, with phyllosilicates dissolving and feldspar precipitating [9]. This may explain why the increase in
phyllosilicate content with increasing strain seems to be
impeded towards the highest strain in local shear zone cores.
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The replacement of most minerals by chlorite leads to a
volume increase, and is therefore favoured at lower conﬁning
pressures [9]. Chlorite did, nonetheless, grow adjacent to
many ultramylonites (Figures 2 and 4(a)), suggesting that
these locations, characterised by the greatest strain gradients,
may have been areas of higher porosity. These large strain
gradients are deﬁned by a gradual grain size reduction over
mm to cm distances, partially due to retrograde metamorphic reactions, which potentially induced a deformation
mechanism switch from dominantly dislocation creep in
quartz and intragranular fracturing of feldspar to grain size
sensitive creep [57]. Grain size sensitive creep allows for grain
boundary sliding, creep caviation, dissolution, and precipitation, dynamically creating a permeable porosity [14]. Grain
scale cavitation has experimentally been shown to have the
capability to trigger runaway fault ruptures [75], and may be
another way to allow the precipitation of coarse-grained chlorite, epidote, and K-feldspar adjacent to the ultramylonites.
In the KMZ, there is little to no correlation between the
inferred mass change of the sampled rocks and their whole
rock δ18O value (Figure 13), and furthermore, total relative
mass changes are minor (Figure 9) and the rock samples
across the shear zones retain the eﬀect of diﬀerent protoliths,
with little variation in whole rock δ18O values (Figure 10). All
of this suggest that ﬂuid/rock ratios were low in the KMZ
during deformation. This is in agreement with Diener et al.
[45], who suggested that ﬂuid/rock ratios of only 0.05-0.1
are necessary to ensure complete rehydration and ﬂuid saturation of the KMZ if ﬂuid uptake is assumed to be eﬃcient.
The lack of correlation between mass change and whole rock
δ18O values (Figure 13) also means that there is no simple
relationship between mass change and extent of isotope
exchange.
7.3. Eﬀects on Fault Mechanics. The high-grade metamorphic
rocks in which the KMZ developed would have been dry and
relatively impermeable prior to initiation of KMZ shearing. It
is therefore likely that deformation preceded ﬂuid ﬂow and
not the other way around [45]. Deformation will thus have
had to initiate without the weakening that retrograde reactions may facilitate. However, as ﬂuids preferentially ﬂow
into deforming zones in the early stages of ductile deformation [78], and ductile shear zones can experience a
pressure-induced dilatancy that promotes ﬂuid ﬂow into
and along them [79] once a shear zone is active, progressive
weakening and strain accumulation would favour progressive localisation of ﬂuid ﬂow and deformation, as proposed
for the KMZ by Rennie et al. [47], Diener et al. [45], and
Stenvall et al. [57]. Previous studies on the KMZ have postulated that shearing would initially have been enhanced on
preexisting, well-oriented, fabrics or around stress risers such
as the central leucogranite body [45, 47]. This hypothesis is
strengthened by the fact that the high-strain zones in area
D seem to be localised where the preexisting migmatitic
fabric was favourably oriented to shearing (Figure 4(c)).
Furthermore, as deformation occurred at T just above the
frictional-viscous transition, downward propagation of
earthquake ruptures from the brittle crust above may have
transiently increased the diﬀerential stress, strain rate, and
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permeability in the KMZ throughout its evolution [71, 73].
The high thermal gradient of the KMZ and the consequent
shorter distance to the overlying seismogenic zone strengthens
this postulate. Compared to prograde metamorphic settings,
where veins are abundant, the relative lack of veins and the
inferred low ﬂuid volumes in the KMZ suggest that elevated
ﬂuid pressures did not contribute signiﬁcantly to either embrittlement or the creation of pathways for ﬂuid inﬁltration.
At these early stages of shear zone evolution, at the conditions of shearing in the KMZ (450-480°C, 270-420 MPa),
deformation would have occurred by frictional-viscous ﬂow,
with crystal-plastic quartz and frictional feldspar governing
the rheology [57]. At this stage, creep cavitation [14, 16]
and grain boundary dissolution porosity [80] would potentially have provided the permeable porosity needed for ﬂuid
ﬂow to inﬁltrate the shear zone and initiate retrograde reactions. As reported by Milke et al. [81], only a very small
amount of H2O (on the order of a few ppm) is needed to
enhance the growth rates of transport-controlled reactions,
which in itself may produce nanoscale porosity [82]. The retrograde reactions would have induced weakening by the
replacement of strong minerals by weaker phyllosilicates
and by reducing the grain size through growth of new ﬁnegrained minerals (Figures 4, 5, and 6; [57]). In shear zones
where replacement reactions were more extensive, weakening by phyllosilicate growth has been inferred to widen the
shear zone [83]. In contrast, the localised deformation and
transition to grain size sensitive creep in the KMZ may be a
feature of shear zones where limited ﬂuid ﬂow and associated
replacement reactions occurred.
The weakness of phyllosilicates is well known [84], and
the presence of phyllosilicates is a common way to invoke
weakness in shear zones [9, 32, 85, 86]. The ﬁne grain size
on the other hand elevates the importance of diﬀusion [78,
87] and enhances grain boundary sliding due to the low
cohesion between the new grain boundaries [8]. Grain
boundary sliding in turn, together with continued nucleation
of neoblasts in the dynamic porosity caused by creep cavitation, leads to second-phase pinning restricting grain growth.
With progressive deformation, this promotes grain size sensitive creep as the main deformation mechanism (Fliervoet
et al., 1997; [13, 57]). Therefore, as the highest-strained rocks
in the KMZ do not contain large amounts of phyllosilicates, nor
are the existing phyllosilicates interconnected (Figure 7(b)), the
weakening due to the breakdown of strong mineral phases
into weaker phyllosilicates only seems to have played a secondary role. The more signiﬁcant weakening caused by the
addition of ﬂuids appears to have been its contribution to
grain size sensitive deformation mechanisms. This includes
retrograde metamorphic reactions and nucleation of new
phases, as observed in the KMZ in porphyroclast stress
shadows and the ﬁne-grained polyphase mixtures.
In active retrograde faults, like the San Andreas Fault
Zone, the Alpine Fault, the Haiyuan Fault, and the North
Anatolian Fault, there are recent records of a range of seismic
styles, from steady, plate boundary rate creep, through transient aseismic slip, to intermittent swarms of seismically
detectable tremors [88–90] as well as low-resistivity zones
at depth [35, 37]. Such low-stress drop events are believed

18

Geoﬂuids

to represent mixed frictional-viscous deformation at conditions of low eﬀective stresses, sensitive to small perturbations
[91, 92]. The zones of low resistivity are therefore often interpreted to reﬂect ﬂuid presence from which weakness is
inferred, usually in the form of high pore ﬂuid pressures
([30], [92]). Although an addition of ﬂuids will result in
weakening and the creation of conditions susceptible for
tremor and low-frequency earthquakes, we caution the jump
to high ﬂuid pressure. Fluid volumes in retrograde settings
are most likely low and externally derived, requiring a
permeable network, and therefore hydrostatic ﬂuid pressure
conditions are more likely. Whereas high ﬂuid pressure is
an appropriate explanation for features such as tectonic
tremor and low-frequency earthquakes in prograde metamorphic settings where a ﬂuid source is readily available,
the same cannot be said about retrograde settings. In retrograde settings, a ﬂuid presence at the tremor source is more
likely to induce the required weakening by facilitating
retrograde reactions and grain size sensitive deformation
mechanisms as suggested here for the KMZ.

part of a fault deforming by frictional-viscous ﬂow, and that
the pulse of elevated slip velocity would lead to grain size
reduction. This grain size reduction would destroy the foliation and the potential weakness it represents. However, we
build on these suggestions and propose, based on our observations, that this could in fact lead to further weakening, in
the presence of ﬂuids that facilitate grain size sensitive diﬀusion creep at suﬃciently high T.
These ﬁndings imply that the range of seismic styles
recently reported for active retrograde faults, like the San
Andreas Fault Zone, the Alpine Fault, the Haiyuan Fault,
and the North Anatolian Fault [35, 37, 88–90], may not
require high ﬂuid pressures but could alternatively arise from
other local weakening mechanisms that are easier to achieve
in retrograde settings. In fact, high ﬂuid pressures seem
unlikely in retrograde settings, as potential free ﬂuid would
be consumed by retrograde reactions until a ﬂuid-saturated
mineral assemblage is formed. We emphasise that in the case
of the KMZ, the addition of only small volumes of ﬂuids
induced drastic weakening by facilitating retrograde reactions and grain size sensitive deformation mechanisms.

8. Conclusion: Sources and Effects of Fluids in
Retrograde Shear Zones

Data Availability

Although the host rocks of retrograde faults commonly, due
to their high-grade metamorphic history, are dehydrated and
relatively impermeable [27], they commonly exhibit retrograde mineral assemblages, suggesting a synkinematic ﬂuid
presence [32–34]. Due to the dehydrated nature of the host
rocks, the sources for these ﬂuids need to be external to the
faults. In the KMZ, isotope compositions of rocks and quartz
veins do not exclude any speciﬁc reservoir as a potential ﬂuid
source; however, they do require that at least some of the
ﬂuid was of meteoric origin, and precipitated quartz at high
temperature (Figure 11). This requires a permeability pathway, which may have been created by downward propagation
of earthquakes from the brittle crust above. The signs of brittle deformation in the KMZ are few and far apart; however,
this is in accordance with the low and localised ﬂuid volumes
envisaged for the shear zone based on our geochemical analyses, which indicate little resetting of protolith whole rock
δ18O values and minor local mass changes (-39 to +11%
and -4.5% on average).
Even minimal volumes of ﬂuid in a retrograde fault can
induce weakening by facilitating retrograde reactions, such
as growth of chlorite and muscovite at the expense of feldspar, biotite, and amphiboles. In the KMZ, weakening initially occurred by breakdown of feldspars and growth of
chlorite and muscovite, which subsequently aligned to form
interconnected weak networks. Continued strain localisation,
beyond the weak, interconnected networks of phyllosilicates,
shows that the weakening eﬀect of ﬂuids by promoting diﬀusion creep and grain size sensitive deformation mechanisms
is even greater than the weakening eﬀect by facilitation of retrograde reactions [57]. Reactions do, however, contribute to
reducing and maintaining ﬁne grain sizes by the pinning
eﬀect caused by the nucleation of neoblasts [93, 94]. Niemeijer [95] suggests that earthquakes originating elsewhere on a
fault would be rapidly arrested when encountering a foliated

The geochemical data used to support the ﬁndings of this
study are included within the supplementary information ﬁles.
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Although tectonic plates are usually considered as rigid blocks, intraplate deformation such as lithospheric buckling or diﬀuse
brittle deformation has been recognized for a long time. However, the origin of these deformations remains puzzling. Indeed,
whereas the chronology of deformation at plate boundaries can be constrained by numerous methods (syntectonic sedimentary
record, thermochronology, etc.), dating of brittle structures (faults, veins, and joints) in the far-ﬁeld domains remains
challenging, preventing a global interpretation of the system as a whole. In this contribution, we have combined a tectonic study
with a synkinematical geochronological study of fault-related calcites of the Grands Causses intraplate domain, north of the
Pyrenean orogeny. We show that these faults record a much longer history of deformation than previously thought. The
Mesozoic extension, usually attributed to an early Jurassic Tethysian rifting event, probably lasted until the Barremian-Aptian
epoch, in response to the Pyrenean basin’s opening. The so-called “Pyrenean deformation” of the Grands Causses domain,
usually associated with the paroxysm of deformation in the belt during the late Eocene, began much earlier, around 100 Ma, and
lasted for more than 60-70 Ma. This study demonstrates the high sensitivity of an intraplate domain (Grands Causses area) to
record extensional or compressional deformations occurring at the edge of neighbouring plates.

1. Introduction
Tectonic inversion at plate boundaries has been known and
studied since the beginning of the 20th century, for example,
through the studies of Lamplugh [1] and Stille [2], although
the term “inversion” only appeared in the early 80s [3]. Since
then, many other works have highlighted the widespread
character of this phenomenon at plate boundaries, such as
Williams et al. [4] or more recently Graveleau et al. [5].
However, the consequences of tectonic inversion at plate
boundaries in the intraplate domain (far-ﬁeld deformation)
have not been studied as much. This deformation, several
hundred kilometres away from the orogeny, is generally
expressed by (1) kilometre scale denudation generally associated with lithospheric folding, (2) reactivations of crustal
scale inherited faults, and (3) small-scale fracturing including
low-displacement faults and tectonic joints sets—all of

them being able to trigger, for instance, signiﬁcant ﬂuid
ﬂow and potential mineralization. These far-ﬁeld phenomena have been characterized with numerical or analogue
modelling or ﬁeld studies (see examples in Cloetingh et al.
[6], Gerbault et al. [7], or Sokoutis et al. [8] for lithospheric
folding, Ziegler et al. [9] for intraplate fault reactivations,
and Navabpour et al. [10] for small-scale fracturing), but
the question of their age and the time relationships with the
building of the orogen itself has remained puzzling. Lithospheric buckling relative dating can be asserted using
analogue modelling. Fernández-Lozano et al. [11] showed that
such long wavelength folding occurs in the early stages of
basin inversion. Nonetheless, dating of crustal scale brittle
deformations in the intraplate domain is still challenging,
due to the lack of (1) syntectonic sedimentary records, in
relation to very low displacements, and (2) adequate materials to be dated in the fault zones or joints. In the absence
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of such information, their age has been deduced by comparison with the generally well-constrained tectonic timeline of
the adjacent domains based on stress orientation from the
structure directions, on syntectonic sedimentary record, on
thermochronology, etc. [9, 10]—a comparison that could in
some cases lead to erroneous age attributions (see Parrish
et al. [12]).
Our study questions the nature, origin, and age of intraplate deformations using the example of the Pyrenean belt
and its repercussion in the far-ﬁeld domain, north of the
northern foreland basin (France). The studied area is located
at the crossroads between several geodynamic areas with
contrasting evolutions (Liguro-Provençal basin, Pyrenees,
Massif Central, and Alps; Figures 1 and 2). We have focused
on the Grands Causses area, 150 km north-east of the north
Pyrenean frontal trust (NPFT; Figure 1). The contractional
deformation of this area is usually associated with the Eocene
Pyrenean tectonic pulse, although a syntectonic sedimentary
record associated with these structures is lacking [13–16]. In
the ﬁrst part of this paper, the structural context of the
Grands Causses domain has been highlighted. Then, we have
detailed the petrographic and geochronological (U-Pb)
results of synkinematical fault-related calcite analyses performed using High Resolution Inductively Coupled Plasma
Mass Spectrometry coupled with a Laser Ablation System
(LA-HR-ICPMS). Finally, we have proposed a global scenario linking intraplate fault activity/ﬂuid circulations and
plate geodynamics.

2. Geological and Tectonic Setting
2.1. Overall Geodynamic Context
2.1.1. Tethys Opening. From a geodynamic point of view, the
dislocation of the Pangea that began in the Triassic period
was at the origin of the opening from east to west of the
Tethys Ocean in the south of France during the Jurassic
period [17, 18]. The Liassic extension recorded in the
Grands Causses domain is likely to be related to this general
event at the scale of Western Europe. The dislocation of the
Pangea induced the separation of two distinct continents:
Gondwana in the south and Laurussia in the north, and an
extensional synsedimentary phase on the southern margin
of Western Europe, as evidenced by the presence of tilted
blocks [19]. The subduction of this oceanic crust would be,
during the Cenozoic period, at the origin of the collision of
the Eurasian and Apulian plates, initiating the formation of
the Alps chain.
2.1.2. Pyrenean History. The Pyrenean history follows a
classical two-step scenario including the opening and later
closure and inversion of basins [20–24].
First, the divergence of the Iberian/Eurasian plates
induced an extensional phase and a crustal thinning from
the late Jurassic to the early Cretaceous. This phase would
be linked to a movement of Iberia towards the south-west
of several hundred kilometres and is at the origin of a
magma-poor hyperextended rift, the Pyrenean rift system
[21, 25–33] (Figure 3). Then, according to paleomagnetic
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data, a counterclockwise rotation of the Iberian plate generated convergence between Iberian and Eurasian blocks,
starting from the late Cretaceous [34]. This convergence
induced basin inversion and continental collision in the
Pyrenean domain.
The formation of the Pyrenean orogen is at the origin of
many deformations of varying intensity depending on the
distance from the chain [35]. In the inner Pyrenean belt,
two deformation pulses have been identiﬁed [36]: the early
stages of deformation occurred during the end of the late
Cretaceous (Campanian-Maastrichtian; Figure 3) [37, 38].
The Paleocene was then marked by a slowdown in convergence related to the beginning of the continental collision
[38, 39]. The orogenic paroxysm has been dated between
the Ypresian and the Bartonian linked to an acceleration in
the convergence rate [40–42] (Figure 3). Thermochronology
studies evidenced two cooling events conﬁrming these two
stages of contractional deformation (Campanian-Maastrichtian and Bartonian) and a denudation phase during the
Oligocene period [43, 44].
In the foreland basins, the tectonic structures associated
with the formation of the Pyrenean orogen are generally
oriented east-west and derive from a stress ﬁeld whose
σ1 is oriented north-south [45, 46]. The age of the ﬁrst
deformations is younger than those recorded in the inner
part of the belt according to some authors who have dated
them as being early late Cretaceous (Cenomanian-Turonian)
[47, 48] (Figure 3). In the Provence domain (Figure 1), the
ﬁrst deformations are dated from the Santonian to the
Danian [49], as is the Aquitaine Basin, which underwent ﬂexural deformation in the Maastrichtian [50]. Plaziat [40]
highlighted a compressive phase in the Aquitaine Basin from
the Ypresian to the Bartonian. Gély and Sztràkos [51]
evidenced a 1st phase of deformation associated with the
ﬂexuration of the Western European lithospheric plate
during the Paleocene and then three successive tightening
episodes during the Eocene (Figure 3). The recent study
from Ortiz et al. [52] showed a paroxysm of shortening in
the Aquitaine Basin during the Priabonian (35.8 Ma). The
end of the Pyrenees shortening occurred during the Chattian (27.1 to 25.2 Ma) [52].
In the intraplate ﬁeld, Briais et al. [53] highlighted two
deformation phases in the Paris Basin associated with the
convergence of the African and European plates during the
Paleocene and the uppermost Ypresian. During the Paleocene, an exhumation phase has also been evidenced from a
thermochronology study in the Morvan basin [54]. Parrish
et al. [12] demonstrated intraplate deformation in Southern
England during the Eocene based on U-Pb dating of calcite
veins (Figure 3).
2.1.3. Oligocene Rifting of the Liguro-Provençal Basin. Geodynamic history was thereafter marked by the opening of the
Liguro-Provençal oceanic basin during the Oligocene period
[55, 56]. This extensional phase, associated with the northward movement of the African plate and the retreat of the
subduction zone in the Mediterranean Sea, was at the origin
of continental crust tearing in the back arc setting between
Europe and the Corsica-Sardinia block [56, 57]. The
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structural style associated with this geodynamic episode
was strongly inﬂuenced by the Pyrenean orogen that
caused lithospheric thickening in the area [58]. From a
structural point of view, the Gulf of Lion margin is currently
controlled by a subparallel NE-SW normal fault network and
many small synrift basins such as the Alès basin [59] showing
an extension towards the SE [60].
2.2. Geology of the Studied Area. The geological history of the
Grands Causses area is strongly inﬂuenced by the larger scale
Western Europe history presented above. During the Mesozoic, this area was indeed under the inﬂuence of the opening
of the Tethys Ocean associated with the dislocation of Pangea. It then became part of the distant foreland basin (intraplate domain) of the Pyrenean orogen since its establishment.
Finally, the Grands Causses area, due to this proximity to the
Liguro-Provençal basin, became an area likely to be marked
by the opening of the Gulf of Lion during the Cenozoic.
Paleozoic basement rocks outcrop in the Massif Central
and delimit the Grands Causses area to the north, east, and
west, while the south of the basin is separated from the Languedoc by the Cévennes fault network (Figures 1 and 2).
Mesozoic sedimentation began in the Triassic period with a
transgressive episode inducing a continental/marine transition and the formation of evaporites and marls [61]. The
Jurassic limestones, clays, and dolostones demonstrate a
marine depositional environment. Nowadays, these marine
formations are outcropping at elevations between 800 m
and 1000 m amsl and form vast plateaus deeply incised by
the river network. Above the Jurassic limestones and dolostones, very scattered Cretaceous remnants testify to a later
but poorly constrained sedimentation history [62].
From a tectonic point of view, several episodes have been
evidenced during the history of the Grands Causses area
from the Jurassic to the present [13–15], including extensional and compressional events. A ﬁrst extensional event
was at the origin of the formation of normal faults throughout the region during early Jurassic times. The Liassic age

of this episode is well constrained due to the presence of
kilometre-scale normal faults associated with progressive
unconformity outcropping on the southern border of the
Grands Causses domain [63–65]. The compressive tectonic
structures of the Grands Causses domain (either neoformed
or normal fault reactivation) have been related by previous
authors to the nearby orogen, i.e., the Pyrenean orogen building during the Eocene period [13, 45, 66]. Finally, a late third
geodynamic episode, again extensional, has been highlighted
by some authors such as Macquar [15]. However, the Liassic
progressive unconformities are the only reliable argument to
attribute an age to deformation. So far, the ages of later events—either extensional or compressional—have remained
speculative due to the lack of post-Jurassic, potentially syntectonic, sedimentary records.
On a larger scale, vertical movements of the lithosphere
deduced from the paleokarst studies of Camus [67], Bruxelles
[68], and Husson [69] indicated (1) a regional uplift of the
Grands Causses domain during the terminal early Cretaceous
(>1600 m) and (2) an uplift during the Miocene whose amplitude varied from a few metres to 400 m. Thermochronological data from the Massif Central and the Grands Causses
basin showed a signiﬁcant exhumation episode (20002500 m of denudation) at the end of the early Cretaceous
(110 Ma) suggesting erosion of a late Jurassic-early Cretaceous age sedimentary cover above the basement [70–72].

3. Methodology
3.1. Tectonics. Tectonic structures (fault planes, stylolithic
peak axes, and tension joints) were measured over the entire
Grands Causses area in the Jurassic cover over a surface area
of 2500 km2, from Ste-Enimie to the north to Navacelles to
the south, and from Sévérac-le-Château to the west to Florac
to the east (Figure 2). They have been inversed using WinTensor software [73] in order to determine the paleostress
ﬁeld orientation using the right dihedral inversion method
[74]. Field observations also allowed us to determine relative
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chronology criteria in order to deﬁne the tectonic timeline in
the Grands Causses area.
3.2. Analyses on Fault-Related Calcites. Our sampling strategy consisted of recovering synkinematic fault-related calcites that had undergone a relatively simple geological
history, with a single deformation episode, in order to avoid

multiple ﬂuid circulation phases that could have induced a
reopening of the isotopic system. For this reason, only
calcites with a single family of slickensides were sampled
for geochronological analyses.
3.2.1. Petrographic Observations. Calcite samples were analyzed in polished thin sections using optical microscopy in
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reﬂected and transmitted light and cathodoluminescence
(CL). CL observations were carried out on an Olympus
BX41 microscope (Olympus corporation, Tokyo, Japan)
coupled to a cathodyne cold-cathode cathodoluminescence
from NewTec (Nîmes, France) operating at 10 kV and 200300 μA and a QICAM Fast 1394 digital camera (Teledyne
QImaging, Surrey, Canada). The petrographic aim in this
study was to highlight criteria for syndeformation ﬂuid ﬂow
and to diﬀerentiate, as far as possible, the growth phases of
calcitic minerals.
3.2.2. Calcite U-Pb Dating by LA-HR-ICPMS. U-Pb dating of
some fault-related calcites by LA-HR-ICPMS was conducted
using a High Resolution ICP-MS (Element XR from Thermo
Scientiﬁc) coupled with a 193 nm ArF laser ablation system
(Analyte Excite Excimer from Teledyne) at the GEOPS laboratory (Orsay, France). Since calcites commonly have low
uranium concentrations and high common lead content, an
elemental analysis of U and Pb was performed on a set of
twenty-two samples in order to target samples with the highest U contents for U-Pb dating.
The calcite dating was carried out on polished samples.
The laser beam diameter was set to 150 μm, using a frequency
of 8 Hz and a ﬂuence of 4 J/cm2. The analysis ﬁrst consisted of
the measurement of the background during 30 seconds
before ﬁring the laser for 30 seconds. Prior to U-Pb dating,
a preablation was conducted at 155 μm, 8 Hz, and with a ﬂuence of 4 J/cm2 in order to reduce potential contamination.
For each sample, 40 to 90 ablation spots were analyzed. The
NIST614 glass standard was used for the 207Pb/206Pb calibration, and the WC-1 calcite was used for 238U/206Pb calibration (254:4 ± 6:4 Ma; Roberts et al. [75]). Two secondary
carbonate standards were also analyzed to validate the quality
of the dating procedure (Duﬀ Brown, 64:04 ± 0:67 Ma—dated
using the isotope dilution method, Hill et al. [76]; B6, 42.99
± 0.98 Ma—dated from LA-ICPMS, Pagel et al. [77]). The
uncertainties in brackets correspond to the propagated
uncertainties (see Supplementary Materials for analytical
details (available here)). Signals were processed with Iolite©
software [78], and ages were obtained from the conventional
Tera-Wasserburg diagram [79] using Isoplot© software [80].
Details on the method can be found in the Supplementary
Materials.

4. Results
4.1. Tectonics
4.1.1. Stress Tensors. Almost 800 tectonic structures have
been measured in the Grands Causses area (Figures 4–6,
Table 1). Generally, extensional structures in this area corresponded to normal faults (Figure 4(a)) identiﬁed from tectoglyphs (slickensides on fault-related calcite) on fault mirrors
or stratigraphic shifts. Compressive deformation had a much
more varied range of tectonic structures: ﬁeld observations
showed the presence of reverse and strike-slip metric faults
but also of folds with an east-west axis (Figure 4(b)). The
tectoglyphs were also diverse: fault-related calcite, grooves,
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mechanical slickensides, stylolithic peaks, and secondary
fault planes (Figures 4(c)–4(f)).
Stress tensors resulting from the inversion of extensional structures revealed various orientations of the stress
ﬁeld (Figure 5, blue lines). The variation of the stress ﬁeld
existed at the regional level (for instance, on site “33”—in
the west of the studied area, north of Millau—the σ3 orientation is WNW-ESE compared to site “10”—north of the
Causse Méjean, in the north of the studied area—the σ3
orientation is NE-SW (Figure 5)). These variations also
existed at the local level (there were, for example, two
diﬀerent orientations of the stress ﬁeld on sites “9”
(σ3 ~ NW-SE and NNE-SSW)—south-east of the Causse
du Larzac, in the south of the studied area—and “31”
(σ3 ~ NE-SW and NW-SE)—in the east of the Causse du
Larzac, north of St-Jean-du-Bruel).
Conversely, reverse and strike-slip fault inversion gave
relatively uniform results (Figure 5, red lines). Indeed, the
inversion of nearly 400 microtectonic data (corresponding
mainly to fault plane measurements) showed a generally
homogeneous N-S shortening direction at the outcrop level
as well as at the regional level.
4.1.2. Relative Chronology. The overlap of tectonic structures
was observed at the outcrop scale (relative chronology
between structures) as well as at the fault mirror scale
(superposition of slickensides with diﬀerent orientations).
We evidenced an early extensional episode whose stress
ﬁeld orientation had not been determined precisely because
of the small number of fault mirrors on which this relative
chronology was observed (Figure 6). The Grands Causses
area was subsequently aﬀected by a compressive regime that
was responsible for the formation of a large network of
reverse and strike-slip (sinistral and dextral) faults with σ1
generally oriented north-south (Figures 5 and 6). In the area,
some of the reverse faults overlap strike-slip faults (Figure 6).
However, due to a lack of microstructural data, it was diﬃcult
to accurately determine the relative chronology of these tectonic structures. Based on previous studies [13, 15, 46] and
the homogeneity of the stress ﬁeld throughout the Grands
Causses region, we believe here that both strike-slip and
reverse structures are associated with a single deformation
episode. Finally, a last extensional episode was observed since
some strike-slip faults were crosscut by normal faults
(Figure 6). This last relative chronology highlighted an
extensional episode associated with a σ3 orientation roughly
NW-SE (based on only three measurements).
4.2. Petrographic Observations. Optical microscopic observation of fault-related calcites showed the presence of various
markers of syndeformation crystallization, such as the
inclusion trails (parallel to the surface of the host rock)
and inclusion bands (oblique to the surface of the host
rock) highlighted by Ramsay and Huber [81], Koehn and
Passchier [82], Fagereng et al. [83], and Bons et al. [84]
(Figure 7). The texture of calcites varied from one sample
to another as well as within a sample. Indeed, fault-related
calcites may be composed of rounded grains and elongated
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grains (with the axis of the elongation inclined to the host
rock) as well as ﬁbers (parallel to the host rock) (Figure 7).
Cathodoluminescence microscopy showed (1) a varying
degree of luminescence from one fault-related calcite to
another, unrelated to the nature of the fault: cathodoluminescence observations showed a dull-orange color for

CA18J06-1 sample and brown for CA18J05-1 sample
(Figures 7(c) and 7(d)); (2) a luminescence of fault-related
calcites which was relatively uniform across the samples
except at the location of some rounded grains which showed
growth zonations alternating from bright to nonluminescent
(Figure 7(b)).
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4.3. U-Pb Dating. U-Pb data with 2σ errors are compiled in
Figure 8. The uncertainties in brackets correspond to the
propagated uncertainties. Among the selected samples, only
1/3 could be dated because of the high common lead content

and the low amount of uranium in the samples (Table 2).
Regarding the dating of secondary standards in this study,
Duﬀ Brown was dated at 62:8 ± 2:1 Ma (MSWD = 4:5) and
B6 at 41:52 ± 0:63 Ma (MSWD = 1:8) (Figures 8(a) and
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Figure 6: Tectonic structures showing relative chronology between deformation episodes. (a) This illustration shows an extensional regime
intersected by a strike-slip regime on a fault mirror. (b) A reverse fault observed at the scale of the outcrop shifts a dextral strike-slip fault
plane. (c) Slickenside normal fault-related calcites overlapped by strike-slip slickenside calcites.

8(b)). Normal fault-related calcite CA18J03-1 was dated at
128 ± 15 [15.4] Ma with a MSWD of 1.5 (Figure 8(c)). For
strike-slip fault-related calcites, CA18J09-4 was dated at
107 ± 13 [13.3] Ma (MSWD = 3:9), CA18J03-2 was dated at
38:7 ± 6:7 [6.8] Ma (MSWD = 0:75), and NAV01 at 36:5 ±
7:7 [7.8] Ma (Figures 8(d), 8(h), and 8(i)). For reverse faultrelated calcites, an age of 79:1 ± 7:6 [7.9] Ma (MSWD = 1:6)
was obtained for CA18J05-1, of 95 ± 15 [15.2] Ma
(MSWD = 1:4) for CA18J06-1, and of 58:2 ± 4:6 [4.9] Ma
(MSWD = 0:72) for CA18J03-4 (Figures 8(e)–8(g)).

5. Discussion
5.1. Characteristics of the Fault-Related Calcites. The intraplate deformation of the Grands Causses area has been
characterized from the observation and analysis of tectonic
structures that have undergone, one by one, a relatively
simple geological history. In fact, the choice to consider
small, only metric-sized, structures and to analyze singlephase fault-related calcites was aimed at reducing the risk
of reopening geochemical systems, which may have led to
results that would not have been representative of the considered tectonic phase.
Some previous studies have focused on the morphology,
petrography, and growth of fault-related calcites (slickenﬁbre

calcite), highlighting some criteria of syndeformation such as
inclusion bands and inclusion trails and the growth direction
of elongated grains associated with the σ1 main stress [81–
87]. Bons et al. [84] described inclusion bands as “arrays of
wall-rock inclusions, dust, secondary minerals or ﬂuid inclusions that were included or precipitated at the vein growth
front.” Inclusion trails corresponded to arrays of inclusions
which were “assumed to follow the opening trajectory of a
vein” [82]. Although these two types of morphology associated with fault-related calcites may allow us to determine
the history of the opening of the slickenﬁbre calcite, their
interpretation is often not straightforward [82].
In this study, the petrography of the fault-related calcites
conﬁrms the syntectonic character of their crystallization due
to the presence of these criteria (Figure 7). Moreover, cathodoluminescence observations showed that the studied objects
crystallized during a single growth phase, except for some
zones associated with rounded grains that may have growth
zonations.
5.2. Unraveling the Complexity of the Extensional Footprint.
Fieldwork showed that the formation of some of the normal
faults occurred prior to the compressive episode which was
associated with the Pyrenean phase and with the northward
movement of Africa according to some authors such as
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Table 1: Detailed information for microtectonic sites. See Figure 2 for the location of sites and Table 2 for more details about dated samples.
The orientation of the main stress is speciﬁed in brackets when two stress regimes are identiﬁed for the same site.
Site
1
2
3

GPS coordinates

Stratigraphy

Lithology

44°22.625 ′ N 3°31.280 ′ E
44°13.368 ′ N 3°13.459 ′ E

Bajocian

Dolostone

Bajocian

Limestone/dolostone

Hettangian

Dolostone

°

°

44 20.303 ′ N 3 4.066 ′ E
°

°

Number of analyses/stress regime
Compressive
Extensive
8
1
26
15 (σ1 NW-SE);
6 (σ1 NE-SW)

15

4

44 21.292 ′ N 3 27.674 ′ E

Bathonian

Dolostone

5

44°10.291 ′ N 3°25.871 ′ E

Hettangian

Limestone/dolostone

8

22
6
8

6

44°21.235 ′ N 3°23.966 ′ E

Bathonian

Dolostone

8 (σ1 N-S);
4(σ1 NE-SW)

7

44°5.247 ′ N 3°17.413 ′ E
44°4.788 ′ N 3°16.983 ′ E

Kimmeridgian

Limestone

3

Bathonian

Limestone

12

8

43°59.758 ′ N 3°18.772 ′ E

Hettangian

Limestone/dolostone

10

44°20.046 ′ N 3°21.252 ′ E

Kimmeridgian

Limestone

11

44°4.731 ′ N 3°22.398 ′ E

Oxfordian

Limestone

12

44°4.849 ′ N 3°23.062 ′ E
44°11.981 ′ N 3°29.092 ′ E

Oxfordian

Limestone

Hettangian

Dolostone

7

3

Bathonian

Limestone

5

7

4

9

14
15
16
17
18
19

°

°

44 7.968 ′ N 3 15.050 ′ E
44°7.516 ′ N 3°24.675 ′ E

9

11

Hettangian

Dolostone

Bathonian

Limestone/dolostone

Bathonian

Limestone/dolostone

10

1

44°7.541 ′ N 3°14.561 ′ E
44°7.477 ′ N 3°14.531 ′ E

Bathonian

Limestone/dolostone

8

7

Bathonian

Limestone/dolostone

7

Bathonian

Limestone/dolostone

10

21

Oxfordian

Limestone

22

22

43°53.739 ′ N 3°30.172 ′ E
44°8.175 ′ N 3°13.044 ′ E

Bathonian

Limestone

23

44°8.308 ′ N 3°13.052 ′ E

Bathonian

Limestone

3

24

44°8.570 ′ N 3°12.953 ′ E

Bathonian

Limestone

8 (σ1 E-W);
1 (σ1 NE-SW)

25

44°11.623 ′ N 3°26.465 ′ E
44°11.970 ′ N 3°23.942 ′ E

Hettangian

Limestone/dolostone

16

Oxfordian

Limestone

24

Bajocian

Limestone

10

°

°

44 1.364 ′ N 3 16.591 ′ E

13

6
3

44°1.485 ′ N 3°16.125 ′ E

Bajocian

Limestone

29

Bajocian

Limestone

26

30

44°1.460 ′ N 3°16.310 ′ E
44°0.773 ′ N 3°18.932 ′ E

Hettangian

Dolostone

31

44°2.891 ′ N 3°22.324 ′ E

Hettangian

Dolostone

32

44°8.706 ′ N 3°13.017 ′ E
44°12.426 ′ N 3°4.845 ′ E

Bathonian

Limestone

Hettangian

Limestone/dolostone

Oxfordian

Limestone

9

Kimmeridgian

Limestone

26

Oxfordian

Limestone

4

Oxfordian

Limestone

19

Oxfordian

Limestone

2

35
36
37
38

44°19.775 ′ N 3°34.305 ′ E
44°20.004 ′ N 3°30.454 ′ E
°

44 21.282 ′ N 3°32.099 ′ E
°

°

44 24.007 ′ N 3 31.152 ′ E
44°21.453 ′ N 3°31.243 ′ E

NAV01

12

28

33

CA18J06-1

6

4 (σ3 N-S);
16 (σ3 E-W)

34

CA18J05-1

8

44 7.408 ′ N 3°14.556 ′ E

27

29 (σ3 ENE-WSW);
7 (σ3 ESE-WNW)
2

20

26

CA18J03-4

5

44°7.709 ′ N 3°14.880 ′ E
44°7.792 ′ N 3°14.643 ′ E

°

CA18J03-1
CA18J03-2

10 (σ3 NW-SE);
25 (σ3 N-S)

9

13

Dated sample

5
18 (σ3 NW-SE);
13 (σ3 NE-SW)
22
83

CA18J09-4
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Table 1: Continued.
GPS coordinates

Stratigraphy

39

44°21.052 ′ N 3°31.084 ′ E
44°20.861 ′ N 3°30.736 ′ E

Bajocian

Dolostone

10

Bathonian

Dolostone

3
15

40

Lithology

Number of analyses/stress regime
Compressive
Extensive

Site

5

Oxfordian

Limestone

42

44°20.238 ′ N 3°29.548 ′ E
44°20.209 ′ N 3°29.316 ′ E

Kimmeridgian

Limestone

3

14

43

44°21.228 ′ N 3°24.122 ′ E

Oxfordian

Limestone

20

8

44

44°22.359 ′ N 3°24.741 ′ E

Oxfordian

Limestone

12

6 (σ3 E-W);
3 (σ3 NE-SW)

45

44°17.155 ′ N 3°13.983 ′ E
44°17.967 ′ N 3°19.508 ′ E

Bathonian

Dolostone

14

Kimmeridgian

Limestone

14

41

46
47
48

°

°

44 14.442 ′ N 3 33.772 ′ E
44°19.942 ′ N 3°23.364 ′ E

Hettangian

Dolostone

9

Kimmeridgian

Limestone

11

Macquar [15], De Charpal et al. [14], and Constantin et al.
[13] (Figure 6). According to this latter, the extension record
of the whole area was mainly Jurassic in age as a consequence
of the Tethys Ocean opening. This geodynamic event was
highlighted in the literature by progressive unconformity
outcropping [63, 64].
In this study, the U-Pb results show that some normal
faults of the Grands Causses area resulted from a much later
extension, most likely at the early Cretaceous in age (Barremien; Figure 8(c)), relatively simultaneous to the opening
of the Pyrenean basins to the south [24]. In addition, the
normal fault CA18J03-1 (128 ± 15 [15.4] Ma) is related
to a NNE-SSW extension. By extrapolating this U-Pb age
to the other normal faults of this family, the Cretaceous
extension would therefore correspond to a stress ﬁeld such
as σ3 which is approximately oriented N-S (Figure 5).
This result is consistent with the geometry of the Pyrenean
basin opening [88, 89] (Figure 3). Consequently, the Mesozoic extension in the Grands Causses domain probably lasted
much longer than previously proposed in response to farﬁeld stress transmission either related to the Tethys or Pyrenean basin opening episodes.
In summary, we provide new evidence that the Grands
Causses domain underwent two diﬀerent extensional events
during Mesozoic times: a ﬁrst one during the Jurassic in
response to the Tethys basin opening and a second one
during the early Cretaceous as a consequence of Pyrenean
basins opening along a N-S direction. The transition
between both events may have been gradual, implying that
the Grands Causses domain has been subjected to a longlived extension episode since the Lias to the early Cretaceous
in response to plate boundaries’ deformation. Moreover,
based on the overlap of normal slickensides above strikeslip slickensides (Figure 6), a late extensional geodynamic
episode was recorded in the Grands Causses area after the
Pyrenean compressive episode (see discussion in the next
section). Although no calcite related to these faults was
dated, this episode could be interpreted as a consequence
of the opening of the Liguro-Provençal basin during Oligo-

Dated sample

12

cene times [46]. The NW-SE orientation of the stress ﬁeld
associated with these structures is indeed consistent with
this geodynamic episode [56].
Concerning the stress ﬁeld associated with the extension
in the Grands Causses area, the microtectonic data showed a
signiﬁcant heterogeneity of its orientation (Figure 5). The
early extension during the Cretaceous could be associated
with a stress ﬁeld with σ3 north-south while the late extension to the Cenozoic could come from a stress ﬁeld σ3
NW-SE. However, this heterogeneity in the set of stress
tensors can be explained by (1) a superposition of several
deformation episodes since the Mesozoic, (2) the compaction
of formations at the origin of extensional structures without
preferential orientation, and (3) fault planes formed from
preexisting planes (fractures, reverse, and strike-slip fault
planes for late extension).
5.3. So-Called “Pyrenean Deformation” of the Grands Causses
Domain. The Grands Causses area is characterized by many
reverse and strike-slip fault planes resulting from a rather
homogeneous stress ﬁeld with a N-S shortening orientation
(Figure 5). These compressive structures are usually considered as contemporaneous with the Pyrenean belt building
during Eocene times [13, 14], but it remains a purely speculative aﬃrmation in the absence of a syntectonic sedimentary
record.
The U-Pb ages have shed a new light on this commonly
accepted idea. Indeed, although the age uncertainties are
relatively high (2σ ~ 15%, Figure 8) due to low uranium content and the relative abundance of common lead in calcites,
the U-Pb ages showed the record of a continuous brittle
deformation over several tens of millions of years, from
Albian to Priabonian times (older age: 107 ± 13 [13.3] Ma;
younger age: 36:5 ± 7:7 [7.8] Ma). This indicates that the
intraplate brittle deformation that occurred in response to
basin closure at the Iberia/Europe plate boundary lasted
much longer than previously thought and is not simply the
record of the paroxysmal phases of mountain building of
the terminal Eocene age [45].
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Figure 7: Petrography of the fault-related calcites (slickenﬁbre calcite). (a) Sketch of the slickenﬁbre calcite growth over time. Modiﬁed from
Fagereng et al. [83]. The orientation of σ1 is associated with the set of ﬁgures (a–d). (b) Petrography of CA18J04-3 sample. This calcite sample
comes from a strike-slip fault (site 11, Figure 2) and could not be dated. Its texture is both ﬁbrous—with a medium and uniform degree of
luminescence—and granular—with the presence of growth zonations and a relatively high degree of luminescence. The inclusion bands
indicate the syntectonic nature of the sample. (c) Petrography of CA18J06-1 sample (reverse fault-related calcite, Table 2). Under
cathodoluminescence, calcite is uniform with a medium degree of luminescence. The presence of inclusion bands, inclusion trails, and
elongated grains indicate the syntectonic nature of the sample. (d) Petrography of CA18J05-1 sample (reverse fault-related calcite,
Table 2). Its texture is granular with the presence of inclusion trails, and the degree of luminescence is relatively low and uniform.
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Figure 8: Continued.
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Figure 8: Tera-Wasserburg diagram (207Pb/206Pb vs. 238U/206Pb) of the seven fault-related calcite samples dated. The uncertainties
correspond to the 2σ error and “n” to the number of ablation spots performed for each sample. The numbers in parentheses correspond
to the number of data removed for each T-W diagram. The uncertainties in brackets correspond to the propagated uncertainties (see
Supplementary Materials for details). MSWD: mean square of weighted deviates. See Figures 5 and 6 and Table 2 for more details about
the dated samples.
Table 2: Detailed information for dated calcite samples. See
Supplementary Materials for sample illustrations.
Sample

Site

Fault

Strike/dip/pitch

CA18J03-1
CA18J03-2
CA18J03-4
CA18J05-1
CA18J06-1
NAV01
CA18J09-4

7
8
9
14
17
21
26

Normal
Strike-slip
Reverse
Reverse
Reverse
Strike-slip
Strike-slip

137°N-83°N-78°W
120°N-89°W-5°NW
175°N-30°W-pV45°
100°N-30°N-X
90°N-52°N-87°W
155°N-85°E-9°S

Furthermore, reconstruction of Iberian and European
plate kinematics indicates that the beginning of compression
occurred around 85 Ma [24, 41, 90]. This value is within the
uncertainties of three of the ages obtained on compressionrelated structures (sample CA18J05-1: 79:1 ± 7:6 [7.9] Ma,
sample CA18J09-4: 107 ± 13 [13.3] Ma, and sample
CA18J06-1: 95 ± 15 [15.2] Ma). As a consequence, it appears

that part of the intraplate brittle deformation in the Grands
Causses area also recorded the very early phases of tectonic
plate convergence, probably associated with the ﬂexuration
and denudation of the lithosphere [44].

6. Conclusion
Until now, the lack of sedimentary records associated with
deformation in the Grands Causses area has led to a poorly
constrained geodynamic calendar that appeared to be controversial in various studies [13–15, 46]. In this study, the
combination of a structural study over the whole area with
a petrographic and geochronological study on relatively simple objects such as fault-related calcites allows us to establish
a more detailed calendar of the brittle intraplate deformation.
This study demonstrates the high sensitivity of an intraplate domain (Grands Causses area) to record deformations
occurring at the edge of tectonic plates. Indeed, not only does
the intraplate domain record the main relatively brief events
occurring at the plate boundary such as the Eocene Pyrenean
pulse, but the far-ﬁeld deformation is also long and
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continuous over several tens of millions of years since the
Mesozoic. The tectonic structures of the Grands Causses
domain have formed in response to both the extensional
deformations that occurred in Southern France (opening of
the Tethys Ocean in the Jurassic, of the Pyrenean basins in
the early Cretaceous, and, possibly, of the LiguroProvençal basin in the Oligocene) and also the Pyrenean
compression, from the late Cretaceous to the Eocene.
Strikingly, although this domain seems to record all the
geodynamic episodes that occurred in Southern France
during the Meso-Cenozoic period, there is no evidence
in the studied area of the closure of the Tethys Ocean
and subsequent formation of the alpine belt 300 km to
the west. Many aspects of stress transmission from plate
boundaries to the intraplate domains thus still remain to
be investigated, which will require a well constrained calendar of the intraplate domain deformation—a challenging
task to establish.
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Fluid ﬂow in the subsurface is fundamental in a variety of geological processes including volcanism, metamorphism, and mineral
dissolution and precipitation. It is also of economic and societal signiﬁcance given its relevance, for example, within groundwater
and contaminant transport, hydrocarbon migration, and precipitation of ore-forming minerals. In this example-based overview, we
use the distribution of iron oxide precipitates as a proxy for palaeoﬂuid ﬂow to investigate the relationship between ﬂuid ﬂow,
geological structures, and depositional architecture in sedimentary rocks. We analyse and discuss a number of outcrop examples
from sandstones and carbonate rocks in New Zealand, Malta, and Utah (USA), showing controls on ﬂuid ﬂow ranging from
simple geological heterogeneities to more complex networks of structures. Based on our observations and review of a wide range
of the published literature, we conclude that ﬂow within structures and networks is primarily controlled by structure type (e.g.,
joint and deformation band), geometry (e.g., length and orientation), connectivity (i.e., number of connections in a network),
kinematics (e.g., dilation and compaction), and interactions (e.g., relays and intersections) within the network. Additionally,
host rock properties and depositional architecture represent important controls on ﬂow and may interfere to create hybrid
networks, which are networks of combined structural and stratal conduits for ﬂow.

1. Introduction
It is well known that besides the intrinsic rock and ﬂuid
properties (i.e., porosity, permeability, ﬂuid density, and
viscosity), geological structures such as faults, fractures, and
deformation bands may also strongly inﬂuence ﬂuid ﬂow
(e.g., [1–4]). Understanding the interaction between ﬂuid
ﬂow and geological structures is key for the comprehension
of ﬂow-and-reaction-related phenomena that tend to localize
around faults and fractures (e.g., [5, 6]), and hence fundamental for a variety of geological processes such as volcanism
and metamorphism, as well as mineral dissolution and precipitation. Understanding subsurface ﬂuid ﬂow and reactions
is also of economic and/or societal signiﬁcance, given its relevance for the exploration and exploitation of ore mineral
deposits, hydrocarbons, geothermal energy, contaminant
transport, carbon storage, and groundwater aquifer management (e.g., [7–17]).

Diﬀerent types of structures have diﬀerent eﬀects on ﬂow.
Open fractures, such as joints, may be highly conductive,
whereas cemented fractures (veins) or deformation bands
may be nonconductive or have very low permeability (e.g.,
[18–20]). Being able to identify and separate between diﬀerent types of structures is therefore essential since they may
have diﬀerent eﬀects on ﬂow. Geological structures may act
as conduits or barriers for ﬂuid ﬂow, or as a combination of
the two. They may also have strongly anisotropic ﬂow properties, e.g., acting as a barrier for cross-fault ﬂow but as a conduit for fault-parallel ﬂow (see [21–25]). It is common that
ﬂow properties of faults and fractures are transient and/or
cyclic in nature, as faults and fractures vary between being
open and closed for ﬂuid ﬂow through alternating fracturing,
cementation/sealing, and refracturing (the so-called crackseal behaviour; [26–30]). Numerous studies have oﬀered
insight into how single structures, or pairs of interacting
faults and their damage zones, may aﬀect ﬂow [13, 31, 32].
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However, faults and fractures commonly occur in networks
[33–35]. The relationship between fault and fracture network
properties (topology, connectivity) on one hand, and ﬂuid
ﬂow in rocks on the other, is still poorly constrained (e.g.,
[36]). Furthermore, it is well recognized that depositional
architecture may strongly aﬀect ﬂow (e.g., [37]), yet there
are few studies that address the interaction of depositional
architecture and geological structures and their inﬂuence
on ﬂuid ﬂow in and around fracture networks (e.g., [38]).
Motivated by the above, the main aim of this work is to
give an overview, exemplify, and investigate both the depositional, architectural, and structural controls on ﬂuid-rock
interactive phenomena. To do this, we examine the spatial
relationship between faults and fractures, fracture network
topology, depositional architecture, and the distribution of
Liesegang-type reaction-diﬀusion systems (Liesegang bands,
e.g., [39]) and iron oxide deposits (collectively referred to
herein as iron oxide precipitates (IOPs)).
In a recent study [40], we investigated the role of fracture
network connectivity in controlling localized calcite cementation along small-scale faults and damage zones in limestone. Here, we investigate a fuller range of controls on ﬂow
as we discuss how ﬂuid ﬂow is aﬀected by (i) host rock properties and depositional architecture and (ii) geological structures and structure networks, as well as their anisotropy,
geometry, connectivity, kinematics, and mutual interaction.
Finally, we look at the eﬀect of hybrid networks of stratal
and structural conduits. To do this, we study a variety of geological structures, both fractures, joints, and deformation
bands, from New Zealand, Malta, and Utah (Figure 1), where
IOPs represent a record of paleoﬂuid ﬂow in sandstones and
limestones. Given the recent advances in fracture network
analysis (e.g., [35, 41–44]), our overview of geologic controls
on ﬂuid ﬂow, that also incorporates and quantiﬁes the role of
network properties on ﬂow, is pertinent.

2. Terminology
We follow the structural terminology deﬁned in Peacock
et al. [45], but for clariﬁcation, we additionally provide a
short explanation of some important terms used herein:
(1) Fractures: encompasses both joints and faults, as
some of the studied fracture networks form parts of
the damage zones of small-scale faults (displacements
of <1 m), and comprises a combination of joints and
faults. The joints and faults are hard to distinguish in
an outcrop because of the centimeter-scale and lack
of displacement markers
(2) Hybrid network: used herein to describe networks
where geological structures such as joints or faults
interact with more permeable layers or beds of a
heterogenic sedimentary rock to increase the connectivity and create conduit networks
(3) Deformation bands: described as tabular, millimeterwide zones of localized but nondiscrete and distributed shear and/or compaction, and are typically
low-permeable structures (generally 2-3, but occa-

sionally up to 6 orders of magnitude lower permeability than host rock) that adversely aﬀect ﬂow
properties [2, 46–51]
(4) Iron oxide precipitates (IOPs): used herein as a term
to cover both Liesegang-type reaction-diﬀusion systems (Liesegang bands, e.g., [39]) and other iron
oxide deposits (e.g., [20, 52]). IOPs are a common
by-product of ﬂuid ﬂow in rocks such as sandstone,
limestone, and mudstone. Where IOPs occur preferentially in association with depositional heterogeneities (e.g., speciﬁc facies, strata, or bounding
surfaces) and/or structural heterogeneities (e.g., faults
and/or other types of fractures) in rocks, they may be
used to infer the history of paleoﬂuid ﬂow and reconstruct how such heterogeneities acted to control ﬂow
[16, 39, 52–55]

3. Geological Framework of the Study Sites
New data presented herein are collected from various sites in
New Zealand, Malta, and Utah. We combine qualitative ﬁeld
photographs of examples of simple structures like single fractures and deformation bands from New Zealand and Utah,
with a more quantitative study of more complex fracture networks mainly from Malta but also from New Zealand.
3.1. Tongaporutu, Taranaki Basin, New Zealand. Present-day
New Zealand is an active plate boundary that accommodates
oblique convergence of the Australian and Paciﬁc plates [56,
57]. Deformation band examples presented herein are from
coastal exposures of faulted deep-water turbidites of the
Upper Miocene Mount Messenger Formation in the Taranaki Basin on the West Coast of New Zealand’s North Island
(Figure 1(a)) [58–60]. The Taranaki Basin, exposed onshore
along the Taranaki coastline, initially formed in Late Cretaceous times as a result of extension related to Gondwanan
continental breakup and opening of the Tasman Sea (e.g.,
[61, 62]). The basin has since seen a complex history, ranging
from initial rift and passive margin phases, oblique reactivation, and overprint by convergent and extensional tectonics
in Neogene times (e.g., [59, 63]). Deformation bands in the
Mount Messenger Formation have previously been described
by Childs et al. [64] and Nicol et al. [65]; included in this
study are examples of cataclastic shear bands in the cliﬀs
along the Taranaki coast.
3.2. Hokianga, Northland Allochthon, New Zealand. The
second study area in New Zealand is located on the southern
shores of Hokianga in Northland (Figure 1(a)). Here, the
Late Cretaceous Punakitere Sandstone [66–68] consists of
massive to well-bedded sandstones with occasional conglomerate horizons, and sits within the Northland Allochthon [69,
70], the low-angle emplacement that occurred at the
Oligocene-Miocene boundary [71]. The Punakitere
Sandstone in Hokianga is aﬀected by small-scale fracture
networks, oriented NNE-SSW and NE-SW with associated
IOPs.
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Figure 1: (a) Overview map of New Zealand, showing the ﬁeld areas at Hokianga and the Taranaki coast on the North Island (after Sporli and
Rowland, 2007). (b) Overview map of the Maltese Islands, showing the location of the ﬁeld areas at Ras ir Raheb and Marsalforn (after [20, 79,
80]). (c) Overview map of the area of Arches National Park in SW Utah, USA, showing the ﬁeld location by the entrance of Arches National
Park (after Doelling, 1985; [53]).

3.3. Ras ir Raheb, Malta. The Maltese archipelago, consisting
of the islands of Malta, Gozo, and Comino (Figure 1(b)), is
situated on the north-eastern shoulder of the ESE-WNWtrending Pantelleria rift system [72], which formed as a
response to back-arc extension related to ApennineMaghrebian subduction in Late Miocene-Early Pliocene
times [73–76]. The back-arc extension also led to the formation of ENE-WSW-trending horsts and grabens, which
dominate the Maltese structural framework (e.g., [74, 77,
78]). The localities studied at Ras ir Raheb on the west coast
of Malta, are situated approximately 1 km into the footwall of
the Victoria Lines Fault (VLF) (Figure 1(b); [40, 78, 79]), which
is a normal fault with a maximum displacement of c. 90 m
[80]. The fault and fracture networks (displacement < 1 m)
examined here may be considered to be subsidiary faults
in the damage zone of the Victoria Lines Fault [40, 81].
The host rocks are Miocene-age, syn-rift, ﬁne-grained foraminiferal limestones of the Middle Globigerina Limestone
Member [74, 80].
3.4. Marsalforn, Gozo. Like the main island of Malta, Gozo is
also characterized by ENE-WSW striking normal faults.
However, the north-western part of the island stands out,
as regional extensional strain related to the Pantelleria rifting
event is expressed here as arrays of strike-slip faults [82]. The
faults at the studied locality at Marsalforn (Figure 1(b)) occur
in the Lower Globigerina Limestone Member, which outcrops as a yellow to orange, massive wackestone, packed with
foraminifera and bivalves [80].
3.5. Arches National Park, Utah, USA. The last study areas are
located close to the entrance of Arches National Park in SE
Utah, USA (Figure 1(c)). Examples from here include deformation band clusters in the hanging wall of the Moab Fault
and an anisotropic fracture network studied in a limestone
bed in the footwall of the fault, just 5-15 m from the fault plane
[18, 83, 84]. The deformation bands are found in the aeolian
Entrada sandstone, which forms part of the latest Triassic to

Early Jurassic San Rafael Group [85, 86]. It consists of aeolian
dunes and interdunes deposited in a hot and arid coastal environment in Mid-Jurassic times [84, 86, 87].

4. Data and Methods
Fieldwork involved the acquisition of structural ﬁeld data
and digital imagery from hand-held cameras. IOPs, and the
extent of these, were mapped from photographs and ﬁeld
sketches, and length-displacement proﬁles were recorded
for fractures that exhibited evidence for shear displacement.
For analysis of the fracture network examples, highresolution photography was used to digitize the networks
using the NetworkGT toolbox in ArcGIS [88]. This was done
to quantify the node and branch topology of the studied
networks [44, 89]. The elements in the two-dimensional
networks are divided into nodes and branches, where nodes
are ends or intersection points of fractures, and branches
are segments of a fracture trace, bound by a node at each
end (Figure 2) [42, 44]. The degree of connectivity of the
network can be determined by the proportion of diﬀerent
nodes and branches, as elaborated in Sanderson and Nixon
[44]. From the digitized maps of the networks, we used the
Kernel Density tool in the built in ArcToolbox in ArcGIS to
extract contour maps of (i) fracture intensities, which represent the total branch length per square meter (m/m2), and (ii)
the connecting node frequencies, to illustrate the frequency
of connections per square meter (N C /m2 ) [44]. These maps
provide a good visualisation of the internal variations of the
network complexity and connectivity.

5. Examples of Fluid Flow Relationships with
Structures and Networks: Field Observations
and Characterization
5.1. Depositional Architecture. We studied the relationship
between depositional architecture and paleoﬂuid ﬂow at
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Figure 2: (a) Example of a fracture network from the ﬁeld at Ras ir Raheb, Malta. (b) Topological characterization of the example shown in
(a), using topological nomenclature proposed by Sanderson and Nixon [44]. We diﬀerentiate between diﬀerent types of nodes and branches.
Nodes are classiﬁed as isolated nodes (I-nodes), abutting or splaying nodes (Y-nodes), or as crossing nodes (X-nodes). Branches are classiﬁed
as isolated (I-I), partly connected (I-C), or fully connected (C-C). (c) Network showing only the connecting nodes. (d) Illustration of the
connecting node frequency (connecting nodes/m2) of the fracture network.

Front of IOPs

Fronts of IOPs
Fracture
Front of IOPs

(a)

(b)

Figure 3: (a) Example of how a fracture (white arrow) can control the formation and extent of iron oxide precipitates (black, dashed line) and
how depositional architecture (blue arrow) may control the ﬂow of oxidizing ﬂuids (blue, dashed line); Hokianga, New Zealand. (b) Another
example of how depositional architecture, here in the form of crossbedding, can control the extent of iron oxide precipitates; Taranaki, New
Zealand.

several locations around New Zealand’s North Island, and
two were chosen as examples herein. Figure 3(a) shows a
photo from an outcrop along the Hokianga coast, where
millimeter- to centimeter-scale depositional structures create
heterogeneities in the otherwise homogenous Punakitere
Sandstone. Parts of the rock have a brown-orange colour,
due to IOPs, which stands out against the grey sandstone.
An ~15 cm long joint cuts through the depositional
structures in the middle of the photograph. This joint is associated with a highly localized IOP envelope that tapers out
ahead of the joint tip. This IOP envelope is also to some
extent controlled by sedimentological heterogeneity, in that
its upper boundary follows a sandstone crossbed. This
illustrates how ﬂuid ﬂow may be inﬂuenced by both depositional heterogeneities and structural heterogeneities in one
example. The second example, Figure 3(b), is showing
centimeter-sized crossbedding in a cliﬀ along the Taranaki
coast. The muddy sandstone is mainly grey in colour, but
some IOPs have stained parts of the rock, ﬁlling in the crossbeds in the uppermost part of the photo. Both of these exam-

ples illustrate how depositional architecture can create spatial
heterogeneities in porosity/permeability producing local ﬂow
paths through otherwise homogenous rocks.
5.2. Simple Geological Structures. Figure 4 shows examples of
joints and their relationship to IOPs from Hokianga, North
Island, New Zealand. The ﬁrst example (Figure 4(a)) shows
two subparallel joints—one through-going joint from left to
right and another joint, ~10 cm above, coming in from the
left and terminating at a tip to the right. An envelope of IOPs
encloses the joints, staining the surrounding sandstone
brown-orange, and clearly deﬂects and narrows ahead of
the terminating joint tip. This illustrates the fact that the
spatial distribution of iron oxide deposits can be controlled
by multiple (two) fractures: the envelope is widest where it
is controlled by two main joints, and narrowest where it is
only controlled by one. Another example from Hokianga
shows a joint set comprising two right-stepping segments
(Figure 4(b)). This joint set is associated with a brownorange iron oxide envelope, which closely trails the segmented
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Figure 4: (a) Example of fracture tip interaction, where the front of the iron oxide precipitates (black, dashed line) curves out where the
fracture tips overlap; Hokianga, New Zealand. (b) Example of how iron oxide precipitates respond to fracture-tip interaction: the front of
the iron oxide precipitates (black, dashed line) narrows as the fractures (white arrows) tip out; Hokianga, New Zealand.
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Figure 5: (a) Field photo and (b) sketch of deformation band cluster causing ponding of iron oxide precipitates (IOPs) found in Arches
National Park, Utah, USA.

joint system. Where the joint system steps right-laterally, the
envelope similarly makes a gentle right-lateral shift. Hence,
the IOPs, and inferred paleoﬂuid ﬂow, are clearly aﬀected by
the joints, as the fronts of the IOPs follow the extent of the
joints. These examples show how simple geological structures
can act as conduits, controlling and localizing the distribution
and ﬂow of ﬂuids.
Figure 5 presents an example of deformation bands
formed within the Entrada sandstone in Utah. The locality
shows a NW-SE-oriented cluster of deformation bands on a
gently SW-sloping pavement. The cluster stretches tens of
meters in length with a variable width of up to ~1 m. The
front of IOPs are located on the pavement immediately down
dip of the cluster, towards the SW, locally forming orangecoloured half circles in the sandstone. These represent ponding of ﬂuids against the deformation band cluster which has
acted as a barrier to ﬂuid ﬂow.

Examples of deformation bands were also documented
in the cliﬀs along the Taranaki coast, New Zealand
(Figure 6). In Figures 1(c) and 6(b), two oblique deformation bands cross each other with an intersection angle of
approximately 60 degrees. One deformation band is visible
as a distinct grey line crossing the photograph from left to
right and appears to have no associated IOPs. Whereas
the second deformation band has a clear association with
IOPs, visible as a rusty orange line crossing the grey
deformation band. An additional example in Figures 6(c)
and 6(d) shows a single deformation band crossed by a
series of IOP fronts, which are clearly not aﬀected by the
deformation band. Even though these are all examples of
deformation bands, they show very diﬀerent relationships
with ﬂuids, i.e., some act as conduits localizing ﬂow, some
act as barriers, and others have little or no eﬀect on the distribution of IOPs.
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Figure 6: (a) Field photo and (b) sketch of a deformation band functioning as a capillary conduit controlling oxidation (red arrows) and a
deformation band without any oxidation at all (black arrows: horizontal in picture, dipping away from perspective); Taranaki coast, New
Zealand. (c) Field photo and (d) sketch of example where bands of iron oxide precipitates (pointed out by red arrow) clearly ignore a
deformation band (black arrows); Taranaki coast, New Zealand.

Front of IOPs (i)
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Figure 7: Not all fractures act as conduits for ﬂuid ﬂow, and hence iron oxide precipitates do not surround all fractures. Along-strike
variability of the fractures may cause along-strike variability in the distribution of iron oxide precipitates. Examples from (a) Hokianga,
New Zealand and (b) the footwall of the Moab Fault in Arches National Park. White arrows point to the areas of fractures associated with
iron oxide precipitates, while the red arrows point towards some of the fractures which do not promote formation of iron oxide precipitates.

5.3. Simple Structural Networks. As previously mentioned,
geological structures can interact and form networks. Within
the Punakitere Sandstone at Hokianga, New Zealand, we
documented a fracture network comprising two orthogonal
joint sets; one systematic joint set (trending right to left;
Figure 7(a)) abutted by a set of cross-joints (trending top to
bottom; Figure 7(a)). Elongated haloes of orange-coloured
IOPs form around the systematic joint set whereas the
cross-joints are unaﬀected by IOPs. A similar example is
shown in Figure 7(b), which comprises two orthogonal frac-

ture sets that mutually cross-cut and abut one another in a
limestone bed, located in the footwall of the Moab Fault in
Arches National Park, Utah. Again in this example, one fracture set is surrounded by a brown-red halo of IOPs (trending
right to left; Figure 7(b)), whereas the orthogonal crosscutting fracture set (trending top to bottom; Figure 7(b))
has no association with IOPs. Both examples illustrate that
not all structures within a network are conductive to ﬂow,
which is important as it will produce an anisotropy in the
ﬂow properties of a fractured rock mass.
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Figure 8: (a) Digitized map of the fracture network at Ras ir Raheb, Malta, with iron oxide precipitates shown as red dashed lines. A photo of a
clear front of iron oxide precipitates is included. (b) The branch intensity map indicates higher density in complex zones. (c) Connecting node
frequency map of the locality shows that zones with high branch intensity generally tend to coincide with high connecting node frequency.

5.4. Complex Structural Networks. The examples in Figure 7
are relatively simple fracture networks with two orthogonal
sets. However, fractures often form more complex networks
consisting of diﬀerent fracture types as well as a range of fracture sizes and orientations. In the following examples
(Figures 8, 9, 10 and 11), we explore more complex fracture
networks and investigate the relationships between diﬀerent
fracture network attributes (e.g., fracture intensity, connectivity, and displacement) and the distribution of IOPs. These
examples of more complex fracture networks are associated
with a number of mesoscale fault systems formed in carbonate rocks located in Malta. The ﬁrst example consists of two
intersecting segments (I and II; Figure 8(a)), each comprised
of several joints and minor normal faults with displacement
of up to ~2.5 cm. The N-S-oriented segment I comprises
two smaller, hard-linked fault segments. The E-W-oriented
segment II continues 2-3 meters towards the east, outside
of the area covered by Figure 8, where it tips out and overlaps
with another segment to form a relay ramp (see Figure 1(a) in
the supplementary materials (available here)). Distinct, red

IOPs are widest around the intersection point of segments I
and II. The intersection is also characterized by higher
branch intensities and connecting node frequencies
(Figures 8(b) and 8(c)). The strong IOP front tapers oﬀ to
the south and east along segment I and segment II, respectively. Although some local, smaller maxima in branch intensity and node frequency are found further south and east
along the main segments, outside the intersection, only
weaker, discontinuous fronts are observed locally and often
around fracture tips.
In Figure 9, we have an example of a normal fault system
with an outcropping trace length of ~22 m and a maximum
displacement of ~25 cm (see also Figure 2 in the supplementary materials). The fault system consists of a network of
small faults and fractures that trend SE-NW and dip ~60°
towards the SW. For ease of description, the system is divided
into two distinct main segments (segments I and II;
Figure 9(a)), which are linked through a more intensely fractured zone. Contour maps of fracture intensity and connecting node frequency are presented in Figures 9(b) and 9(c),
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Figure 9: (a) Digitized map of the fracture network at Ras ir Raheb, Malta, with iron oxide precipitates shown as red dashed lines. (b) The
branch intensity map indicates higher density in the areas of segment linkage. (c) Map of the connecting node frequency, which also
increases in the areas where fault segments link indicating higher connectivity in linkage areas.

respectively, generally showing that high connecting node
frequencies correspond with areas of high fracture intensity.
A series of profound red-stained IOP fronts, predominantly
in the footwall of the fault system, form an envelope of
~50 cm around the main fault segments (see inset in
Figure 9(a)). Weaker, discontinuous fronts can be observed
locally further away from the main segments, as well as a
few, discontinuous fronts in the hanging wall (Figures 9(a)–
9(c) and Figure 2(b) in the supplementary materials). A widening of the IOP front can be observed at the linkage of the

two fault segments. However, this is the only location where
IOP width coincides with increases in fracture intensity and
connecting node frequency. Instead, the width of the IOP
fronts appear to reﬂect relative changes in displacement
along strike of the fault system (Figure 10).
The ﬁnal complex fracture network example is a 2 m
section of a longer strike-slip fault system with decimeterscale displacements (Figure 11). The fault system comprises
NNE-trending right-lateral strike-slip segments that separate
a series of ENE-striking centimeter–decimeter-scale pull-
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Figure 10: The graph shows the extent of the fronts of iron oxide precipitates (in red) vs. the length of the fault, as well as the lengthdisplacement relationship (in blue) of the studied network in Figure 9. The prominent fronts of iron oxide precipitates exhibit an overall
widening from E to W, tapering towards the E and terminating along what is segment II in Figure 9. This coincides with the eastward
decrease of displacement.

apart structures (see also Figure 3 in the supplementary
materials). Branch intensity and connecting node frequency
maps in Figures 11(b) and 11(c) show peaks where the main
strike-slip faults intersect; however, there is no obvious correlation between IOP distributions. Instead, zones of bleaching/reduction of iron in the limestone can be observed along
the pull-apart structures, followed by a zone of higher IOPs
(Figure 11(a)), indicating that these pull-apart structures
were the main ﬂow conduits along the fault system.
5.5. Hybrid Structural Networks. At Hokianga, New Zealand,
we documented a hybrid network where fractures are
interacting with highly permeable layers (Figure 12). This
hybrid network consists of a fracture network with a conjugate set of fractures trending NNE-SSW and NE-SW, intersecting at an angle of approximately 70° (Figures 12(a) and
12(b)). In this example, the orange-brown colour of the IOPs
are not only localized along fractures but also along selected
facies/strata in the host sandstone. Contour maps of the connecting node frequency and branch intensity of the fracture
network show local highs distributed across the network
(Figures 12(c) and 12(d)). When the highly permeable layers
are also included, making it a hybrid network, there is an
obvious increase in the connecting node frequencies and
branch intensities (Figures 12(e) and 12(f)). In this case, the
later fracture network appears to provide connections
between the highly permeable layers, thus creating a hybrid
network of ﬂow conduits.

6. Discussion
In the following subchapters, we will ﬁrst discuss how simple
geological heterogeneities aﬀect ﬂuid ﬂow, before moving on
to fracture network properties and their spatial variations.
6.1. How Do Simple Geological Heterogeneities Aﬀect Flow?
6.1.1. Controls of Depositional Architecture on Fluid Flow.
Fluid ﬂow, and therefore also the distribution of IOPs, are
sensitive to the inherent pore network variability in the host

rocks in which they occur. The depositional architecture of
a sediment or sedimentary rock is the end product of depositional processes and following diagenesis, which control the
distribution of grain type, size, sorting, cementation, alteration, and therefore also host rock properties and the conﬁguration of the pore space (i.e., porosity and permeability) in a
rock. Contrasts in ﬂow properties across bounding surfaces,
facies boundaries, bed sets, and individual laminae may be
signiﬁcant and may thus be considered a ﬁrst-order control
on variations in ﬂow behaviour (see e.g., [90, 91]). For example, Chandler et al. [92] reported permeability contrast spanning 5 orders of magnitude in a 41 m thick aeolian sandstone
succession, and 1-2 magnitude-order permeability contrast
between individual crossbeds within a single aeolian dune
unit. Fluid ﬂow and iron oxide deposition can hence be spatially controlled by depositional architecture, as illustrated in
Figure 3(a) (lower part of image) and Figure 3(b), where IOPs
are delineated by crossbeds in sandstone. Depositional architecture as such represents a fundamental control on ﬂuid
ﬂow in sedimentary rocks; appreciating the controls of depositional architecture on ﬂow, and the eﬀect of depositional
heterogeneities, is a prerequisite that should go hand-inhand with considering structural controls on ﬂow.
6.1.2. Structure Type: Conduit or Barrier? Having brieﬂy discussed the controls of depositional architectural variability,
we move on to structural controls on ﬂow and iron oxide
deposition. Structures such as faults, other types of fractures,
and deformation bands also represent an important control
on ﬂuid ﬂow, and whereas joints and unsealed faults may
form signiﬁcant conduits for ﬂuid ﬂow, cataclastic deformation bands, veins, and sealing faults (e.g., faults with shale
smear, cataclastic fault rocks, and cementation) may represent eﬀective seals or baﬄes for ﬂow (e.g., [2, 93, 94]).
Any open or permeable fracture (e.g., an uncemented
extension fracture or fault) may transmit ﬂuid ﬂow [95–97].
By localizing ﬂuid ﬂow, fractures may therefore cause iron
oxide precipitates to be deposited locally around them (e.g.,
[5, 39, 52, 98]). The examples in Figures 3 and 4 illustrate this
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Figure 11: (a) Digitized map of a fracture network at Marsalforn, Malta, with iron oxide precipitates shown as red dashed lines and a front of
bleaching shown with a green dashed line. (b) Branch intensity map indicating higher density in complex zones. (c) Connecting node
frequency map of the locality. There is no obvious correlation between iron oxide precipitates and higher branch intensity/connecting
node frequency in this example; the iron oxide precipitates are rather localized along the pull-apart segments.

nicely. The IOP envelope in Figure 3(a) is highly localized to
the joint, as it closely follows its extent and tapers out ahead
of the tip. We can hence assume that the joint has served as a

ﬂuid ﬂow conduit. The example in Figure 4 is similar, but
illustrates the fact that the spatial distribution of iron oxide
deposits can be controlled by multiple (two) fractures. Here,

Geoﬂuids

11

N

N

(a) Field photo

(b) Network of conduits

(c) Connecting node frequency

(d) Branch intensity

(e) Connecting node frequency, including conductive layers

(f) Branch intensity, including conductive layers

Connecting node
frequency (Nc/m2)
0
0.0169 – 0.0339
0.0338 – 0.0508
0.0507 – 0.0677
0.0677 – 0.0846
0.0846 – 0.1016
0.1016 – 0.1185
0.1185 – 0.1354
0.1354 – 0.1523
Fracture
Permeable layer
Front of iron oxide
deposits

Branch intensity
(m/m2)
0–7
7 – 15
15 – 22
22 – 29
29 – 36
36 – 44
44 – 51
51 – 58
58 – 66
Permeable layer
Iron oxide deposits

Figure 12: (a) Field photo of a simple cross-cutting fracture network from Hokianga, New Zealand, interacting with highly permeable layers
in the host rock. (b) A digitized fracture network (black lines) and highly permeable layers (blue lines), surrounded by iron oxide precipitates
(orange). Red arrows point to examples of where more permeable layers work as conduits between fractures. (c) Map of the connecting node
frequency of the studied part of the fracture network. (d) Map of the branch intensity of the studied part of the fracture network. (e) Map
showing the connecting node frequency, including connection points between fractures and highly permeable layers, forming a hybrid
network. (f) Branch intensity of the studied network, including the highly permeable layers in the host rock forming a hybrid network.
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the IOP envelope also follows the extent of the joints, but
widens where two joints are present, indicating enhanced
ﬂuid ﬂow.
As opposed to creating space for enhanced ﬂuid ﬂow,
structures may also act as barriers. This is often due to clay
smear or juxtaposition of impermeable layers, but also
through cementation of fractures or low-permeable deformation bands (e.g., [20, 94, 99, 100]). Deformation bands typically have a diﬀerent eﬀect on ﬂow and iron oxide
deposition compared to open fractures, and are capable of
baﬄing and/or redirecting ﬂow (e.g., [101–103]). This is
exempliﬁed in Figure 5, where the front of IOPs form a half
circle underneath the deformation band cluster. The deformation bands seem to have served as a barrier for ﬂuids,
which have ponded against the low-permeable cluster.
However, because of changes in grain size/shape and
pore space within deformation bands, capillary properties
also change. Despite having a low permeability, some deformation bands can therefore work as capillary conduits in
the vadose zone [104, 105]. Iron oxide-bearing ﬂuids may
thus saturate relatively low-permeability bands and precipitate localized iron oxide deposits exclusively to the band
itself. This is shown in Figures 6(a) and 6(b), where a deformation band highly aﬀected by the IOPs can be seen alongside a second deformation band which in contrast is
completely unaﬀected by the ﬂuids.
Finally, many structures have little or no eﬀect on ﬂuid
ﬂow; in such cases, IOPs may be distributed across and irrespective of any structures present. Figures 6(c) and 6(d)
exhibit an example of this, where bands of oxidized iron cut
right across a deformation band; the deformation band
appears to have had no eﬀect on ﬂuid ﬂow, or at least not
on the deposition/distribution of IOPs. Deformation bands,
fractures, and faults may have little or no eﬀect on ﬂow if
the contrast between the ﬂow properties of rocks and structures is low. Additionally, structures that do exhibit a high
permeability contrast to host rock may also have a limited
practical eﬀect on ﬂow. For example, if the structures are isolated or poorly connected with other low-permeable structures (the ﬂuids will ﬂow around the tips) and the host rock
is too highly permeable for any structure to aﬀect ﬂow to
any signiﬁcant degree. In such cases, the eﬀects of structure
will be highly dependent on how structures form part of fracture networks, the properties of which may strongly contribute to controlling ﬂow [13, 40]. This is discussed further in
the following section.
6.2. How Do Fracture Network Properties and Their Spatial
Variations Aﬀect Flow?
6.2.1. Anisotropic Fracture Populations. Although the above
examples mainly highlight fractures that either positively
localize and conduct ﬂow or clearly prohibit ﬂow, the eﬀect
of fractures on ﬂow can be highly variable. As stated earlier,
in a population of fractures some fractures may be conductive whereas others may not, or if a population is comprised
of two or more fracture sets one set may be conductive while
the other sets may not be conductive (e.g., [106]). The latter is
exempliﬁed in Figure 7(a), where one out of two orthogonal
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fracture sets in the sandstone is associated with IOPs. Note
also that the IOPs in the example (Figure 7(a)) are only localized to parts of the along-strike extent of each fracture in this
set. A similar situation can be observed in Figure 7(b), where
IOPs are localized along a restricted part of one out of two
interacting fracture sets in a limestone bed, showing that this
is not restrictive to certain lithologies. The irregular distribution of IOPs may be related to along-strike variability of
ﬂow properties of the fractures (cf; [107, 108]), which
can be signiﬁcant over short distances; only parts of the
fracture may be conductive at the time of ﬂuid migration,
whereas other parts may have too low permeability for
ﬂuid transmission.
6.2.2. Geometry and Connectivity in Fracture Networks. The
geometry of fractures and fracture networks is another
key control on ﬂow in sedimentary rocks (e.g., [36, 40,
109]). The length, orientation, segmentation, and intensity
of fractures determine their eﬀect on ﬂow. For example,
fracture length and intensity determine the total amount
of fractures (length and/or volume of fractures/fractured
rock), which translates to the amount of ﬂuid conduits
or ﬂuid barriers, present in the rock [36, 110]. The geometry of fractures aﬀects the dynamics of ﬂow and the localization of ﬂuid-rock interaction, such as seen in the
examples presented in Figures 4(a) and 4(b). The length,
orientation, and intensity of fractures also determine how
they interact in networks, and hence, the geometry controls the connectivity, which is another crucial control on
ﬂuid ﬂow in a fracture network as it governs its percolation potential [36, 88].
This is highlighted by the example shown in Figure 8,
where the widest front of IOPs is located around the intersection point of the two fault segments. The intersection is also
characterized by areas of higher branch intensity and connecting node frequency (Figures 8(b) and 8(c)), which conﬁrms this as an area of higher connectivity, hence having
the potential to be an area for increased ﬂuid ﬂow. A high
concentration of connecting nodes in the southern end of
segment I is on the other hand not associated with, or aﬀecting, the IOPs. We propose that this is caused by the lower
connectivity (as reﬂected by the lack of connecting nodes)
along the middle part of segment I, or anisotropy along the
segment such as potential cementation prohibiting ﬂow
along the southernmost part of segment I.
Similar examples have previously been presented in the
literature, where ﬂuid ﬂow is directly associated with fault
and fracture intersections. Nixon et al. [111] investigated a
normal fault relay at Kilve, UK, and illustrated that calcite
veins, which represent past conduits, with larger apertures
occur at intersections and in areas with high vein intensity
(frequency of veins with apertures >1 mm per unit length).
Dockrill and Shipton [10] present another example where
they looked at structural controls on leakage from a natural
CO2 storage site along the Little Grand Wash fault and Salt
Wash faults in Utah. CO2-charged groundwater precipitates
travertine mounds when reaching the surface, and ﬁeld
observations show how these mounds tend to localize at fault
intersections. Dockrill and Shipton [10] also use traces of
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iron-oxide reduction as evidence of paleoﬂuid ﬂow in relation to the faults and their associated damage zones. Other
precipitates that have served as proof of ﬂuid ﬂow and
revealed fault and fracture intersections as conduits are stalactites. Stalactites in carbonate caves indicate high amount
of ﬂuid ﬂow in dilational jogs and fracture intersections,
where the stalactites are larger than along the rest of the fractures [112].
6.2.3. The Eﬀects of Kinematics and Interaction on Flow. The
kinematics of structures are also important. The rates, distribution, timing, and magnitude of slip may control the extent
to which faults act as conduits for ﬂow. Greater slip is generally associated with greater deformation and, therefore, also a
greater tendency to transmit ﬂuids, such as seen in the example in Figure 9, where the general width distribution of IOP
bands around the fracture network appears to correlate with
displacement distribution on the main normal fault in the
network (Figure 10). The prominent, red-stained IOPs in
the footwall exhibit an overall widening from E to W, tapering towards the E. This general westward widening of the oxidation fronts is matched by a corresponding westward
increase in normal displacement. Timing and episodicity of
slip are also important; for example, fault reactivation and
rejuvenated slip are known to cause reopening of sealed faults
(e.g., [25, 32, 113]).
For most fracture and deformation band types, it is generally true that structures aﬀected by a net volume gain (e.g.,
joints and dilation bands) have a tendency to positively aﬀect
ﬂow, whereas structures aﬀected by a net volume loss (e.g.,
stylolites and compaction bands) may reduce ﬂow properties
(e.g., [19, 114, 115]). Structures aﬀected by shear movement
may form conduits or barriers to ﬂow depending on the presence of low-permeable fault rocks, any aperture/opening
present, or cements. This is highlighted in the example
shown in Figure 11, where the distribution and extent of
the IOPs show that they are preferentially localized along
the opening-dominated pull-apart segments of the fracture
network, whereas they are not present around the sheardominated strike-slip segments. This corresponds with previous ﬁndings, from both the ﬁeld and modelling, of ﬂuid
ﬂow localizing particularly at fault/fracture jogs or intersections (e.g., [15, 115, 116]).
Furthermore, the relative orientation of fracture sets
versus past and present stress ﬁelds may also determine
their ﬂow properties; fractures that are favourably oriented
relative to the axes of maximum principal stress may be
kept open (conductive), whereas those unfavourably oriented may be closed (nonconductive) [117]. This can
cause some fracture sets in a network to form open conduits, whereas other fracture sets in the same network
are nonconductive. This is one possible explanation for
the contrasting behaviours of the two fracture sets shown
in Figures 7(a) and 7(b). The behaviour may also reﬂect
properties that change through time and space, as some
fractures change between being open and closed due to
cementation and dissolution/refracturing, and depending
on the relative timing of ﬂuid ﬂow, cementation, and
deformation at the time ﬂuids are present in the system
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(e.g., [53, 93, 94]). However, a more complex fault or fracture network, as often found in relay zones of fault linkage
zones, would increase the possibility of open fractures as it
includes higher fracture intensity with a wider range of
fracture orientations making the chance of favourably oriented fractures present higher [40, 107].
6.2.4. Hybrid Networks of Conduits. The diﬀerent aspects
discussed in the previous sections are all independently
important controls on ﬂuid ﬂow. However, it is often the
interplay between all of the above eﬀects that is key to controlling ﬂuid ﬂow, i.e., the interaction between depositional
and structural heterogeneities. This has been treated in previous studies, and may for example aﬀect (i) productionrelated ﬂuid ﬂow in petroleum reservoirs (e.g., [37]), (ii)
dolomitization in rift basins [28], and (iii) diagenetic alteration of fault-bound clastic deposits in rift basins (e.g.,
[25]). However, the interaction between depositional and
structural controls on ﬂow can also be considered from a network perspective (sensu [44]), a relationship which is poorly
documented in literature, and hence the contribution herein
is a novel addition to the research database.
Through Figure 12, we present an example of a hybrid
network of structural and depositional conduits, where the
IOPs follow both the fractures in the network as well as
some layers of the sandstone. This combination of faciesselective and fracture-controlled IOPs portrays a complex
network of palaeoconduits. The example shows that a
combination of open fractures and high-permeable layers
can provide a very well-connected hybrid network of ﬂuid
conduits, as demonstrated through the increased branch
intensity (compare Figure 12(e) with Figure 12(f)) and
connecting node frequency (compare Figure 12(c) with
Figure 12(d)), where the fracture network contributes to
create a connection between the permeable layers and vice
versa. This highlights the interaction between fracturecontrolled conduits and facies-controlled conduits, and
illustrates how considering depositional or structural
elements in isolation may lead to an incomplete understanding of potential paleoﬂuid conduits (Figures 12(c)
and 12(e)).
6.3. Implications for Assessing Fluid Flow in the Subsurface.
This paper presents a new perspective on structural and
stratigraphic controls on ﬂuid ﬂow, incorporating network
analysis into an overview on geologic controls on ﬂow in
sedimentary rocks. An understanding of ﬂuid ﬂow through
geological structures and fracture networks is important
for a wide range of reasons. This includes hydrocarbon
seal risk assessment, hazard maps for radon gas, prediction
of earthquake localization, resource management in connection to groundwater and geothermal energy, and more.
For example, Gartrell et al. [93] examined fault intersections as hydrocarbon leakage zones through numerical
modelling, and they found that zones of high dilation were
generated close to fault intersections, leading to highly
permeable zones with a concentration of open fractures
ideal for ﬂuid migration. As such, understanding the locations of ﬂuid conduits, which we have listed and presented
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Figure 13: Schematic illustration of the examples of controls on ﬂuid ﬂow in sedimentary rocks presented herein, using iron oxide
precipitates (orange) as indicator of palaeoﬂuid ﬂow. The ﬂuid ﬂow controls are divided into six groups based upon the main control: (i)
host rock properties and depositional architecture, as shown in Figure 3; (ii) geological structures as conduits or barriers, as shown in
Figures 4, 5 and 6; (iii) anisotropy in fracture populations, as shown in Figure 7; (iv) geometry and connectivity, as shown in Figure 8; (v)
kinematics and interaction, as shown in Figures 9 and 11; (vi) hybrid depositional-structural conduit networks, as shown in Figure 12. All
of these controls may also interact with each other, as illustrated in the top left corner.

examples of herein, can be of economic importance in
terms of understanding the risk for hydrocarbon leakage
or locating economically signiﬁcant ore deposits [8, 13,
17, 96, 118].
Understanding the relationship between ﬂuid ﬂow, structures, and depositional architecture in sedimentary rocks also
strongly applies to environmental issues, like storage of CO2,
radioactive waste disposal contaminant transport, and ﬂow
patterns of groundwater [7, 10, 16]. Mechanisms associated
with deeper situated (below groundwater table), high-level
radioactive waste, e.g., groundwater radiolysis, can form
fronts of IOPs around the zones with high-level radioactive
waste [6, 16, 52]. This makes ﬂuid ﬂow, and hence IOPs,
important for the understanding of radioactive waste migration. Another ﬂuid stored in underground repositories is
CO2, which is also highly dependent on conduits or barriers.
Shipton et al. [119] examined evidence of CO2 migration
along normal faults and found that geysers and hydrocarbon
seep were localizing along faults. Their observations are
supported by Dockrill and Shipton [10], who investigated
the structural control on CO2 leakage from a natural storage site and did ﬁeld observations of bleaching and mineralization indicating that the paleoﬂuid ﬂow followed the
fracture network in the damage zone of the faults. Those
results show the importance of knowledge about the structure characteristics to prevent CO2 leakage into the
atmosphere.
The understanding and prediction of ﬂuid ﬂow in sedimentary rocks are also highly valuable in subsurface modelling [7, 11, 16, 82, 96, 120–122]. As such, a quantiﬁcation of
ﬂuid ﬂow in relation to fractures, fracture networks, and
depositional structures can help to improve our understand-

ing and prediction of ﬂuid ﬂow in the subsurface, and is of
high value.

7. Conclusions
In this paper we have discussed the key structural controls on
ﬂuid ﬂow in sedimentary rocks and the relationship between
ﬂuid ﬂow, structures, and depositional architecture. In particular, we focused on the role of fracture network properties
on ﬂow, and the role of hybrid networks, which is poorly documented. Our study oﬀers an overview of simple, direct
observational evidence for the diﬀerent controls on ﬂuid
ﬂow, using iron oxide precipitates (IOPs) as evidence of
paleoﬂuid ﬂow patterns. The examples herein are assembled
in a schematic illustration in Figure 13. Along with the literature review, these examples allow us to identify some key
factors that are instrumental in controlling ﬂuid ﬂow patterns in sedimentary rocks globally:
(1) Depositional architecture and host rock properties
represent a ﬁrst-order control on ﬂuid ﬂow in sedimentary rocks, and ﬂow property contrasts associated with diﬀerent bounding surfaces, facies, beds,
and individual laminae may be suﬃcient to control
and redirect ﬂow
(2) The conduit and/or barrier potential of geological
structures such as faults, fractures, and deformation
bands are key to their eﬀect on ﬂow; whereas joints
and unsealed faults may form signiﬁcant conduits
for ﬂuid ﬂow, cataclastic deformation bands, veins,
and sealing faults (e.g., faults with shale smear,
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cataclastic fault rocks, and cementation) may represent eﬀective seals or baﬄes for ﬂow
(3) Anisotropy in fracture populations, such as where
fracture properties vary spatially and/or temporally
along single structures or within a network, may
cause diﬀerential eﬀects on ﬂow
(4) In fracture networks, geometry and connectivity of
the fractures forming part of the network are key to
understanding ﬂow. The length, orientation, and
intensity of fractures determine how individual fractures interact in the network, which in turn controls
network connectivity and therefore percolation
threshold and ﬂow properties within the network
(5) Kinematics and interaction within a network are
other key factors controlling ﬂow. Whereas structures
dominated by opening-mode displacement generally
have a positive eﬀect on ﬂow, closing-mode displacement generally reduces ﬂow, and structures aﬀected
by shear movement may form conduits or barriers
depending on the presence of low-permeable fault
rocks, existing aperture, or cements
(6) Finally, we have shown that hybrid networks represent a strong control on ﬂow, as structural and stratal
conduits can interact to form a well-connected network of conduits
Besides these factors, structural controls on ﬂuid ﬂow are
highly dependent on timing, as the properties of both rocks
and geological structures may transiently and cyclically vary
over time.
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Example 1: (a) overview ﬁeld photo of example 1, Ras ir
Raheb, Malta, with close-up photograph showing a halo of
iron oxide precipitates; (b) photomosaic of the fracture
network; (c) digitized fracture network of the locality. Example 2: (a) overview ﬁeld photo of example 2, Ras ir Raheb,
Malta; (b) close-up photograph showing the iron oxide pre-
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cipitate bands in the foot wall along the fault; (c) photomosaic of the fracture network along the fault; (d) digitized
fracture network of the locality. Example 3: (a) overview ﬁeld
photo of example 3, Marsalforn, Malta; (b) photomosaic of
the fracture network with close-up photograph showing the
iron oxide precipitates around pull aparts; (c) digitized fracture network of the locality. (Supplementary Materials)
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Geothermal ﬁelds are prone to temperature ﬂuctuations from natural hydrothermal activity, anthropogenic drilling practices, and
magmatic intrusions. These ﬂuctuations may elicit a response from the rocks in terms of their mineralogical, physical (i.e., porosity
and permeability), and mechanical properties. Hyaloclastites are a highly variable volcaniclastic rock predominantly formed of glass
clasts that are produced during nonexplosive quench-induced fragmentation, in both subaqueous and subglacial eruptive
environments. They are common in high-latitude geothermal ﬁelds as both weak, highly permeable reservoir rocks and
compacted impermeable cap rocks. Basaltic glass is altered through interactions with external water into a clay-dominated
matrix, termed palagonite, which acts to cement the bulk rock. The abundant, hydrous phyllosilicate minerals within the
palagonite can dehydrate at elevated temperatures, potentially resulting in thermal liability of the bulk rock. Using surﬁcial
samples collected from Kraﬂa, northeast Iceland, and a range of petrographic, mineralogical, and mechanical analyses, we ﬁnd
that smectite dehydration occurs at temperatures commonly experienced within geothermal ﬁelds. Dehydration events at 130,
185, and 600°C result in progressive mass loss and contraction. This evolution results in a positive correlation between
treatment temperature, porosity gain, and permeability increase. Gas permeability measured at 1 MPa conﬁning pressure shows
a 3-fold increase following thermal treatment at 600°C. Furthermore, strength measurements show that brittle failure is
dependent on porosity and therefore the degree of thermal treatment. Following thermal treatment at 600°C, the indirect tensile
strength, uniaxial compressive strength, and triaxial compressive strength (at 5 MPa conﬁning pressure) decrease by up to 68%
(1.1 MPa), 63% (7.3 MPa), and 25% (7.9 MPa), respectively. These results are compared with hyaloclastite taken from several
depths within the Kraﬂa reservoir, through which the palagonite transitions from smectite- to chlorite-dominated. We discuss
how temperature-induced changes to the geomechanical properties of hyaloclastite may impact ﬂuid ﬂow in hydrothermal
reservoirs and consider the potential implications for hyaloclastite-hosted intrusions. Ultimately, we show that phyllosilicatebearing rocks are susceptible to temperature ﬂuctuations in geothermal ﬁelds.

1. Introduction
Reservoir rocks in geothermal ﬁelds are exposed to thermal
ﬂuctuations from natural [1] and anthropogenic temperature
sources [2]. These ﬂuctuations range from ~250°C of cooling
during thermal stimulation practices [3] to heating of up to

400°C during ﬂow testing [4] and up to ~1200°C during
basaltic magma intrusions [5]. Importantly, for the sustainability of hydrothermal systems, temperature variations
cause volumetric changes that may impart damage [6–12]
and have the potential to trigger mineral reactions, prompting precipitation or breakdown [13] in altered reservoir rocks
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[14]. These reactions can aﬀect key reservoir rock properties,
such as porosity, permeability, and strength [15], which may
inﬂuence the capacity for ﬂuid circulation [16, 17] and thus
dictate energy production potential [18]. Understanding
the lithology-speciﬁc development of these properties in
response to temperature is important for improved ﬂuid
ﬂow modelling in geothermal ﬁelds.
Hyaloclastite is a rock type prevalent in subaqueous and
high-latitude, glaciated regions such as Iceland, where it
forms a major reservoir constituent in several geothermal
ﬁelds [19–21]. It is often highly porous and permeable,
such that it is frequently targeted for geothermal production, shallow freshwater aquifers, or carbon reinjection
and mineralisation [22–24], but it is also weak and can collapse to form a mechanically sealed, impermeable caprock
[25]. Hyaloclastites are highly variable, altered volcaniclastic breccias that form explicitly by severe quench-induced
fragmentation of magma interacting with a large volume
of external water or ice [26]. However, the term is often
applied ambiguously in the literature to any lava fragmented by interaction with water [27]; consequently, it is
commonly identiﬁed in a wide range of water-rich environments, such as mid-ocean ridges [28], seamounts [29, 30],
submarine volcanic ﬂanks [31, 32], subglacial tuyas [33],
tindar ridges [34, 35], nearshore waters [36], and emergent
islands [37, 38]. Therefore, hyaloclastite is more appropriately considered a non-genetic term [39] that is more accurately deﬁned by the descriptive lithological criteria, used
herein, of quench-fragmented sideromelane (i.e., basaltic
glass) supported by a palagonite matrix [40]. This is in contrast to the largely cohesionless perlite, which is produced
following the hydration-induced alteration of the dacitic
and rhyolitic glasses [41].
The abundance of palagonite in hyaloclastites arises from
the inherent metastable nature of basaltic volcanic glass
exposed to ﬂuids [42], especially at moderate to high temperatures [43, 44]. Palagonite is considered the ﬁrst alteration
product of maﬁc glass; it forms initially as an amorphous
phase during the complex, concurrent processes of glass
hydration and devitriﬁcation [45, 46]. The crystallographic
character of palagonite is time-dependent, transitioning from
a clear amorphous phase displayed in concentric bands of
gel-palagonite to a highly variable assortment of crystal
habits (e.g., ﬁbrous, lath-like, or granular structure) termed
ﬁbro-palagonite. Fibro-palagonite is commonly dominated
by clays, namely smectite, and zeolites [47, 48].
Rocks composed of clay and zeolite minerals tend to be
highly sensitive to moderate thermal ﬂuctuations on the
order of a few hundred degrees Celsius [49]. In particular,
high temperatures may trigger devolatilisation reactions that
prompt the breakdown of these minerals. This occurrence
leads to a loss of material that results in the creation of porosity, thereby aﬀecting the strength and permeability of the
rock [49–51]. This is also true for incomplete reactions in
rocks experiencing short excursions to high temperature
[52]. In the case of palagonite undergoing a temperature
increase, dehydration can begin below 200°C and result in
greater mass loss than in many other clays [53]. This suggests
hyaloclastite may be particularly susceptible to thermally
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induced devolatilisation reactions that are likely to aﬀect geomechanical properties [49].
Here, we investigate the impact of thermal treatment on
hyaloclastite, constraining the mineralogical, mechanical,
and physical evolution at a range of temperatures up to
600°C.

2. Material and Methods
2.1. Overview. Samples were initially characterised using a
suite of thermal analysis equipment in order to select a series
of treatment temperatures at which the hyaloclastite would
be analysed in further detail. After fully characterising the
mineralogical, physical, and mechanical properties of the
as-collected material, cores were dwelled at the selected
treatment temperature and cooled to room temperature;
petrographic observations were made; and the impact on
mineralogy, mass, porosity, permeability, and strength was
determined.
2.2. Materials. Kraﬂa caldera, located in northeast Iceland
(Figure 1), hosts a well-developed geothermal ﬁeld operated
by Landsvirkjun, the national power company of Iceland.
The caldera inﬁll is dominated by hyaloclastite and basaltic
intrusions to a depth of 1300 m [21], which comprise the reservoir rock hosting hydrothermal ﬂuids harnessed for heating and energy production [54]. The surﬁcial sample block
was collected from the southeastern caldera edge (65°N
41.067; -16°W 43.089) in August 2015, where the outcrops
protrude from the surface and are isolated from the hydrothermal reservoir, thus undergoing trivial debilitation from
exposure to the high-temperature reservoir ﬂuids. However,
the youngest and shallowest hyaloclastites at Kraﬂa formed
during the last glacial period [55] and have possibly been
buried and then subsequently exhumed due to glacial erosion
[56]. To complement these 'fresh' samples, a limited suite of
subsurface samples was retrieved during the coring of boreholes KH-4 (70 m) and KH-6 (556 m and 732 m) by Landsvirkjun. The in situ sample temperatures were recorded
during and after drilling of the wells; the 70 m sample from
KH-4 was measured at 41°C during drilling, whilst after
leaving borehole KH-6 to thermally equilibrate for one
week, the 556 m and 732 m depths were measured at 145
and 125°C, respectively [57]. Note that the sample collected
from 556 m depth may have interacted with a basaltic dyke,
located approximately 1 m below. The surﬁcial sample was
chosen to ensure it was texturally representative of the local
geology and similar to the subsurface samples in terms of
clast size and abundance. Upon visual inspection, the
selected sample was relatively homogenous and lacked large
features such as fractures or clasts greater than 1 cm in
diameter. For all the mechanical and permeability measurements, heterogeneities were limited to less than 10% of the
sample size of 26 mm by 52 mm for cores and 26 mm by
13 mm for discs. Following sample preparation and prior
to all testing, samples were oven-dried at 70°C for 4 hours
and subsequently stored in a desiccator at room temperature. All samples were prepared, characterised, and tested
at the University of Liverpool.

Geoﬂuids

3
16°55'0''W

16°50'0''W

16°45'0''W

16°35'0''W

16°40'0''W

N

Gæsafjöll

65°45'0''N

65°45'0''N
Hágöng

Viti Crater

KH-6

Power
plant

Hrafntinnuhryggur
Jörundur

KH-4
Surﬁcial sample
Hliðarfjall

65°40'0''N

65°40'0''N
0
16°55'0''W

16°50'0''W

5

Kilometers
20

10
16°45'0''W

16°40'0''W

16°35'0''W

Figure 1: A map of the Kraﬂa geothermal ﬁeld showing the location of the surﬁcial sampling site, subsurface sampling sites (boreholes KH-4 and
KH-6), the Kraﬂa power plant and local geomorphological features. Faults associated with the Kraﬂa caldera complex are marked in black.

2.3. Simultaneous Thermal Analysis (STA). Mass loss and
heat capacity were measured against temperature concurrently in a Netzsch STA 449 F1 Jupiter using a simultaneous
thermal analyser (STA), which combines thermogravimetric
analysis and diﬀerential scanning calorimetry (TGA-DSC).
Samples were cored to 6 mm by 1 mm discs and loaded into
a platinum crucible. Prior to each test run, the sample chamber was purged with argon gas and exhausted to vacuum conditions. Each test was initially conducted with an empty
crucible to provide a correction baseline, a second time
containing a sapphire standard with the same sample dimensions, to correlate the DSC data, and a ﬁnal time containing
the hyaloclastite sample. All temperature proﬁles were initially heated to 50°C at 2°C/min for a 10-minute isothermal
period. For surﬁcial samples, constant-rate temperature
proﬁles, heated to 700°C at 5, 10, and 20°C/min, as well
as stepped isothermal proﬁles, consecutively heated to each
treatment temperature at 5°C/min and dwelled for 12
hours, were conducted. For subsurface samples, constantrate temperature proﬁles were heated to 700°C at a rate
of 10°C/min only. Data was collected from 50°C at a 0.1minute resolution, with mass accurate to 0.025 μg and heat
capacity to ±2%.

2.4. Thermomechanical Analysis (TMA). Absolute thermal
expansion coeﬃcients were recorded using a Netzsch TMA
402 F1 Hyperion. Samples were cored in to cylinders measuring 6 mm in diameter by 5 mm in height. A core sample was
loaded between the piston of the TMA, and the furnace was
sealed shut around the sample assembly. Prior to each test,
the sample chamber was purged with argon gas and
exhausted to vacuum conditions. For each test, the temperature and load proﬁles were completed twice; initially, a
ceramic cylinder, matching the sample proportions to within
5%, was used to supply a correction baseline that was
removed from the second test run containing the hyaloclastite sample; this allowed an accurate determination of the
sample length changes. All temperature proﬁles were initially
heated to 40°C at 2°C/min for a 10-minute isothermal period.
Constant-rate temperature proﬁles, heated to 700°C at 5, 10,
and 20°C/min, were completed using a 1 N load. Subsurface
samples were heated to 700°C at a constant rate of 5°C/min.
Data was collected at a 0.01-minute resolution, with height
change accurate to 1.25 nm and load to 0.01 mN.
2.5. Thermal Treatment. Thermal treatment temperatures of
130°C, 185°C, 400°C, and 600°C were selected following the
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TGA-DSC and TMA measurements. Sample cores, 26 mm in
diameter by 52 mm in height, and Brazilian discs, 26 mm in
diameter by 13 mm in height, were thermally treated in a Carbolite CWF 1300 box furnace, to be compared against the ascollected samples. Samples were heated at 5°C/min and, once
at target temperature, were left to dwell for 12 hours before
being cooled to room temperature at a rate of 5°C/min.
2.6. Mineralogical Analysis. The mineralogical and textural
changes at each treatment temperature were investigated
using a combination of X-ray diﬀraction (XRD) analysis, optical
microscopy, and quantitative evaluation of minerals by scanning electron microscopy (QEMSCAN). Adjacent samples were
cored and subjected to the temperature proﬁle for each of the
treatment temperatures discussed above in order to prepare
samples for mineralogical analysis; parts of these rocks were
cut for thin section preparation, and the rest was crushed to
powder (see below). Adjacent samples were selected to minimise potential mineralogical diﬀerences from within the hyaloclastite, which are petrogenetically heterogeneous.
XRD analysis was completed on the dried, glycolated,
and clay-separated samples using a Panalytical X’Pert Pro
MPD diﬀractometer ﬁtted with an X’Celerator detector. Texturally representative rocks were crushed, in distilled water,
to a powder <10 μm using an agate McCrone micronising
mill, and subsequently dried at 60°C before being further
crushed into a loose powder using an agate pestle and mortar.
Clay-separated samples were partially crushed in a ceramic
pestle and mortar and then prepared with ultrasonication
in distilled water, with the equivalent spherical particle size
selected for by standard centrifugation methods. Clayseparated samples were then dried at 60°C and recrushed into
a light random powder. For glycolated samples, saturation of
a random powder was achieved by using ethylene glycol by
vapour pressure at 60°C, for 24 hours. Samples were backloaded into cavity holders as random powders. A copper
X-ray tube was used, with a Ni ﬁlter to select for Cu K-α radiation. Scans covered the 2 theta range of 4-70°. Data was analysed using the Relative Intensity Ratio (RIR) method within
the HighScore Plus® software, alongside reference patterns
from the International Centre for Diﬀraction Data, Powder
Diﬀraction File 2 Release 2008.
Mineral distribution was imaged at 20 μm resolution for
each thin section and at 4 μm resolution for selected sites,
using Scanning Electron Microscope Energy-Dispersive Xray Spectroscopy (SEM-EDS) on uncovered, carbon-coated
thin sections imbedded with luminescent dye. Using a
QEMSCAN developed by FEI, elemental chemistry was
mapped and quantiﬁed using two Bruker EDS detectors
and matched to known compositions of minerals and glasses.
Crystallographic features are not recorded, preventing the
diﬀerentiation of polymorphs and mineral dissociation (in
the case where chemical transport is limited). Mineral and
glass abundance was quantiﬁed at 20 μm resolution by comparing the relative proportions of pixels in each image, normalised against the pore space.
2.7. Porosity Determination. Prior to and following thermal
treatment, the skeletal volume of each sample (i.e., the vol-
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ume of solid rock, including isolated pore space) was measured using a Micromeritics AccuPyc II 1340 Helium
Pycnometer, accurate to ±0.1% of the measured volume.
The connected porosity (ϕ), into which ﬂuids are able to ﬂow,
was then determined by the ratio of the connected pore volume (equivalent to the diﬀerence between the core volume
(V c ) and the measured skeletal volume (V m )) to the core volume (V c ), such that:
ϕ=

Vc − Vm
:
Vc

ð1Þ

2.8. Permeability Measurements. Gas permeability was measured for each sample core, prior to and following thermal
treatment, using a Vinci Technologies gas permeameter with
nitrogen gas. The 26 mm by 52 mm sample cores were
inserted into a compressible Viton jacket and loaded to
1 MPa conﬁning pressure using a manual valve. Gas ﬂow
was automatically set to a constant rate through the sample,
which increased by a factor of 2 until a diﬀerential pressure
of >0.5 psi was achieved between the inlet and the outlet.
The ﬂow rate values ranged from 33 to 190 cm3/min. The
sample permeability (k) was calculated using Darcy’s law:
Q=

−kAΔP
,
µL

ð2Þ

where Q is the ﬂow rate; A is the cross-sectional surface area
of the sample; ΔP is the pressure diﬀerential, accurate to 1%
full scale, measured across the sample; μ is the viscosity of
the liquid (in this case nitrogen); and L is the sample length.
For selected cores, steady-state water permeability was
also measured in a hydrostatic loading cell from Sanchez
Technologies. Within the load cell, the 26 mm by 52 mm
sample cores were inserted into an impermeable Viton jacket
and loaded to the desired eﬀective pressure (conﬁning pressure − pore pressure). Conﬁning pressure was applied using
low-viscosity silicone oil, and pore pressure was applied
using demineralised water. Permeability was measured by
maintaining 2 MPa of pore pressure at one side of the sample
and 1 MPa of pore pressure at the other, such that a constant
1 MPa pressure diﬀerential was upheld with an average pore
pressure of 1.5 MPa, and the ﬂow rate was measured, accurate to 0.01 ml/min. For each sample, the permeability was
measured at 5 MPa conﬁning pressure increments consecutively, up to 30 MPa, to simulate depths up to and in excess
of the deepest hyaloclastite units at Kraﬂa. To ensure that
permeability was measured under steady-state conditions
and that no gas slippage was occurring, the need for the
Klinkenberg [58] and Forchheimer [59] corrections was
assessed for each sample and found to not be required for
any of the samples in both the gas and water permeameters.
Porosity change associated with fracture closure during
loading was also recorded in the hydrostatic cell, prior to
each permeability measurement [8], using the monitored
volume of water that was expelled from the sample. However,
absolute porosity variations are not reported as volume
change is not monitored during the ﬁrst loading step; instead,
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the porosity reduction (in %) is calculated from the initial
porosity measured by helium pycnometry. Note that due to
potential damage inﬂicted during loading, samples measured
in the hydrostatic load cell were not used for subsequent
strength testing.
2.9. Strength Measurements. The uniaxial and triaxial compressive strength tests and indirect tensile strength tests were
performed on the as-collected and thermally treated (TT)
samples at dry, ambient room temperature conditions.
The uniaxial compressive strength (UCS) of the rocks
was determined using an 8800 Instron uniaxial press. Cylindrical rock cores, for which porosity and gas permeability
had been measured, were loaded at a constant strain rate of
10-5 s-1 until failure. Load was recorded with a resolution of
0.1 s at 10 Hz.
The compressive triaxial strength (TXL) of cores subjected to various conﬁning pressures was measured using
a Sanchez Technologies TRIAX100 press. Here again,
cylindrical rock cores for which porosity and permeability
had been determined were placed between the pistons and
jacketed using an impermeable Viton sleeve. The sample
assembly was subjected to conﬁning pressure (Pc ) by
introducing argon gas in the pressure vessel; 5 MPa
conﬁning pressure was applied to each sample whilst a
constant 1 MPa diﬀerential stress was maintained by controlling the axial load. Note that no pore pressure was
applied, so that the conﬁning pressure is equivalent to
the eﬀective pressure. Upon reaching the conﬁning pressure, the sample was axially deformed at a strain rate of
10-5 s-1 until rupture, denoted by a stress drop in the
mechanical data, or until a stress plateau was reached.
The conﬁning pressure, pore pressure, axial stress, and
sample deformation were recorded at 1 Hz.
Young’s modulus, calculated by dividing stress over
strain, was derived using the gradient of the manually
deﬁned, elastic linear loading section of each uniaxial and triaxial strength curve.
The indirect tensile strength (UTS) of the samples was
measured by employing the Brazilian disc method using a
5969 Instron uniaxial press. Here, cylindrical discs, 26 mm
diameter by 13 mm thickness, were radially loaded at a constant deformation rate of 26 μm/s until a stress drop was
recorded, associated with failure. Sample deformation, accurate to ±0.1 μm, and load were recorded with a resolution of
0.05 s, and the tensile strength, σt , was calculated following
the ASTM 2008 standard:

σt =

2P
,
πLD

ð3Þ

where P is the maximum applied load (in N) and L and D
are the thickness and diameter of the specimen (in m),
respectively.
Note that the mechanical data was corrected for compliance of the loading frame of each press in accordance with
the ASTM D7070-16 standard procedure.

3. Results
3.1. Simultaneous Thermal Analysis. Thermogravimetric
analysis (TGA) reveals progressive, nonlinear mass loss upon
heating above 50°C (Figure 2(a)). For the surﬁcial samples
(referred to as 0 m), mass loss is initially negatively correlated
with the heating rate, whereby mass is lost more rapidly at
low heating rates; however, beyond 250°C, there is no correlation and the mass loss at 700°C ranges from 7 to 10%,
reﬂecting sample heterogeneity. In contrast, the subsurface
samples (referred to by their sampling depths of 70 m,
556 m, and 732 m) have distinct multistep mass loss shoulders around 100-200°C and 475-600°C; yet, the magnitude
of mass loss in each of these temperature ranges varies with
depth. Ultimately, the fraction of mass lost is higher in surﬁcial samples than in subsurface samples.
Diﬀerential scanning calorimetry measurements associated with the above thermogravimetric analysis reveal further
details associated with the mass loss events (Figure 2(b)). The
surface samples show double-shouldered endothermic peaks
at 130°C and 185°C (Figure 2(b)), consistent with the 100200°C mass loss event recorded by the TGA (Figure 2(a)).
With the increased heating rate, the endothermic peaks are
pushed to slightly higher temperatures (up to ~150°C and
220°C at 20°C/min). At a higher temperature, a faint shoulder develops around 300°C and a broad, low-magnitude
peak is evident around 650°C; yet, neither corresponds to
distinct mass loss events in Figure 2(a). In contrast, the subsurface samples exhibit a less substantial double-shouldered
peak at 130°C and 185°C than the surﬁcial samples and faint,
broad peaks around 300°C; however, they display strong
endothermic peaks at high temperatures: for the 70 m
sample, a wide peak develops between 550°C and 660°C;
for the sample from 556 m, the data show a peak at 525°C;
and for the sample from 732 m, the data show a peak
at 560°C.
Based on the simultaneous thermal analysis (Figures 2(a)
and 2(b)), four temperatures were selected as thermal
treatment targets: 130, 185, 400, and 600°C. Results from
the 12-hour isothermal TGA measurements at these temperatures show that mass reaches a new stable value over long
time periods, resulting in mass loss of 5%, 5.8%, 7.1%, and
7.5%, respectively (Figure 2(c)).
3.2. Thermomechanical Analysis (TMA). Thermomechanical
analysis was employed to constrain the length changes associated with the mass loss events observed in Figure 2(a). Surface samples initially exhibit limited thermal expansion,
followed by minor contraction between 110°C and 290°C
(Figure 2(d)). A return to limited thermal expansion ends
at 500°C, after which signiﬁcant contraction occurs. The temperature of the maximum extent of contraction between
110°C and 290°C and the rate of collapse beyond 500°C are
positively correlated with the heating rate. Subsurface samples from 70 m depth show moderate expansion up to
475°C, at which point expansion ceases, before rapidly accelerating beyond 640°C. Note that a visual inspection of the
two 70 m samples, following the TMA analysis, indicated
the occurrence of vesiculation of the glass phase; we do not
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Figure 2: Thermal analysis using TGA-DSC and TMA. (a) Fixed-rate TGA showing thermally induced mass loss for the surﬁcial and
subsurface hyaloclastites. (b) Fixed-rate DSC showing low-temperature heat capacity peaks against temperature for surﬁcial samples and
high-temperature peaks for subsurface samples. (c) TGA showing mass loss during the sequential 12-hour isothermal dwells, for surﬁcial
hyaloclastite. (d) Fixed-rate TMA for the surﬁcial and subsurface samples, showing volumetric collapse for surﬁcial material and a range
of depth-dependent responses for subsurface material.

study this further as no surﬁcial samples underwent such a
process. The 556 m sample is entirely dominated by thermal
expansion up to 700°C, whilst the 732 m sample expands rapidly up to 185°C and collapses beyond ~575°C.
3.3. Mineralogical Analysis. A range of mineralogical and petrographic techniques were applied to further investigate the
crystallographic and textural impact of suspected reactions.
XRD analysis (Table 1) shows that the surﬁcial hyaloclastite
is primarily composed of the common maﬁc igneous min-

erals, anorthite, augite, and quartz, along with secondary
minerals chabazite (i.e., zeolite group) and smectite (i.e., clay
group). The analysis indicates that, other than small ﬂuctuations in the anorthite and augite proportions, the mineralogical assemblage remains essentially stable up to 130°C. The
fraction of smectite identiﬁed in the samples decreases by
~6% following treatment to 185°C and is mostly absent
beyond 400°C (Table 1). Analysis of the X-ray diﬀractograms
show that the d(060) peak for unaltered surﬁcial material is at
1.535 Å, whist the d(001) peak expands from 15 Å to 16.2 Å
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Table 1: Primary mineralogy identiﬁed by X-ray diﬀraction analysis
of hyaloclastite that has experienced diﬀerent thermal treatment
temperatures. Note that the reduction in the smectite proportion
causes the relative proportions of the other components to
increase and that the presence of sideromelane is not quantiﬁed
nor included in this analysis.
Temperature experienced: 20°C 130°C 185°C 400°C 600°C
Anorthite (%)
Augite (%)
Chabazite (%)
Quartz (%)
Smectite (%)
Total (%)

52
17
8
3
19
99

59
13
8
2
18
100

60
18
7
2
13
100

63
25
5
6
Trace
99

73
17
7
3
Trace
100

upon glycolation and collapses to 10 Å after dwelling at
400°C for 12 hours, typical of saponite (Supplementary
Figure 1). XRD analysis of the subsurface hyaloclastite from
Lévy et al. [60] highlights that the smectite transitions from
saponite in the surﬁcial and shallow hyaloclastites to
interlayered saponite-chlorite in the deeper (556 m and
732 m) hyaloclastites.
Petrographic analysis provides a textural counterpart to
the quantitative mineralogical XRD. Thin section analysis,
using both optical microscopy and scanning electron microscopy, reveals the highly variable nature of hyaloclastite
(Figure 3). In particular, we note signiﬁcant textural heterogeneity in terms of glass distribution and geometry, crystal
fraction and size, and pore space distribution (Figure 3).
The pore space is shown to be predominantly hosted in the
matrix in both the as-collected and TT samples (Figures 3(b)
and 3(r)), with additional, isolated porosity hosted within the
highly variable vesicular glass clasts (Figure 3(j)). Textural
examination of the thin sections for the as-collected material
shows a low quantity of intra-mineral microfractures within
the phenocrysts and glass (Figure 3(b)). A qualitative inspection of the TT sample thin sections found a comparable number of intra-mineral microfractures. Given the material
heterogeneity, we do not quantify this further, ﬁnding that
material characterisation which examines porosity and permeability before and after TT on the same sample to be a
more robust measure of sample evolution with TT. Thin section analysis also oﬀers no evidence of reaction rims around
crystals or of sintering textures, such as particle necking during agglutination occurring during TT (Figure 3). Changes in
the abundance of constituent phases as a result of TT are
revealed by QEMSCAN (Table 2, Figure 3). Changes in crystallinity are not recorded in the QEMSCAN maps, and so the
dissociation of smectite is not quantiﬁed; however, the textural evolution highlights that the porosity increase is dominated by changes in the matrix, which we associate with a
reduction in smectite revealed by XRD (from ~19% to trace
content at TT > 400° C, Table 1). Loss of smectite with temperature results in an irregular desiccated texture, distinct
from a fractured surface due to its smoother edges and
globular distribution (Figures 3(b) and 3(r)), causing the
matrix to transition from a continuous, pervasive network
(Figures 3(c) and 3(g)) to discrete patches with increasing

TT temperature, particularly in the 400°C and 600°C samples
(Figures 3(o) and 3(s)).
3.4. Thermally Induced Changes in Porosity and Permeability.
The evolution of mass during thermal treatment is reported
for the 26 mm by 52 mm samples in order to explore the
impact of material heterogeneity, discussed in Section 3.3,
on mass loss (indicated by thermal analysis in Section 3.1).
Sample mass change in the surface cores is positively correlated with the TT (Figure 4(a)). The samples cored from
the as-collected material show a large degree of heterogeneity
in the material properties despite being sourced from a single
block ~40 cm in length. This hyaloclastite heterogeneity corresponds to substantial scatter in the porosity-gas permeability relationship (Figure 4(b)). However, the eﬀect of this
scatter can be accounted for and removed from the TT data
by normalising the pore volume fraction change against the
initial skeletal volume fraction of the corresponding core
prior to TT, ϕI :
ϕ=

ϕI − ϕP
,
1 − ϕI

ð4Þ

where ϕP is the post-thermal treatment porosity; similarly,
the resultant permeability changes are normalised by dividing the post-thermal treatment sample permeability with
the original sample permeability (Figure 4(c)). The normalised plot shows that the permeability and porosity changes
of all samples increase with TT (Figure 4(c)).
The water permeability of the hyaloclastite measured in
the hydrostatic cell shows a negative correlation with eﬀective pressure (Figure 5(a); Supplementary Table 1) as the
permeable pathways are constricted by pore space closure
(Figure 5(b)). Again, the samples exhibit a large degree of
scatter in permeability for all TTs, which is independent of
the mass change induced by TT. The as-collected samples
as well as those TT to 130°C, and to an extent 185°C, show
a moderate-to-large drop in permeability above 17.5 MPa
that is not observed in the 400 and 600°C TT samples.
These eﬀective pressure thresholds are also observed in
the porosity evolution plot (Figure 5(b)), which shows a
transition from low to high densiﬁcation with eﬀective
pressure across these values. The samples that have been
TT to higher temperatures exhibit contrasting evolution
of permeability and porosity with eﬀective pressure.
In these cases, the permeability of samples does not
change signiﬁcantly with eﬀective pressure (Figure 5(a)),
whilst the porosity shuts linearly with eﬀective pressure
(Figure 5(b)); the exception to this behaviour is for one sample (thermally treated to 400°C) which shows an increase in
permeability between 7.5 and 17.5 MPa (Figure 5(a)); interestingly, this sample was accompanied by almost no porosity
decrease between 17.5 and 23.5 MPa (Figure 5(b)).
3.5. Thermally Induced Impacts on Strength. Uniaxial testing
was used to constrain the behaviour of samples under compressive loading (Figure 6(a)). The data show typical stressstrain relationships, such as documented in Heap et al. [61],
transitioning from an initial concave-upward segment to
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Smectite (Fe Mg)
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Figure 3: Petrographic analysis for the as-collected and TT samples. The as-collected images are presented in (a–d), 130°C TT images in
(e–h), 185°C TT images in (i–l), 400°C TT images in (m–p), and 600°C TT images in (q–t); each image shows 1.5 mm2. Plane polarised
light images are displayed in column 1 (Supplementary Figure 2 shows an annotated example of the petrographic images); ultraviolet
images in reﬂected light of samples impregnated by ﬂuorescent epoxy highlight porosity in column 2; QEMSCAN mineralogy maps at
4 μm resolution in column 3 highlight mineral distribution; and quantiﬁed mineralogy pie charts from 20 μm resolution QEMSCAN
maps in column 4 (images are shown in Supplementary Figures 3-6).
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Table 2: Mineralogy for the as-collected material and for each
treatment temperature quantiﬁed from the QEMSCAN image
analysis at 20 μm resolution (see Supplementary Figures 2-7).
Note that changes to mineral structure, such as dissolution, are
not captured by QEMSCAN. Values are normalised by the
background (pore space) of each image.
Temperature experienced: 20°C 130°C 185°C 400°C 600°C
Glass (%)
Smectite (Fe Mg) (%)
Zeolite (%)
Anorthite (%)
Augite (%)
Quartz (%)
Actinolite (%)
Others (%)
Unclassiﬁed (%)
Total (%)

53.8
26.8
8.8
6.0
2.6
0.3
0.3
1.2
0.2
100

51.4
26.3
9.2
8.8
2.6
0.3
0.3
1.0
0.1
100

53.0
23.6
8.2
11.8
2.1
0.3
0.2
0.7
0.2
100

57.9
22.0
8.0
8.7
2.5
0.3
0.2
0.2
0.2
100

57.6
23.4
8.3
6.9
2.3
0.4
0.1
0.6
0.4
100

being quasilinear, followed by a concave-downward segment.
In terms of absolute strain, the beginning and end of the quasilinear segments are not correlated with treatment temperature; however, the average strain of the linear portion
decreases from 0.0034-0.0037 in the as-collected 130 and
185°C samples to 0.0021-0.0023 in the 400 and 600°C samples. As the 400 and 600°C samples experience more strain
prior to failure than the as-collected and lower temperature
samples, the shortening of the linear portion also corresponds to a signiﬁcantly smaller proportion of the total
stress-strain curve. The average gradient of the linear segment, which is associated with rock elasticity and is used to
calculate Young’s modulus (Figure 7(d)), also decreases with
temperature beyond 400°C, from between ~1.3 GPa and 1.56
GPa for the as-collected 130 and 185°C samples, to between
~0.7 GPa and 1.07 GPa for the 400 and 600°C samples. The
data show that the as-collected, surﬁcial hyaloclastites exhibit
a range of compressive strength from 8 to 10 MPa
(Figure 6(a)). Upon thermal treatment to 130 and 185°C,
we observe no systematic changes in the sample strength,
although the data show wider scatter (Figure 6(a)), whilst
samples thermally treated to 400 and 600°C weaken to
between 4.2 and 6.8 MPa (Figure 6(a)).
Triaxial testing was used to constrain the behaviour of the
hyaloclastite at a conﬁning pressure of 5 MPa (Figure 6(b)),
which is representative of ~300 m depth in the geothermal
reservoir, assuming nominal rock and water densities of
2500 kg m-3 and 800 kg m-3, respectively [62]. Under such a
conﬁnement, the compressive strength of the as-collected
hyaloclastite is ~30 MPa, exhibiting a small stress drop upon
rupture. Following thermal treatment at 130 and 185°C, hyaloclastite exhibits a moderate strength decrease of up to 3.3
and 7.2 MPa, respectively; yet, the stress-strain curves show
systematic reductions in the stress drop upon rupture. Hyaloclastites subjected to higher temperatures of 400 or 600°C
reveal contrasting behaviour in which samples tend to yield
at lower diﬀerential stress, beginning to ﬂow upon strain
(Figure 6(b)); the one exception to this is the strongest sample, treated at 400°C, which was texturally comparable to the

other TT samples and yet shows mechanical behaviour
similar to samples subjected to lower temperatures. Thus,
thermal debilitation slightly weakens hyaloclastite and
promotes a shift towards a ductile regime (Figure 6(b);
Supplementary Table 2).
Brazilian tests were used to quantify the UTS of hyaloclastite (Figure 6(c); Supplementary Table 3). The as-collected
hyaloclastite shows a near-linear stress loading curve and a
UTS of 1.5 MPa. Upon thermal treatment to 130, 185, and
400°C, we note a systematic weakening trend down to
0.6 MPa. Hyaloclastites subjected to the higher 600°C
temperature do not weaken further but rather undergo more
compaction prior to failure.
The peak strengths from the UCS, TXL, and UTS curves
show a decreasing trend with porosity and TT (Figure 7(a)).
Analysis of the UCS (Figure 7(b)), UTS (Figure 7(c)), and
Young’s modulus data (Figure 7(d)) shows they follow trends
published for igneous rocks. Young’s moduli obtained from
the uniaxial (Figure 6(a)) and triaxial (Figure 6(b)) strength
tests reveal a negative correlation with the connected porosity
of samples, imparted by thermal treatment. Young’s moduli
obtained during uniaxial tests are generally lower than the
equivalent triaxial results for a given porosity (Figure 7(d)).
The data presented here highlights the substantial impact
of thermal treatment on the mineralogical, physical, and
mechanical properties of altered reservoir rocks as present
in active geothermal systems. Notably, increasing temperature results in lower smectite contents, higher porosity and
permeability, and lower compressive and tensile strengths.

4. Interpretation and Discussion
4.1. Application of Laboratory Results to the Field. The investigation on the thermal stability of hyaloclastite present up to
1300 m depth in the shallow geothermal reservoir within
the Kraﬂa caldera provides important constraints on the
properties of a common reservoir rock. However, due to
the physically and mineralogically heterogeneous nature of
hyaloclastite, studies at a laboratory scale [8, 48] are challenging to apply to ﬁeld scales. The variations noted in
the mineralogical assemblage of the surﬁcial hyaloclastite
studied here (Tables 1 and 2) are likely due to the physically and mineralogically variable source volcaniclastic
components, despite being prepared from a single 40 cm
block. Inﬂuence of this heterogeneity continuously transpires
in the physical and mechanical characterisation of both the
as-collected and TT samples, particularly highlighted by the
contrasting permeability behaviour in Figure 5(a). Heterogeneity at the ﬁeld scale may be markedly greater due to sorting
and componentry [35] and the degree of alteration, particularly between hyaloclastites exposed to diﬀerent ﬂuid
chemistry [19]. Therefore, the data and trends of thermal
treatment are most applicable to smectite-bearing hyaloclastite exposed to meteoric-sourced ﬂuids, such as at
Kraﬂa. Here, we interpret the inﬂuence of thermal treatment on the physical and mechanical properties of surﬁcial hyaloclastite and compare the resultant properties
with those obtained from cores sampled from depth.
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Figure 4: Inﬂuence of TT on mass, porosity, and permeability. (a) Percentage mass change induced by thermal treatment for each 26 mm by
52 mm core, showing increasing mass reduction up to temperatures of 600°C. (b) Increasing porosity-gas permeability of the as-collected and
post-treatment samples as the treatment temperature is increased. (c) Normalised porosity and gas permeability change from the as-collected
materials, showing a linear permeability change with increased normalised porosity change.

4.2. Impact of Temperature on the Mineralogical Assemblage
of Hyaloclastite. Thermally treating hyaloclastite results in
mass loss (Figure 2(a)), which can be used as a proxy for
water loss in hydrous clays [53, 64, 65]. However, it is important to note that phyllosilicates, such as smectite, comprise a
group of highly variable minerals that have distinct dehydration and dehydroxylation temperatures [66]. The reduction
in the d(001) spacing in the XRD data (Supplementary
Figure 1) is linked to the dissociation of the palagonite
matrix resulting from smectite dehydration (Table 1). In
detail, gylcolation ﬁrstly causes the d(001) peak to increase
to 16.2 Å, as ethylene glycol replaces water in the interlayer

space [67]; subsequent heating to 400°C for 12 hours drives
ethylene glycol and water out of the interlayer space,
decreasing the d(001) peak to 10 Å [68]. Therefore, the
reduction in smectite quantity with temperature is more
accurately a case of progressive alteration (dehydration),
which ultimately damages the crystal structure and reduces
the eﬀectiveness of the diﬀraction process. This produces
smaller peaks in the diﬀractogram, which are interpreted as
a lower mineral quantity; a similar reduction in smectite is
not observed in the QEMSCAN data (Table 2) as only
chemistry is monitored, not crystal structure. The lowtemperature (<200°C) devolatilisation reactions identiﬁed
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Figure 5: The eﬀect of loading on permeability and porosity. (a) Water permeability evolution against eﬀective pressure. Samples exhibit a
large range of responses and degree of scatter for a given TT. (b) Pore space collapse associated with increased eﬀective pressure. Change in
porosity is measured from ~3.5 eﬀective pressure.

in the TGA-DSC data (Figures 2(a) and 2(b)) correlate well
with the clay-separated XRD results (Supplementary
Figure 1). The endothermic DSC peaks at 130°C and 185°C
(Figure 2(b)) are encompassed within the 100–200°C
dehydration window expected for saponite [69] and are
likely due to the loss of sorbed water and interlayer water
[68]. Saponite commonly precipitates from hydrothermal
ﬂuids found at depth [70, 71] and has been previously
identiﬁed in cores from the Kraﬂa geothermal reservoir
[19]. The subsurface samples have less prominent saponite
dehydration peaks due to a combination of lower saponitechlorite ratios and the higher in situ temperatures potentially
causing partial dehydration prior to measurement [60]. The
ability of smectite to rehydrate is dependent upon
temperature, cation size, and saturation state [72]. Under
many conditions, saponite is able to fully or partially
rehydrate [73], suggesting the impacts discussed here may
be partially reversible.
The 525–560°C endothermic peaks identiﬁed in the
556 m and 732 m samples (Figure 2(b)) are indicative of chlorite dehydroxylation from interstratiﬁed saponite-chlorite
[68], resulting in a second higher temperature mass loss
response (Figure 2(a)). The endothermic peak and associated
mass loss are greater within the 732 m sample, suggesting it
has a lower saponite-chlorite ratio than the 556 m sample.
The combined saponite-chlorite content at Kraﬂa increases
erratically from 19% at the surface to ~50% at depth, not
including glass content [60], suggesting thermally induced
devolatilisation reactions at depth may be more impactful.
However, note that all of the TGA-DSC measurements were
performed under near-atmospheric pressure conditions and
that increased pressure from the subsurface may suppress
dehydration and dehydroxylation to higher temperatures
[74], such that the temperatures for reactions presented here

are potentially conservative compared to those occurring in
situ. Following the devolatilisation of the phyllosilicates, the
bulk rock density increases due to the residual minerals emitting light elements; upon compaction, this may impact the
physical and mechanical rock properties.
4.3. Impact of Temperature on the Thermal Expansivity of
Hyaloclastite. In addition to mass loss, the thermal treatment
of hyaloclastite also results in direct volume change as the
palagonite phyllosilicate phases are prone to swelling at low
temperatures and subsequently collapse following thermally
induced dehydration and dehydroxylation (e.g., >500°C;
Figure 2(d)). However, identifying the swelling properties
of individual components in a porous polymineralic rock is
challenging due to the potential for overlapping responses
and the possibility of accommodating expansion into the
pore space [75]. In the surface samples, the impact of saponite
dehydration in the thermomechanical data (Figure 2(d)) is
subtle, causing a minor compaction of the bulk rock,
followed by signiﬁcant compaction correlating with the chlorite dehydroxylation temperature. This suggests that hyaloclastite retains structural integrity throughout saponite
dehydration whilst a higher temperature reaction correlated
to chlorite dehydroxylation causes a partial loss of cohesion
between the palagonite matrix and the supported clasts.
The similar, more distinct collapse in the relatively
chlorite-rich 732 m sample at 575°C correlates well with
the endothermic peak at 560°C and the mass loss identiﬁed
between 515°C and 615°C (Figures 2(a) and 2(b)). However,
the 556 m subsurface sample has lower saponite-chlorite
ratios and does not exhibit this collapse; instead, the
response shows limited thermal expansion throughout the
heating proﬁle. Thus, we ﬁnd that hyaloclastites with
thermally stable mineralogical assemblage expand with
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Figure 6: The impact of TT on strength. (a) UCS curves at 10 s strain rate. (b) TXL curves at 10-5 s-1 strain rate. (c) UTS curves, using the
Brazilian disc method, at 10-4 s-1 diametric equivalent strain rate. For increased TT, all strength test types display a weakening trend and an
increased accommodation of strain prior to failure (additional tensile strength curves are shown in Supplementary Figure 8).
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temperature, whereas unstable assemblages may breakdown
and cause contraction, as exempliﬁed by the thermal treatment of surﬁcial hyaloclastites (Figure 2(d)). The thermal
expansion responses measured under near-atmospheric
pressure conditions, and any damage attributed to them,
may be pushed to higher temperatures under the increased
pressure conditions associated with burial, as dehydration is
suppressed [74]. However, without a change in temperature, an increase in pressure alone does not result in smectite dehydration [76].
The occurrence of substantial acceleration in thermal
expansion above 640°C from the 70 m samples (Figure 2(d))
coincided with vesiculation of glass clasts in the experimental
products; this was not reproduced in samples from other
depths, despite the abundance of glass in all samples
(Figure 3). In detail, thermal expansivity started to accelerate
around 600°C, following a moderate endothermic peak

(Figure 2(b)), associated with crossing of the glass transition
for hydrated basaltic glass [77, 78], expected in shallow,
water-rich environments [43]. Beyond this temperature,
structural relaxation of the stress enabled water exsolution
and increased vesiculation that sustained the heat absorption
leading to a prolonged endothermic plateau (Figure 2(d)), as
the samples rapidly expanded (Figure 2(b)).
4.4. Impact of Temperature on the Porosity and Permeability
of Hyaloclastite. The mass loss associated with the dehydration/dehydroxylation of the phyllosilicate phases during
thermal treatment of hyaloclastite is also responsible for the
increase in porosity and permeability displayed in Figure 4.
A temperature increase can strongly impact the physical
attributes for ﬂuid storage capacity and ﬂow, as the basal
spacing of palagonite decreases upon devolatilisation,
causing densiﬁcation and generating intrinsically connected
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Figure 7: Porosity control on UCS, TXL, UTS, and Young’s modulus. (a) Comparison of UCS, TXL, and UTS peak strength of hyaloclastite
for each treatment temperature. All strength test types show weakening associated with increased TT and porosity. (b) UCS results follow the
general trend for igneous rocks, with TT decreasing strength proportional to the porosity increase. However, TT increases porosity, whilst
hyaloclastite densiﬁes and strengthens with depth (values show depth of sampling; [63]). (c) UTS results, regardless of TT, also fall within
the general trend for igneous rocks. (d) Young’s modulus from the UCS and TXL tests follow the general trend for igneous rocks (values
show depth of sampling; [63]).

micropores [79]. In detail, the amount and ratio of saponitechlorite available for reaction provides a ﬁrst-order control
on the maximum extent of porosity possibly created by
excursion to high temperature. As such, the timedependent crystallisation of sideromelane to palagonite [47]
suggests that older hyaloclastite units, which can contain
more phyllosilicates, are more susceptible to temperature
increases and the resultant enhancements to the porous permeable network. Thus, the lithology-speciﬁc initial glass
chemistry, hydrothermal ﬂuid chemistry, and pressure-

temperature conditions will therefore impact the potential
for the temperature-induced mineralogical and physical
alterations that regulate the evolution of the storage capacity
and permeability of a reservoir subjected to thermal ﬂuctuations. In addition, the reservoir ﬂuid properties will impact
the hydration state of the phyllosilicate minerals; the
increased scatter from water permeability (Figure 5(a)) to
gas permeability (Figure 4(b)) is likely a result of interaction
between the pore ﬂuid and the minerals (especially clays) lining the permeable network.

14
At the sample scale, the lack of additional fractures in the
TT samples suggests that dehydration/dehydroxylation is the
primary mechanism responsible for porosity and permeability gain. Whilst cracking due to thermal stresses during
heating and cooling has been shown to impart changes in
the physical properties of some rocks, we advance that thermally generated cracks may not necessarily accumulate in
hyaloclastite. Thermal cracking has been ascribed to the generation of stresses resulting from (1) a mismatch in thermal
expansion or contraction between minerals, (2) thermal
expansion anisotropy within a mineral, and (3) thermal gradients across a sample [80, 81]. Hyaloclastites are fragmental
rocks with variable degrees of cohesion arising from the presence of palagonite, so thermal stressing is expected to cause
minimal damage in hyaloclastite as mineral expansion is in
part buﬀered by palagonite, which is weaker than typical volcanic minerals, and due to the abundant and ubiquitous pore
space that accommodates expansion without stress development. Eggertsson et al. [8] showed that thermal stimulation
may avoid fracture genesis and result in negligible permeability change, independent of the cooling rate, if the thermal
stress associated with expansion is alleviated by preferential
closure of the existing porous network, such as present in
these samples (Figure 2(b)). We also note no evidence of
intra-mineral thermal cracking induced by anisotropic
expansion. However, it is possible that inter-phenocryst/glass
fragment microfracturing occurred, as noted in hyaloclastite
quenched from 350°C [82], but that textural evidence was
subsequently overprinted by phyllosilicate dissolution. Thermal microfractures are often non-pervasive in nature [6, 49],
suggesting the limited contribution they provide to permeability is unable to account for the permeability evolution
revealed in this study. Deformation-induced macrofractures
may induce a more substantial permeability increase
[83, 84], yet such damage is not imparted by thermal
treatment alone. However, the impact of thermal fracturing on the broad range of volcanic lithologies is yet to be well
constrained, as discussed in Heap et al. [61], and very few
studies focus on highly altered material and the impact of
pressure on thermal stimulation [52].
A further measure of changing material properties as a
response to TT can be the sensitivity of materials to eﬀective
pressure; water permeability shows a negative correlation
with eﬀective pressure as porosity is isolated (Figure 5). The
as-collected samples as well as those TT to 130°C, and to
185°C, show a signiﬁcant drop in porosity and permeability
during conﬁnement to eﬀective pressures above 17.5 MPa
that is not observed in the 400 and 600°C TT samples. The
samples that have been TT to higher temperatures exhibit
contrasting evolution of permeability and porosity with
eﬀective pressure, where porosity decreases linearly and
more signiﬁcantly than the lower TT samples, but permeability is not as sensitive to increasing eﬀective pressure, suggesting that the porous network remains highly connected
even as eﬀective pressure is increased. There is one exception
(thermally treated to 400°C) which shows an increase in
permeability with increasing eﬀective pressure, and a less
signiﬁcant reduction in porosity; this could be a result of
irreversible compaction in the sample whereby connected

Geoﬂuids
pore space was generated, yet we observed no textural evidence for this.
4.5. Impact of Temperature on the Mechanical Properties of
Hyaloclastite. The addition of thermal stress can also impact
the resultant mechanical properties of hyaloclastite. In particular, a pressure increase causes a relatively abrupt
reduction in pore space and permeability within the ascollected hyaloclastite and the samples thermally treated
to 130°C (Figure 5). This transition from elastic to inelastic compaction upon loading is termed P∗ [85]. Beyond
P∗ , compaction and grain crushing lead to a loss of pore
space available for ﬂuid ﬂow [8, 50, 86]. Figure 5(b) indicates
that P∗ shifts to lower eﬀective pressure with thermal treatment. The samples thermally treated up to 185°C exhibit
poorly deﬁned changes in permeability associated with
P∗ , and samples treated to higher temperatures develop
no distinct changes with P∗ . This suggests that thermal
treatment promotes a style of compaction that has limited
impact on permeability, despite higher rates of porosity
loss (Figure 5(b)).
The devolatilisation of the palagonite matrix results in a
weakening of the rock, both in tension and in compression,
where the UCS is 6–10 times greater than the UTS
(Figure 7(a)). The UTS of hyaloclastite decreased with TT
and, following treatment at 600°C, lost coherence and underwent more deformation before rupture (Figure 6(c)). The
mode of deformation evolves similarly in compression, as
noted by the onset of dilation occurring at lower stress and
the accommodation of more substantial strain hardening
prior to failure (Figure 6(a)), concordant with the lower
Young’s modulus upon increasing treatment temperature
(Figure 7(d)). Deformation under an eﬀective pressure of
5 MPa accentuated the distinction between the low TT
(≤185°C) and high TT (≥400°C) hyaloclastites as they macroscopically behaved in a brittle and ductile manner, respectively (Figure 6(b)).
The resultant strengths measured in all test types display
a porosity control, irrespective of the stress ﬁeld experienced
(Figure 7(a)), which follows the common porosity-strength
trend (Figures 7(b) and 7(c)) for a range of igneous rock
types, regardless of TT [7, 11, 63, 87, 88]. The treatment temperature has a strong impact on porosity (Figure 4(c)),
thereby further inﬂuencing mechanical compaction; however, comparison with strength and Young’s modulus data
collected from subsurface samples [63] shows that temperature alone cannot explain the mechanical changes occurring
within the reservoir, instilling the roles of compaction and
alteration on strength changes. In part, this is due to the
opposing inﬂuences of temperature and compaction on
porosity; however, in concert, increased temperature will create additional pore space that may enable more complete
compaction and densiﬁcation to occur at depth [63]. The
change in style, from a dominantly brittle to ductile failure,
may be explained by a change in geometry of the pore space
(e.g., Figures 3(b) and 3(r)), as dehydration increases the connectivity and irregularity of the desiccated pore network [89].
The inﬂuence of porosity in controlling sample strength can
be further assessed using micromechanical modelling such as

Geoﬂuids

15
30

25

Strength (MPa)

20
KIC/(πr)½ = 6 MPa

15

5 MPa
4 MPa

10

3 MPa
2 MPa

5

1 MPa
0
0

10

20

30

40

50

60

Connected porosity (%)
As-collected
TT 130 °C
TT 185 °C

TT 400 °C
TT 600 °C

Figure 8: UCS measurements compared against the pore-emanated crack model suggest an increase in porosity and pore-widening results in
weakening.

the pore-emanated crack model developed by Sammis and
Ashby [90] and analytically modiﬁed by Zhu et al. [91] to
derive the UCS, σUCS :
σUCS =

1:325 K IC
pﬃﬃﬃﬃﬃ :
ϕ0:414 πr

ð5Þ

The strength is dependent upon the fracture toughness
(or critical stress intensity factor), K IC , the porosity (ϕ), and
pore size (r). This model was demonstrated to successfully
approximate the UCS of limestone [91] and porous glass
sintered in the laboratory [92] but show arguable eﬃciency
to approximate the strength of heterogeneous, coherent volcanic rocks, owing to their common abundance of microfractures [7, 61]. Here, the UCS values decrease as
porosity
pﬃﬃﬃﬃﬃ
increases with TT (Figure 8), suggesting that K IC / πr would
decrease from ~5 MPa down to ~3 MPa. Assuming K IC
remains constant within a single lithology (even upon smectite hydration), the analysis
pﬃﬃﬃﬃﬃ would suggest that the reduction
in strength and K IC / πr may be the result of pore creation
and widening, as suggested by Heap et al. [61] when
evaluating the mechanisms underlying thermally induced
rock weakening. However, the applicability of the poreemanated crack model to hyaloclastite is questionable as
the pore space is highly irregular and rock failure is promoted by increasingly more pervasive fracture architecture in thermally treated hyaloclastites.
4.6. Implications for Hyaloclastite-Bearing Geothermal
Reservoirs. The temperatures investigated here cover the
range of conditions hyaloclastite generally encounters in the
shallow geothermal reservoir at Kraﬂa [93] and encompass
several important mineral transitions within the palagonite
matrix. The transition from smectite to chlorite is common

in hyaloclastite-bearing geothermal regions and is predominately controlled by temperature, assuming similar ﬂuid
chemistry [19]. Saponite is dominant below 200°C, transitions to saponite-chlorite interlayers between 200 and
240°C, and is fully replaced with chlorite beyond 240°C
[19]. Therefore, these results provide a ﬁrst-order approximation of the changes occurring in hyaloclastite during
burial and regional heating. Well and core logging at Kraﬂa
suggests that the deepest hyaloclastite units at 1300 m naturally experience temperatures of approximately 320°C [94]
and thus would have been subjected to the full range of transitions. However, as the temperature proﬁle is spatially variable across the ﬁeld, the depth of mineral transitions range
over several hundred meters [94].
Some geothermal regions, such as Kraﬂa, are also host to
magmatic intrusions that can transfer heat to their host rock,
inducing much greater localised temperature changes [5].
Similarly, harnessing of very hot ﬂuids, as experienced during
ﬂow testing of a 2100 m deep, near-magma borehole during
IDDP-1 [21], resulted in ﬂuids up to 550°C reaching the wellhead. Thus, a shallow magmatic intrusion or superheated/supercritical ﬂuid ingress during ﬂow testing can alter the
mineralogical, physical, and mechanical properties of shallow
hyaloclastite, common in conventional geothermal reservoirs. This may promote more eﬃcient ﬂuid ﬂow in geothermal ﬁelds; yet, ﬂuid ﬂow in clay-bearing rocks is partially
controlled by the chemistry of the ﬂuids which can interact
with the host [95]; thus, the impact of ﬂuid chemistry on ﬂuid
ﬂow is expected to decrease upon palagonite dissociation.
Here, comparing the surﬁcial hyaloclastite with the hyaloclastites sampled from the reservoir, we ﬁnd that the thermally induced mass loss and mineralogical distribution of
the deep hyaloclastites cannot be explained by simple heating
events, as those performed in our experiments, but rather
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evoke the importance of pressure-temperature history and
chemistry in the hydrothermal system. For instance, the
onset of saponite dehydration may increase by several hundred degrees by increasing pressure to 30 MPa [74], such as
through rock burial or glaciation, suggesting the physical
and mechanical changes detailed here may be shifted to
higher temperatures for buried samples. Additionally, the
impact of pore ﬂuid pressure may suppress dehydration reactions to higher temperatures than recorded in the dry measurements presented here [96]. As such, the interplay
between temperature and pressure produces a complex relationship with the resultant mineralogical, physical, and
mechanical properties. Geothermal regimes with low eﬀective
pressure and high temperature, such as the shallow subsurface,
may exhibit a positive correlation between the temperature
experienced and the resultant porosity and permeability,
whilst in a deeper high-pressure environment, the breakdown
from thermal ﬂuctuations, if any, may promote compaction.
Anthropogenic-induced compaction may possibly occur
due to the extraction of geothermal ﬂuids inducing a reduction in the reservoir pore pressure [97]; this would increase
the eﬀective pressure and subsequently raise the depth
threshold of compaction [98], locally altering the dominant
permeability regime. Porosity change associated with temperature ﬂuctuations may also inﬂuence the depth threshold
of compaction. Similarly, a temperature reduction caused by
ﬂuid extraction may result in rehydration and swelling due to
the potentially reversible nature of smectite dehydration,
thereby clogging ﬂuid pathways.
4.7. Implications for Magma Intrusions in Hyaloclastite. The
intrusion of magma into hyaloclastite may result in complex
intrusion-host rock interaction, evolution, and feedback,
owing to variable degrees of devolatilisation and compaction.
Initially, an intrusion would bake the margin, promoting
phyllosilicate devolatilisation that improves the porous permeable network, allowing for eﬃcient ﬂuid ﬂow; however,
this may be accompanied by changes in strength and a transition from brittle to ductile deformation, which may instead
favour compaction of the hyaloclastite along the magma
boundary, causing a decrease in permeability [99] and compartmentalisation of ﬂuid ﬂow [100]. The construction versus destruction of a permeable porous network may have
crucial impacts for the evolution of shallow magmatic systems. Firstly, the liberation of ﬂuids from smectite and chlorite may, if trapped, locally increase pore pressure and
generate induced seismicity akin to hydraulic fracturing
[101] and, in extreme cases, cause phreatic explosions, as
seen at Viti crater, Kraﬂa [102]. Secondly, the volatiles liberated may promote magma hydration and increase the likelihood of explosive activity [103] or result in cooling and
quenching of the magma. Thirdly, and similarly, margin
compaction and shutting of the permeable network may limit
magma outgassing, which again increases the likelihood of
explosive volcanism. And ﬁnally, magma intrusion may result
in viscous relaxation of sideromelane or melting of hyaloclastite, thus generating new magma, which may mix and interact
with the intrusion. Thus, the evolution and feedback between
magma and hyaloclastite are likely to be very complex depend-
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ing on the nature (e.g., chemistry, temperature) and size of an
intrusion and on the state and properties of hyaloclastites. We
suggest that further research should be undertaken to better
understand these complex feedback systems and the implications for the volcanic and geothermal processes.

5. Conclusion
In this study, we show that rock heterogeneity impacts the
mineralogical, physical, and mechanical properties of hyaloclastite, which are susceptible to thermal ﬂuctuations experienced within geothermal ﬁelds. This is due to the
devolatisation of the palagonite matrix, composed of varying
phyllosilicate minerals which are sourced from the tendency
of metastable basaltic glass to crystallise and produce a
smectite-dominant (i.e., saponite) palagonite matrix in cool
settings (<200°C) and a chlorite-dominant matrix in hotter
settings.
Thermal treatment of surﬁcial hyaloclastite indicates that
smectite dehydrates upon heating, with increased treatment
temperature causing up to 10 wt.% mass loss at 700°C. This
dehydration, quantiﬁed at 130, 185, 400, and 600°C, results
in an enhanced porous permeable network, a decreased compressive and tensile strength, a decreased Young’s modulus,
and a shift from brittle to ductile mode of deformation upon
thermal treatment (≥400°C), even at a moderate eﬀective
pressure of 5 MPa (as experienced at shallow depths in a geothermal system). We assess the impact of temperature on
hyaloclastite sampled from boreholes at 70, 556, and 732 m
depth in the reservoir, ﬁnding that the glass in the shallow
rock may have been hydrated whereas the deeper rocks contain abundant chlorite, which dehydroxylates at ~560°C.
The increased temperatures and pressures experienced in
geothermal ﬁelds will reduce the hydration state of phyllosilicate minerals, causing weakening and potentially lowering
the depth threshold for compaction. Such deformation in
geothermal systems and areas surrounding magmatic bodies
may result in the construction/destruction of ﬂuid pathways
and the compartmentalisation of reservoirs, possibly impacting the progression of volcanic activity.
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Hyaloclastites commonly form high-quality reservoir rocks in volcanic geothermal provinces. Here, we investigated the eﬀects of
conﬁnement due to burial following prolonged accumulation of eruptive products on the physical and mechanical evolution of
surﬁcial and subsurface (depths of 70 m, 556 m, and 732 m) hyaloclastites from Kraﬂa volcano, Iceland. Upon loading in a
hydrostatic cell, the porosity and permeability of the surﬁcial hyaloclastite decreased linearly with mean eﬀective stress, as pores
and cracks closed due to elastic (recoverable) compaction up to 22-24 MPa (equivalent to ~1.3 km depth in the reservoir).
Beyond this mean eﬀective stress, denoted as P∗ , we observed accelerated porosity and permeability reduction with increasing
conﬁnement, as the rock underwent permanent inelastic compaction. In comparison, the porosity and permeability of the
subsurface core samples were less sensitive to mean eﬀective stress, decreasing linearly with increasing conﬁnement as the
samples compacted elastically within the conditions tested (to 40 MPa). Although the surﬁcial material underwent permanent,
destructive compaction, it maintained higher porosity and permeability than the subsurface hyaloclastites throughout the
experiments. We constrained the evolution of yield curves of the hyaloclastites, subjected to diﬀerent eﬀective mean stresses in a
triaxial press. Surﬁcial hyaloclastites underwent a brittle-ductile transition at an eﬀective mean stress of ~10.5 MPa, and peak
strength (diﬀerential stress) reached 13 MPa. When loaded to eﬀective mean stresses of 33 and 40 MPa, the rocks compacted,
producing new yield curves with a brittle-ductile transition at ~12.5 and ~19 MPa, respectively, but showed limited strength
increase. In comparison, the subsurface samples were found to be much stronger, displaying higher strengths and brittle-ductile
transitions at higher eﬀective mean stresses (i.e., 37.5 MPa for 70 m sample, >75 MPa for 556 m, and 68.5 MPa for 732 m) that
correspond to their lower porosities and permeabilities. Thus, we conclude that compaction upon burial alone is insuﬃcient to
explain the physical and mechanical properties of the subsurface hyaloclastites present in the reservoir at Kraﬂa volcano.
Mineralogical alteration, quantiﬁed using SEM-EDS, is invoked to explain the further reduction of porosity and increase in
strength of the hyaloclastite in the active geothermal system at Kraﬂa.

1. Introduction
Geothermal and hydrothermal systems are typically found in
active volcanic environments [1–4], where ﬂuid convection
transfers heat and mass from the high-temperature subsurface (e.g., [5]). As magma underrooted systems can be inter-

mittently volcanically active over long periods of time (i.e.,
~1 Ma), it is common for the reservoir rock, hosting highenthalpy ﬂuids, to be of volcanic origin. The initial geomechanical properties, such as permeability and strength, of
these reservoir rocks can be as varied as the style of volcanism
from which they are formed [6–8] and may be susceptible to
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subsequent changes due to burial, heat ﬂux, and interaction
with saturated ﬂuids (e.g., [9]). Thus, the evolution of geothermal systems fed by magmatic bodies is intrinsically linked to
the petrological and mechanical evolution of the reservoir rocks.
In mid- to high-latitude provinces, where volcanic activity
may commonly be subaqueous or subglacial (e.g., in Iceland,
Chile, and New Zealand), substantially increased cooling rates
and elevated pressure promote quench-induced fragmentation and suppress exsolution fragmentation [10]. During
basaltic eruptions, the products of such activity include highly
variable, quench-fragmented glass, termed hyaloclastite (e.g.,
[11–18]). Through time, the glass commonly undergoes
extensive alteration, resulting in the generation of a palagonite
matrix, dominated by minerals such as smectite and zeolites,
which commonly breakdown when subjected to moderately
high temperatures of a few hundred degrees (e.g., [19–22]).
As such, hyaloclastite comprises a time- and temperaturedependent, variably indurated, and heterogeneous assortment
of palagonite, hydrated glass [17], lithics, and crystal fragments. The common presence of clay phases in reservoir
rocks can be mapped from the surface using electrical resistivity, providing information about the structure of the
reservoir [23–25].
Hyaloclastites are often highly porous [26–28], mechanically weak [28–30], and thus highly permeable and susceptible to ﬂuid circulation [27, 31]. As such, they are often
targeted as preferred reservoir rocks for freshwater aquifers
[32] and for hydrothermal ﬂuid extraction in geothermal
energy production [33–35]. In active volcanic systems, hyaloclastites are progressively buried by recurrent deposition of
eruptive products and intruded by magmatic bodies, such
that they are increasingly in contact with, and host to, hydrothermal ﬂuids [25, 26, 31, 36]. Thus, they experience elevated
pressures, high temperatures, and corrosive ﬂuids [26, 37–
40]. Such extreme conditions may promote compaction
[27, 41–44], precipitation of secondary mineral phases [26,
45–47], and variable degrees of alteration [43, 48], modifying
the mechanical properties and the permeable-porous network through which ﬂuids circulate. Previous mechanical
studies of porous rock compaction [41, 49, 50] have characterised rock strength by evaluating yield curves to identify
the stress conditions where permanent inelastic deformation
may occur. These investigations have shown that yielding
behaviour can vary between diﬀerent rock types, with many
granular materials (e.g., soils and sandstones) typically having elliptical-shaped yield curves [49, 51], whereas volcanic
rocks have been reported to exhibit linear yield curves [52,
53]. Despite their importance in geothermal ﬁelds, the
mechanical properties and yielding behaviour of hyaloclastite
remain largely unconstrained. An understanding of how the
pore space and mechanical strength evolve during compaction of hyaloclastite are central to our ability to adequately
model the evolution of hydrothermal reservoirs for optimising energy production.
Here, we have systematically mapped the physical and
mechanical properties of surﬁcial and subsurface hyaloclastites from Kraﬂa volcano, northeast Iceland, which constitute
important reservoir rocks in the active hydrothermal system
exploited for geothermal energy. The volcano consists of a
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large caldera that formed at ~100 ka, possibly in two eruptions [54], that has been partly inﬁlled with ignimbrites, lava
ﬂows (commonly occurring every 300-1000 years during the
Holocene [54]), hyaloclastites, and other fragmental products [25, 54]. Cores and drill cuttings, obtained from extensive geothermal exploration of the Kraﬂa hydrothermal
system, have revealed that the upper >1300 m of the reservoir
mostly consists of basaltic lavas and hyaloclastites. Below this
depth, the reservoir consists of gabbroic intrusions [25, 36],
which are locally underrooted by rhyolitic magma at a depth
of 2100 m [55]. As observed in other areas of Iceland, the
hydrothermal reservoir rocks can be divided into ﬁve zones
based on temperature-induced alteration: (1) a shallow zone
of smectite-zeolite, (2) interlayered smectite-chlorite, (3)
chlorite, (4) chlorite-epidote, and (5) epidote-actinolite
[25]. Calcite can additionally occur in regions where the rock
is at temperatures lower than ~290°C [25]. Alteration and
temperature vary considerably across the ﬁeld and do not
increase linearly with depth [24]; for example, previous
studies on core samples from borehole KH-6, drilled in
2006, found that the rocks at 556 m depth were relatively
unaltered, but the rock samples collected at 732 m depth
had experienced a high intensity of alteration [24].

2. Materials and Methods
In this study, we investigate the eﬀect of conﬁnement on the
physical and mechanical evolution of surﬁcial and subsurface
hyaloclastites from Kraﬂa volcano, northeast Iceland, to
assess the process of compaction and the degree to which
compaction contributes to permeability evolution during
burial in the reservoir. The surﬁcial sample was collected at
the southeastern edge of the caldera (65°N 41.067; -16°W
43.089) during a ﬁeld campaign in August 2015. It is a basaltic hyaloclastite produced during a subglacial eruption,
shortly after the formation of the caldera at ~100 ka [25,
54]. Subsurface samples were selected in August 2016 from
cores drilled and collected by Landsvirkjun National Power
Company of Iceland: hyaloclastites from a depth of 70-76 m
were selected from borehole KH-4 (65°N 41.411; 16°W
48.140) drilled in 2006, and hyaloclastites from 556 m and
732 m depth were selected from borehole KH-6 (65°N
42.115; 16°W 48.048) drilled in 2007 [56]. The sample from
556 m was located approximately 1 m from a basaltic dyke;
dykes regularly intrude the subsurface hyaloclastites at
Kraﬂa. (Note that within a few centimetres from the dyke,
the hyaloclastite showed signs of alteration; hence, we
selected samples further away.) These core samples are
located about 2.5 km from the main region exploited for geothermal energy [25]. During drilling and after completion of
the boreholes, temperature was measured at various depth
intervals. In the KH-4 well, a temperature of 40°C was
recorded at 65 m. In the KH-6 well, temperature measurements were made at diﬀerent depths and showed slight
warming from measurements taken over a 5-day interval.
During the last measurements, the temperature was measured to be 50°C at 250 m, increasing rapidly from 75°C to
200°C at 345 m, before decreasing beyond 500 m depth; at
550 m, the temperature was approximately 150°C, and at
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735 m depth, 125°C [56]. A sample overview is presented in
Table 1.
2.1. Mineralogical and Petrological Analysis. Petrological analysis and phase distribution for samples from the surface, 70 m,
76 m, 556 m, and 732 m were investigated using an optical
microscope and an SEM-EDS (QEMSCAN®, Quantitative
Evaluation of Minerals by SCANning electron microscopy).
Analysis was performed using this automated SEM-EDS system
with a 15 kV accelerating voltage and ~5 nA beam current (see
[57] for further details). A step size of 20 μm was used to map
an area of >8 × 12 mm, per sample to provide an overview of
mineral distribution, and a higher resolution 2 μm step size
was used to map detailed textures in a 1:5 × 1:5 mm area. In
each case, two Bruker energy-dispersive X-ray spectrometers
(EDS) recorded the discrete secondary X-rays emitted by the
sample, which were used to identify and quantify the mineralogy of the thin section by correlation with a reference database
comprising known mineral and glass phases. The mineral
distribution was summarised numerically by identifying the
relative proportions of each mineral in the SEM-EDS images
and normalising them to disregard the measured pore space
[58]. All samples were thin sectioned perpendicular to the
drilling direction.
2.2. Sample Preparation. For experimental purposes,
24:9 ± 0:1 mmdiameter by 50:5 ± 1 mm long cylindrical cores
were prepared (~2 : 1 aspect ratio) from the surface material
and available well cores from depths of 70 m, 556 m, and
732 m. All core samples were drilled parallel to the drilled well
cores. All prepared samples were kept in a drying oven overnight at 75°C and then cooled and stored in a desiccator before
any measurements were undertaken.
2.3. Porosity Determination. The porosity of all sample cores
was determined using an AccuPyc 1340 Helium Pycnometer
from Micromeritics in the Experimental Volcanology and
Geothermal Research Laboratory at the University of Liverpool. The device measures the skeletal sample volume (i.e.,
rock including isolated pores inaccessible to helium) in a
100 cm3 chamber, with an accuracy of ±0.1% of the sample
volume. The connected porosity (ϕ) is then determined via
ϕ=

Vc − Vm
,
Vc

ð1Þ

where V m is the measured skeletal volume and V c is the volume calculated by the core dimensions.
2.4. Porosity and Permeability Evolution with Pressure. To
simulate the impact of hyaloclastite burial, we determined
the porosity and permeability changes associated with
increasing eﬀective pressure (effective pressure = confining
pressure − pore pressure) using a hydrostatic 250 MPa
pressure cell from Sanchez Technologies in the Experimental Volcanology and Geothermal Research Laboratory at
University of Liverpool. This method was employed for
samples with permeability greater than 5 × 10−18 m2 (corresponding to the approximate determination limit of the apparatus). Jacketed, water-saturated samples were loaded in the

Table 1: Sample suite and test types undertaken.
Depth

Sample ID

Measurement type

0m

H1 0 m
H2 0 m
H3 0 m
H4 0 m
H5 0 m
H6 0 m

Yield curve
Yield curve
Yield curve
UCS and Young’s modulus
Elastic limit (P∗ )
Permeability

70 m

H1 70 m
H2 70 m
H3 70 m
H4 70 m

Yield curve
UCS and Young’s modulus
Permeability
Elastic limit (P∗ )

556 m

H1 556 m
H2 556 m
H3 556 m

Yield curve
UCS and Young’s modulus
Permeability

732 m

H1 732 m
H2 732 m
H3 732 m

Yield curve
UCS and Young’s modulus
Permeability

pressure vessel to the target conﬁning pressure at 5 increments
up to 40 MPa; note that 1 km depth would correspond to a
conﬁning pressure of approximately 25 MPa assuming a nominal rock density of 2500 kg · m−3 . During each loading phase,
the change in porosity experienced by the compacting sample
was determined by measuring the volume of water expelled
(±0.05% accuracy) with the sample held at a pore pressure of
1 MPa (see [7, 27]). Subsequently, following >30 minutes of
equilibration at the set eﬀective pressure, permeability was
measured via the steady-state ﬂow method [59, 60], by exerting a pressure diﬀerential of 1 MPa (2 MPa upstream; 1 MPa
downstream) and monitoring ﬂuid discharge in the pumps
(with ±0.002 ml accuracy). To assess for the need of Klinkenberg [61] or Forchheimer [62] corrections, the pressure gradient was increased and decreased (between 0 and 2 MPa) to
ensure the calculated permeability remained constant as ﬂow
rate evolved; we found that these corrections were not needed
for any of the samples. Following permeability determination,
each sample was loaded to the next increment in eﬀective pressure by increasing conﬁnement, whilst monitoring the volume
of water expelled from the sample to track pore closure once
more and to measure the permeability again.
For samples with a permeability below the detection limit
of the apparatus (i.e., ~5 × 10−18 m2 ), permeability was quantiﬁed using the pulse transient method [63] in a triaxial apparatus in the Rock Deformation Laboratory at the University
of Liverpool (see [64]). The sample was fully saturated in
water to a pore ﬂuid pressure of 5 MPa. The ﬂuid pressure
was then increased by approximately 0.5 MPa on one side
of the sample to set a small pressure diﬀerential. This
pressure diﬀerential across the sample then decayed through
time, allowing the permeability to be calculated. Once the
measurement was completed, the conﬁning pressure was
increased to the next increment and the procedure was
repeated [63, 64].
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2.5. Mechanical Properties. To constrain the elastic limit of the
rocks subjected to isotropic loading (P∗ ), samples were loaded
in the hydrostatic cell by incrementally increasing the conﬁning
and pore pressures to 46 MPa and 45 MPa, respectively, ensuring that the eﬀective pressure never exceeded 1 MPa. Then, the
eﬀective pressure was increased by reducing the pore pressure at
a rate of 0:1 MPa · min−1 . The volume of water expelled from
the sample was monitored in the volumometer of the pump,
and the expelled water was used as a proxy for pore volume.
This provided the continuous porosity change as a function of
eﬀective pressure up to 45 MPa eﬀective pressure, and P∗ was
deﬁned as the point of negative inﬂection in porosity-pressure
space (after [65]).
The mechanical properties of the samples were further constrained under unconﬁned and conﬁned conditions in the
Experimental Volcanology and Geothermal Research Laboratory at the University of Liverpool. Uniaxial (unconﬁned) compressive strength (UCS) measurements were conducted using a
5969 Instron uniaxial press (equipped with a 100 kN load cell
with a resolution of 100 N and actuator with a testing range of
0:001 − 600 mm · min−1) where the samples were all brought
to failure (deﬁned by a stress drop exceeding 10%) with a strain
rate of 10-5 s-1. The measurements were corrected for machine
compliance by pressing the pistons directly together under the
same loading conditions; this displacement was then subtracted
from the displacement measured during the rock tests in real
time using the Bluehill® software from Instron. The slope of
the linear elastic portion of the stress-strain loading curves
was used to calculate Young’s modulus.
Conﬁned conditions were tested using a TRIAX100-300
triaxial press, developed by Sanchez Technologies. The apparatus controls the experimental conditions (up to 300 MPa of
axial load and 100 MPa conﬁning pressure) using four Stigma
300 pumps (the pumps operate up to 100 MPa with a resolution of 50 kPa and have a volume of 300 cm3, maximum ﬂow
rate of 110 cm3 · min−1 , a resolution of 10-4 cm3, and a volume
control and determination accuracy of 0.1%). Here, only two
pumps were used as the triaxial tests were done in the absence
of pore ﬂuids: the radial conﬁnement was applied using argon
in one pump; the axial deformation was controlled using silicon oil in another pump along with a 1.5 kbar Maximator®
gas booster (pressure ratio of 1 : 150). The sample assembly
consists of the test specimen loaded between alumina cylindrical spacers of 25 mm diameter, jacketed in a 30 cm long Viton®
sleeve. Compliance was constrained by axially loading a sample
assembly containing a sample of steel (for which the elastic
properties had been accurately constrained a priori) to
300 MPa. By subtracting the idealised elastic deformation of
the steel during loading, we quantiﬁed the compliance as a
function of applied axial stress. To test rock samples, a core
was placed in the sample assembly and inserted in the press.
The conﬁning pressure was slowly increased to a desired testing
value using a manual valve; simultaneously, the axial load was
automatically maintained 2 MPa higher than the conﬁning
pressure to ensure that this was the direction of the greatest
principal stress ðσ1 Þ to prevent the axial pistons from receding. During this phase, the samples experienced a small
amount of elastic compaction as cracks closed (e.g., [66]).
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To determine the strength of the materials, yield curves
were plotted in P-Q space, where P is the eﬀective mean stress
(P = ðσ1 + σ2 + σ3 /3Þ − P f ) and Q is the diﬀerential stress
ðQ = σ1 − σ3 Þ. Yield curves were mapped following the procedure of Bedford et al. [41] where a sample is hydrostatically
loaded to a given conﬁning pressure (note there was no pore
ﬂuid pressure (P f ) in these tests), before an axial load was
applied (strain rate = 10−5 s−1 ) in order to subject the sample
to a diﬀerential stress. During axial loading, the sample
deformed elastically with a quasilinear stress-strain relationship. The stress build-up was monitored until a deviation
from linear elastic loading was observed, marking the onset
of yield (i.e., permanent inelastic strain), and the axial load
was immediately reduced back to 2 MPa above conﬁning
pressure to ensure the sample did not accumulate inelastic
damage. The P and Q values at the deviation from linear
loading were recorded as the yield point, and the same
sample was then taken to diﬀerent conﬁning pressures and
the axial loading procedure was repeated at each pressure
increment in order to map out the complete yield curve in
P-Q space. This procedure is useful when the available material is limited, as is the case when using recovered subsurface
core samples, as an entire yield curve can be reconstructed
using only one sample. The yield curve intersects the P-axis
at the hydrostatic yield point (i.e., no diﬀerential stress), typically referred to as P∗ ; beyond this point, the rock undergoes
permanent inelastic compaction and pore collapse [65].

3. Results
3.1. Petrological and Mineralogical Signatures. The surﬁcial
hyaloclastite and the subsurface hyaloclastites cored from
diﬀerent depths in the reservoir exhibit contrasting appearance in hand specimen (Figure 1). The surface hyaloclastite
is light brown with ~10% dark basaltic scoria fragments, up
to 10 mm in size (Figure 1(a)). At 70 m depth, the hyaloclastite is darker compared to the surface samples and consists of
~35% basalt fragments (Figure 1(b)) similar in size and
geometry to the surface hyaloclastite. The sample from
556 m depth (Figure 1(c)) is denser than the shallower samples and contains a brown-green matrix with smaller, dark,
poorly deﬁned clasts. The sample from 732 m depth has a
grey-greenish colour, with larger basalt clasts than the
556 m sample and similar density (Figure 1(d)).
Using optical microscopy, we examine the petrological
characteristics of the hyaloclastites further (Figure 2) and
supplement this with SEM-EDS (QEMSCAN®) analysis at
two step sizes: at 20 µm to explore the large scale distribution
of phases across the samples (Figure 3) and at 2 µm to explore
phase distribution in the matrix in detail (Figure 4). In addition to the samples from the surface, 70 m, 556 m, and 732 m,
an additional sample from 76 m depth (for which we only
have a thin section) was examined to explore textural distinctions across short distances. For the surﬁcial sample, the dark
basaltic scoria clasts identiﬁed in hand specimen are subrounded to subangular vesicular glassy clasts (Figures 2(a)–
2(c)). The glassy clasts are within a heterogeneous matrix of
glass fragments, crystal fragments, and very ﬁne-grained
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Figure 1: Photographs of representative sample cores of hyaloclastite
from diﬀerent depths within the hydrothermal reservoir at Kraﬂa
volcano, NE Iceland. (a) The surface hyaloclastite is matrix
supported, containing dark, glassy basaltic scoria clasts. (b) The
subsurface 70 m hyaloclastite sample contains a higher volume of
prominent dark scoria clasts. (c) The subsurface hyaloclastite from
556 m is matrix supported and contains some scoria clasts which
appear compacted, and overall, the material appears denser. (d) The
subsurface 732 m hyaloclastite sample contains matrix-supported
light grey basaltic clasts.

smectite and zeolite (Figures 2(a)–2(c), 3(a), 3(b), 4(a), and
4(b)). The porosity consists of rounded vesicles within glassy
clasts and fragments, as well as more irregular-shaped pores
ﬂanking the margins of grains (Figures 2(a), 3(c), and 4(c)).
At 70 m depth, the vesicular, glassy clasts are larger and more
rounded, and the glass appears more pristine, with the exception of a few oxidised fragments (Figures 2(d)–2(f)). The
matrix of the hyaloclastite is darker in plane polarised light
(PPL) compared to the surface samples (Figure 2) and lacks
zeolite (Figures 3(d), 3(e), 4(d), and 4(e)). Porosity occurs
as round vesicles within individual clasts and large, more
angular, connected patches between clasts (Figures 3(f) and
4(f)). The sample from 76 m is texturally similar to the surface and 70 m samples, with subrounded glassy clasts of
intermediate size (compared to surface and 70 m samples);
oxidised fragments are more common and lithic fragments
are rare (Figures 2(g)–2(i)). Zeolite is lacking in the matrix,
as in the 70 m sample, and calcite is present (Figures 3(g),
3(h), 4(g), and 4(h)). Pore space is more heterogeneously distributed, with smaller maximum size than in the shallower
samples, but still consists of round intraclast vesicles and
pore space along the margins of fragments (Figures 3(i) and
4(i)). The sample from 556 m depth is red-brown in PPL
and has poorly deﬁned clasts, and it is the only sample where
veins are observed (Figures 2(j)–2(l)). The glassy clasts and
matrix are cut by several mm-long veins that are zeolite rich
(Figures 3(j) and 3(k)). The sample is interspersed with smectite and zeolite, which occasionally forms enriched patches,
and has a ﬁner matrix compared to the shallower samples
(Figures 4(j) and 4(k)). Porosity is limited to ﬁne fractures
(Figures 3(l) and 4(l)). The sample from 732 m depth is also
red-brown in PPL and has larger, more well-deﬁned basalt
clasts than the 556 m sample (Figures 2(m)–2(o)). Zeolite is
distributed within the glassy fragments and inﬁlls some
spherical pores, whilst smectite and actinolite are found
throughout the matrix (Figures 3(m), 3(n), 4(m), and 4(n)).
Porosity is limited to ﬁne fractures and traces around clasts
(Figures 3(o) and 4(o)).

The phase abundance was assessed quantitatively from
the 20 µm SEM-EDS data (Table 2, Figure 5). Several diﬀerences are noted across the sample suite, yet there is no deﬁnitive systematic change in a single phase’s content with depth.
Glass is the most abundant phase at all depths (47.5–69.5%),
being present as very ﬁne fragments through to clasts of
>5 mm, followed by smectite (17.9–37.3%) which dominates
the matrix and inﬁlls pores in the glassy clasts. The presence
of zeolite is noted at the surface, but is absent from 70 and
76 m samples, and again is present at higher abundance at
greater depth. Glass and smectite contents increase and then
decrease with depth, making way for the zeolite, which is present in the groundmass, as inﬁlling material of round pores in
vesicular glass fragments, and in the margins of glassy grains.
Calcite, actinolite, and pyrite all make appearances at depth.
Calcite forms isolated patches within the matrix from 70 m
depth onwards, as does pyrite but at much lower abundance
in the 556 m and 732 m samples, whilst actinolite is distributed
throughout the matrix in the 556 and 732 m samples.
3.2. Porosity and Permeability Evolution with Pressure. The
hyaloclastites are increasingly less porous with burial depth
within the geothermal system, with porosity reduced from
39.7% in the surface samples to 22.1% in the 70 m drill core
sample and reaching the lowest values of 12.5% and 13.3%
in the 556 m and 732 m samples, respectively (Table 3). The
porosity range of the 556 m and 732 m samples overlaps,
from 11.8 to 13.8% at 556 m and 12.9 to 13.9% at 732 m. As
an illustrative example, the permeability at an eﬀective pressure of 4 MPa decreases from 2:0 × 10−13 m2 at the surface to
1:4 × 10−15 m2 at 70 m depth as porosity is almost halved and
reduces further to a minimum of 8:7 × 10−20 m2 at 556 m in
the highest density and lowest porosity sample, stabilising
to 5:9 × 10−20 m2 at 732 m (Table 3).
To simulate burial conditions, we subjected the shallow
(surface and 70 m) hyaloclastite samples to isotropic loading
(keeping σ1 = σ2 = σ3 ) to observe compaction. Samples were
initially loaded to high conﬁning pressure (~40 MPa) and
pore pressure; then, the pore pressure was gradually reduced
to increase the eﬀective pressure whilst continuously monitoring the pore volume. Following an initial consolidation
of the sample and the assembly (<2 MPa), the porosity of
the surﬁcial sample decreased quasilinearly until an eﬀective
pressure of 22-24 MPa was reached; above which, a greater
rate of porosity decrease with increasing eﬀective pressure
was observed (a steepening of the slope; Figure 6). In contrast, the sample from 70 m depth compacted linearly as
eﬀective pressure increased up to 40 MPa.
In a separate run in which the pore volume and permeability of the sample were evaluated at diﬀerent, noncontinuous pressure increments, we again observed an increase in
the reduction rate of both porosity and permeability with
eﬀective pressure between the 20.2 MPa and 25.9 MPa
measurements for the surface sample. Thus, the elastic limit,
P∗ , may be constrained at 22-24 MPa for the surﬁcial hyaloclastite. Following the same procedure, the porosity and permeability of the subsurface 70 m hyaloclastite both decreased
linearly with hydrostatic pressure, demonstrating that P∗ was
not reached up to an eﬀective pressure of 40 MPa (Figure 6).
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Figure 2: Photomicrographs of hyaloclastite from diﬀerent depths within the hydrothermal reservoir at Kraﬂa volcano, NE Iceland. Images in
plane polarised light. (a) A surface sample with subangular to subrounded clasts and heterogeneously distributed porosity. Clasts are
predominantly glassy and vesicular. Zoomed in areas shown in (b) and (c) marked by the blue and magenta squares, respectively, show
that the matrix also comprises angular glassy fragments and few crystal fragments, with some very ﬁne-grained patches. (d) The clast-rich
sample from 70 m depth contains rounded to subrounded, glassy, vesicular clasts which are occasionally fractured, giving rise to more
angular fragments. Pore space consists of intragrain rounded vesicles and voids surrounding larger clasts. The matrix seen in (e) and (f)
marked by the blue and magenta squares, respectively, comprises dense angular shards of glass, occasionally oxidised (black) and a few
crystal fragments with a higher proportion of very ﬁne grains. Vesicles in the glass fragments are occasionally inﬁlled. (g) The sample
from 76 m depth is texturally similar to that from 70 m, though the largest clast sizes are notably smaller, and pore spaces adjacent to
clasts are correspondingly smaller. The vesicular, glassy clasts are subrounded and frequently contain fractures, and a few large lithic clasts
are seen. The matrix, shown in (h) and (i) marked by the blue and magenta squares, respectively, comprises angular glassy fragments set
in a cement-like ﬁne-grained phase. (j) Subsurface hyaloclastite from 556 m is matrix supported and contains some scoria clasts which
appear compacted; overall, the material is darker and denser than the shallower samples. Inﬁlled fractures/veins cut through both the
clasts and the ﬁne-grained matrix, as seen in (k) and (l) marked by the blue and magenta squares, respectively. Pore space is limited, and
vesicles within the glassy fragments are inﬁlled. (m) The 732 m sample is largely dense with partly vesicular, oxidised (black) subrounded to
subangular clasts, with the vesicles inﬁlled. Pore space in the matrix is also inﬁlled, as seen in (n) and (o) marked by the blue and magenta
squares, respectively, and small rounded grains can be seen in the cement-like matrix. For identiﬁcation of phases, see Figures 3 and 4.
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Figure 3: Colour-coded phase distribution maps of hyaloclastite from diﬀerent depths within the hydrothermal reservoir at Kraﬂa volcano,
NE Iceland. Maps, produced by SEM-EDS QEMSCAN® (Quantitative Evaluation of Minerals by SCANning electron microscopy) with 20 µm
step size, show distribution of all identiﬁed phases with porosity in white (left), smectite and zeolite with other solids in grey and porosity in
white (centre), and pore space in black with all solid phases in grey (right). (a–c) The surface sample is predominantly glassy vesicular clasts in
a porous matrix hosting smectite and zeolites. (d–f) The sample from 70 m depth has larger, subrounded glassy clasts in a heterogeneously
distributed, porous, smectite-hosting matrix. (g–i) The sample from 76 m has smaller clasts and pores, a smectite-dominated matrix, and
areas of calcite that inﬁll porosity. (j–l) The denser sample from 556 m has poorly deﬁned clasts and negligible porosity, with
heterogeneously distributed smectite and zeolite throughout the clasts and matrix, with veins of dominantly zeolite and minor calcite. (m–o)
The dense sample from 732 m shows traces of glassy clasts, with deﬁned patches of zeolite enrichment and distributed smectite within the
matrix. Some areas contain patches of calcite, which appears to inﬁll pore space.
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Figure 4: Colour-coded phase distribution maps of the matrix of hyaloclastites from diﬀerent depths within the hydrothermal reservoir at
Kraﬂa volcano, NE Iceland. Maps, produced by SEM-EDS QEMSCAN® (Quantitative Evaluation of Minerals by SCANning electron
microscopy) with 2 µm step size, show distribution of all identiﬁed phases with porosity in white (left), smectite and zeolite with other
solids in grey and porosity in white (centre), and pore space in black with all solid phases in grey (right). (a–c) The surface sample has a
matrix of angular to subangular shards of glass in heterogeneously distributed, ﬁne-grained smectite and zeolite. (d–f) The matrix of the
sample from 70 m depth is texturally similar, though it lacks zeolites. Instead, smectite dominates and also inﬁlls vesicles within the larger,
vesicular glassy clasts. (g–i) The sample from 76 m has a matrix similarly dominated by smectite, with additional calcite inﬁlling pore
space in the matrix and in the round intraclast vesicles. The pore space is notably reduced from the surface and 70 m samples. (j–l) The
matrix of the sample from 556 m is almost indistinguishable from the larger clasts, which are poorly deﬁned. Limited porosity further
hampers their distinction. Zeolite-dominated veins crosscut the sample, and zeolite is additionally distributed heterogeneously throughout
the sample. Smectite is also widely distributed and occasionally takes rounded form suggestive of the inﬁll of round vesicles. Minor calcite is
present in what would have been pore space, and porosity is limited to ﬁne fractures and very small isolated pores. (m–o) The dense sample
from 732 m shows traces of glassy clasts, with a zeolite-, smectite-, and actinolite-bearing matrix. Zeolite occasionally inﬁlls round pores
within glassy clasts and is additionally distributed within the glassy fragments. Smectite is distributed throughout the matrix, occasionally
appearing in patches. Some areas contain patches of calcite, which appears to inﬁll pore space. Remaining pores are generally ﬁne fractures.
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Table 2: SEM-EDS quantitative results, phase abundance of the solid fraction.

Phase
Glass (%)
Smectite Fe Mg (%)
Zeolite (%)
Anorthite (%)
Augite (%)
Quartz (%)
Actinolite (%)
Calcite (%)
Apatite (%)
Pyrite (%)
Others (%)
Total (%)

Surface

70 m

76 m

556 m

732 m

56.0
26.7
6.9
6.7
1.8
0.1
0.4
0.0
0.0
0.0
1.4
100

69.5
28.2
0.1
0.2
0.1
0.0
0.0
0.9
0.3
0.0
0.6
100

54.1
37.3
0.2
1.3
0.6
0.0
0.1
5.0
0.3
0.3
0.9
100

47.5
27.6
16.4
1.0
0.7
0.0
2.3
0.6
1.4
0.2
2.5
100

56.3
17.9
13.5
1.1
2.3
0.2
3.2
2.4
0.6
0.2
2.4
100

100
90

Abundance (%)

80
70
60
50
40
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10
0
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Glass
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732 m
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Other
Unclassified

Figure 5: Phase abundance histogram for hyaloclastite from diﬀerent depths within the hydrothermal reservoir at Kraﬂa volcano, NE Iceland,
from SEM-EDS QEMSCAN® maps with 20 µm step size (Figure 3). The most abundant phase is glass for all samples, i.e., surface, 70 m, 76 m,
556 m, and 732 m depth. Other represents other identiﬁed phases present in trace amounts; unclassiﬁed represents those uncategorised, which
may be due to very ﬁne grain sizes (whereby each pixel represents multiple phases).

The two ways of measuring pore compaction with increasing
eﬀective pressure yield similar quantitative changes; compaction is more signiﬁcant in the more porous surface sample,
which reduced by ~8% whilst the lower porosity 70 m samples compacted by ~5% (Figure 6).
The sensitivity of permeability reduction to increasing
eﬀective pressure also appears to be controlled by the initial
porosity and permeability of the samples. The initially most
porous, permeable samples from the surface have the largest
decrease in permeability of more than 2 orders of magnitude
as eﬀective pressure is increased (Figure 6). The mid-porosity
70 m samples have a slightly smaller permeability reduction
across the same range of eﬀective pressures. The much lower
porosity samples from 556 and 732 m have low initial permeabilities which are much less sensitive to eﬀective pressure
than the shallow samples.
3.3. Mechanical Behaviour of Buried Hyaloclastite. To understand more about their mechanical ﬁngerprint, systematic,

repetitive axial loading of two samples of surﬁcial hyaloclastite was conducted (see Supplementary Figure 2), following
the procedure of [41], providing reconstructions of the
elliptical yield curve. The two yield curves generated for the
surﬁcial hyaloclastite were similar in magnitude and
exhibited comparable peaks, marking the transition from
the brittle regime (where materials strengthen with pressure
and fail via localised deformation) to the ductile regime
(where materials weaken with pressure and compact via
pervasive deformation). The peaks, termed the critical
eﬀective mean stress (critical P), occurred at 9.2-12.0 MPa,
corresponding to a peak strength (diﬀerential stress, Q) of
~13 MPa (Figure 7(a)). Where the sample can no longer
withhold any shear stress (Q = 0 MPa), the curves (black
circles and red triangles; Figure 7(a)) intersect the eﬀective
mean stress (P) axis at a pressure of ~22 MPa, marking P∗ .
Two samples of surﬁcial hyaloclastite were then compacted by increasing the eﬀective mean stress beyond P∗ ,
eﬀectively extending P∗ to 33 MPa (black boxes; Figure 7(a))
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Table 3: Porosity, permeability, uniaxial compressive strength, and
Young’s modulus results.

0m

70 m

556 m

732 m

Sample
ID
H1 0 m
H2 0 m
H3 0 m
H4 0 m
H5 0 m

39.7
39.8
38.6
40.8
39.7

H6 0 m

39.8

Average

39.7

H1 70 m
H2 70 m

21.9
22.5

H3 70 m

19.7

H4 70 m
Average

24.0
22.1

H1
556 m
H2
556 m
H3
556 m
Average
H1
732 m
H2
732 m
H3
732 m
Average

Young’s
Permeability UCS
modulus
2
(m )∗
(MPa)
(GPa)

5.4

0.8

2:0 × 10−13

10.3

40

10–13

35

10–14

30

10–15

25

10–16

20

10–17

15

10–18

10

10–19

1.4

−15

1:4 × 10

5
0

10

13.8

37.1

8.6

8:7 × 10−20

13.1
12.9

Unconfined
Porosity
0m
70 m
556 m
732 m

12.5

13.9

20

30

40

10–20

Effective pressure (MPa)

12.1

11.8

Permeability (m2)

Depth

Porosity
(%)

P⁎

Porosity (%)

Sample

10–12

45

40.0

13.1

5:9 × 10−20

13.3

and 40 MPa (blue triangles; Figure 7(a)). The resultant yield
curves (also mapped via repetitive loading) achieved similar
peak strengths of 14 to 15 MPa but the curves were elongated,
with shifts in the brittle-ductile transition (critical P) to a
higher eﬀective mean stress of ~12.5 MPa for the sample
compacted to 33 MPa and ~19 MPa for the sample compacted
to 40 MPa (Figure 7(a)). We further processed the data by
normalising each curve against its P∗ value, by dividing the
eﬀective mean stress (P) and the diﬀerential stress (Q) at each
step by the corresponding P∗ value for that curve. This was
done to allow a direct comparison between diﬀerent yield
curves (after [41, 67]). The normalised data indicate that Q/
P∗ lowers with the degree of compaction (i.e., with its modiﬁed P∗ value; Figure 7(b)).
The strength of the subsurface hyaloclastites collected
from boreholes is greater than the surface samples, and the
yield curves obtained are thus much greater in magnitude
(Figure 7(c)). The magnitude of the yield curves increases
with decreasing porosity; the sample from 70 m depth exhibited the brittle-ductile transition (critical P) at an eﬀective
mean stress of ~37.5 MPa, the lowest porosity sample from
556 m did not cross the brittle-ductile transition within the

Confined
Porosity
Permeability
0m
70 m
556 m
732 m

Continuous
porosity
change

Figure 6: Porosity and permeability evolution with increasing
eﬀective pressure for the diﬀerent hyaloclastites. Here, the initial
porosity measurement (in black) is made by He-pycnometry for
all samples. For the two shallower samples, subsequent porosity
measurements are extrapolated by monitoring the volume change
in the pumps as the eﬀective pressure is increased via continuous
and noncontinuous approaches (blue line and blue symbols,
respectively). Permeability is also measured at increasing pressure
increments, highlighting the diﬀerent susceptibilities of the
materials to permeability reduction via compaction. For the
surface material, we observe a change in the slope of porosity and
permeability as a function of eﬀective pressure, marking P∗ . The
dashed lines connecting the discrete porosity and permeability
measurements are for visual clarity and oﬀer no statistical
signiﬁcance.

pressure conditions tested (up to 75 MPa), and the deepest
sample from 732 m showed brittle-ductile transition at an
eﬀective mean stress of ~68.5 MPa (Figure 7(c)). The pressure for inelastic compaction (P∗ ) of these hyaloclastites
was not met during testing up to >43 MPa for the 70 m sample and >75 MPa for the 556 and 732 m samples.
3.4. Physical Controls on Mechanical Characteristics. Porosity
of the hyaloclastites decreases with increasing depth within
the geothermal system, with those at 556 m and 732 m having
narrowly overlapping ranges (Table 3). As porosity is
considered the primary control on strength, we compare
the mechanical characteristics of the samples from the surface, 70 m, 556 m, and 732 m to porosity (Figure 8). Decrease
in porosity corresponds to a decrease in permeability
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Figure 7: Yield curves of hyaloclastites. (a) Yield curves for the surface hyaloclastite, loaded up to P∗ (black circles and red triangles) and
compacted by loading past P∗ to 33 MPa (using the same sample; black squares) and 40 MPa (blue triangles). The samples compacted
beyond P∗ show elongate yield curves. The transition between brittle and ductile behaviour, termed the critical eﬀective mean stress
(critical P), is approximated for each curve and shown by B|D. (b) The same data normalised by dividing each point by its respective P∗
value. Peak Q/P∗ decreases as the samples are compacted beyond P∗ . (c) Yield curves for subsurface hyaloclastites sampled at diﬀerent
depths at Kraﬂa. The yield curves increase in size with decreasing porosity (~increasing depth) as the samples become stronger. The brittle
to ductile transition is shown for each curve, except for the sample from 556 m depth, where it was not met within the pressure conditions
tested. The dashed lines connecting the measurements are for visual clarity and oﬀer no statistical signiﬁcance.

(Figure 8(a)) and an increase in UCS from 5.4 MPa in the
surface samples, to 10.3 MPa in the 70 m drill core sample,
37.1 MPa at 556 m, and 40.0 MPa for the deepest samples
from 732 m (Figure 8(b)). Similarly, Young’s modulus
increases by over an order of magnitude from 0.8 GPa at
the surface, to 1.4 GPa at 70 m, 8.6 GPa at 556 m, and
13.1 GPa at 732 m (Figure 8(c)). Although P∗ was not
achieved in our tests on the buried samples from the drill
core, the yield curves of the buried samples have higher magnitude, indicating an increase in P∗ from that of the surface
hyaloclastite at 22 MPa. The transition between brittle and
ductile behaviour, termed the critical eﬀective mean stress,
was however observed at the experimental eﬀective pressures
tested (Figure 8(d)). With decreasing porosity, the brittle-

ductile transition was shifted from an eﬀective mean stress
of 10.5 MPa at the surface to 37.5 for the 70 m sample and
68.5 MPa at 732 m, whilst the slightly lower porosity 556 m
sample did not meet the critical P value at 75 MPa (Table 3).

4. Interpretation and Discussion
By replicating the stress conditions at various depths in the
geothermal reservoir, we assess and compare the compaction
response of surﬁcial and subsurface hyaloclastites during
compression. Compaction may be associated with multiple
phenomena (Figure 9): from an increase in eﬀective pressure
which can be caused by either local increases in external
applied stress (e.g., due to burial from subsequent deposits
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Figure 8: Physical and mechanical attributes of hyaloclastites from diﬀerent depths within the hydrothermal reservoir at Kraﬂa volcano, NE
Iceland. (a) Permeability (at an eﬀective pressure of 4 MPa) as a function of porosity showing a nonlinear positive correlation. (b) Strength as a
function of porosity showing a nonlinear negative correlation. (c) Young’s modulus decreases by an order of magnitude over the range of
porosity examined. (d) Critical eﬀective mean stress (critical P), marking the brittle to ductile transition of each material depends on
porosity (note the value for the sample from 556 m is a minimum as critical P was not met up to an eﬀective mean stress of 75 MPa).

and lava emplacement or from magma intrusion) or local
decreases in pore pressure (e.g., if ﬂuids are drained, excessively extracted, or if the ﬂuid density ﬂuctuates). During simulated burial, the surface hyaloclastite transitions from elastic
to inelastic compaction at an eﬀective pressure of 22 MPa
(i.e., P∗ ; Figure 2), corresponding to a depth of 1.3 km, assuming that the top part of the reservoir is made of layers of basalt
and hyaloclastite with a nominal rock density of ~2500 kg ·
m−3 and a ﬂuid density of 800 kg · m−3 (after [68]). Thus, it is
likely that some hyaloclastites in the geothermal system at
Kraﬂa (logged at depths of at least 1362 m in IDDP-1; [36])
have undergone inelastic compaction at pressures exceeding
P∗ due to burial. Moreover, vapour-rich hot zones within
the reservoir may drop ﬂuid density to below 400 kg · m−3
[69], causing locally higher eﬀective pressures that could push
the hyaloclastite to P∗ . Finally, dykes and sills are abundant
throughout the stratigraphy which may have increased local
stresses beyond P∗ . At higher pressures, i.e., beyond P∗ , the
rock compacts, which causes the resultant yield curve of the
material to widen, pushing the apparent P∗ to higher eﬀective

pressures without substantially increasing the strength
(Figure 7(a)), resulting in a lower Q/P∗ ratio (Figure 7(b)).
The samples retrieved from depth display much lower
permeability (Figure 8(a)), as anticipated by the reduction
in pore volume. The porosity and permeability reduction
during loading (increasing eﬀective pressure) is more significant for the more porous, permeable samples from the surface and from 70 m depth (Figure 6), suggesting that initial
conﬁnement has the most signiﬁcant impact on the ability
for ﬂuid ﬂow through the materials, as has been noted in
other porous, permeable rocks [27, 70]. The samples also
show increasing compressive strength and Young’s modulus
with burial depth (Table 3, Figures 8(b) and 8(c)) and have a
greater strength at a given eﬀective pressure (Figure 7(c)).
The subsurface samples have higher magnitude yield curves,
with the brittle to ductile transition (critical P) occurring at
signiﬁcantly higher pressures than the surface samples. Using
the aforementioned rock density of ~2500 kg · m−3 and ﬂuid
density of 800 kg · m−3 (after [68]), the overburden would
be ~1.2 MPa for the 70 m deep sample, ~9.5 MPa for the
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by pore
fluid drainage

Compacted by burial
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Compacted, then altered
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Altered hyaloclastite
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Compacted, altered hyaloclastite

Hyaloclastite

Borehole and wellhead

Compacted hyaloclastite

Figure 9: Conceptual model of hyaloclastite evolution in active volcanic hydrothermal systems exploited for geothermal energy. Hyaloclastite
may be prompted to compact via external forcing (e.g., if buried under thick sequences of deposits/lava or if intruded by magma) or via
reduction in pore ﬂuid pressure (whether via natural ﬂuxes or if ﬂuids are drained during geothermal energy harnessing). In some cases,
hyaloclastites may undergo chemical alteration prior to compaction, if pressure and temperature conditions were favourable to trigger
reactions. We note that in scenarios where the hyaloclastite is intruded by magma, we anticipate that breakdown of clays and zeolites (due
to the high temperature experienced) may cause weakening of hyaloclastites, enhancing the likelihood of compaction (e.g., [75], this volume).

556 m sample, and ~12.5 MPa for the 732 m sample, which
places them in the brittle regime at reservoir conditions
(Figure 7(c)). Thus, if high diﬀerential stresses were to accumulate, they would cause dilatant rupture. The reservoir is
located in a divergent, extensional tectonic setting impacted
by recurring volcanic activity (e.g., [71, 72]), with a highly
varied stress ﬁeld [73]; as such, brittle failure is not unlikely
and would locally enhance ﬂuid circulation (e.g., [7, 27,
74]) within the reservoir.
P∗ for the reservoir hyaloclastites would occur at pressures much greater than those likely experienced at the depth
at which they were sampled at Kraﬂa. Yet, the reservoir hyaloclastites are expected to have originally exhibited (upon
their formation) similar physical and mechanical attributes
to those of the surﬁcial hyaloclastites studied herein; so, considering that the surﬁcial hyaloclastite may undergo ductile
(compactant) deformation at as little as ~10.5 MPa and that
P∗ can be exceeded at ~22 MPa, we anticipate that the reservoir hyaloclastites sampled at 556 m and 732 m have likely
suﬀered some degree of inelastic compaction and even

exceeded P∗ upon burial in the system. Such a mechanism
however fails to recreate all the characteristics of the hyaloclastites forming the geothermal reservoir (Figure 7), indicating that the porous permeable network within these rocks has
been additionally modiﬁed.
Beyond mechanical compaction (Figure 9), several factors may enhance closure of porosity and strengthening with
burial, including temperature-induced weakening (e.g., from
local magma intrusion) that lowers P∗ and enables more
complete compaction (see [75], this volume) and interaction
with hydrothermal ﬂuids. We observe that the deep hyaloclastites show signs of reactions induced by elevated temperatures (Figures 2–4, Table 2); 556 m and 732 m samples are
altered to blue-green in hand specimen and red-brown in
PPL (Figures 1 and 2), and pore inﬁll by secondary mineral
precipitation (see Figures 2–5). In particular, we note that
the zeolite fraction initially decreases from 6.9% at the surface
to 0.1-0.2% at 70-76 m and then increases to 17.4% and
13.6% in the 556 m and 732 m samples, hosted in pore space,
fractures, and in the margins of glass fragments (Figures 3
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and 4; Table 2). In addition, the sample from 556 m contains
zeolite-rich veins, which, absent in all other samples, may
relate to the close proximity (~1 m) of the sample to a dyke.
Dykes commonly intrude the hyaloclastites around Kraﬂa.
We postulate that zeolite replacement of the glass is signiﬁcant after burial at low pressure, low temperature. Comparison of the mineralogical assemblage of the hyaloclastites with
the alteration chart of Thien et al. [46] helps in the assessment of the conditions of alteration. The surﬁcial zeolitebearing hyaloclastite indicates a shallow, low-temperature
alteration (<50°C and <5 MPa pressure), whereas the 7076 m depth hyaloclastites contain no zeolites, which suggests
that they were altered through interaction with volcanic gases
and by progressive interaction with meteoric ﬂuids at low
pressure [46]; potentially, dehydration in the near-intrusion
70-76 m samples could explain their absence (cf. [75]).
The increase in smectite with depth, followed by the
subsequent reduction (Figure 5), may indicate the base of
the low-temperature alteration zone (where smectite is
thermodynamically stable) at around 556–732 m. This is
often referred to the clay cap within geothermal reservoirs,
which is commonly mapped with electrical soundings (e.g.,
[23–25, 76]). Temperature measurements of 120-200°C
within the borehole [24, 56] and temperature reversal in
borehole KH-6 suggest it is likely that the reduction of
smectite in the 536 m and 732 m samples is related to an
older temperature proﬁle with a higher geothermal gradient. We also note that actinolite becomes pervasive in the
matrix in samples from 556 m and 732 m and that calcite
increases from 0% at the surface to 0.9% at 70 m, 5% at
76 m, 1.1% at 556 m, and 2.5% at 732 m. Higher amounts
of calcite ﬁlling vesicles in the deeper hyaloclastites indicates precipitation from volcanic ﬂuids at higher pressure
(25 MPa) and temperature (250°C), which also suggests the
rocks may have previously been at a slightly elevated temperature compared to the present [46].
In combination with burial-induced compaction, modiﬁcation of the pore space by inﬁlling contributes to the low porosity and permeability and increased strength of the subsurface
hyaloclastites. Certain aspects of the deformation and alteration
history may be gleaned by textural examination. If minerals are
restricted to pores, this suggests conditions were such that minerals could precipitate ahead of deformation, which would
serve to strengthen the rock mass and ensure it remains coherent; on the other hand, if fractures are present and inﬁlled, it
may suggest that stress conditions promoting deformation
were reached ahead of those causing reactions. Figure 9 shows
how some hyaloclastites may undergo compaction before alteration, whereas others may ﬁrst undergo alteration, which may
(or may not) strengthen the rock suﬃciently to prevent compaction, and it shows how in some areas rocks may avoid compaction by protection from adjacent strong lithologies.
Considering that hyaloclastites are variably porous [26–
28], it is interesting to note that the model of Thien et al.
[46] suggests that a reduction in porosity slows the alteration
process. This introduces further complexity into the understanding of the hyaloclastite’s evolutionary history, including
the respective timing of progressive weakening via leaching by
ﬂuids (e.g., [46]) or thermal destabilisation [75] versus strength-
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ening via compaction and secondary mineral precipitation and
how these processes may diﬀer as a function of depth. Higher
spatial resolution measurements of mineralogy show high
variability throughout the borehole [24]. This may in part be
due to crosscutting of the hyaloclastite by basaltic dykes (for
example, as seen within 1 m of the 556 m sample) which are
common and could locally inﬂuence alteration products by elevating temperature, and/or it may be due to heterogeneities in
the initial hyaloclastite deposits (which, for example, contain
diﬀering grain sizes, lithic and crystal contents); thus, interpretations of alteration should be made with caution when considering a limited sample suite. Pressure and temperature
conditions are in constant ﬂux in geothermal systems, especially in such active volcanic systems, and even small ﬂuctuations can change the mechanical response of the materials
and reactions taking place, highlighting the need for extensive
sampling and high-resolution modelling within these systems.

5. Conclusions
This experimental study investigated the mineralogical, physical, and mechanical evolution of hyaloclastite upon burial in
the active hydrothermal system at Kraﬂa volcano. During
the burial of fresh, surﬁcial hyaloclastite in a reservoir, local
pressures will increase causing the physical properties (porosity and permeability) of the material to evolve upon exceeding
the elastic limit (P∗ ), which prompts collapse of the porous
network, resulting in reduced porosity and permeability. Pore
collapse results in a modiﬁcation of the yielding behaviour of
the rock with a shift in the brittle-ductile transition (critical
P) to a higher eﬀective mean stress. After increasing the eﬀective pressure of the surﬁcial hyaloclastite beyond P∗ , it is
observed that compaction alone does not recreate the physical
and mechanical properties of subsurface hyaloclastites, as
strength is not correspondingly increased (Q/P∗ is reduced).
The subsurface hyaloclastite samples from the reservoir
exhibit a progressive enhancement of strength and reduction
in porosity and permeability with burial depth. The yield
curves of the subsurface samples diﬀer signiﬁcantly from those
produced by compaction of fresh surﬁcial hyaloclastite.
Subsurface hyaloclastites do not achieve P∗ within the anticipated reservoir conditions at depths of up to 1362 m (logged
at IDDP-1; [36]) and remain within the elastic regime. Yet,
the buried hyaloclastite samples’ origin as porous surface
deposits suggests they may have already experienced inelastic
compaction at pressures exceeding P∗ . The failure to
reproduce the physical and mechanical characteristics of the
subsurface hyaloclastites via mechanical compaction of the
surface hyaloclastites beyond P∗ leads to the conclusion that
in isolation, burial-induced compaction is insuﬃcient to generate reservoir-hosted hyaloclastites. We invoke the additional
importance of mineralogical alteration and precipitation from
hydrothermal ﬂuids occurring at high temperature, which
modiﬁed the porous permeable network and led to strengthening of the rock, which may have occurred before, during,
and after compaction. Mineralogical, physical, and mechanical
processes are in constant competition during the evolution of
rocks within geothermal systems; small spatial and temporal
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ﬂuctuations in the local pressure-temperature environment
will dictate the ability for ﬂuid to ﬂow and the potential for
energy extraction; thus, detailed studies of such processes are
required to maximise the energy potential of geothermal systems such as Kraﬂa.
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At the time of energy transition, it is important to be able to predict the eﬀects of ﬂuid overpressures in diﬀerent geological scenarios
as these can lead to the development of hydrofractures and dilating high-porosity zones. In order to develop an understanding of
the complexity of the resulting eﬀective stress ﬁelds, fracture and failure patterns, and potential ﬂuid drainage, we study the process
with a dynamic hydromechanical numerical model. The model simulates the evolution of ﬂuid pressure buildup, fracturing, and the
dynamic interaction between solid and ﬂuid. Three diﬀerent scenarios are explored: ﬂuid pressure buildup in a sedimentary basin,
in a vertical zone, and in a horizontal layer that may be partly oﬀset by a fault. Our results show that the geometry of the area where
ﬂuid pressure is successively increased has a ﬁrst-order control on the developing pattern of porosity changes, on fracturing, and on
the absolute ﬂuid pressures that sustained without failure. If the ﬂuid overpressure develops in the whole model, the eﬀective
diﬀerential and mean stress approach zero and the vertical and horizontal eﬀective principal stresses ﬂip in orientation. The
resulting fractures develop under high lithostatic ﬂuid overpressure and are aligned semihorizontally, and consequently, a
hydraulic breccia forms. If the area of high ﬂuid pressure buildup is conﬁned in a vertical zone, the eﬀective mean stress
decreases while the diﬀerential stress remains almost constant and failure takes place in extensional and shear modes at a much
lower ﬂuid overpressure. A horizontal ﬂuid pressurized layer that is oﬀset shows a complex system of eﬀective stress evolution
with the layer fracturing initially at the location of the oﬀset followed by hydraulic breccia development within the layer. All
simulations show a phase transition in the porosity where an initially random porosity reduces its symmetry and forms a static
porosity wave with an internal dilating zone and the presence of dynamic porosity channels within this zone. Our results show
that patterns of fractures, hence ﬂuid release, that form due to high ﬂuid overpressures can only be successfully predicted if the
geometry of the geological system is known, including the ﬂuid overpressure source and the position of seals and faults that
oﬀset source layers and seals.

1. Introduction
Fracturing and the development of mineralized veins and
breccia are an important process in the Earth’s crust linked
to ﬂuid ﬂow and mineral deposits and have important applications related to the energy transition with reactive ﬂow in
geothermal systems and carbon capture and storage (CCS)
in aquifers and decommissioned oil and gas ﬁelds and energy

storage in sedimentary basins [1–6]. On the one hand, ﬂuids
can ﬂow along open fractures and transport material that can
precipitate and close fractures forming mineral veins
(Figure 1). On the other hand, the ﬂuid pressures are directly
involved in the fracturing process itself through the mechanism of hydrofracturing. This process is highly dynamic with
feedback between ﬂuid overpressure (ﬂuid pressure in excess
of the hydrostatic pressure) and the solid material involving
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Figure 1: Examples of veins that may represent high ﬂuid pressures in rocks. (a) Veins containing layer-parallel and perpendicular branches
(Sestri Liguria, Italy). (b) Layer-parallel “beef”-type veins (Sestri Liguria, Italy). (c) Large vein with brecciated host rock (Isle of Kerrera,
Scotland, UK). (d) Tree-like branching vein (Isle of Kerrera, Scotland, UK).

porosity and permeability changes due to the fracturing process and subsequent opening and closing of fractures [7, 8]. A
rise in the local ﬂuid pressure in a rock pore leads to an outward directed force that works against the solid and can thus
reduce the solid stress to an eﬀective stress σ′ij according to
Terzaghi’s law [9]:
σ′ij = σij − Pf δij ,

ð1Þ

with σij being the total normal stress, Pf the pore ﬂuid pressure, and δij the Kronecker delta with the sign convention of
positive compressive stress.
This eﬀect is often visualized in the Mohr diagram of
eﬀective shear to normal stress where a rise in ﬂuid pressure
leads to a reduction of the mean stress and thus eventually to
failure if the ﬂuid pressure is high enough. This approach is
based on assumptions and is a simpliﬁcation of the eﬀects
of ﬂuid pressures on solids and has a number of shortcomings that can lead to misinterpretation as pointed out by a
number of authors ([10–14]; Cobbold and Rodriguez, 2007;
[15]). The three main assumptions are as follows: (a) ﬂuids
are incompressible, (b) ﬂuids are stationary, and (c) it is sufﬁcient to consider ﬂuid pressure only, disregarding ﬂuid
overpressure and ﬂuid pressure gradient(s). However, in a
natural geological scenario, these assumptions may not be
appropriate; thus, conclusions based on these assumptions
may be faulty and misleading. For example, ﬂuid is generally
about an order of magnitude more compressible than the
surrounding solid. This compressibility is not necessarily
important for the initial fracturing process but becomes
important once the system evolves and the solid and ﬂuid
interact dynamically leading to opening and closing channels, for example, in the ﬂuidization of sediments [16–19].

The assumption that the ﬂuids are stationary is not realistic
for a dynamic natural system. In a porous or fractured system, ﬂuids will generally move leading to an evolution of
the ﬂuid pressure and ﬂuid pressure gradients depending
on the source, sink, and permeability of the system as was
shown by Cobbold and Rodrigues [20]. This does not necessarily mean that the ﬂuids move fast but that changes in pressure or a local ﬂuid pressure increase from a source will
eventually lead to evolving pressure gradients. Commonly,
this shortcoming of the stationary ﬂuid assumption is overcome by using Biot’s law where a linear pore ﬂuid factor λv
is added that represents the loss of ﬂuid from a pore into
the surrounding rock [21, 22] according to
λv =

Pf
v
=
,
σv 1 − v − ð1 − 2vÞαP

ð2Þ

with the pore ﬂuid factor λv representing the ratio of pore
ﬂuid pressure (Pf ) to vertical stress (σv ), αP the poroelastic
factor, and v the Poisson ratio.
Using this law in three dimensions assumes that all
principal stresses are aﬀected by the ﬂuid pressure in the
same way, which is a simpliﬁcation that only works in
restricted cases [10, 11, 13, 14]. The use of ﬂuid pressure
only in a dynamically evolving setting such as a sedimentary basin where through some dynamic processes, e.g.,
mineral reaction or oil maturation, ﬂuid pressure increases
successively and the fracture system may evolve is inappropriate. Here, only a lateral diﬀerence in ﬂuid pressure
or a ﬂuid pressure gradient can lead to forces that act
on the solid and eventually lead to fracturing associated
with ﬂuid pressure. Therefore, only an overpressure or a
pressure gradient can be used in the eﬀective stress law
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as was pointed out by Cobbold and Rodrigues [20]. An
example is the evolution of eﬀective stress in a ﬂuid overpressure zone in a sedimentary basin below a seal, where
Hillis [12] has shown that in this case, the lowest eﬀective
stress below the seal is linked to the vertical stress and the
ﬂuid pressure. That means that the eﬀective stresses in the
horizontal and vertical directions will approach zero, the
diﬀerential and mean stress will decrease, and the system
will ﬂuidize. By ﬂuidize, we mean the point where the system is only governed by a pressure without diﬀerential,
shear, or deviatoric stresses. The reason for this eﬀective
stress pattern is that the ﬂuid pressure increase is nearly
constant for a given depth across the basin so that no horizontal ﬂuid pressure gradients will develop. Gradients
develop only in the vertical direction, and in order for failure to occur, the ﬂuid overpressure will have to exceed the
vertical stress. Cobbold and Rodrigues [20] show that the
horizontal eﬀective stress below a seal in an overpressurized sedimentary basin is
σ3′ = κe ðσ1 − PÞ,

ð3Þ

where P is the local overpressure and K e the dimensionless elastic proportionality factor (smaller than 1.0). The
ﬂuid overpressure aﬀects the vertical and horizontal
stresses diﬀerently, leading to a reduction of the diﬀerential stress and to horizontal failure so that “beef” veins
develop (Figure 1). This scenario was illustrated by Cobbold and Rodrigues [20] in experiments. First, the system
ﬂuidizes, the eﬀective stresses approach zero, and then a
horizontal hydrofracture develops once the ﬂuid pressure
approaches the overburden stress (Figure 2). Ghani et al.
[15, 23] use a numerical model to illustrate the diﬀerence
between tectonic fractures and pure hydrofractures and
derive similar results as Cobbold and Rodrigues [20] in
their experiments.
In this contribution, we use an advanced version of the
numerical model of Ghani et al. [15, 23] that can model
the dynamic interplay between inﬂux of compressive, nonstationary ﬂuids, overpressure, ﬂuid pressure gradients,
associated fracturing, and dynamic feedback between these
factors; hence, with this model, it is possible to simulate
the dynamic evolution of a geological scenario where ﬂuid
pressure may increase locally or homogeneously. We study
the eﬀects of diﬀerent layer geometries and elasticity on
the evolution of the eﬀective stress, fracturing, and dewatering of the overpressurized systems.

2. Numerical Setup
2.1. General Model. The numerical scheme used in this contribution is built on the work of Ghani et al. [15, 23] with a
similar approach as that used for poroelasticity and ﬂuid ﬂow
in granular media [24–26], during hydrofracture or aerofracture [27–31], for shearing of gouge layers in faults [32, 33],
and for instabilities during sedimentation [16–19]. The
model is implemented into the microstructural modeling
environment “Elle” [34, 35].

In the 2-dimensional numerical scheme, the ﬂuid and
solid are treated on two diﬀerent grids, with the solid being
represented by an initially triangular elastic spring network
and the ﬂuid being represented by a square continuum grid
(Figure 2(a)). The model represents a vertical square cross
section of a crustal domain that is overlain by 1000 m of cover
sediments. The upper model boundary is controlled by
gravity (force boundary) whereas the two sides and the
bottom are free-slip parallel to a wall but not allowed to
move perpendicular to the wall (Figure 2(a)). The ﬂuid
pressure is horizontally periodic, wrapping on the leftand right-hand side of the model and has a constant value
at the upper and lower boundary. Initial ﬂuid pressure
conditions are hydrostatic with ﬂuid being inserted into
the model over time in diﬀerent geometrical conﬁgurations
(Figure 2). We ﬁrst present the governing equations of the
ﬂuid, followed by the solid and the connection of model
assumptions and the scenarios modelled.
2.2. Governing Equations. The ﬂuid phase is described by the
ﬂuid pressure Pf of single nodes in a square grid. The inertia
of the ﬂuid is not considered assuming that the Reynolds
number is low. Darcy’s law is used to describe the ﬂuid
movement through the solid. A diﬀusion equation is derived
for the ﬂuid pressure that contains mass and momentum
conservation between the ﬂuid and solid. The interstitial ﬂuid
ﬂow is then expressed as a porosity-dependent pressure gradient. The continuity equations for solid and ﬂuid at the scale
of a grain diameter read [15]
∂t ½ð1 − ϕÞρs +∇ · ½ð1 − ϕÞρs us  = 0,

ð4Þ

∂t ðϕρf Þ+∇ · ðϕρf uf Þ = 0,

ð5Þ

where ρs and ρf are the solid and ﬂuid densities, respectively;
us and uf are the solid and ﬂuid velocities, respectively, and ϕ
is the local porosity of the solid. The Darcy equation can be
used to calculate a local seepage velocity ϕ u f of the ﬂuid
for a pressure change according to the local permeability on
a unit area:
ϕðuf − us Þ = −

K
∇P,
μ

ð6Þ

where μ is the ﬂuid viscosity and P the ﬂuid pressure. The
permeability K is calculated from the local porosity
according to the Kozeny-Carman relation [36]:


K ϕ x ,y



 3
r 2 ϕ x ,y
= 
2 ,
45 1 − ϕx,y

ð7Þ

with r being the grain radius. The ﬂuid state equation is considered using the ﬂuid compressibility β, as a proportional
approximation of the ﬂuid density to pressure variation:
ρf = ρ0 ð1 + βPÞ,

ð8Þ
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Figure 2: Setup of the numerical model. (a) Model box with free-slip elastic walls at the bottom and the right- and left-hand side and a stress
boundary at the top. The inset shows the lattice for the elastic solid and the ﬂuid, respectively. (b) Simulation setup with the initial
conﬁguration followed by an input of ﬂuid pressure, the ﬂuid pressure evolution, the elastic relaxation, the internal failure until the model
is relaxed, and the repetition of the time step. (c) Geometry of the source zones where ﬂuid is introduced successively during model runs
for the 3 diﬀerent scenarios modelled. Source zones are shown in pink.

with ρ0 being the ﬂuid density at some reference pressure.
When ρf and uf are substituted into equation (5), ∂t ϕ is
eliminated and the following diﬀusion equation for the
ﬂuid overpressure is derived [15, 32, 33, 37]:



∂P
K
+ us ∇·P = ∇ · ð1 + βPÞ ∇P − ð1 + βPÞ∇·us ,
ϕβ
∂t
μ


ð9Þ
with the left-hand side of the equation representing the
Lagrangian derivative of the ﬂuid pressure, the ﬁrst term on
the right-hand side the Darcy diﬀusion of the ﬂuid pressure,
and the third term the source term dealing with pressure
change as a function of particle movement.
2.3. Solid. The solid is represented by an initially triangular
elastic spring network with the translation of nodes as a
function of the momentum exchange between the solid
and ﬂuid in a unit volume cell dV, with a solid of mass

dm = ρs dV, and interparticle force f e , ﬂuid force f p , and
gravitational loading f g , so that
dm

dV s
= f e + f p + f g:
dt

ð10Þ

The normal (f n ) and shear force (f s ) acting on a particle
from its neighbor is calculated from the relative displacements
of the neighbor (i) normal (Δuin ) and tangential (Δuis ) to the
connecting spring with reference to an equilibrium position.
The total force over all connected springs is [38]
6

6

i=1

i=1

f e = f n + f s = 〠 kin Δuin + 〠 kis Δuis ,

ð11Þ

where kin and kis are the spring constants for normal and
shear displacement, respectively, and the sums are running
over all six neighboring particles. Once springs break in
the model, they are removed and the corresponding nodes
will only experience a repulsive force. The repulsive force
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is calculated with the normal force from equation (11) but
only for compressive interactions. The ﬂuid forces that act
on each node in the elastic grid are calculated from the difference of the neighboring ﬂuid pressure cells and then
applied on the area that the elastic node represents.

f p = −〠 sðr i − r k Þ
k

∇P
ρn

local porosity (or particle solid fraction) and particle velocity
to the ﬂuid, and the ﬂuid passes the local ﬂuid force back to
the solid. The particle density ρðr0 Þ or solid fraction in a ﬂuid
cell is calculated as
n


,

ð12Þ

ρ ð r 0 Þ = 〠 s ðr i − r 0 Þ,

ð16Þ

i

k

and the overall solid velocity uðr0 Þ in a ﬂuid cell is
where ∇P is the ﬂuid pressure gradient, ρn is the solid fraction, k is running over the four ﬂuid grid nodes near the
particle, and sðr i − r k Þ is a smoothing function that satisﬁes
the weighted distribution of particle mass relative to its
position [15]. A gravitational vertical force is applied on
the elastic nodes depending on the depth of the upper
boundary (representing the overlying rocks) and gravitational forces from neighboring nodes. The gravity force
on single particles in addition to the load of the overlying
sediments is calculated from the particle density φ, the
acceleration due to gravity g, the real volume of the particle
V R , and the scale factor w (w = 0:74, [38]):
f g = V R φgw:

ð13Þ

Failure in the elastic network will happen once a critical
strain energy for shear and tensile failure is reached. In
order to model combinations between the two failure
modes, an elliptical energy model for mixed failure is used
[39]. The strain energy (U tot ) in the elastic network is
U tot = U t + U s ,

ð14Þ

where U t and U s are the strain energies for tension and
shear, respectively. With the critical strain energy for failure
being Ect and Ecs for tension and shear, respectively, then
 2  2
Us Ut
σ
τ
+
= n +
= 1,
Ecs Ect
σ0
τ0

ð15Þ

where σn is the normal stress, τ is the shear stress, σ0 is the tensile strength, and τ0 is the shear cohesion of the material. The
equation typically describes an ellipse in the σn − τ space [40].
2.4. Interaction between Fluid and Solid. In the current conﬁguration, the square ﬂuid lattice cells are twice as large as
the diameter of the elastic nodes of the triangular grid. This
conﬁguration is important in order to ensure that the solid
fraction per ﬂuid cell is calculated accurately to determine
the larger-scale porosity and permeability. In order to communicate between the two lattices, a linear tent weight function is used to account for the diﬀerences in distance between
the elastic and ﬂuid nodes [15, 41]. The solid lattice passes the

n

u ð r 0 Þ = 〠 u i s ð r i − r 0 Þ,

ð17Þ

i

where subscript i stands for the particle number and runs
through all particles n and the smoothing function satisﬁes
the weighted distribution of particle mass relative to the
ﬂuid node position [15]. The simulation input and output
data used to support the ﬁndings of this study are available
from the corresponding author upon request. The basic software for the simulations can be found and downloaded at
http://elle.ws, and the corresponding author will make the
additional code available upon request.
2.4.1. Assumptions. The friction force between the ﬂuid and
the solid at the surface of the solid at a macroscopic scale is
not considered, so that only the pressure gradient produces a
drag force on the solid nodes (in the direction of the ﬂow).
This pressure gradient is nonetheless directly related to the
ﬂuid friction forces exerted at a small scale from the ﬂuid over
the solid along the pore boundaries, since the force associated
with the pressure gradient exerted over the ﬂuid is entirely
transmitted to the pore boundaries in a Darcian ﬂow with a
negligible ﬂuid inertia. The ﬂuid is considered to be purely viscous; hence, a thermal evolution is not taken into account. We
assume that the Kozeny-Carman relation that is derived from
dense granular media can be applied to relate porosity and
permeability in our setting. The local grain radius in the
Kozeny-Carman equation can be used to adjust the relationship; however, in natural rocks, the relationship between
porosity and permeability may be more complicated. In the
model, we use a ﬁxed grid geometry and a ﬁxed node size
for the solid. This conﬁguration was chosen because it is the
only conﬁguration in 2d that produces linear elasticity on
the large scale [24]. The ﬁxed conﬁguration has the potential
disadvantage of grid eﬀects. However, a strong variation of
grid geometry and particle size in DEM models produces nonreliant material behaviors, which we aim to avoid. In order to
minimize grid eﬀects, a Gaussian variation of the spatial distribution of the breaking strengths is applied to the springs. We
expect grid eﬀects to become largest under shear fracturing
especially when the grid weakness is oriented close to the
actual fracture orientation. However, the model does still produce listric and curving faults [39, 41]. Fractures are not wrapping in the model, which leads to boundary eﬀects on the leftand right-hand side and the upper and lower boundary. This
results in high fracture densities close to the model boundaries
eﬀecting up to 10% of the simulation.
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We also assume that the Darcy ﬂow is valid in the
simulations because the Reynolds number of the ﬂow is
!
small. In the simulations, the velocity of the ﬂuid v is the
Darcy velocity divided by the porosity:
!

v =−

ðK/μÞ∇P
:
ϕ

ð18Þ

The average velocity of the ﬂuid in the simulations is
10-5–10-7 m/s. The Reynolds number can be calculated as
!

Re =

ρf v l
,
μ

ð19Þ

simulations are calculated for the innermost 80% of the
simulation box to avoid boundary eﬀects.
We model three main scenarios. Scenario 1 represents
a sedimentary basin where the ﬂuid pressure is increased
below a seal, for example, due to a diagenetic reaction or
hydrocarbon maturation. Scenario 2 represents ﬂuid
pressure increase in a laterally conﬁned zone. This could
represent, for example, a sedimentary basin where the
ﬂuid enters from below into a conﬁned zone or where
ﬂuid pressure is created due to a diagenetic reaction in a
conﬁned zone or cell. This scenario is also similar to a triaxial compression experiment where a sample under stress
is injected by ﬂuid. Scenario 3 represents a horizontal layer
where ﬂuid pressure increases, again for example, due to a
diagenetic reaction. For scenario 3, we also present cases
where the layer is oﬀset (for example, by a fault) prior
to ﬂuid pressure increase (note that the oﬀset zone or fault
has no speciﬁc properties).

with l being the typical grain or fracture channel size considered and μ the dynamic water viscosity. With a ﬂuid density
ρf of 1000 kg/m3, a channel size l of 10-5 m, and a dynamic
water viscosity μ of 0.001 Pa s, Re is in the range of 10-3 to
10-5. Thus, the Darcy ﬂow is still valid since Re < 1:0.

3. Results

2.5. Modelled Scenarios: Setup, Parameters, and Geological
Relevance. The simulations start with an initial geometrical
setup and the application of the gravitational force and
hydrostatic ﬂuid pressure. During each model time step, a
change in ﬂuid pressure in a number of cells is conducted.
At each time step, the ﬂuid pressure evolution is calculated
as a function of the local solid fraction and solid node
velocities, the pressure diﬀusion is applied, the elastic network is relaxed (ﬁnding a new equilibrium conﬁguration),
and failure is applied if the local critical strain energy
exceeded in successive steps with intermediate relaxation
until all bonds are stable (Figure 2(b)). The resolution of
the simulations is 200 × 230 grid cells for the elastic solid
and 100 × 100 grid cells for the ﬂuid (Figure 2). The simulations run between 2 hours and 4 weeks due to the strong nonlinearity of the process. All simulations have the following
settings: the size of the box is 1000 × 1000 m (1.0 in model
dimension), the overburden is 1000 m, the overburden
density is 2400 kg/m3, the Poisson ratio is 0.33, the internal
angle of friction of the solid is set to 30 degrees [42], the mean
breaking strength is 7 MPa with a Gaussian variation
between a lower bound of 2 MPa and an upper bound of
20 MPa, the porosity is 0.1, the ﬂuid density is 1000 kg/m3,
the ﬂuid viscosity is 0.001 Pa·s, the ﬂuid compressibility is
4:5 × 10−10 Pa−1 , and the Carman-Kozeny grain size is
10 μm. In all models, the injected ﬂuid pressure input is given
to 30 random nodes within the designated source zones
(cf. Figure 2(c)) per time step, and the time step t represents 1 hour. That means that the ﬂuid pressure in the
model is increased by 0.004 MPa/hour in the whole box.
This ﬂuid input is adjusted to a normalized ﬂuid input
per ﬂuid cell in cases where the high-pressure zone is
smaller than the whole box, for example, when ﬂuid only
enters the horizontal layer. The gravity boundary condition is stress driven and controlled by the weight of the
particles. Stresses in the model are calculated using average
stress tensors for model realms [24, 43, 44], making the
stresses independent of grid sizes. Mean stresses for the

3.1. Scenario 1 versus Scenario 2. Scenario 1 represents a
simulation where the ﬂuid pressure is raised in the whole
simulation box mimicking an endless system in the horizontal layer, for example, a high ﬂuid pressure region in
a sedimentary basin below a seal (Figure 2). Figure 3(a)
shows the stress patterns (average over the model) over
time for scenario 1 (Figure 2(c), Table 1) and illustrates
that in this geometry, the mean and the diﬀerential eﬀective
stress in addition to the vertical and horizontal eﬀective
stresses decrease until they all become zero. Hence, at this
point in time, the system ﬂuidizes (shear stresses vanish)
before the horizontal and vertical stress switch so that the
vertical stress is the smallest eﬀective stress and the diﬀerential stress increases again. This then leads to a horizontal zone
of high porosity as can be seen in Figures 3(b) and 3(c) and a
horizontally aligned fracture zone in Figure 3(d). The highporosity domain is in the lower region of the high ﬂuid
pressure zone (Figure 3(b)), and its geometry is relatively
rough and wavy. This wavy character of the high-porosity
domain is reﬂected by the fracture pattern (Figure 3(d))
that shows a breccia-like intergrowth of fractures. The
dense fracture pattern at the left- and right-hand boundary
represents an artifact and is an eﬀect of the nonwrapping
nature of the boundary.
Scenario 2 represents a simulation where the increase in
ﬂuid pressure is concentrated in a vertical zone in the center
of the model with 10% of the model on the left- and righthand side having a normal hydrostatic pressure and the
resulting eﬀective solid stress of σ3 . As an experiment, this
scenario can be compared to a cylindrical rock deformation experiment with an increase in the ﬂuid pressure
under stress. Figure 3(e) shows the resulting eﬀective
stresses (average over the model) in the x and y direction
of the scenario 2 model as well as the mean and diﬀerential stress. The diﬀerential stress in the simulation stays
almost constant whereas the mean stress becomes almost
zero, the eﬀective stress in the vertical orientation
decreases, and the stress in the horizontal orientation
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Figure 3: Two end-member cases for the development of eﬀective stresses: ﬂuid overpressure zone versus ﬂuidization. (a) The eﬀective
stresses for scenario 1 where all stresses including the diﬀerential stress decrease and become zero. (b) The ﬂuid pressure, (c) the porosity
pattern, and (d) the mean stress in color and corresponding fractures in black. Scenario 1 leads to a semihorizontal high-porosity channel
and a breccia-like fracture zone. (e) The stresses for scenario 2 with the eﬀective mean stress decreasing while the eﬀective diﬀerential
stress stays almost constant. (f) The ﬂuid pressure, (g) the porosity pattern, and (h) the mean stress and fractures for the ﬂuid
overpressure zone. A vertical central dilating zone with high-porosity channels develops in a zone that is much narrower than the high
ﬂuid pressure zone and the fracturing. Time is in hours (relative color scale below the ﬁgure).

Table 1: Summary of numerical simulation sets providing parameters of individual simulations.
Simulation

Fluid input

Young’s modulus

Oﬀset

Scenario 1

50 GPa

0

Scenario 2

Whole box
Central vertical box, between x = 0:2 and x = 0:8

50 GPa

0

Scenario 3a
Scenario 3b
Scenario 3c

Horizontal layer
Horizontal layer (oﬀset)
Horizontal layer (oﬀset)

50 GPa
50 GPa
10, 20, 30, 40, 50, 70, 100 GPa

0
Half of the layer height
Full layer height

becomes tensile. In the Mohr circle diagram, this scenario
would be illustrated by the circle moving towards the lefthand side without signiﬁcantly changing its radius leading
to tensile or hybrid tensile/shear failure depending on the
shape of the failure curve. Figures 3(f), 3(g), and 3(h)
show the ﬂuid pressure, porosity, and mean stress with
fractures towards the end of the simulation. The ﬂuid
pressure is high in the central part of the simulation and
decreases towards the right- and left-hand side as well as
towards the top. The porosity shows a localized increase in
the central region of the model with fracture-like channels of
very high porosity. The high-porosity zone in the center has
a much smaller width than the high ﬂuid pressure zone (2530% of the model width compared to 80%) and is surrounded
by a compacted low-porosity zone. Fractures develop in the
whole zone where the ﬂuid pressure is high. Two distinct fracture patterns can be distinguished: conjugate shear fractures
that are dominating the left- and right-hand side of the high
ﬂuid pressure zone and tree-like horizontal to vertical fracture
branches that form a breccia-like pattern and develop in the
central part of the model. The dense fracture pattern at the
lower and upper boundary of the model represents an artifact
and is an eﬀect of the nonwrapping nature of the boundary.

Figure 4 shows the evolution of the fracture pattern for
both scenarios over time with the ﬂuid pressure in the background. The fracture evolution in the ﬁrst scenario starts
roughly an order of magnitude later than that in scenario 2
(Figure 4(a)). Here, an initial fracture develops horizontally
across the model in a very rough and wavy fashion in the
middle of the high ﬂuid pressure area (red zone in
Figure 4(a)). Successive fractures develop progressively below
the initial fracture and merge to form a breccia zone. We
use the term breccia for any piece of host rock that has an
angular shape and is completely surrounded by fractures.
In scenario 2 (Figure 4(b)), the fracture patterns start an
order of magnitude earlier than that in scenario 1 with the
ﬁrst fractures developing as mode I or mixed mode I and II
fractures at the rim of the high ﬂuid pressure zone on the leftand right-hand side of the model. They then form conjugate
shear fracture sets and propagate from both sides towards the
center of the high-pressure zone. Once the fractures have
reached the center of the high-pressure zone, a second set
of fractures develops within the center and forms mode I
and tree-like fractures that merge to form a breccia. The
porosity evolution of the two scenarios is illustrated in
Figure 5.
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Figure 4: Time evolution of scenarios 1 and 2 (Figure 3) with the ﬂuid pressure color coded in the background and fractures in black. The
ﬂuid pressure is rescaled for each picture. Time t is in days. (a) Scenario 1 builds ﬂuid pressure up until a single semihorizontal wavy fracture
develops across the model. Successive fractures progress downwards and merge with existing ones to form a breccia-like pattern. (b) Scenario
2 develops a ﬁrst set of fractures early on at positions where the ﬂuid pressure gradients are steep. The fractures then progress inwards until
after 5000 hours, an internal fracture pattern develops that forms tree-like branches and breccias.

The initial porosity for both scenarios is random and
becomes bimodal during successive fracturing and channel
opening. In scenario 1, the porosity is initially random and
localizes once the horizontally aligned hydrofracture develops.
The fracture opens and becomes a channel of high porosity
whereas the surrounding host rock is compressed with relatively low porosity. The high-porosity channel then moves
downwards in the simulation following successive fracture
development towards the lower part of the simulation whereas
the solid is pushed upwards by the ﬂuid overpressure. In
scenario 2, the porosity increases inwards towards the center of the high-pressure zone and decreases outwards

towards the boundaries. At the same time, when the fracture pattern switches from the conjugate shear to the more
tree- and breccia-like fractures, the high porosity localizes
strongly in the center of the model and two compacted
areas develop next to the high-porosity zone (Figure 5(b)).
In terms of solid movement, the solid is pressed towards
the right- and left-hand side of the model leading to an
opposite directed increase in porosity or the creation of a
stationary porosity zone or wave in the center.
3.2. Scenario 3: Horizontal Layer, Faulting, and Variation of
Young’s Modulus. In the third scenario, the ﬂuid pressure is
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Figure 5: Porosity evolution of scenarios 1 and 2. (a) Scenario 1 shows a pressure wave that develops horizontally and moves gradually
downwards. (b) Scenario 2 shows the development of a vertically aligned porosity wave with high porosity in the center surrounded by
two compacted zones. In the high-porosity center, mobile porosity channels open and close to drain the system vertically. Movement of
the solid and the porosity for the two scenarios is shown in two sketches.

increased in a horizontal layer. This scenario can mimic
hydrocarbon generation or dewatering during diagenetic
reactions in layers or pumping in of ﬂuids into layers for
energy storage or CCS. Figure 6(a) shows the ﬂuid pressure
and fracturing in the horizontal layer with the development
of a horizontally aligned branching fracture in the upper part
of the layer. The branching fractures connect to form a thin
brecciated zone. The fracture is not exactly in the middle of
the layer because of the ﬂuid pressure diﬀerence below and
above the layer. Figures 6(b) and 6(c) show the same horizontally aligned layer with an oﬀset in the middle of the

simulation where the layer in Figure 6(b) is oﬀset by half
of the thickness of the layer and the one in Figure 6(c)
by the full thickness of the layer. The oﬀset of the horizontal layers could, for example, be produced by a fault.
Note however that in the current setup, this potential
“fault” has no distinct properties other than oﬀsetting the
layer. The fracture pattern is signiﬁcantly diﬀerent from
the nonoﬀset horizontal layer in the sense that two types
of fractures develop: vertical or conjugate shear fractures
and horizontal fractures. Vertical or conjugate shear fractures develop early at the oﬀset end of the layer where a
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Figure 6: Fluid pressure (in color) and fracturing (in black) for scenario 3 with ﬂuid pressure increase in a horizontal layer that is faulted in
(b) and (c). A horizontal layer shows a fracture evolution that is similar to scenario 2 with a semihorizontal branching fracture in the layer.
Once the layer is faulted, the ﬂuid pressure gradients curve and form vertical to conjugate shear fractures at the layer tips where the fault is
positioned. Fracturing within the layer is also more complicated because the layer is dilating in two dimensions in the vertical as well as the
horizontal direction. This leads to stronger brecciation of the layer.

potential fault would be positioned and within the layer at
localities where the local ﬂuid pressure is very variable.
Horizontal fractures within the layer develop later and
become more irregular and less horizontally aligned than
those in the unfaulted layer. The fractures within the layer
shown in Figure 6(b) are still horizontally aligned but
branch more than those of the unfaulted layer and connect across the fault. The fractures shown in Figure 6(c)
are even more branched and brecciated and show only a
semihorizontal alignment in the lower layer on the righthand side. The fractures of the two faulted layer parts still
connect across the fault.
Figure 7 shows the progressive development of fractures
in the faulted layer and also diﬀerences that occur when
Young’s modulus is varied with Figure 7(a) showing a soft
material and Figure 7(b) a tough material (note that the
layer and the host rock have the exact same Young’s modulus). The progressive fracture development shows that the

fractures at the fault where the layers end develop ﬁrst,
followed by semihorizontal fracturing of the layers themselves and ﬁnally a brecciation of the layers. The ﬂuid
pressure in the oﬀset layers also leads to the progressive
development of a shear fracture that propagates into the
surrounding matrix at the position where the potential
fault would be. The diﬀerences in the variable Young’s
modulus are mainly illustrated by the timing of the onset
of fracturing, which is much earlier and thus at much
lower ﬂuid pressures in the soft material than in the hard
material. Otherwise, the developing fracture patterns are
very similar with a minor increase in fracture density in
the hard material.
Figure 8 shows the porosity in 6 simulations with oﬀset
layers with diﬀerent Young’s moduli. In all six cases, the
porous channels in the horizontal layers connect across the
fault and a compressed low-porosity zone develops in the
hanging and the footwall of the fault next to the layers. The
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Figure 7: Fracture evolution (in black, with ﬂuid pressure color coded in the backgrounds) of two faulted layers with diﬀerent Young’s
moduli. (a) Soft layer with Young’s modulus of 10 GPa and (b) hard layer with Young’s modulus of 100 GPa. Both hard and soft layers
show a similar fracture evolution with the ﬁrst fractures developing at the end of the layers next to the fault followed by a brecciation of
the layer itself. The fracture density is slightly higher in the hard layer with the main diﬀerence being the timing of fracturing, which is
signiﬁcantly earlier in the soft layer.

compressed zone is more pronounced in the soft than in the
hard material. Another variation with a change in Young’s
modulus is the timing with the mature porosity channels or
waves developing at a much earlier stage in the soft materials
than in the hard materials. The other main diﬀerence is that
the soft materials develop a porosity channel that progresses
into the fault outside of the layers, a feature that cannot be
seen in the hard materials.

4. Discussion
4.1. Importance of Geometry of the Fluid Overpressure Zone.
Our simulations show that the development of hydrofractures and eﬀective stress ﬁelds depends on the geometry of
the ﬂuid overpressure zone and boundary conditions in
simulations, by inference in experiments and nature. Scenario 2 mimics the classical eﬀective stress model where
the Mohr circle moves towards the left-hand side and
reaches eﬀective tensile stresses without changes in diﬀerential stress and thus Mohr circle radius. Several authors
argued that this model is an oversimpliﬁcation and cannot
be applied in all cases in the Earth’s crust [10–15, 20, 23].
Hillis [12] and Cobbold and Rodrigues [20] describe our
scenario 1 with the eﬀective stresses becoming zero and

a stress orientation ﬂip so that the vertical stress becomes
the smallest [23]. The stress ﬂip happens because the
vertical and horizontal stresses are linked if the system is
vertically endless or conﬁned by walls. That means that
ﬂuid overpressure reduces vertical and horizontal stresses
at diﬀerent rates bringing the overall eﬀective stress to
zero in the vertical and horizontal direction. Afterwards,
the ﬂuid can “push” upwards, the vertical eﬀective stress
becomes the smallest principal stress, and a horizontal
hydrofracture or brecciated zone can develop. This leads
to the so called beef veins (Figure 1(b), [20]), which are
aligned horizontally. The horizontal stress is a function
of the vertical stress and the ﬂuid pressure (equation (3),
[20]), a scenario that has been reported in sedimentary
basins below seals [12]. In such a system, the ﬂuid overpressure can become very high without the development
of fractures (Figures 3 and 4). Once rock failure takes
place, the fractured zones are aligned horizontally, or subhorizontally as in our simulations (Figure 3). In order to predict
eﬀective stresses and the fracture pattern accurately, ﬂuid
overpressure diﬀerences or ﬂuid pressure gradients need to
be taken into account. A simple rise in ﬂuid pressure under
a seal or in a layer will produce scenario 1. Figure 9 illustrates
the diﬀerence in pattern formation with scenario 1 shown
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Figure 8: The ﬁnal porosity pattern for 6 faulted horizontal layers with diﬀerent Young’s moduli. Young’s modulus is in GPa, and time t is in
hours. The developing patterns are quite similar for diﬀerent Young’s moduli, and they all connect across the fault and have a semihorizontal
orientation. All simulations show a compacted zone in the hanging and the footwall of the fault. The softer layers (Young’s modulus below
40 GPa) show high porosity within the fault that extends into the host rock.

in Figure 9(a) (i). Here, ﬂuid pressure increases either in
the whole basin or in a layer. The gradients are aligned
vertically, and the solid in the basin is pushed upwards
and the layer is dilating. This will produce horizontally
aligned hydrofractures, breccias, or beef veins. In this case,
the symmetry of the system is only broken in one orientation due to the developing horizontally aligned ﬂuid
pressure gradients.
Scenario 2 will only develop if the zone where the ﬂuid
pressure rises has a vertical or subvertical boundary. The
eﬀect of pressure gradients is also illustrated in scenario 2
where the initial fractures develop as a function of the local
ﬂuid overpressure gradients at the rim of the high-pressure
zone and then propagate progressively into the center of
the model. The high-pressure zone is then dilating to form
a stationary porosity wave with local mobile porosity
channels, where diﬀerent hydrofractures open and close
depending on local ﬂuid pressure variations. Because
scenario 2 represents a zone of high pressure, the symmetry
is broken in two orientations and the gradients develop
around the high-pressure zone (Figure 9(a) (ii)). Now, the
diﬀerential stress plays an important role and the zone will
be dilating more in the direction of the lowest principal stress
and thus form initially vertically aligned fractures. In addition, fractures in this zone will form due to two reasons:
dilation that will produce a central fracture or breccia within
the zone and the ﬂuid pressure gradients from the zone to the
surroundings (Figure 9(b)). If the gradients are high enough,
the very early fractures will form at the rims of the highpressure zone.
In scenario 1, the fracture only forms once the dilating
high ﬂuid pressure zone overcomes the lithostatic stress. This

dilating zone moves downwards with an increase in overpressure so that more material will be pushed upwards. The
initial position of the hydrofracture in the middle of the
high-pressure zone was analytically predicted by Cobbold
and Rodrigues [20] with the following equation:
P = ρgz −

qμ
k


z+


Qμ 2
z ,
2k

ð20Þ

with the ﬁrst term representing the hydrostatic ﬂuid pressure
(as a function of density ρ, gravity g, and depth z), the second
term representing the ﬂuid overpressure buildup below a seal
as a function of inﬂux of ﬂuid (with q being the Darcy velocity, μ the ﬂuid viscosity, and k the permeability), and the last
term representing a source term, which could be ﬂuid generation in a layer or zone as is the case in our simulations (with
Q being the ﬂuid production). The second term in equation
(19) represents a linear ﬂuid pressure gradient whereas the
source term is quadratic and the ratio between the two terms
determines the sharpness of the pressure peak [20]. Equation
(19) is one-dimensional and thus is only partly applicable to a
two- or three-dimensional ﬂuid overpressure ﬁeld, even
though the second and third terms in the equation would
be similar in the other dimensions.
The importance of two dimensions becomes obvious in
scenario 3 which illustrates why an understanding of the
interplay of local overpressure gradients and dilating highpressure zones is important. Once the ﬂuid-generating layer
is faulted, the ﬂuid pressure gradients and eﬀective stresses
become variable in two orientations (Figure 9). This leads
to the initial development of fractures at the tips of the layers
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Figure 9: Illustration of the diﬀerent geometries that produce variable fracture patterns. Fluid overpressure in blue color, cracks in black, and
arrows showing the movement of the solid. (a) Hydrofracture symmetry depending on the geological scenario. (i) High ﬂuid pressure in a
horizontal layer or a sedimentary basin and symmetry breaking in one orientation because the pressure gradients are aligned horizontally.
The resulting patterns are horizontal hydrofractures. (ii) High ﬂuid pressure in a conﬁned zone or an oﬀset horizontally aligned layer.
Symmetry breaking in two orientations because both cases lead to variably aligned gradients and dilation in two directions.
Hydrofractures develop as a function of pressure gradients and dilation, ﬁrst in the direction of the lowest eﬀective stress followed by
brecciation of the layers. (b) Two processes produce hydrofractures: (i) pressure gradients at the rims of high-pressure zones and (ii)
dilation of high-pressure zones.

where they are faulted, because in this direction, the pressure
gradients are acting in the direction of the lowest principal
stress and are locally very high. This leads to early fracture
development due to pressure gradients, which is later on
followed by brecciation of the layers themselves which is
happening due to the dilation (Figure 9). The developing
fractures are initiated by the ﬂuid overpressure in the
layers but develop as a function of the eﬀective solid
stresses, the local ﬂuid pressure gradients, and the dilating
layers. One can also explain the fracture and porosity patterns by symmetry breaking. The initially random porosity
has the highest symmetry. Once the symmetry is broken
in one direction, the horizontally aligned hydrofractures
and breccia zones develop (Figure 9). If the symmetry is
broken in two directions (the layer is faulted or the
high-pressure zone is localized), the pattern becomes more
complicated and fractures arrange in a combination of
vertical and horizontal patterns and combinations forming
larger breccias.
4.2. Porosity Phase Transition. Our simulations show a transition in porosity from a random distribution to the development of stationary porosity waves with a dilating zone

surrounded by compressed areas. This switch in geometry
can be seen as a ﬁrst-order phase transition where the ordered
system (random porosity) reduces its symmetry and forms
stationary waves. Such stationary waves are thought to form
in sedimentary basins where they can form zebra dolomites
[45]. The switch from random quasi-homogeneous porosity
to more localized porosity is well known from a range of scenarios in geosciences with the development of compaction
fronts or porosity waves in experiments, simulations, and
observations in natural systems in porous media, sediments,
and viscoelastic materials (for example, [46–50]). In our case
within the dilating zones, the hydromechanical interaction
leads to the creation of local porosity channels that are
dynamic and move around. These channels represent the
opening of connected hydrofractures, and they can close again
if the local overpressure is reduced. The porosity channels are
linked to hydrofractures, but not all hydrofractures develop
into open channels nor is the development of fractures directly
linked to the phase transition. The diﬀerence between fractures and porosity channels is illustrated in scenario 2 where
the system fractures early on (Figure 4) but the porosity wave
only appears later once the high-pressure zone is dilating
(Figure 5). In contrast to this diﬀerence between fractures
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and porosity channels, fracture and porosity channel development in scenario 1 happens at the same time.

later stages, a central breccia zone with vertically
aligned dynamic porosity channels follows

4.3. Faulting and Fluid Overpressure. Faults play an important
role by changing layer geometries leading to the development
of complex ﬂuid pressure gradients and thus fracture patterns.
If horizontal layers are intact (scenario 3a) or the high ﬂuid
pressure zone has the geometry of a simple sedimentary basin
(scenario 1), then the layer or the basin ﬂuidizes, the eﬀective
stresses approach zero, and horizontal fractures or breccia
zones develop. However, if a fault disturbs this geometry (scenarios 3b and 3c), the eﬀective stresses become complicated
and a high-pressure zone dilates not only in the vertical direction but also in the horizontal direction. This leads to hydrofracture development within the layer-oﬀsetting fault and to
dilation of the fault at least right next to the high ﬂuid pressure
layer (Figure 8). The fault would most probably become a leak
for high ﬂuid pressure, and the fractures would dynamically
open even a sealed fault.

(5) Horizontal layers that are oﬀset by a fault and that
develop internal high ﬂuid pressures show a combination of scenarios with the fault developing into an
early hydrofracture due to pressure gradients followed
by dilation of the layer pieces leading to layer-parallel
and perpendicular fractures and brecciation. Porosity
channels that form in the layers connect across the
faults

4.4. Material Variations. The presented simulations show
that a variation in Young’s modulus leads to an earlier
fracturing in soft than in hard materials. The soft material
shows stronger dilation than the hard material, so that the
stationary porosity wave in the soft material develops under
lower ﬂuid overpressures than those in the hard material.
This is in contrast to tectonic fractures (for example, during
layer-parallel extension) that would develop earlier in the
hard material. This diﬀerence in behavior between tectonically driven and ﬂuid pressure-driven fracturing may be used
as a proxy for ﬂuid overpressure in layered systems.

5. Conclusion
In this contribution, a hydromechanical numerical model
with a compressible ﬂuid was used to simulate hydrofracturing and porosity evolution in high ﬂuid pressure zones. Our
simulations led to the following conclusions:
(1) The geometry of the zone of high ﬂuid pressure has a
major control on rock stability, fracture patterns,
fracture evolution, and porosity channeling
(2) Hydrofracturing is driven by two main processes:
dilation of high-pressure zones and high ﬂuid pressure gradients
(3) High ﬂuid pressure generation in a sedimentary
basin or a horizontal layer can lead to a reduction
of both diﬀerential and mean stresses, followed by
a switch of the lowest eﬀective stress from a horizontal to vertical and a horizontal hydrofracture.
Such a scenario produces high ﬂuid overpressures
and a horizontal porosity channel that progressively
moves downwards
(4) High ﬂuid pressure generation in a conﬁned zone
surrounded by rocks with hydrostatic ﬂuid pressure
leads to a reduction of the mean stress and early fracturing due to pressure gradients followed by dilation
in the direction of the lowest eﬀective stress. During

(6) All simulations show a phase transition from random
porosity to stationary and nonstationary porosity
waves with dilating and compressed zones. In addition, dynamic porosity channels develop within the
dilating zones when hydrofractures open and close
(7) Fluid can best escape in vertical high-pressure zones
with vertical porosity channels and in the faulted
layer case where the fault itself develops into a porosity channel
(8) In order to understand ﬂuid pressure evolution and
resulting fractures and drainage in the Earth’s crust,
ﬂuid pressure gradients and exact geometries of seals,
ﬂuid sources, and faults have to be taken into account
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Ordovician carbonate rocks of the Yijianfang Formation in the Tabei Uplift, Tarim Basin, contain deeply buried (>6000 m),
highly productive oil and gas reservoirs associated with large cavities (>10 m). Previous workers inferred that large cavities
are paleocaves (paleokarst) formed near the surface and subsequently buried. Alternately, caves may have formed by
dissolution at depth along faults. Using 227 samples from 16 cores, we document textures and cement compositions bearing
on cavity histories with petrographic, high-resolution scanning electron microscopy (SEM), isotopic, and ﬂuid inclusion
microthermometric observations. Results show that dissolution occurred at depth and was caused by (1) acidic ﬂuids derived
from Middle-Late Silurian and/or Devonian-Permian hydrocarbon generation and maturation, (2) high-temperature ﬂuids, of
which some were associated with Late Permian igneous activity, and (3) Mg-rich ﬂuids that accompanied Jurassic-Cretaceous
deformation and the formation of partially open fractures and stylobreccias (fault breccias). The relative paragenetic
sequence of the structure-related diagenesis suggests seven stages of fracturing, dissolution, and cementation. Mottle fabrics
in the Yijianfang Formation contain argillaceous carbonate-rich silt and are bioturbation features formed within the marine
environment. Those mottled fabrics diﬀer from clearly karstic features in the overlying Lianglitage Formation, which formed
by near-surface dissolution and subsequent inﬁlling of cavities by allochthonous sediment. Mottle fabrics are crosscut by
compacted fractures ﬁlled with phreatic-vadose marine cements and followed by subsequent generations of cement-ﬁlled
fractures and vugs indicating that some fractures and vugs became cement ﬁlled prior to later dissolution events. Calcite
cements in fractures and vugs show progressively depleted values of δ18O documenting cement precipitation within the
shallow (~220 m), intermediate (~625 m), and deep (~2000 m) diagenetic environments. Deep (mesogenetic) dissolution
associated with fractures is therefore the principal source of the high porosity-permeability in the reservoir, consistent with
other pieces of evidence for cavities localized near faults.

1. Introduction
Giant volumes of oil and gas are contained in Ordovician carbonate rocks of the Tarim Basin, NW China, especially in the
Tabei Uplift, where proven oil/gas reserves surpass 3 billion
tonnes of oil-equivalent [1]. Well drilling responses such as
bit drops and mud losses indicate that high-porosity and
high-permeability zones, including large (>10 m) cavities,
are present in deeply buried (>6000 m) reservoirs [2–5].
Many economic carbonate reservoirs are housed in rocks

that preserve early dissolution porosity produced by meteoric
diagenesis—karstiﬁcation—prior to signiﬁcant burial [6–12].
However, in many settings, increasing evidence supports the
formation of secondary porosity during late deep-burial conditions (mesogenetic; discussed by Giles and Marshall [13],
Mazzullo and Harris [14], and Wright and Harris [15]) by
corrosive diagenetic ﬂuids of diverse nature [16–20].
The origin of the deep pore networks in carbonate rocks of
the Yijianfang Formation in the central Tarim Basin is debated
[4, 5, 21–23]. Karstic features are present in Middle Ordovician
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carbonates within the nearby Lunnan and Tahe oilﬁelds
[2, 24–27]. Here, cavities have been linked to a hiatus of as
much as 120 m.y. prior to deposition of Silurian siliciclastic
rocks [2, 25, 28]. In the paleostructurally lower Halahatang
area, however, a well-deﬁned unconformity is absent [29,
30]. The main evidence for near-surface karst is the so-called
mottled fabric, a texture very common within the Yijianfang
Formation. This feature has been interpreted to be nearsurface paleokarst breccia or sediment-ﬁlled vugs/cavities
[31–34] but has recently been brought into question [22, 35].
Additionally, regional structural interpretation and fault mapping in the Halahatang area reveal a network of conjugate
strike-slip fault systems that developed damage zones which
has a good agreement with the high well production [36, 37].
Wu et al. [37] hint that there is much more dissolution developed along the fault damage zones, suggesting that ﬂuid pathways formed in those areas facilitate the later dissolution in the
fault zones. The fracture-cave reservoirs are quite diﬀerent
from the high-matrix reservoirs and meteoric karst reservoirs
[9, 38] but are strongly heterogeneous reservoirs that are close
to mesogenetic dissolution or hydrothermal karstiﬁcation
along fault zones [14, 21, 39].
Dissolution processes partially or completely eliminate
original microstratigraphic and textural records. Precipitated
cements on the other hand, especially precorrosion and postdissolution minerals ﬁlling cavities and fractures, may record
information on the elemental and isotopic chemistry of dissolving ﬂuids involved in structural diagenetic events [40].
Cements provide information on the physical and chemical
conditions of the reservoir during diﬀerent stages of diagenesis, as well as the composition of ﬂuids, and allow obtaining
information that would otherwise be unavailable from empty
voids. Sequences of crosscutting cements and ﬂuid inclusions
trapped within them can provide insights into the origin,
types, and pathways of ﬂuids as well as depths of dissolution
and cementation events over time [41–44]. We used petrography, scanning electron microscopy (SEM), C, O, and Sr
isotopes, and ﬂuid inclusion microthermometry of core samples from 16 wells in the Halahatang oilﬁeld to establish the
paragenetic sequence, temperature conditions, and origins of
the ﬂuids and events that led to the formation of cryptic
mottle textures as well as dissolution vugs and fractures
within these deeply buried (5500 to 7500 m) Ordovician carbonate reservoirs.
Here, we show that deep (mesogenetic) dissolution associated with fractures is the principal source of currently open
cavities in the reservoir. Mottle fabrics are not the result of
penetrative karstic processes but represent burrows that
were later overprinted by mesogenetic dissolution. We
found no evidence for pervasive near-surface dissolution.
We document seven stages of overprinted fracturing and
dissolution, with evidence for precipitation of cements from
the marine to deep diagenetic environments. Stable isotopic
analyses tied to geothermal gradients indicate most of the dissolution that predated each additional fracture-dissolution
event occurred within the mesogenetic environment (2202000 m). Dissolution was caused in various stages by a range
of ﬂuids, including meteoric and organic acids and hightemperature and Mg-rich ﬂuids.
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2. Geological Setting
The Tarim Basin is the largest cratonic area in western China
covering an area of nearly 600,000 km2 (Figure 1). The basin
is bounded by the Tian Shan Mountains to the northwest,
Kuluketage region to the northeast, Kunlun Mountains to
the south and southwest, and Altyn Fault Zone to the southeast (Figure 1). Its Precambrian crystalline basement represents a fragment of the Rodinia supercontinent that has
undergone long-term geological evolution from the Sinian
(latest Neoproterozoic) to the Neogene [45, 46]. Except for
ﬂood basalts of the Tarim Igneous Province at ~290 Ma
[47] (Figure 1), the evolution of the Tarim Basin is characterized by almost continuous sedimentation since the Neoproterozoic. Long-term polycyclic tectonic evolution of the
Tarim Basin resulted in the formation of three paleohighs
(Tabei, Central Tazhong, and Southeast Tadong) and four
depressions (Kuqa, Manjiaer, Southwest Tangguzibasi, and
Southeast Tadong) [45, 48–54] (Figure 1). During the Late
Sinian-Early Ordovician period, the Tarim Basin was under
extension resulting in a series of normal faults and horstgraben structures [45, 55, 56]. The passive continental margin of the paleo-Altun and paleo-Kunlun ocean in the south
of Tarim was converted to an active continental margin in
the Middle Ordovician, experiencing strong compression
from south to north and forming a large-scale Middle Caledonian thrust belt [45, 55, 56]. Ordovician carbonate successions were exposed and partially eroded due to uplift related
to the Caledonian and Hercynian orogenies (OrdovicianPermian), generating a series of unconformities and/or disconformities (Figure 2), and pervasive karst events directly
related to hiatuses [25, 57]. Following closure of the paleoAltun, paleo-Kunlun, and paleo-Tianshan oceans in the Late
Hercynian, Tarim turned into intracontinental basins in the
Indosinian and experienced continuous deposition and
burial. The Indonesian-Yanshanian (Triassic-Cretaceous)
was characterized by intensive faulting in hillside structural
belts, whereas in the Himalayan (Cenozoic), faulting concentrated in the foreland basin, closely related to intensive uplift,
thrusting, strike-slip thrust, or thrust strike-slip of surrounding orogenic belts [51, 58]. The basin has experienced a
period of rapid burial since 5 Ma [51].
The Tabei Uplift in the northern Tarim Basin (Figure 1)
comprises a series of Sinian-Devonian marine,
Carboniferous-Permian marine-terrigenous, and TriassicQuaternary terrestrial sedimentary rocks [25, 59] (Figure 2).
Hydrocarbon reservoirs are mainly distributed in Ordovician
carbonate rocks. During this time, platform margins extended
for more than 3000 km, migrating intermittently and producing complex sequence architectures due to the interaction
of basin tectonism, topography development, and sea level
change [59]. The Halahatang oilﬁeld (Figure 3(a)) is located
in the Halahatang Depression, and it is bordered by the
Luntai Uplift to the north, the Shuntuoguole Low Uplift to
the south, the Lunnan Low Uplift to the east, and the Yingmaili Low Uplift to the west [60–62]. Other important oilﬁelds in the Tabei Uplift include Tahe and Lunnan oilﬁelds
to the east [57, 63]. In the Halahatang oilﬁeld, the Ordovician
system comprises the Middle-Lower Ordovician Yingshan
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Figure 1: Simpliﬁed tectonic map of the Tarim Basin showing paleouplifts and depressions (after Zhao et al. [25]), the distribution of
platform margins of Ordovician carbonates (after Lin et al. [59]), and occurrence of basalts of the Tarim Large Igneous Province (after Xu
et al. [47]).

Formation (O1-2y), Middle Ordovician Yijianfang Formation (O2y), and Upper Ordovician Tumuxiuke (O3t) and
Lianglitage (O3l) Formations (Figure 2). Lower-Middle
Ordovician carbonate reservoirs are highly heterogeneous,
with a caprock of compact muddy limestone and mudstone
stratum of the Upper Ordovician Tumuxiuke, Lianglitage,
and Sangtamu Formations [25, 57].

3. Materials and Methods
We collected 227 samples of the Yingshan, Yijianfang,
Tumuxiuke, and Lianglitage Formations from 16 cores across
the study area (Figure 3(b)). Of these, 262 billets were
selected for petrographic analysis by standard optical microscopy, with emphasis on the Yijianfang Formation. Thin sections were half stained with Alizarin Red S and potassium
ferricyanide in order to facilitate the identiﬁcation of ferroan
and nonferroan calcite, as well as dolomite [64].
Forty thin sections were examined under cathodoluminescence microscopy (optical-CL) using a Reliotron III
Cathodoluminescence attachment operated at 10-18 kV gun
potential and 0.5-0.6 V beam current. Textural characteristics
of limestones and diagenetic cements were investigated using
a Zeiss Sigma high-vacuum ﬁeld emission scanning electron
microscope (HV FE-SEM). Carbon-coated samples (~15 nm)
were imaged under SEM-CL with a Gatan MonoCL4 detector operated at 5 kV and 120 μm aperture. To investigate
the morphology and distribution of nanometer-scale pores,
we followed the sample preparation protocol described by

Loucks et al. [65]. We prepared 10 × 10 mm cubes in 8 samples using the standard X-sectional argon ion milling
methods [66]. Samples were then coated with 5 nm of iridium and analyzed using a FEI Nova Nano 430 FE-SEM.
Operating conditions were 10-15 kV, spot size of 3–5 nm,
and aperture of 30 μm.
Host rocks and fracture- and vug-ﬁlling calcite cements
for which enough sample (60 ± 10 μg of powder) could be
obtained with a 500 μm-thick dental drill were analyzed for
C-O (125 samples) and Sr isotopes (21 samples) (Supplementary Materials I and II). Aliquots of ~0.3 mg were analyzed for δ13C and δ18O using Thermo Fisher Scientiﬁc
GasBench II coupled to a Thermo Fisher Scientiﬁc MAT
253 Isotope Ratio Mass Spectrometer [67, 68]. Samples were
reacted in helium-ﬂushed vials with 103% H3PO4 at 50°C for
3 hours. Data were calibrated using calcite standards NBS-18
(δ18 OVPDB = −23:0‰, δ13 CVPDB = −5:0‰) and NBS-19
(δ18 OVPDB = −2:3‰, δ13 CVPDB = 1:95‰). Twelve replicates
of an internal carbonate standard were analyzed throughout
the analytical session to account for analytical drift and precision, reaching an analytical precision of ±0.06‰ for δ13CVPDB
and ±0.10‰ for δ18OVPDB routinely.
Carbonate samples were leached in 0.2 M ammonium
acetate with a pH of 8 prior to acid digestion for Sr isotopic analysis. Calcite was digested in 4% acetic acid for 10
minutes and dolomite in 8% acetic acid for 15 minutes.
Sr was separated in 3 M HNO3 using Eichrom Sr Speciﬁc
resin in 70 μl columns. The total procedure blank for Sr
samples was l < 30 pg. Sr samples were loaded onto single
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Figure 2: Stratigraphy and lithology of Paleozoic-Cenozoic sediments in the Tarim Basin, showing main unconformities and tectonic
orogenies (modiﬁed from Chang et al. [57] and Zhao et al. [25]).

Re ﬁlaments with tantalum ﬂuoride and 0.05 M phosphoric acid and subsequently analyzed on a Thermo Fisher
Triton thermal ionization mass spectrometer in a static
mode. Intensity of 87Sr of 8 V ðusing 10 – 11 ohm resistorsÞ
± 5% was maintained for 8 blocks of 20 cycles with 8second integration time. The 87Sr/86Sr ratio was corrected
for mass fractionation using 87 Sr/86 Sr = 8:375209 and an
exponential law.
Fluid inclusion microthermometry of 20 doubly polished
thin sections was conducted using a gas ﬂow heating-freezing
stage (FLUID, Inc.-adapted, U.S. Geological Survey-type)
mounted on an Olympus BX-51 microscope. The stage was
calibrated using CO2 ice melting and H2O ice melting and
the critical homogenization temperature of synthetic ﬂuid
inclusions [69]. Fluid inclusion petrography and microthermometry followed the procedures of Fall and Bodnar [70].
Liquid-vapor homogenization temperatures (T h ) were determined to be ±1.0°C by thermal cycling using temperature
steps of 0.5°C [71] (Supplementary Material III).

4. Results
4.1. Petrography
4.1.1. Host Rocks. The upper Yingshan and Yijianfang Formations in our study area consist of intraclast packstones
and grainstones (Figure 4(a)). These facies are best developed
in the northern part of the study area (Figure 3(b), A through
I wells), and albeit less abundant, they are also common in
the southern part (Figure 3(b), J through P wells). These lithofacies indicate deposition in shallow water with high-energy
environment within a wave-dominated shelf. The Tumuxiuke
Formation is mud-dominated, mainly composed of bioclast
wackestones and peloid wackestones (Figure 4(b)), suggesting
that the depositional setting was relatively low energy and
deeper marine water during a transgressive period. The basal
part of the Lianglitage Formation mostly consists of ooid
grains and bioclast grainstones (Figure 4(c)), indicating that
the basal part might have been deposited as ooid shoals or
bioclast shoals. Upwards, the Lianglitage Formation changes
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Figure 3: (a) Main oilﬁelds in the Halahatang Depression and
Lunnan Uplift (from Chang et al. [63]). Red square shows the area
studied in cores. (b) Main fault traces in the Halahatang area
(after Wu et al. [36]) and location of the studied cores (green dots).

into peloid intraclast packstone and/or bioclast wackestone,
and peloid wackestone is also locally present, indicating a
low- to moderate-energy depositional environment. The
upper intervals contain more ﬁne-grained siliciclastic sedi-

ments, indicating the incorporation of terrigenous sediments
into the carbonate system.
Grainstones, packstones, and wackestones of all formations contain little primary porosity, mostly in the form of
intraparticle and intercrystalline pores < 150 μm in diameter
(Figure 4(c)). Intraparticle pores mostly occur within skeletal
fragments such as echinoderms and bryozoans. In the Lianglitage Formation, intraparticle pores are most abundant and
localized in a grainstone interval, where they are completely
ﬁlled with bitumen (Figure 4(c)). Interparticle microporosity
is negligible in unaltered host rock.
Interparticle porosity is ﬁlled with ﬁbrous to bladed rim
(Cc0a), drusy mosaic (Cc0b), and syntaxial calcite cements
(Cc0c) (Table 1). Cc0a cement rims are generally <10 μm
thick and commonly form the ﬁrst generation of cement in
grainstones and grain-dominated packstones (Figure 4(d)).
Cc0b vary from ﬁne to coarsely crystalline (50 to 250 μm)
and occur primarily in intraparticle and interparticle pores.
Cc0c overgrowth cements are generally 250 μm to 1 mm in
size and are common in echinoderm-dominant bioclast
grainstone and packstone (Figure 4(e)). Under optical-CL,
Cc0a and Cc0b show dull red luminescence (Figure 4(d)),
whereas Cc0c shows nonluminescence to bright orange
zoned luminescence (Figure 4(e)).
4.1.2. Karstic Features. Clear-cut karstic breccias that contain
external sediment were only observed in the Lianglitage
Formation. Karstic breccias include crackle breccia, mosaic
breccia, clast-supported chaotic breccia, and matrix-rich
clast-supported chaotic breccia (Figure 4(f)). Most breccia
clasts have a similar lithology, are light red in color, range from
very ﬁne to very coarse pebbles in size, and are subangular to
subrounded in shape (Figure 4(g)). The matrix is commonly
dark brown to reddish brown and contains silt quartz, clays,
and iron oxides in sharp contact with clasts (Figure 4(h)).
4.1.3. Mottle Fabrics. A distinctive characteristic of the
Yijianfang Formation in the study area are mottle fabrics
(term used by Jin et al. (2009) and Fu (2019)), forming dark
patches with irregular geometries (single channels or amalgamations of channels with anastomosing geometry) that
stand out in core hand samples. Some mottle fabrics are
rounded or equant (Figure 5(a)), whereas others are elongated
and are herein referred to as channels (Figures 5(b) and 5(c)).
Vertical and horizontal elongated channels are localized
within the top of the Yijianfang and Tumuxiuke Formations.
Mottle fabrics are best developed in the northern part of the
study area (Figure 3(b), A through I wells).
Rounded mottle fabrics in the Yijianfang Formation
comprise internal, orange to red luminescent, argillaceous
carbonate-rich silt ðCs0aÞ < 20 μm in size (Figure 5(d)). Primary (<3%) and secondary (see below) intergranular micropores and nanopores within mottle fabrics comprise as much
as ~10% of the volume of the rock. Most pores are less than
20 μm in size, contain up to 3% illite, and are lined or ﬁlled
with bitumen (Figures 5(e) and 5(f)). In contrast, vertical
and horizontal channels are ﬁlled with various mixtures of
fragmented fossils and dark-brown calcite mudstone matrix,
containing intergrown illite/chlorite, quartz, and phosphates
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Figure 4: Photomicrographs of Ordovician carbonates. (a) Plane light optical photomicrograph of the Yijianfang Formation, (b) Tumuxiuke
Formation, and (c) Lianglitage Formation host rocks. IP = interparticle pores; IX = intercrystalline pores. (d) Optical-CL photomicrograph of
grainstone cemented by ﬁbrous to bladed calcite rims (Cc0a) and drusy mosaic (Cc0b) cements. (e) Optical-CL photomicrograph of
grainstone cemented by syntaxial cement (Cc0c). (f) Hand specimen of the karstic horizon within the Lianglitage Formation showing
matrix-rich, clast-supported chaotic breccia. (g) Plane light optical photomicrograph of angular red clasts in Lianglitage Formation
breccias. (h) Close-up photomicrograph of the breccia matrix.
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Table 1: Summary of petrographic characteristics of the main diagenetic features and cements shown in chronological order (paragenetic
sequence). KB: matrix karstic breccia; F: fracture; V: dissolution vug; S: stylolite; Cc: calcite cement; Cs: calcite sediment; Dc: dolomite cement.
Feature

CL

SEM-CL

< 4 mm

Orange to dull red

Light-luminescent;
slightly zoned

rim

< 10 mm

Dull red

Light-luminescent;
slightly zoned

Yingshan; Yijianfang;
Tumuxiuke; Lianglitage

drusy

50 to 250
mm

Dull red

Dark- to light
luminescent; zoned

Cc0c

Yingshan; Yijianfang;
Tumuxiuke; Lianglitage

syntaxial

Cs0a

Yingshan; Yijianfang;
Tumuxiuke;

silt

< 20 mm

Orange to dull red

Light-luminescent;
slightly zoned

Cs0b

Top Yijianfang; Tumuxiuke

mud

< 4 mm

Orange to dull red

Light-luminescent;
slightly zoned

Cc1

Yijianfang; Tumuxiuke;

pallisade

Cs1

Yijianfang; Tumuxiuke;

silt

10-75 mm

Non-luminescent

−

KB

Lianglitage

silt

250 mm to
2 mm

−

−

Cc2

Yingshan; Yijianfang;
Tumuxiuke; Lianglitage

blocky

50 - 250
mm

Non-luminescent to bright
orange zoned

Dark- to light
luminescent; zoned

−

Yingshan; Yijianfang;
Tumuxiuke; Lianglitage

−

−

−

−

Cc3a

Yingshan; Yijianfang;
Tumuxiuke; Lianglitage

rim

50 - 200
mm

Dark red to bright orange
luminescent

Dark- to lightluminescent; zoned

F3c

Bitumen

−

−

−

−

−

V3

Cc3b

Lianglitage

blocky

500 mm - 2
mm

Orange luminescent

Light-luminescent;
unzoned

Cc4

Yijianfang; Tumuxiuke

blocky

50 mm - 1
mm

Red luminescent

Dark-luminescent;
unzoned

Host rock

Host rock
cementation

Cement

Karstic
breccias

micrite

Yijianfang

micrite

Tumuxiuke

micrite

Lianglitage

micrite

Cc0a

Yingshan; Yijianfang;
Tumuxiuke; Lianglitage

Cc0b

−

V2
F2a
F2b
S1a & S1b
F3a
F3b

Morphology Crystal size

Yingshan

Dark mottles

F1

Formation

F4a
F4b
V4

F5

F6
V6
F7a
F7b
V7
F7c & S2

250 mm to Non-luminescent to bright
1 mm
orange zoned

300 mm - 1 Non-luminescent to bright
mm
orange zoned

Light-luminescent;
slightly zoned

Light-luminescent;
slightly zoned

Fluorite

Yijianfang

euhedral

up to 5 cm

−

−

Barite

Yijianfang

euhedral

up to 4 mm

−

−

Cc5

Yijianfang

blocky

200 - 250
mm

Red to dull red luminescent

Light-luminescent;
slightly zoned

Recrystallized
host rock

Yingshan; Yijianfang

crystalline

< 4 to 50
mm

Red to dull red luminescent

Light-luminescent;
slightly zoned

Cc6

Yingshan; Yijianfang

blocky

200 - 600
mm

Dull red to nonluminescent

Light luminescent;
unzoned

Cc7a

Yingshan; Yijianfang;
Tumuxiuke; Lianglitage

bridges

50 - 100
mm

−

Light-luminescent;
unzoned

Cc7b

Yingshan; Yijianfang;
Tumuxiuke; Lianglitage

blocky

50 mm - 1
mm

−

Light-luminescent;
unzoned

Dc1

Yingshan; Yijianfang;
Tumuxiuke; Lianglitage

euhedral

< 30 mm

−

Dark-luminescent
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(Cs0b) (Figures 5(g) and 5(h)). Intergranular micropores in
channels constitute <10–15% of the volume of the channel
and are partially inﬁlled with 5-10% illite, kaolinite, and bitumen (Figure 5(i)).
Ordovician host rocks, including mottle fabrics, are
crosscut by several types and generations of partially to fully
cemented fractures, stylolites, and dissolution vugs (Table 1).
The classiﬁcation below was established for the Yijianfang
Formation, but on the basis of textural and geochemical
similarities, we extend this classiﬁcation to similar features
present in the Yingshan, Tumuxiuke, and Lianglitage
Formations.
4.1.4. Fractures. On the basis of crosscutting relationships and
the type of cement ﬁll, we deﬁne seven groups of openingmode fractures, from oldest (F1) to youngest (F7) (Table 1).
Bed-perpendicular and bed-oblique calcite-ﬁlled fractures
(F1) with irregular walls and apertures between 0.5 and 1 cm
occur mostly in the uppermost part of the Yijianfang and
Tumuxiuke Formations (Figure 6(a)). Calcite cement ﬁll
(Cc1) in these fractures consists of equant to bladed subhedral
crystals grading rapidly to palisade morphology. Palisade
calcite crystals are 300 μm to 1 mm long and 10-50 μm wide
and can develop up to 3 cm thickness (Figure 6(b)). Crystals
are slightly curved and show undulatory extinction. Under
SEM-CL, they are light luminescent and slightly zoned. Former remnant open porosity in F1 fractures is ﬁlled with
internal yellow sediment (Cs1) composed of blocky calcite
10 to 75 μm in size and clay minerals (Figure 6(b)).
The second group of fractures (F2) includes bedperpendicular and bed-oblique calcite-ﬁlled microfractures
(<0.5 mm in aperture) with straight to irregular (sigmoidal) walls (F2a) (Figure 6(c)) and planar, subhorizontal
calcite-ﬁlled fractures (F2b) with apertures ranging from
100 μm to 4 mm (Figure 6(d)). F2 fractures are present
in the Yingshan, Yijianfang, Tumuxiuke, and Lianglitage
Formations. F2 fractures are ﬁlled with blocky, zoned, nonluminescent to bright orange calcite crystals (Cc2) ranging
between 50 and 250 μm in diameter (Figure 6(e)). Micronsized (5-20 μm) bright orange Cc2 calcite overgrowths overlap Cs0a calcite sediment (Figure 5(d)).
F3 fractures are present within the Yingshan and Yijianfang Formations and to a lesser extent in the Tumuxiuke and
Lianglitage Formations. This group includes bedperpendicular and bed-oblique calcite- and bitumen-ﬁlled
fractures with straight walls and apertures of 100-500 μm
(F3a in Figure 6(f)), slightly wider (500 μm-1 cm) fractures
of similar characteristics that may preserve partially open
porosity (F3b in Figure 6(f)), and planar bitumen-ﬁlled microfractures with apertures < 100 μm (F3c). Calcite cements in F3
fractures are zoned, dark red to bright orange in luminescence, bladed to blocky rim cements, and 50 to 200 μm in
size, with euhedral terminations (Cc3a) (Figures 6(g)–6(i)).
Some F3 fractures preserved partial porosity that was subsequently inﬁlled by bitumen (Figures 6(g)–6(i)).
The fourth group of fractures (F4) is common in the
Yijianfang Formation and less abundant in the Tumuxiuke and Lianglitage Formations. This group encompasses
planar bed-perpendicular and bed-oblique fractures rang-
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ing between 0.5 mm and 2 cm in aperture with irregular
margins and calcite+bitumen±minor late pyrite cement
(F4a in Figures 6(j) and 6(l)) and vertical microfractures that
terminate ~1 cm away from horizontal stylolites and are subparallel to stylolite teeth (F4b in Figure 6(k)). F4 fractures are
ﬁlled with blocky calcite crystals, 50 μm to 1 mm in diameter,
which show red luminescence (Cc4 in Figures 6(k)–6(l)).
Fractures in the ﬁfth group (F5) are only present in the
Yingshan and Yijianfang Formations. F5 fractures are bedperpendicular and/or bed-oblique to bedding and have irregular walls and apertures between 1 mm and >7 cm (Figure 7(a)).
F5 fractures are ﬁlled with euhedral ﬂuorite, barite, and calcite
cement (Cc5), up to 5 cm in size, in variable proportions
(Figure 7(b)), and are associated with calcite and celestite
host rock replacement in cores L, N, and K (Figure 3(b)). Calcite and celestite mineralization is nonpenetrative and limited
to a few millimeters to centimeters away from F5 fractures
walls. Pores around celestite crystals are commonly less than
100 μm in size (Figure 7(c)). In most cases, ﬂuorite and
barite predate calcite cementation (Figures 7(a) and
7(b)), and although textures are ambiguous, celestite replacement appears to be closely related to ﬂuorite and barite
mineralization. In a few examples, barite and ﬂuorite appear
to be coeval, whereas in others, ﬂuorite was followed by
calcite and ﬁnally barite precipitation. Cc5 in F5 fractures is
blocky, 200 to 250 μm in size, and shows red to dull red luminescence (Figure 7(b)). Silica mineralization (microcrystalline quartzchert) occurs along some F5 fracture walls
(Figure 7(a)). Within siliciﬁed areas, pores of various shapes
are as much as 400 μm long (Figure 7(d)).
F6 fractures are bed-perpendicular, bed-oblique, and/or
bed-parallel calcite-ﬁlled fractures with irregular walls and
apertures between 1 mm and 3 cm (Figure 7(e)). Blocky calcite cement (Cc6) in F6 fractures ranges between 200 and
600 μm in size (Figure 7(f)), is dull red to nonluminescent,
and appears unzoned under SEM-CL.
F7 fractures are present in all formations. This group
comprises bed-perpendicular and bed-oblique calcite-ﬁlled
fractures ranging between 50 μm and 2 mm in aperture (F7a
in Figures 7(g) and 7(h)), tension gashes (F7b in Figure 7(i))
associated with stylolites oriented at an angle to bedding
(S2, see below), and bedding-oblique to beddingperpendicular stylolitic and sheared fractures (F7c in
Figure 7(j)). F7a fractures are ﬁlled with calcite cement forming bridges that span across fracture walls Cc7a in Figure 7(h).
Bridges are evidenced by fracture wall-parallel trails of ﬂuid
inclusions (see below) indicating a crack-seal mechanism of
cementation during fracture opening (synkinematic cement;
discussed by Lander and Laubach [72] and Ukar and Laubach
[73]). Bridges are not remnants of dissolved calcite but indicate calcite accumulation that depends on thermal exposure
and renewal of the fracture surface area during repeated fracture opening [72]. F7a fractures may preserve as much as 25%
residual porosity. Tension gashes (F7b) tip out ~1 cm away
from S2 stylolites and are subparallel to stylolite teeth
(Figure 7(i)). F7b fractures are ﬁlled with blocky calcite
cement (Cc7b) and dolomite cement (Dc1) (Figure 7(i)).
Cc7b ranges between 50 μm and 1 mm in size and appears
unzoned and light luminescent under SEM-CL. Dc1 forms
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Figure 5: Hand specimen of middle Yijianfang Formation (a), top of the Yijianfang Formation (b), and Tumuxiuke Formation (c) showing
rounded and elongated mottle fabrics (channels) ﬁlled with calcite sediment Cs0. (d) Optical-CL photomicrograph of packstone showing
subrounded mottle fabrics ﬁlled with calcite sediment Cs0a subsequently cemented by Cc2. (e, f) SEM images showing carbonate-rich
detritus Cs0a within mottle fabrics. Most of the interparticle porosity is ﬁlled with illite and/or bitumen (f). (g) Plane light optical
photomicrograph of wackestone showing vertical channels ﬁlled with calcite sediment Cs0b. (h, i) SEM images showing carbonate-rich
detritus Cs0b within vertical channels. Most of the interparticle porosity is ﬁlled with illite, kaolinite, and/or bitumen (i).
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Figure 6: Continued.
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Figure 6: (a) Hand specimen of the Tumuxiuke Formation showing F1 fractures. (b) Plane light optical photomicrograph of palisade calcite
(Cc1) and internal sediment (Cs1) in an F1 fracture. (c) Plane light optical photomicrograph of F2a fractures crosscutting calcite sediment
Cs0a within rounded mottle fabrics. (d) Plane light optical photomicrograph showing a F2b fracture crosscutting a F2a fracture. (e)
Optical-CL photomicrograph showing Cc2 calcite inﬁlling F2 fractures and V2 vugs. (f) Hand specimen of the Tumuxiuke Formation
showing F3 fractures. F3 fractures cross-cut rounded mottle fabrics. (g) Panchromatic SEM-CL image showing Cc3a calcite crystals that
are zoned in SEM-CL. Bitumen ﬁlls remaining void space in the center of the fracture. (h, i) Cc2 and Cc3a calcite cements under (h) plane
light and (i) optical-CL. (j) Hand sample specimen showing F4a fractures. (k) Plane light optical photomicrograph showing F4b fractures
ﬁlled with blocky calcite (Cc4). (l) Plane light optical photomicrograph showing F4a fractures ﬁlled with blocky calcite (Cc4) and
concurrent pyrite.

isolated, subhedral to euhedral, dark luminescent crystals up
to 30 μm in diameter. Pores around Dc1 crystals are as much
as 100 μm in size (Figure 7(i)). F7c fractures contain insoluble
residual material, bitumen, and Cc7b and Dc1 cements
(Figure 7(j)).
4.1.5. Stylolites. Bed-parallel stylolites (S1a) and solution
seams (S1b) are ubiquitous and abundant in all formations
and cores studied. S1a stylolites occur mainly in intraclast
packstones and grainstones from the Yingshan, Yijianfang,
and lower Lianglitage Formations. S1a contain intergrown
illite/chlorite, quartz, phosphates, pyrite, kaolinite, and bitumen (Figure 8(a)). S1b solution seams have similar mineralogies with the addition of ﬁne-grained detrital sediments
including as much as 20% of illite, intergrown illite/chlorite,
and quartz (Figure 8(b)). S1b are present in mud-dominated
lithofacies such as bioclast wackestones and peloid wackestones from the Tumuxiuke and upper Lianglitage Formations.
S1 are cut by F1 fractures, but some S1 crosscut F3 and F4
fractures indicating that S1 formation was continued in time.
Bed-perpendicular to bed-oblique stylolites (S2) are
locally abundant, best developed in J, L, M, N, O, and P cores
(Figure 3(b)). Randomly oriented S2 give the rock a pseudo-

nodular appearance described as stylobreccia by Stewart and
Hancock [74] (Figures 7(g) and 8(a)). S2 contain dolomite
cement (Dc1), calcite cement (Cc7b), insoluble material,
and bitumen (Figures 7(i) and 7(j)). S2 stylolites are associated with F7 fractures and crosscut all previous diagenetic
features (Figures 7(g) and 7(k)).
4.1.6. Cavities and Vugs. Pores larger than the average grain
size (~20 μm) are abundant in host rocks of all formations.
Vugs are usually between 0.5 and 2 mm in diameter, although
some exceed 1 cm (Figure 8(a)), and have irregular edges
supporting dissolution as their formation mechanism. Many
vugs are associated with or terminate at fractures, indicating
a temporal and genetic relationship among fractures and
vugs (Figure 8(a)). Crosscutting relationships between diﬀerent types of vugs could not be established, but on the basis of
the association between fractures and vugs and similarities in
mineral ﬁll, we describe ﬁve generations of vugs formed synchronously with F2–F7 fractures.
Although textural evidence indicates that mottle fabrics
were not open voids in the sense of karstic breccias such as
those found in the Lianglitage Formation, mottle fabrics are
the earliest dissolution feature in the Yijianfang Formation.
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Figure 7: (a) Hand specimen of the Lianglitage Formation showing F5 fractures cemented by ﬂuorite and calcite (Cc5). Silica mineralization
in the host rock along the fracture wall. (b) Plane light optical photomicrograph showing ﬂuorite, barite, and Cc5a calcite cement precipitated
within a F5 fracture. (c) Plane light optical photomicrograph showing recrystallization of host rock by calcite and celestite mineralization.
Note pores (ﬁlled with blue epoxy) formed around the celestite crystals. (d) Plane-light optical photomicrograph showing partial
replacement of the host rock by silica mineralization. Note pores associated with silica replacement. (e) Hand specimen of Yijianfang
Formation showing F6 fractures. (f) Plane light optical photomicrograph showing F6 fractures ﬁlled with Cc6 cement postdating Cc4bearing F4 fractures. (g) Hand specimen of the Yijianfang Formation showing irregular, multidirectional S2 stylolites that give the rock a
pseudonodular appearance (stylobreccia). Note that S2 is associated with F7 fractures and V7 vugs. (h) Plane light optical
photomicrograph showing stylobreccias and their association with F7 fractures. Dolomite cement (Dc1) precipitated along S2 stylolites.
F7a fractures ﬁlled with calcite cement (Cc7a). (i) Plane light optical photomicrograph showing F7b fractures and S2 tectonic stylolites
containing blocky calcite (Cc7b) and dolomite cement (Dc1). Notice that pores around Dc1 crystals are ﬁlled with bitumen. (j) Plane light
optical photomicrograph showing bedding-oblique stylolitic and sheared F7c fractures containing insoluble material, bitumen, and calcite
cement (Cc7b). (k) Plane light optical photomicrograph showing an F7a fracture ﬁlled with calcite cement (Cc7a) forming synkinematic
bridges and V7 vugs ﬁlled with blocky cement (Cc7b).
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Figure 8: Continued.
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Figure 8: (a, b) Hand specimen of the Yijianfang Formation showing S1a, S1b, and S2 stylolites and V3 and V4 dissolution vugs. (c) Plane
light optical photomicrograph showing a V3 lined by Cc3a calcite cement and bitumen. (d) Plane light optical photomicrograph showing a V6
vug ﬁlled with blocky Cc6. (e, f) Hand specimens and (g) plane light optical photomicrograph of the Yijianfang Formation showing an
association between F3a, S1a, and dark mottles. (h) Plane light optical photomicrograph showing V3 vugs occurring within a dark mottle.
Bitumen-inﬁlled vugs and interparticle porosity within mottle fabrics. (i) Plane light optical photomicrograph showing pyrite
mineralization and an F4a fracture enlarged by secondary dissolution. (j) Panchromatic SEM-CL photomosaic showing corroded Cc4 and
precipitation of kaolinite into dissolved voids.

We designate these as the ﬁrst generation of vugs (V1). V2
vugs overprint mottle fabrics and are inﬁlled with blocky,
nonluminescent to bright orange luminescent calcite (Cc2;
Figure 6(e)), whereas V3 vugs are partially inﬁlled with bladed
to blocky rim cements (Cc3a) and bitumen (Figures 8(b) and
8(c)) and V4 vugs contain red luminescent calcite (Cc4;
Figure 8(a)). No V5 vugs were identiﬁed in cores. V6 and V7
vugs are inﬁlled with coarse blocky calcite cement (Cc6 and
Cc7b, respectively) (Figures 7(k) and 8(d)). V3 are the most
abundant type of vug in the Yijianfang Formation and are also
present in the Yingshan and Tumuxiuke Formations, within
the karstic horizon of the Lianglitage Formation. V3 are present in A–I cores, coinciding with the location of mottle fabrics
in the northern part of the study area (Figure 3(b)). In fact,
F3, V3, S1, and mottle fabrics show a close relationship
(Figures 8(e) and 8(f)); where an F3 and/or S1 encounter a
dark mottle, porosity (secondary) increases giving the rock
the aspect of pseudobreccia as described by Fu [35]. In some
cases, this secondary dissolution aﬀects the area immediately
surrounding the mottle fabric (Figure 8(g)). The pore space
within mottle fabrics was subsequently inﬁlled with bitumen
giving these areas their characteristic dark color (Figure 8(h)).
Cc3b and Cc4 that precipitated in fractures show dissolution corrosion (Figures 8(b) and 8(i)) providing evi-

dence of dissolution-enhanced fractures. Corroded Cc4
calcite is usually associated with metal sulﬁdes (pyrite
mineralization) and kaolinite (Figures 8(i) and 8(j)). This
dissolution event resulted in the formation of as much as
15% secondary porosity.
4.2. Geochemistry. Stable isotopic and ﬂuid inclusion analyses
were conducted in order to shed light on the origin of the
ﬂuids that led to the precipitation of fracture- and vugﬁlling cements. Geochemical analyses are summarized in
Table 2 and Supplementary Materials I, II, and III.
4.2.1. Carbon and Oxygen Isotopes. Yingshan and Yijianfang
Formation host rocks yielded δ18O values ranging from
-7.7 to -4.7‰VPDB and δ13C values ranging from -0.1 to
+1.6‰VPDB (Figure 9). δ18O of Tumuxiuke Formation carbonates ranges from -6.7 to -5.9‰VPDB and δ13 C from -0.6
to +1.7‰VPDB, whereas δ18O of Lianglitage Formation carbonates ranges from -8.7 to -4.3‰VPDB and δ13C varies
from -0.6 to +3.2‰VPDB. Red clasts within Lianglitage
karstic breccias have δ18O ranging from -7.3 to -6.4‰VPDB
and δ13C ranging from +1.2 to +1.7‰VPDB (Figure 9).
Cs0 in mottle fabrics in the Yingshan, Yijianfang, and
Tumuxiuke Formations have δ18O values slightly more

Geoﬂuids

15

Table 2: Summary of geochemical and microthermometric characteristics of the main diagenetic features and cements shown in
chronological order (paragenetic sequence). KB: matrix karstic breccia; F: fracture; V: dissolution vug; S: stylolite; Cc: calcite cement; Cs:
calcite sediment; Dc: dolomite cement.
Feature

Host rock

Host rock
cementation

Dark mottles

Cement

δ18O
(VPDB)

−

-7.4 to
-5.5
-7.7 to
-4.7
-6.7 to
-5.9
-8.7 to
-4.3

Cc0a
Cc0b
Cc0c
Cs0a
Cs0b

−
−
−
-9.1 to
-6.3
−

δ13C
(VPDB)

Th (oC)

Salinity (wt.% eq.
NaCl)

Oil inclusions

T oil
(oC)

0.7088

−

−

No

−

0.7088 to
0.7089
0.7089 to
0.7090

−

−

No

−

−

−

No

−

-0.6 to 3.2

0.70856

−

−

No

−

−
−
−

−
−
−

−
74 to 150
75 to 131

−
1.4 to 7.7
1.6 to 5.6

No
No
No

−
−
−

-0.5 to 1.1

0.7091

−

−

No

−

−

−

−

−

No

−

0.3 to 2.1

0.7087

1.9 to 2.7

No

−

−

−

76.9 to
113.9
−

−

No

−

-0.1 to 1.1
-0.3 to 1.6
-0.6 to 1.7

87

Sr/86Sr

Cs1

-7.8 to
-3.6
−

Karstic breccias

KB

−

−

0.7099

−

−

No

−

V2
F2a
F2b

Cc2

-9.1 to
-4.5

-3.8 to 2.2

−

74 to 135

2.4 to 5.7

No

−

−

−

−

−

−

−

−

−

F3a
F3b

Cc3a

-11.7 to
-7.1

-0.2 to 2.8

0.7085 to
0.7088

60 to 165

0.4 to 12.3

Yellow to dull blue

60 to
75

V3

Cc3b

-12.8 to
-9.3

1 to 2

0.7085

50 to 100

7.7 to 14.1

−

−

F4a
F4b
V4

Cc4

-15.8 to
-13.7

-0.4 to 1.7

0.7094 to
0.7102

80 to 96

13.5

Bright blue to
green-blue

−

Fluorite

−

−

−

79 to 112

9.6 to 10.5

Yellow-green to
green

−

Barite

−

−

−

117 to
144

11.1 to 19

−

−

-13.7 to
-9.7
-11.1 to
-6.4

-2.4 to
-2.2
-1.8 to
-0.1

0.7090

61 to 97.8

5.7 to 14.7

−

−

−

−

−

−

−

F1

S1a & S1b

Cc1

F5
Cc5
Recrystallized
host rock
F6
V6

Cc6

-15.4 to
-8.5

-4.8 to
-0.2

0.7093 to
0.7094

95 to 123

4.7 to 10.5

−

−

F7a

Cc7a

−

−

−

−

−

Dull blue

44 to
58

Cc7b

-18.3

-1.1

−

−

−

Light blue

−

Dc1

−

−

−

−

−

−

−

F7b
V7
F7c & S2
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Figure 9: δ O-δ C and Sr/ Sr-δ O crossplots arranged by formation. Light grey polygons show δ18O-δ13C and 87Sr/86Sr ranges of
Middle Ordovician and Upper Ordovician marine carbonates from Shields et al. [76]. HR: host rock; KB: red-clast karstic breccias; RHR:
recrystallized host rock; Cc: calcite cement; Cs: calcite sediment; Dc: dolomite cement.
18

13

87

86

18

Geoﬂuids
depleted than the surrounding host rock. δ18O values range
from -9 to -6.3‰VPDB, whereas δ13C values are -0.5 to
+0.8‰VPDB (Figure 9). Cc1 in the Yijianfang and Tumuxiuke Formations yielded δ18O values between -7.8 and
-3.6‰VPDB and δ13C ranging from -0.3 to +2.1‰VPDB.
Progressively depleted values of δ18O are recorded by Cc2,
which range between -9.1 and -4.8‰VPDB for δ18O and
between -0.5 and +3.8‰VPDB for δ13C. Cc3 has δ18O values
ranging from -11.7 to -7.1‰VPDB and δ13C values ranging
from -0.2 to +2.8‰VPDB. Cc3a that precipitated in vugs
within the Lianglitage Formation shows δ18O values between
-11.3 and -8.6‰VPDB and δ13C between +1.3 and +2.8‰
VPDB, whereas Cc3b shows δ18O ranging from -12.8 to
-9.3‰VPDB and δ13C from +1 to +2‰VPDB. Cc4 in the
Yijianfang and Tumuxiuke Formations has δ18O between
-18.3 and -13.0‰VPDB and δ13C from -1.1 to +1.7‰VPDB.
Cc5 and Cc6, only present in the Yingshan and Yijianfang
Formations, have heavier δ18O values and more depleted
δ13C values than the previous diagenetic cements, with
δ18O values from -11.1 to -6.4‰VPDB and δ13C values from
-1.8 to -0.1‰VPDB for Cc5, and δ18O values from -15.4 to
-8.5‰VPDB and δ13C values from -2.4 to -0.2‰VPDB for
Cc6. Cc7b in the Yijianfang Formation has values of 18.3‰
VPDB for δ18O and -1.1‰VPDB for δ13C (Figure 9).
The isotope equilibrium temperature equation of Craig
[75] can be applied to calculate approximate temperatures of
cement precipitation. We use the heaviest stable isotopic value
of marine ﬂuids obtained from host rocks and isotopic values
reported for Middle Ordovician carbonates [76] (Figure 9).
Precipitation of Cc0 within the host rocks is inferred to have
occurred at ~25°C, whereas Cc1 precipitated at <20°C, Cc2
at ~30°C, Cc3 at <45°C, and Cc4 at <80°C. The presence of
exotic minerals accompanying Cc5 in F5 fractures indicates
that the system was open and that δ18OSMOW of the parental
ﬂuid probably had a diﬀerent composition than the value
assumed for Ordovician marine water so this method was rendered unreliable for these and subsequent cements.
4.2.2. Strontium Isotopes. The 87Sr/86Sr ratio of Yingshan
Formation host rocks is 0.7088, whereas it ranges from
0.7087 to 0.7088 for the Yijianfang Formation, 0.7089 to
0.7090 for the Tumuxiuke Formation, and 0.7085 for the
Lianglitage Formation. The matrix of karstic breccias within
the Lianglitage Formation shows 87Sr/86Sr of 0.7099, well
above that of the host rock (Figure 9).
Cs0 in mottle fabrics (Yijianfang Formation) shows
values of 0.7091, and Cc1 (Tumuxiuke Formation) shows a
ratio of 0.7087. Isotopic values for Cc3a (Yijianfang and Lianglitage Formations) vary between 0.7085 and 0.7088, and it is
0.7086 for Cc3b. Cc4 shows values from 0.7094 to 0.7102 in
the Yijianfang Formation and 0.7093 to 0.7097 in the Tumuxiuke Formation. 87Sr/86Sr values for Cc5 and Cc6 (Yijianfang
Formation) are 0.7090 for Cc5 and range between 0.7093
and 0.7094 for Cc6 (Figure 9). Due to their small size, we have
no Sr data for Cc7 cements.
4.2.3. Fluid Inclusion Microthermometry. Most fracture and
vug cements in all formations trapped primary aqueous ﬂuid
and hydrocarbon (oil) inclusions in ﬂuid inclusion assem-
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blages (FIA) occurring along various generations of growth
zones or close-packed clusters within a single growth zone
or in the core of host grains (Figure 10). Several FIAs of secondary aqueous and hydrocarbon FIs were also observed.
The aqueous inclusions range from 5 to 25 μm in the long
diameter, but most are <10 μm. The FIAs contain either
single-phase liquid inclusions only or two-phase liquidvapor inclusions. In a few cases, we observed inclusions containing also a solid phase which was typically opaque black or
light amber, interpreted to potentially be a solid hydrocarbon
phase (wax or bitumen). The solids appear only sporadically
in a few inclusions within the same assemblage, so their
phase ratios (liquid-vapor-solid) vary. Variations in phase
ratios of inclusions within these FIAs are interpreted to indicate that the solid was trapped accidentally in the inclusions
and not as a result of precipitation from the ﬂuid. A summary
of homogenization temperatures (T h ) and salinity of primary
two-phase aqueous inclusions observed in various cements is
presented in Figure 11 and Table 2.
Overall, the aqueous ﬂuid inclusions show a wide range
of T h from ~50°C to 165°C for all cements, with temperature
variation ranging from ~2°C to 40°C within individual FIAs.
Ice melting temperatures also show a wide range from 1.1 to
11.1°C, corresponding to salinities of 0.4 to 19 wt% NaCl
equivalents [77]. The eutectic (ﬁrst ice melting) temperature
of the inclusion ﬂuids was observed at around -50°C, indicating that the aqueous ﬂuid trapped in the inclusions can be
adequately described as a H2O-NaCl-CaCl2-(±MgCl2)-type
ﬂuid. Melting of other phases at this temperature, such as
antarcticite [77], was not observed due to the small size of
the inclusions. However, one sample contained ﬂuid inclusions in which we observed the melting of two solid phases
during the freezing-heating runs. The ﬁrst solid melted at
temperatures ranging from -22.6°C to -21.2°C, interpreted
to be hydrohalite, and the second melted at temperatures
ranging from -12.6°C to -4.8°C, interpreted to be water ice.
The melting of these two phases allowed us to determine that
the aqueous ﬂuid contained 0 to 3.9 wt% CaCl2 and 7.7 to
15.7 wt% NaCl [77]. An analyzed F5 fracture shows a clear
sequence of cement precipitation with zoned ﬂuorite forming
ﬁrst, followed by barite and calcite (Cc5). All these cements
trapped primary aqueous ﬂuid inclusions that show a systematic temperature variation from ~80°C to 110°C in ﬂuorite, from ~120 to 140° in barite, and ~60 to 100°C in late
Cc5 calcite (Figure 11). The salinity of the ﬂuids shows a similar trend that mirrors temperatures, ranging from 9.6 wt% to
10.5 wt% NaCl equivalents in ﬂuorite, up to ~19 wt% NaCl
equivalents in barite, and from 5.7 to 14.7 wt% NaCl equivalents in Cc5 (Figure 11).
Primary oil inclusions are present within Cc3, Cc4, and
ﬂuorite cements in all three formations but are absent in early
Cc0 host rock, Cc1 fracture, and Cc2 vug cements. We have
no primary oil inclusion data for Cc5 and Cc6 cements. FIAs
of oil inclusions show both heterogeneous and apparent
homogeneous liquid-to-vapor ratios within the same FIA at
room temperature. Oil inclusions in FIAs with homogeneous
liquid-to-vapor ratios show T h ranging from 44 to 75°C
(Table 2). The ﬂuorescence color of the oil inclusions under
UV light ranges from yellow to green in Cc3 calcite and F5
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Figure 10: Photomicrographs of typical ﬂuid inclusions. (a) Example of stretched inclusions: dark blue arrows highlight primary two-phase
aqueous inclusions with inconsistent L : V ratios and light blue arrows highlight primary single-phase aqueous inclusions. (b) Light blue
arrows highlight pseudosecondary single-phase aqueous inclusions trapped along a plane that terminates at crystal edges. (c) Dark blue
arrows highlight clustered primary two-phase aqueous inclusions with homogenous L : V ratios. (d) Dark blue arrows highlight primary
aqueous two-phase inclusions with homogenous L : V ratios trapped along a growth zone. (e) Dark green arrows highlight primary threephase oil (L : V : S) inclusions trapped along a growth zone. The solid phase is a hydrocarbon solid. (f) Blue ﬂuorescence of oil inclusions
in (e) under UV light. (g) Dark green arrows highlight primary single-phase oil inclusions trapped along growth zones. The light green
arrow highlights a trail of secondary two-phase oil inclusions. (h) Blue (dark green arrows) and dull orange (light green arrow)
ﬂuorescence of oil inclusions in (g) under UV light.

ﬂuorite cements of the Yijianfang Formation, and green to
bright blue in Cc3 cements of the Lianglitage and Tumuxiuke
Formations as well as subsequent Cc7 cement of the Yijianfang Formation (Figure 11).

5. Discussion
Discerning cavities formed by shallow (epigenetic) dissolution from those due to deep-seated (mesogenetic) dissolution is challenging since by deﬁnition, the cavities
themselves cannot be sampled. In cases where cavities are
small enough to be sampled by core (vugs), voids preserve
scant evidence of their origin. In many cases, however, vugs
and associated fractures within the studied carbonates contain cement linings and ﬁlls that can be used to obtain
information about the physical and chemical conditions
during the various stages of dissolution and cementation

that aﬀected these rocks. Information about temperature,
pressure, stress, and ﬂuid compositions during deformation [40–44] is recorded in cements and ﬂuid inclusions
trapped within them. Cemented vugs and dissolutionenhanced fractures identiﬁed in this study are cut by subsequent generations of cemented vugs and fractures, indicating
cements recorded conditions prior to and following dissolution. The sequence of structural diagenetic features identiﬁed
in this study, and in particular the cements that precipitated
within them, can be used to constrain the evolution of
physical, chemical, and mechanical conditions that led to
the formation of hydrocarbon-hosting cavities in the Halahatang area.
Although Middle-Lower and Upper Ordovician carbonate rocks show many similarities in their structural diagenetic
evolution, not all features are present in all formations. Our
sample suite allowed establishing the most complete
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Figure 11: Box and whisker plots showing microthermometry results of two-phase aqueous inclusions (minimum trapping and salinity) for
individual FIAs arranged by formation and diagenetic feature in chronological order.

paragenetic sequence for the Yijianfang Formation, which is
presented below (Figure 12).
5.1. Diagenetic Environments
5.1.1. Stage 0: Marine Diagenesis. The δ18O and δ13C values
of the host rocks are consistent with isotopic values inferred
by Shields et al. [76] and Veizer et al. [78] for Middle
Upper Ordovician marine carbonates (Figure 9). Therefore,

host rock cements (Cc0) most likely precipitated from
marine pore ﬂuids. However, 87Sr/86Sr ratios of the Tumuxiuke and Lianglitage Formations are slightly higher than the
values expected for Upper Ordovician marine carbonates,
probably due to the clay mineral content of the matrix in
the mudstones and wackestones [79]. Low salinities, similar
to those of seawater, of some ﬂuid inclusions in Cc0 host
rock cements support precipitation within the marine diagenetic realm (Figure 11). However, T h —considered
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minimum trapping temperatures [80]—and salinities of
some of the inclusions are highly variable and much higher
than it would be expected for a shallow marine environment. Moreover, ﬂuid inclusion temperatures are much
higher than those calculated on the basis of oxygen isotopic
contents. The high variability in T h and salinities supports
the inference that the high temperatures and salinities of such
ﬂuid inclusions are the result of reequilibration with burial
ﬂuids during progressive burial to higher depths [81, 82].
The reequilibration can be a combination of adjustment
of the inclusions to new temperature and pressure conditions by stretching or changing the volume of the inclusions or by partial inﬁltration of new ﬂuids, mixing with
the inclusion ﬂuids. The inferred reequilibration of inclusions suggests that caution must be taken if temperatures
are correlated with burial thermal history models for timing constraints (e.g., [83]).
Our study shows that mottle fabrics are neither the result
of penetrative surﬁcial karstic processes nor deep diagenetic
features but are burrows that were subsequently overprinted
by mesogenetic dissolution. Channel-shaped mottle fabrics
inﬁlled with fragmented fossils support the interpretation
that these are calcite-ﬁlled burrows characteristic of early diagenesis [84]. Cements in mottle fabrics and host rocks have
similar geochemical characteristics indicating pores formed
due to minor dissolution of the host rock. 87Sr/86Sr ratios
higher than those of the host rocks may be due to the alteration of illite and kaolinite within intergranular pores of
Cs0 [64, 85, 86] (Figure 9). Our results are broadly compatible with previous interpretations of mottled fabrics being the
result of selective diagenetic alteration and subsequent inﬁltration of bitumen [35]. The irregularity of mottle fabric walls
and their distribution may reﬂect dissolution caused by
hydrocarbon-bearing ﬂuids that upwelled from underlying
hydrocarbon source rocks [22].
5.1.2. Stage 1: Marine Phreatic Diagenesis. Uplift processes,
such as those experienced in the area during the Caledonian and Hercynian orogenies, typically lead to reduced
temperatures and pressure and may be accompanied by
substantial changes in pore-ﬂuid composition due to deeper
penetration of meteoric ﬂuids from elevated recharge areas
[87]. Such ﬂuids can travel along fractures and cause dissolution, forming solution-enhanced fractures with irregular
walls such as F1. Palisade calcite cements (Cc1) and internal sediment (Cs1) within F1 fractures are characteristic
of precipitation within the phreatic-vadose level [8, 41,
88]. However, δ18O and δ13C isotopic values indicate precipitation from marine ﬂuids [40]. Inﬁltrated meteoric
waters could mix with pore waters so that ﬂuids would
show low, but nonzero, salinities. Low salinities of ﬂuid
inclusions in Cc1 cements within the overlying Tumuxiuke
Formation support marine precipitation, but the high T h
suggest reequilibration during progressive burial [81]. Using
a geothermal gradient of 28°C/km for the Tabei Uplift during the Middle Ordovician [89], calculated temperatures of
<20°C indicate that Cc1 cements precipitated very near
the surface, consistent with precipitation in the Middle
Ordovician [90–93] (Figure 13).
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5.1.3. Stage 2: Marine to Shallow Burial Diagenesis. This stage
was characterized by the onset of burial and formation of
compaction-related fractures and stylolites (S1) as well as dissolution. Cc2 cements in F2 fractures and V2 vugs show δ13C
values similar to those of the host rock, whereas δ18O values of
these cements are slightly more depleted (Figure 9). This
depletion suggests that Cc2 precipitated from marine ﬂuids
during progressive burial of the rock [94]. Estimated temperatures of 30°C indicate precipitation of Cc2 at ~220 m depth,
within the shallow burial diagenetic environment [95]. Fluid
inclusions within Cc2 in the Yijianfang and overlying formations show a range but generally higher temperatures, suggesting, again, reequilibration of the inclusions at higher burial
depths. The 87Sr/86Sr ratio of these cements is similar to that
of the host rocks (Figure 9), indicating high rock-ﬂuid interaction [96]. A comparison with a representative burial history
curve for the study area indicates that Middle Ordovician
strata attained those depths around the end of the Ordovician
(Figure 13). The lack of primary oil inclusions in Cc2 or earlier
cements agrees with this timing, preceding the ﬁrst stage of
hydrocarbon generation in the Silurian [1, 61]. It is likely that
similar ﬂuids that caused stage 1 dissolution continued to
cause corrosion of carbonates at this stage.
5.1.4. Stage 3: Intermediate Burial Diagenesis. This stage was
characterized by the formation of F3 fractures and V3 vugs.
The spatial association between F3, V3, and mottle fabrics
indicates V3 most likely formed by the enlargement of dissolution-prone, more porous, diagenetically altered areas
(mottle fabrics). Cc3 that precipitated in F3 fractures and
V3 vugs shows depleted δ18O values compared to the host
rock indicating burial and precipitation from low- to
medium-temperature formation waters (Figure 9). Calculated temperatures of <45°C indicate that Cc3 cements precipitated at ~625 m depth, within the intermediate burial
diagenetic environment [17, 95], in contrast to the higher
temperatures of ﬂuid inclusions in overlying formations
(Figure 11). The similarity of δ13C values between Cc3 and
the host rock indicates that carbon was buﬀered by the host
rocks [94]. The 87Sr/86Sr ratio, similar to that of the host
rock, also indicates the prevailing interaction between the
ﬂuid and the host limestone (Figure 9).
Cc3a ﬁlling V3 vugs and F3 fractures contains primary oil
inclusions, indicating that oil was present in the system at the
time of precipitation of these cements. Oil presence is further
supported by bitumen in group 3 fractures and vugs. The ﬁrst
oil accumulation in the study area, derived from Cambrian
source rocks [90], dates to the Late Caledonian-Early Hercynian period [1, 61]. This timing of oil generation and inferred
depth for Cc3 cements is compatible with the formation and
partial cementation of group 3 features in the Silurian (see
Ukar et al. [93]). Heavy crude oil in the study area is rich in
H2S, and sulfur content may be as high as 2% [63]. A rise
in the temperature of the reservoir caused by burial would
trigger thermal decomposition of sulfur compounds to produce more H2S [1]. Sulfur-rich oil can mix with water to create H2SO4 in a process similar to that which created Carlsbad
Caverns in the Guadalupe Mountains (Texas, USA) [97].
Fluids, including hydrocarbons and acidic ﬂuids associated
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Figure 13: Estimated timing and depths of occurrence of the diagenetic stages described in the text in the context of a burial history model
calculated for one of the wells in our study area (burial history curve from Zhu et al. [61]; well HA601-4).

with sulfur-rich oil, ﬂowed along F3 fractures and S1a stylolites causing localized dissolution and formation of vugs.
Host rock reworking and dissolution associated with burrowing that led to the formation of early diagenetic mottle fabrics
generated up to 1-3% of porosity within these areas, allowing
for inﬁltration of dissolving ﬂuids and localization of subsequent dissolution around dissolution-prone mottle fabrics.
Where an F3 and/or S1a encountered a dark mottle, porosity
(secondary) increased giving the rock the aspect of pseudobreccia [35].
5.1.5. Stages 4 to 7: Deep Burial Diagenesis. Cc4 that precipitated within F4 fractures and V4 vugs shows yet more depletion in δ18O compared to the host rock. The lower values in
δ18O indicate further burial of the rocks and circulation of
high-temperature formation waters (Figure 9). Cc2 to Cc4
follow a general trend of slight increase in δ13C and decrease
in δ18O that suggests rock-water interaction at progressively
more elevated temperatures. Calculated temperatures of
<80°C indicate that Cc4 precipitated at ~2000 m depth, within
the deep burial diagenetic environment [17, 95]. The similarity
of δ13C values between Cc4 and host rocks indicates that carbon was buﬀered by the host carbonate [94]. However, high
87
Sr/86Sr values of these calcites suggest incorporation of

radiogenic Sr derived from older rocks such as evaporitic
Cambrian strata [98, 99], from the Precambrian basement
[100, 101], and/or alteration of feldspars, clays, and other clastic terrigenous minerals present within deeper strata [102].
Cc5 and Cc6 show more depleted δ13C and/or heavier
18
δ O, departing from the general trend of increasing temperatures (Figure 9) and pointing to ﬂuid mixing in a hydrologically open system [16, 40]. Precipitation of noncarbonate
minerals along F5 (ﬂuorite, barite, and celestite) supports
changes in ﬂuid chemistry and/or temperature. Inﬁltration
of high-temperature ﬂuids is supported by generally high FI
temperatures within F5 and F6 cements (Figure 11). The partial dissolution experienced by some F4 fractures could have
been caused by such high-temperature ﬂuids, possibly from a
deeper source. This is supported by the parallel and systematic change of temperatures and salinity, showing increasing
then decreasing trends, from earlier ﬂuorites to late calcite
cements in F5 fractures. The oxidation of pyrite associated
with F4 and stylolites would be accompanied by a pH
decrease creating an acidic environment that would drive
dissolution [103, 104]. Corrosive ﬂuids may have also been
associated with subsequent precipitation of ﬂuorite [16].
A 400 ± 37 Ma isochron age of an F5 fracture reported by
Ukar et al. [93] indicates formation and subsequent mineral
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ﬁlling by the end of the Devonian, consistent with inferred
depths of calcite precipitation, reached by Ordovician strata
at that time (Figure 13). 87Sr/86Sr values of subsequent Cc6
that precipitated in fractures are consistent with isotopic
values of Middle Permian magmas (~295-263 Ma) [91, 92,
105] suggesting that Cc6 acquired its high Sr isotope ratios
by incorporating radiogenic Sr derived from magmatic ﬂuids
[64, 79, 84, 86, 106].
Dolomite (Dc1) and calcite cement (Cc7) mineralization
associated with F7 fractures, V7 vugs, and stylobreccias (S2,
fault breccias) indicates the presence of Mg-rich ﬂuids in
the system following Permian activity. The penetrative deformation recorded by these structures most likely occurred in
the Jurassic-Early Cretaceous ([93]).
Younger Cc7 cements in the Yijianfang Formation contain primary oil inclusions with higher API gravity values
(dull to light blue color; ~40-45 API° gravity) than older
Cc3 and ﬂuorite cements (yellow to green color; ~30-35
API° gravity), which is consistent with increased oil maturity
in the system over time (Figure 11). The UV light ﬂuorescence color of oil inclusions in Cc3 and Cc4 cements in
the overlying Tumuxiuke and Lianglitage Formations is
more mature (green to light blue) than that in equivalent
features within the Yijianfang Formation and is similar to
that in Cc7 within the Yijianfang Formation. This trend is
the opposite of that expected for variations in thermal maturity of oils with depth [107]. Without a constraint on the
composition of the oils, possible explanations for the variations in the UV light ﬂuorescence color of the oils between
formations include locally occurring factors such as biodegradation, water washing, and migration fractionation ([107])
within a potentially weakly interconnected ﬂuid system
across the clay-rich Tumuxiuke Formation at the time of
Cc3 cementation.

the result of an ancestral river at the top of the Lianglitage
Formation [112].
Karstic breccias are absent in the Yijianfang Formation in
our study area. Early diagenetic features here are mottle fabrics, but these show similar isotopic and lithologic compositions as the host rock indicating that they formed in situ
due to minor reworking and dissolution associated with burrowing. Primary porosity associated with near-surface mottle
fabric dissolution was <3%, similar to the 1–3% of the matrix.
The 5–12% porosity reported for the reservoir [113] must
have therefore been caused by subsequent dissolution. Textural and isotopic evidence shows that the majority of the dissolution recorded by Yijianfang Formation strata occurred
within the intermediate and deep diagenetic environments
(mesogenetic dissolution). Although the Lianglitage and
Tumuxiuke Formations contain evidence for mesogenetic
dissolution, some of the structural diagenetic features identiﬁed in the Yijianfang Formation are absent in the overlying
formations (Table 1). This diﬀerence in structural diagenesis
between the Lianglitage and Yijianfang Formations suggests
a hydrologic isolation by the presence of caprock of the compact muddy limestone stratum of the Tumuxiuke Formation
in between [25, 57].
However, petrographic, SEM-CL, and isotopic compositions of vug- and fracture-ﬁlling cements of many of the
identiﬁed structural diagenetic features are the same across
the Tumuxiuke Formation indicating that the carbonate rocks
below and above this capping horizon were somehow connected, in agreement with observations by Zhu et al. [114].
The close association between fractures and dissolution vugs
indicates corrosive ﬂuids ﬂowed along fractures, some of
which must have extended vertically across formations for
tens to hundreds of meters. Diagenetic cements that precipitated along stylolites indicate that these also acted as pathways rather than barriers to ﬂow.

5.2. Dissolution and Fluid Pathways. In the Tabei Uplift, a
seismic interpretation of the top Ordovician illustrates an
erosional topography and seismic geomorphologic patterns
related to the unconformity, with numerous sinuous ﬂuvial
channels and canyons, ﬂuvial valleys, sinkholes, and tower
karsts and hills [2, 108, 109]. Intensive karstiﬁcation was
hypothesized to be related to a prolonged sea level fall and
subaerial exposure, which coincided with a major glaciation
at the end of the Ordovician [110].
However, in the Halahatang area, the only breccias we
encountered that resemble karstic ﬁllings are the ones present in the Lianglitage Formation. Localization of silt quartz,
clays, and iron oxides to within brecciated areas indicate
that such sediments were most likely transported into cavities during subaerial exposure (epigenetic dissolution).
Similar sediment-ﬁlled cavities have been extensively documented in cores of the Lianglitage Formation in other
study areas [27, 111]. Moreover, the presence of widespread
near-surface paleokarst is evident in seismic patterns,
where topographic relief of 100s of meters resembling the
modern topography of the Guilin active karst region is visible at the top of Upper Ordovician carbonates. The
fracture-cavity network has been related to incised valleys,

5.3. Multiple Shallow and Deep Dissolution Events. Multiple
karst events related to surﬁcial exposure and shallow to
deeply penetrating groundwater are widespread in Paleozoic
carbonate rock sequences, and groundwater can penetrate to
great depths and cause dissolution (e.g., [115]). Dissolution
along faults is also widely accepted [18, 20, 116, 117]. But
the evidence we found of repeated dissolution and precipitation primarily at great depth and not necessarily associated
with exposure surfaces or groundwater contemporaneous
with exposure raises a question of how useful the term
“paleokarst” is to describe both (1) features with clear linkages to surﬁcial or near-surface processes and (2) dissolution
at great depth owing to corrosive ﬂuids penetrating along
faults and fractures that may have uncertain or no connection with karst topography or groundwater. We contend that
the structures we describe are probably not usefully categorized as paleokarst, since processes operating at depth may
markedly diﬀer in characteristics and timing of dissolution
and may have patterns that diﬀer substantially from those
governed by paleotopography and other near-surface controls. For example, corrosive ﬂuids might catalyze fault slip
and fault porosity evolution as a consequence of chemicalmechanical interaction (e.g., [118]). We prefer to identify
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and categorize dissolution features with a descriptive
terminology.
Dissolution at deep burial depths on a massive scale (up
to 20%) has been doubted [119, 120]. Ehrenberg et al. [119]
and Ehrenberg [120] argued that burial dissolution in carbonates would not contribute signiﬁcantly to a net increase
in carbonate reservoir porosity. Furthermore, they stated that
pore waters highly undersaturated with respect to calcite
would in most cases be neutralized very rapidly during migration before reaching carbonate reservoirs and that consequently dissolution would be limited to a narrow reaction
front along fractures in case acidic waters would reach the reservoir level. But in the case of Halahatang, the prevalence of
active faults resulted in multistage reactivation of faults both
in shear and in extension, and the formation of porous fault
rock and dissolution-enhanced cavities, as evidenced by stylobreccias and associated fractures and vugs as well as fault rocks
exposed in nearby outcrops ([93]) and cavities imaged near
faults [23, 36, 37, 121]. On the basis of fault porosity and abundance and core observations, Ukar et al. [93] suggest that local
mesogenetic porosity enhancement of as much as 5–10% is
plausible. Both porous fault rock and dissolution-enhanced
cavities and fractures could provide hydrocarbon storage and
migration pathways and be responsible for decameter-scale
bit drops and large volumes of drilling mud losses.

by acidic ﬂuids associated with Middle-Late Silurian and
Devonian-Permian hydrocarbon generation. Stage 5 was associated with ﬂuorite and barite mineralization with a possible
deeper ﬂuid source. An isochron age of 400 ± 37 Ma conﬁrms
stage 5 dissolution and subsequent cementation occurred by
the end of the Devonian. Stage 6 calcite has elevated 87Sr/86Sr
as a result of external ﬂuid inﬁltration associated with Permian
igneous activity. Stage 7 stylobreccias and fractures were associated with Mg-rich ﬂuids and Jurassic-Cretaceous deformation. Fluctuating, but high (80-120°C), homogenization
temperatures and generally high salinities (5-20% NaCl
equiv.) of ﬂuid inclusions trapped within late calcite cements
indicate potential reequilibration of the ﬂuid inclusions with
deeper, higher-temperature ﬂuids. Close association of fractures with vugs of all stages and mineralization along stylolites
indicate that they both acted as corrosive-ﬂuid pathways.

6. Conclusions
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In the basement areas of the southern Pannonian Basin, Central Europe (Tisia Composite Terrane, Hungary), Variscan blocks are
essential components. The existing paleogeographic reconstructions, however, are often unclear and contradictory. This paper
attempts to give a contribution for paleogeographic correlation of the Tisia using paleohydrological features (e.g., vein
mineralization types, inclusion ﬂuid composition and origin) of the Pennsylvanian continental succession and neighboring
crystalline complexes. Vein-type mineralization in the studied samples dominantly forms blocky morphological types with
inclusion-rich quartz and carbonate crystals. The evolution of hydrothermal mineralization and host rock alteration in the study
area comprises three major stages. The ﬁrst one is characterized by chloritization, epidotization, and sericitization of
metamorphic rocks together with subsequent formation of Ca-Al-silicate and quartz-sulﬁde veins (clinopyroxene-dominant and
epidote-dominant mineralization). The related ﬂuid inclusion record consists of high-temperature and low-salinity aqueous
inclusions, corresponding to a reduced retrograde-metamorphic ﬂuid phase during the Late Westphalian (~310 Ma). The next
mineralization stage can be related to a generally oxidized alkaline ﬂuid phase with a cross-formational character (hematite-rich
alkali feldspar-dominant and quartz-dolomite veins). High-salinity primary aqueous inclusions probably were originated from
the Upper Permian playa ﬂuids of the region. The parent ﬂuid of the third event (ankerite-hosted inclusions) was derived from
a more reductive and low-salinity environment and can represent a post-Variscan ﬂuid system. Fluid evolution data presented
in this paper support that the W Tisia (Mecsek–Villány area) belonged to the Central European Variscan belt close to the
Bohemian Massif up to the Early Alpine orogenic phases. Its original position is presumably to the northeast from the
Bohemian Massif at the Late Paleozoic, north to the Moravo-Silesian Zone. The presented paleoﬂuid evolution reﬁnes previous
models of the paleogeographic position of the Tisia and puts constraints on the evolution of the Variscan Europe.

1. Introduction
In the basement areas of the Pannonian Basin, Central
Europe (Hungary), pre-Variscan and Variscan blocks are
essential components [1–4]. Late Variscan age granitoids
are known in the Tisia Composite Terrane or Tisza Megaunit (e.g., ca. 330–360 Ma, Mórágy Granite Complex) where
locally marine Silurian and terrestrial Permo-Carboniferous
(meta) sediments are also preserved (Figure 1). Based on its

Variscan and early Alpine tectonostratigraphic characteristics, the Tisia was located at the margin of the European Plate
prior to a rifting period in the Middle Jurassic [5–7]. The
existing paleogeographic reconstructions, based on the correlation of the Paleozoic and Mesozoic facies belts in the
Alpine–Carpathian domain, however, are contradictory
(Figure 2). On the one hand, at the end of the Variscan cycle,
the polymetamorphic complexes of the Tisia belonged to the
southern part of the Moldanubian Zone, forming the
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Figure 1: Regional geology. Simpliﬁed map of Variscan basement areas in W and Central Europe [1, 8] and geologic framework of the
Carpathian–Pannonian area [1, 4]. Late Variscan age granitoids known in the Hungarian part of the Tisia are also indicated [2]. 1: Mecsek
Mountains (Mórágy Complex), monzonite; 2: Danube–Tisza Interﬂuve, Kecskemét basement area, monzonite; 3: Battonya basement area,
tonalite. Box indicates area studied in detail (see Figure 3(a)). MS: Moravo–Silesian (Brunovistulian) Zone; ALCAPA: Alpine–West
Carpathian–Pannonian Block; SDU: Slavonia–Drava Unit.

European margin of the Paleo-Tethys [2, 3, 5]. Position of the
Tisia can be determined east to the Bohemian Massif and to
the Western Carpathians (Figure 2(a)).
On the other hand, the Bohemian Massif can project
below the Eastern Alps and the Vienna Basin as a major basement promontory referred to as the Bohemian Spur [9, 11].
According to this concept, the conjugate upper margin can
be found in the northern edge of the Moesian Platform
(Romania and Bulgaria) which is a large microplate between
the Southern Carpathians and the Balkans [12]. Therefore, its
pre-Middle Jurassic reconstruction between the Bohemian
Spur and the Teisseyre-Tornquist Zone leaves no space for
the Tisia in this segment of the European margin

(Figures 1 and 2(b)). Consequently, the original paleogeographic position of the Tisia on the European southern
margin had to be to the west of the Bohemian Spur, having the structural characteristics of syn-rift development
during the latest Triassic and Early Jurassic (e.g., pronounced extensional half-grabens with the characteristic
Gresten facies siliciclastic basin ﬁll) [9, 13]. This scenario
was recently reinforced [14], suggesting a connection of
the Tisia to the southern and/or southwestern part of the
Bohemian Massif.
If the assumption that the Tisia was an integrated part
of the Moldanubian Zone up to the latest Triassic is correct, at least some lithostratigraphic units from both areas
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Figure 2: Speculative paleogeographic position of the Tisia. (a) Paleogeographic reconstruction for the Early Carboniferous [5]. (b) Position
of the Tisia for the Early Jurassic [9]. The present-day outline of the Tisia is the end-result of severe continental E–W extension during the
Miocene and equally important Eo-Alpine N–S shortening during the Cretaceous [10]. Thus, a more likely pre-Albian map-view outline
of the Tisia should have an isometric shape [9].

should be characterized by similar Late Variscan and postVariscan large-scale hydrothermal events and host rock
alteration styles. Veins are common features in rocks and
extremely useful structures to determine pressuretemperature range, ﬂuid composition, and ﬂuid origin during their formation [15]. This paper attempts to give a
contribution for paleogeographic correlation of the Tisia

Composite Terrane using paleoﬂuid features of the Pennsylvanian (Upper Carboniferous) continental succession,
Téseny Formation, S Hungary. In addition, the results
from previous vein petrological and geochemical studies
of the Téseny Formation and neighboring crystalline complexes in the study area [16–25] have also been integrated
into this paper.
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A multidisciplinary approach including vein petrography, cathodoluminescence (CL) and Raman microspectroscopy, X-ray ﬂuorescence analyses, stable O and C isotope
analyses, and ﬂuid inclusion petrography and microthermometry was applied to unravel the tectono-sedimentary
record of the Téseny siliciclastic deposits in the Slavonia–
Drava Unit (Figure 1). The paleoﬂuid evolution presented
in this article reﬁnes previous models of the tectonic
history of the Tisia and puts constraints on the evolution
of the Variscan Europe.

2. Geological Setting
The Tisia Composite Terrane, corresponding to a structural
mega-unit, forms the basement of the southern Pannonian
Basin [4, 6, 7]. Within the crystalline basement, three terranes have been distinguished: (1) Slavonia–Drava Unit,
which can be subdivided into the Babócsa and Baksa Complexes (Subunits); (2) Kunság Unit, including Variscan granitoids of the Mórágy Complex; and (3) Békés Unit [4]. The
study area includes the western Mecsek Mountains, which
are parts of the Kunság Unit (Mórágy Subunit), and the
western ﬂank of the Villány Mountains which is a part of
the Slavonia–Drava Unit (Figures 1 and 3(a)). The crystalline
complexes and the overlying Paleozoic and Mesozoic
sequences show heterogeneous lithological and metamorphic
characteristics, indicating various phases of geologic evolution [4, 7]. The oldest Paleozoic rocks are the late Early
Silurian Szalatnak Slate deposits (Szalatnak Unit) related to
a marine clastic sedimentation. In the Pennsylvanian, a
molasse-type siliciclastic and, locally, coal-bearing sequence
called Téseny Sandstone Formation was deposited in a foreland basin. In the Permian, continental red beds together
with volcanosediments characterized the development of
the study area [1, 4, 24, 26–28].
The nonmetamorphic (locally anchimetamorphic)
Téseny Formation is interpreted as a ﬂuvial system deposit.
It unconformably overlies the Babócsa and Baksa metamorphic basement complexes and has a maximum thickness of
1500 m, occurring subsurface in the area between the Mecsek
and Villány Mountains (Figure 3(a)). It is composed of conglomerate, sandstone, and siltstone; in addition, shale and
coal seams also occur. These rocks contain a Namurian–
Westphalian ﬂora and Westphalian palynomorphs [24, 25,
29–31].
Téseny rocks are known from numerous shallow wells
in the western ﬂank of the Villány Mountains (Figure 3),
for example, in wells Téseny–2 (T–2) to Téseny–7 (T–7).
Additionally, it was also penetrated in deep boreholes
Bogádmindszent–1 (Bm–1), Diósviszló–1 (Dv–3), and Siklósbodony–1 (Sb–1). Lithologically, the Téseny Sandstone
samples are poorly to moderately sorted lithic-feldspathic
wacke to arenite and arkose. They are composed of variable
amounts of quartz, plagioclase, K-feldspar, micas, chlorite,
clays, Fe oxides, and lithic grains such as quartz-rich metamorphic, acidic-intermediate volcanic, granitoid, and siliciclastic
rock fragments [20–24]. The poorly to moderately sorted
polymictic Téseny conglomerate samples are characterized
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by metamorphic, sedimentary, and acidic-intermediate volcanic rock clasts [21, 24, 29–31].
In the joints of the Pennsylvanian rocks from the wells
near the village of Téseny, two fracture ﬁlling types were previously distinguished [29]: (1) an older vein-type carbonatefeldspar mineralization, which comprises kidney-shaped
siderite, K-feldspar, and chlorite and (2) a younger pure
quartz inﬁlling. Furthermore, mm-to-cm-thick veins (“aplite
dykes”) were also described in the boreholes Bm–1 and Sb–1
which comprise quartz, dolomite, K-feldspar, and chlorite
[31]. Petrographic features of some Téseny Sandstone
samples reﬂect extensive hydrothermal alteration with concomitant pyritization. Alteration styles that accompany this
disseminated sulﬁde mineralization comprise carbonatization, siliciﬁcation, chloritization, and sericitization of the
host rock [22–25].

3. Materials and Methods
For petrographic analysis of the Pennsylvanian Téseny rocks,
Mining and Geological Survey of Hungary provided thin section collection from borehole Bm–1 (date of drilling: 1968) at
depths of 848.9–1350.0 m below surface. Covered thin sections (n = 373) were studied by polarized light microscopy.
The petrographic characterization of the observed veins
(1 cm wide maximum), occurring in 27 thin sections, is based
on papers by Bons [15, 32]. Additionally, thin section collection (n = 11) of the Eötvös Loránd University, Budapest,
from the wells near the village of Téseny (date of drillings:
1967) was also used for petrographic analysis. After that, a
total of 11 core samples from the boreholes Bm–1, T–3, T–
5, T–6, and T–7 were newly collected for this study. Detailed
vein petrographic descriptions using CL microscopy, X-ray
ﬂuorescence analysis, and ﬂuid inclusion study were conducted on representative thin sections (quartz and quartzcarbonate vein types). Vein sample locations (n = 40) are
shown in Figure 3(b). Conventional mineral abbreviations
have been used during the whole manuscript [33].
Cathodoluminescence (CL) studies were carried out by a
Reliotron cold cathode luminoscope operating at 8 kV and
0.7 mA at the host department. Photomicrographs were
made using an Olympus DP73 camera and the exposure
times varied between 1 and 3 min.
X-ray element maps of representative areas of selected
samples and single point analyses were made in order to
monitor compositional variations of the minerals using a
Horiba Jobin Yvon XGT 5000 X-ray ﬂuorescence spectrometer at the host department. In the case of carbonates, Ca,
Mg, Fe, and Mn were measured while Pb, Bi, Zn, Cu, Fe,
As, Sb, Sn, Ag, Se, Te, Au, Ga, and Cd were analyzed for
galena. Standardization was made by natural internal standards. Beam diameter was 100 μm and acceleration voltage
was 30 kV during element mapping. Operating conditions
of point analyses for carbonates and galena were 30 kV accelerating voltage and beam diameter 100 μm and 50 kV voltage
with beam diameter 100 μm, respectively.
Fluid inclusions were studied in 75–150 μm doublepolished thick sections prepared from the vein materials at
the host department. A low speed sawing machine was used
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Figure 3: Local geology. (a) Generalized geologic map of the Mecsek–Villány area, S Hungary, showing the pre-Neogene basement
formations [4]. (b) Schematic lithologic logs of the studied boreholes, showing the positions of the investigated cores within the hole. Bm-1:
Bogádmindszent–1. Key to lithology: 1: Holocene soil; 2: Pleistocene sand, loess, and red clay; 3: Upper Miocene sand, clay, and/or marl,
lower part; 4: Upper Miocene sand, clay, and bentonite, upper part; 5: Pennsylvanian (Upper Carboniferous) sandstone and conglomerate;
6: coal seams.

to cut the samples in order to avoid changes in the volumes of
the ﬂuid inclusions. Microthermometric measurements were
carried out with a Linkam THMSG 600 heating-freezing
stage operating over a temperature range from −190 to
+600°C. Synthetic ﬂuid inclusions were used to calibrate at
−56.6, 0.0, and +374.0°C. The accuracy of the data is approximately ±0.2°C under freezing and ±0.5°C under heating conditions. An LMPlanFI 100x objective lens (Olympus) was
used to analyze the inclusions. The measurements of inclusions trapped in quartz began with freezing, while in the case
of carbonate, the heating experiments were carried out ﬁrst.
In the latter case, inclusions can suﬀer permanent deformation during the freezing experiment [34]. The cycling method

[34] was used to determine the last ice melting temperature
of ﬂuids trapped in calcite. Determinations of volume fractions of vapor bubbles (φvap) were obtained from area analysis in a two-dimensional projection of ﬂuid inclusions. Terms
and symbols are used after Diamond [35].
Thermodynamic model to derive the behavior of highsalinity H2O-salt system with complex composition does
not exist yet [36]. Failing a model, the salinities are calculated
based on the equivalent mass% principle in the H2O–NaCl
binary and H2O–NaCl–CaCl2 ternary model systems. Salinity calculations are based on T m (ice) and T m (Hh) data of
ﬂuid inclusions using AqSo-Vir software by Bakker [37], corresponding to a numerical model [38]. Program module
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Figure 4: Hydrothermal alteration of siliciclastic host rocks (borehole Bm–1, 1062.3 m). Note: dissolution of quartz (Qz) from the framework
grains followed by albitization (Ab), pervasive carbonatization (Cb), and chloritization (Chl). Abbreviations: PPL: plane-polarized light; XPL:
crossed polars.

BULK from program package FLUIDS [36] was used to
determine the main physical parameters such as homogenization pressure (ph), molar volume (V m), and liquid to vapor
ratio (φvap) of ﬂuid inclusions. This program uses equations
of state (EoS) of Zhang and Frantz [39] in the case of bulk
ﬂuid inclusion and EoS of Krumgalz et al. [40] in the case
of aqueous ﬂuids.
Raman microscopic analysis of ﬂuid inclusions was carried out at the Department of Mineralogy and Petrology of
Montanuniversität Leoben using a Jobin Yvon LABRAM
confocal Raman microspectroscope which works with a
frequency-doubled Nd-YAG laser of 100 mW capacity. Irradiations were made by using a laser light with 532.2 nm
(green) wavelength in the case of each sample. The instrument is characterized by 4 cm−1 spectral- and few μm3 spatial
resolutions. The calibration of the spectrometer was made by
using synthetic silicon chip, polyethylene, calcite, and natural
diamond crystal. Recording time was 150 sec in the case of
each spectrum with 30 sec accumulation periods. Raman
spectra of salt hydrates can be found in the range of 3000–
3700 cm−1 with a most important peaks around 3400 cm−1
[41, 42]. During Raman spectroscopy-assisted microthermometry, the Linkam THMSG 600 heating-freezing stage was
mounted on the Raman spectrometer. In order to make accurate identiﬁcation of ice and salt hydrates, spectra were
recorded at temperature condition lower than −170°C. This
method is applicable with great eﬃciency to determine last
melting temperature of salt hydrates and to distinguish the
diﬀerent types of salt hydrates from ice and each other.
Stable isotope analyses for seven representative carbonate
samples were made using a Finnigan delta plus XP mass
spectrometer at the Research Centre for Astronomy and
Earth Sciences of the Hungarian Academy of Sciences, Budapest. The sampling was done by microdrilling of crack ﬁlling
carbonate, obtaining 0.1–0.3 mg powder. Each sample was
reacted with puriﬁed phosphoric acid, producing CO2 gas
which was analyzed by the mass spectrometer. The isotopic

compositions δ13C (V-PDB) and δ18O (V-SMOW) of each
sample are averages of replicate analyses. Precision of the
measurements was ±0.1–0.2‰ in cases of δ13C and
δ18O. The 13C and 18O isotope results are reported in
the standard δ notation of the diﬀerence in isotope ratio
between the sample and a standard expressed in per mil
(‰), where δ = ½ðRsample /Rstandard Þ − 1 ∗ 1000.

4. Results
4.1. Vein Classiﬁcation and Petrography. Based on their
geometric, textural, and mineralogical characteristics, the
observed veins can be subdivided into four main groups:
(1) blocky, (2) ﬁbrous, (3) stretched, and (4) polytextured
veins. Additionally, four subtypes of blocky veins can be distinguished, based on dominant mineral phases. Hydrothermal alteration of the siliciclastic host rock is rare; although,
adjacent to some quartz-silicate-carbonate blocky veins,
millimeter–submillimeter thick zones of feldspar alteration,
carbonatization, and chloritization are present (Figure 4).
4.1.1. Blocky Veins
(1) Quartz Veins. This subtype contains almost exclusively
quartz as a fracture ﬁlling mineral. Thickness of the veins is
in a range of ~0.2–5 mm. They are closely parallel or at 10–
30° angle to the long axis of the drill core. Most of the quartz
veins are ﬁlled almost entirely euhedral and/or subhedral
quartz crystals which are generally deposited directly to the
vein walls. At some places, however, vein walls are coated
by microcrystalline iron oxide/hydroxide (goethite; <1 mm
in thickness) preceding quartz mineralization. Some of the
quartz veins show elongate blocky texture where the c-axis
of each crystal is close to perpendicular to the vein wall and
tiny open cavities are observable among them frequently.
Most of the quartz crystals are exhibiting well-developed
growth zonation patterns indicated by ﬂuid inclusion bands.
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Additionally, faintly brown-luminescent adularia crystals
subordinately occur either as replacement and/or overgrowth
on blue-luminescent detrital K-feldspar grains of the sandstone wall rock or as a fracture ﬁlling mineral among the
quartz crystals (Figure S1).
(2) Carbonate Veins. This subtype contains almost exclusively carbonate (mainly dolomite) fracture ﬁlling minerals.
Thickness of these veins is in a range of ~0.05–1 mm. Sparry
dolomite crystals have curved crystal boundaries and undulose (sweeping) extinction (Figure S1).
(3) Quartz-Carbonate Veins. This subtype can be found only
in the drill core samples from the borehole Bm–1 where these
veins occur frequently. Their thickness is in a range of ~0.01–
1 cm and they are at 30–35° angle with the long axis of the
core. The quartz-carbonate veins are composed of symmetrical fracture inﬁlling. Within the veins, quartz is deposited
directly on the walls as euhedral crystals followed by a white
colored sparry carbonate phase (mainly dolomite). This latter
phase shows bulky habit and, in thin section, is characterized
by a hypidiomorphic appearance with curved crystal boundaries (Figure S2).
Quartz crystals show growth zonation that is marked
by ﬂuid inclusion assemblages, while CL microscopy
reveals a more detailed internal growth zonation pattern.
Cores of the carbonate crystals show signiﬁcant turbidity
owned to ﬂuid inclusion clusters. Their rims are, however,
clear so they are free from ﬂuid inclusions. Majority of the
carbonate crystals display undulose extinction but do not
show any deformation twins (Figure S2). Raman
measurements indicate that these crystals are dolomites
(characteristic bands: ~1098, ~300, and ~176 cm−1; http://
rruﬀ.info/ [43, 44]). Millimeter-sized blocky crystals of
galena occur sporadically in the pore space among
dolomite crystals. The dolomite and galena assemblage is
followed by a carbonate phase with growth zonation
pattern marked by ﬂuid inclusion bands. This latter
carbonate phase is ankerite (characteristic bands: ~1093,
~289, and ~172 cm−1; http://rruﬀ.info/ [43, 44]).
Using CL microscopy, the rhombohedral dolomite crystals with curved faces are nonluminescent while their very
thin (<10 μm) clear rims have a characteristic red luminescence. The following ankerite shows ﬁne-scale oscillatory
zonation containing thin red- and nonluminescent bands.
Tiny calcite crystals (~5–20 μm) with a bright orange luminescence can be found frequently as solid inclusions in this
oscillatory zoned phase (Figure S2).
(4) Quartz-Silicate-Carbonate Veins. This subtype can be
found in several investigated boreholes but not occurs so frequently than the abovementioned blocky ones. This subtype
contains dominantly euhedral quartz crystals and sparry
habit alkali feldspars where the latter show turbid internal
texture caused by minute hematite inclusions. More or less
amount of chlorite±kaolin minerals, botryoidal calcite, and
sulﬁde minerals (mainly pyrite) with a minor amount of epidote and Ti-oxides also occur in these veins (Figure S2). In a
single sample from the lowermost part of the Pennsylvanian
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section (borehole Bm–1 1062.1 m), chlorite and/or pyrite are
accompanied by euhedral monazite and/or xenotime crystals
(Figure S3).
4.1.2. Fibrous Veins. Fibrous veins appear only in subordinate
amounts and their thickness is lesser than 1 mm. They are
emplaced parallel or at very small angle (<20°) to sedimentary bedding. Elongated ﬁbrous crystals are parallel with each
other and perpendicular to the vein plane. The observed
internal microstructure indicates antitaxial growth morphology. Two subtypes can be distinguished among them, one
with solid inclusion trails which are parallel with the vein
walls. This subtype occasionally contains quartz beyond the
dominant carbonate fracture ﬁlling mineral. The other subtype is made by carbonate and frequently contains sinusoidal
solid inclusion bands (Figure S4).
4.1.3. Stretched Veins. Stretched veins occur in subordinate
amounts and contain dominantly stretched crystals of quartz
together with minor amounts of chlorite or carbonates
(Figure S4). The thickness of these veins is in a range of
0.2–1 mm.
4.1.4. Polytextured Vein. Polytextured vein is the rarest vein
type in the investigated area (only a single studied sample).
It contains a ﬁbrous carbonate on the vein wall that is
followed by a blocky textured carbonate in the middle of
the vein (Figure S4).
4.2. Mineral Chemistry. In order to reveal the element distribution in the carbonate phases of quartz-carbonate veins, Xray element maps have been carried out (Figure 5). The
results indicate that dolomite is chemically homogeneous.
On the other hand, two chemically distinct parts can be
observed in ankerite. At the contact with dolomite, a thick
band (50–200 μm) is enriched in Mn (AnkMn) while other
parts do not show Mn enrichment only the higher iron content is typical for ankerite (AnkFe). Point analyses of dolomite
indicate some iron substitution (Table S1). Their FeCO3
content varies between 8 and 10 mass% while MnCO3
content is <2 mass%. Composition of AnkMn shows 14–18
mass% FeCO3 and 5–8 mass% MnCO3 concentration,
while MnCO3 content of AnkFe shows 2–5 mass% and their
FeCO3 content varies in a wide range of 15–23 mass%.
Composition of galena diﬀers a little bit from the stochiometric composition (~86 mass% Pb and ~14 mass% S,
respectively). Its Pb content varies between 83 and 89 mass%
while S content is in a range of 8–15 mass% with a relatively
high Bi (0.5–1.4 mass%) content (Table S2). The analyzed
galena is relatively rich in Ag (2200–4300 ppm), Se (1400–
5100 ppm), and Sn (1100–2900 ppm).
4.3. Stable Isotopes. A total of seven carbonate samples from
quartz-carbonate veins were selected for stable isotope analyses (Table S3). The δ13C (V-PDB) and δ18O (V-PDB)
values for dolomite vary from −6.15 to −5.77‰ and from
−16.63 to −16.21‰, respectively. The studied ankerite
samples display δ13C (V-PDB) values from −5.64 to
−5.39‰ and δ18O (V-PDB) values from −16.09 to −14.93‰.
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Figure 5: X-ray element maps of carbonate phases of quartz-carbonate vein type (borehole Bm–1, 875.0 m). (a) Diﬀerent carbonate phases
together with galena in the quartz-carbonate vein type. (b, c) Distribution of intensity of Fe Kα line (green color) and Mn Kα line (red color) of
ED spectra of the same area, respectively. (d) Summary outline about the textural distribution of diﬀerent carbonate phases based upon
petrographic, phase analytical (Raman), and EDS mapping information. Abbreviations: Dol: dolomite; Ank: ankerite; Gn: galena; PPL:
plane-polarized light.
Table 1: Petrographic characteristics and microthermometric data of the studied primary ﬂuid inclusions.
Mineral phases

Salinity
H2O-NaCl-CaCl2
NaCl (mass%) CaCl2 (mass%)

T h (°C)

T i (°C)

T m(ice) (°C)

T m (Hh) (°C)

88 to 145
63 to 89
50 to 77

−53.7 to −47.8
−53.4 to −49.7
−56.2 to −50.7

−26.0 to −21.0
−25.3 to −23.1
−27.0 to −23.0

−22.0 to −2.8
−13.0 to −3.4
−17.0 to −5.2

15.2 to 22.4
16.0 to 19.4
15.0 to 20.7

2.6 to 11.7
6.6 to 10.6
5.3 to 11.8

—
—
—

Quartz-carbonate vein
QCP1
54 to 153
QCP2
46 to 82
Quartz
QCP3
42 to 78
QCP4
47 to 74
Dolomite
DP1
127 to 167
Ankerite
AP1
61 to 109

−55.2 to −52.4
−52.7 to −47.6
−56.3 to −47.3
−54.1 to −47.7
−57.5 to −48.5
—

−25.4 to −22.8
−25.2 to −22.8
−28.0 to −23.8
−25.0 to −21.7
−28.6 to −25.5
−2.5 to −1.6

−16.0 to −1.6
−14.0 to −6.7
−25.0 to −6.5
−17.4 to −9.8
—
—

16.4 to 21.2
16.2 to 20.4
10.3 to 19.1
15.8 to 23.6
—
—

4.8 to 10.6
5.3 to 10.3
7.2 to 15.6
1.6 to 10.1
22.8 to 24.2
—

—
—
—
—
—
2.7 to 4.6

Quartz vein
Quartz

QP1
QP2
QP3

H2O-NaCl
NaCl (mass%)

Abbreviations: T h: temperature of homogenization; T i: temperature of initial melting; T m (ice): temperature of ﬁnal melting of ice; T m (Hh): temperature of
ﬁnal melting of hydrohalite; QP: primary ﬂuid inclusions trapped in quartz from quartz veins; QCP: primary ﬂuid inclusions trapped in quartz from
quartz-carbonate veins; DP: primary inclusions trapped in dolomite; AP: primary inclusions trapped in ankerite.

4.4. Fluid Inclusions. Petrographic characteristics and microthermometric data of the studied ﬂuid inclusion assemblages
are summarized in Table 1. The raw data can be found in the
Supplementary Materials (Table S4).

4.4.1. Quartz Veins. In the well-grown quartz crystals, primary ﬂuid inclusions can be distinguished due to their location along growing zones of the host crystal. In the euhedral
quartz, three primary ﬂuid inclusion assemblages (FIAs:
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Figure 6: Photomicrograph and sketch about the arrangement of
primary ﬂuid inclusion assemblages (QP1 to QP3) in a quartz
single crystal from a quartz vein (borehole T–5, 60.8 m).
Abbreviation: PPL: plane-polarized light.

Figure 7: Photomicrograph and sketch about the arrangement of
ﬂuid inclusion assemblages (primary: QCP1 to QCP4,
pseudosecondary: QCPS1 and QCPS2, secondary: QCS1) in a
quartz single crystal from a quartz-carbonate vein (borehole Bm–
1, 875.0 m). Abbreviation: PPL: plane-polarized light.

QP1, QP2, and QP3) can be distinguished, corresponding
to the temporary sequence of the assemblages (Figure 6).
Along healed microcracks, tiny (<2 μm) pseudosecondary
and secondary assemblages rarely occur. They contain
one-phase liquid, but they are inappropriate for exact
microthermometry.
In the QP1 FIA, two-phase (liquid and vapor, L+V,
respectively) inclusions are predominant. In the QP2 and
QP3 assemblages, one-phase pure liquid (L) and two-phase
(L+V) inclusions can be found in nearly equal amounts
(Figure S5). Two-phase inclusions are liquid-dominant and
their φvap values are in a range of 0.10–0.17 for QP1, while
lesser then ~0.1 is typical for both QP2 and QP3. Shape of
two-phase inclusions is generally irregular. Their size varies
in a broad range from 5 to 30 μm, while one-phase
inclusions usually are smaller in size (5–10 μm). Raman
spectra acquired at room conditions (T lab) from vapor and
liquid phases of the inclusions indicate that their inclusion
ﬂuid is an aqueous-electrolyte solution without any volatile
contents.
Regarding the QP1 to QP3 inclusions, ice nucleation
occurred at low temperatures and Tn (ice) values varied
between −75 and −62°C (Table S4). First melting phase
during reheating of the inclusions occurred between −56
and −47°C. Last melting of ice occurred in the presence of
salt hydrate crystals (hydrohalite, Hh: NaCl ∗ 2 ⋅ H2 O)
based on the Raman spectra (Figure S5). T m (ice) data
scatter in a range from −27 to −21°C (n = 37; Tables 1 and
S4). Hydrohalite crystals were melted after ﬁnal ice melting

in each case. The T m (Hh) values vary in a broad range
from −22 to −3°C (n = 20). During heating procedure,
the homogenization of the studied inclusions occurred
into liquid phase (L+V⟶L) without any exception.
Homogenization temperatures (T h) for QP1 FIA are in a
broad interval from +88 to +145°C (n = 18); nevertheless,
lower values are observable for QP2 and QP3 FIAs (T h:
from +63 to +89°C, n = 10 and T h: from +50 to +77°C,
n = 14, respectively; Tables 1 and S4).
4.4.2. Quartz-Carbonate Veins
(1) Quartz-Hosted Fluid Inclusions. Primary (P), pseudosecondary (PS), and secondary (S) FIAs occur in euhedral
quartz crystals (Figure 7). Four primary FIAs are arranged
along growth zones in the quartz phase (from QCP1
to QCP4, respectively). Besides primary ones, two
pseudosecondary (QCPS1 and QCPS2) and one secondary
(QCS1) FIAs can be observable. The relative temporary
succession of these assemblages is the following:
QCP1⟶QCPS1⟶QCP2⟶QCPS2⟶QCP3⟶QCP4⟶QCS1. Two-phase liquid-vapor (L+V) and one-phase
liquid (L) inclusions can be found in each primary FIA at
room temperature (T lab). In the QCP1, QCP2, and QCP3
assemblages, two-phase (L+V) and one-phase (L) inclusions
can be found in nearly equal amounts but pure liquid (L)
inclusions are in a higher proportion in the QCP4 assemblage. Most of the inclusions are irregularly shaped
(Figure S6). Their longest dimension varies between 3 and
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(2) Carbonate-Hosted Fluid Inclusions. In the dolomite
phase, ﬂuid inclusions are not arranged along growing zones
of the crystals, and inclusions along trails or healed microcracks are not observable. The inclusions made continuous
clusters which ﬁll the entire domain to the clear overgrowth
band (Figure 8). This latter phase is almost free of ﬂuid inclusions except few minor (<3 μm) ones which are inappropriate for microthermometry. The distribution of the studied
inclusions follows the crystallographic directions, reﬂecting
their primary origin hence ﬂuid inclusions of dolomite can
be classiﬁed into one primary originated FIA (DP1). Inclusions of DP1 mainly show two-phase (L+V) character
(Figure S7) and one-phase (L) inclusions can be found in
subordinate amounts. Regular, close to negative crystalshaped inclusions are dominant but inclusions with an
almost irregular shape can also be found among them.
Their size is very variable, and their longest dimension is in
a range of 5–20 μm. Two-phase inclusions are liquiddominant and their φvap are in a range of 0.15–0.2.
Owing to the ﬂuorescence of dolomite, it was extremely
diﬃcult to obtain suitable Raman spectra from the inclusions
both at T lab and lower temperature also. In a few cases where
spectra were collected successfully, the shape of the curve
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AP1

AnkFe
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Ank
Mn
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n
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25 μm and the two-phase inclusions show a liquiddominant character. In the primary FIAs, the φvap values
are in the range of 0.02–0.12. Pseudosecondary and
secondary FIAs consist almost solely of one-phase liquid
(L) inclusions and their maximal dimensions are in a
range of 2–10 μm. Based on Raman microscopy of vapor
and liquid phases at T lab, each FIA of quartz contains pure
aqueous-electrolyte solution without any gaseous/volatile
components.
During cryoscopic analyses, nucleation of a vapor bubble
can be occurred in many one-phase (L) inclusions during
cooling. This phenomenon was observable in each FIA refering to a vapor nucleation metastability that may occur frequently in these inclusions. Ice nucleation temperatures are
between −86 and −51°C. The initial melting temperature of
ice (T i) occurred between −57 and −47°C in each FIA and
most of the measured data are around −52°C. Additionally,
Raman microscopy revealed the presence of hydrohalite
crystals besides ice (Figure S6). The ﬁnal melting
temperatures of both ice and hydrohalite were measured
during reheating procedure in each primary FIA. Last
melting of ice occurred in the presence of hydrohalite
crystal in each case. Similar melting temperatures are
observable in each primary assemblage (QCP1 to QCP4).
T m (ice) values are between −28 and −21.7°C (n = 39)
while T m (Hh) values are in a broad range from −25 to
−1.6°C (Tables 1 and S4). Two-phase ﬂuid inclusions of
the primary FIAs were homogenized into a liquid phase
(L+V⟶L) in each case. The broadest range and the
highest T h values can be observed in the case of the
QCP1 assemblage where the data vary between +54 and
+153°C (n = 18). From QCP2 to QCP4, the T h values
can be found in a range of ~40–80°C (n = 39).
Nevertheless, in the QCP3 and QCP4 FIAs, more and
more values are lesser than +60°C (Tables 1 and S4).
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400 휇m

Figure 8: Photomicrograph and sketch about the arrangement of
the primary ﬂuid inclusion assemblages (DP1 and AP1) in Dol
and AnkFe phases from a quartz-carbonate vein (borehole Bm–
1,875.0 m). Abbreviation: PPL: plane-polarized light; Dol:
dolomite; Ank: ankerite.

indicates high-salinity aqueous-electrolyte character of the
inclusion ﬂuid without any dissolved volatile components
(Figure S7). Ice nucleation temperatures are around
−80°C and ﬁrst melting occurs between −58 and −49°C.
Last ice melting temperatures are in a range from −29 to
−26°C (n = 10). Salt hydrate crystals were not able to
detect visually in the inclusions; however, the T i values
propose the possible presence of this phase during
reheating procedure. Since salt hydrate phases were
detectable neither visually nor by using Raman signal,
the last hydrate melting temperatures were not possible
to detect in the FIA. The inclusions were homogenized
into the liquid phase (L+V⟶L) during heating, and
liquid to vapor homogenization was not observed.
Homogenization temperatures are in a range of 127–
167°C (n = 14; Tables 1 and S4).
In the AnkFe phase, ﬂuid inclusions are arranged along
growing zones suggesting their primary origin (Figure 8).
They are not separated by inclusion free growth bands;
hence, they can be classiﬁed into one primary FIA designated
by AP1. The AP1 assemblage contains irregular and negative
crystal-shaped inclusions in nearly equal amounts and their
size varies in a range of 5–17 μm similarly to the DP1 FIA.
At room conditions (T lab), two-phase (L+V) liquiddominant (φvap = ~0:12) inclusions are predominant and
one-phase (L) inclusions can be found in subordinate
amounts. In spite of ﬂuorescence of the host mineral, in some
cases, suitable Raman spectra were collected at T lab. The
appearance of these spectra indicates low-salinity aqueous-
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Figure 9: Salinity calculation of the inclusion ﬂuids. (a) NaCl-CaCl2-H2O ternary phase diagram of the inclusion ﬂuids; shaded triangle
indicates the composition of the analyzed ﬂuids. (b) Composition of the primary aqueous ﬂuid inclusions in the quartz FIAs from quartz
veins in the NaCl-CaCl2-H2O system. (c) Composition of the primary aqueous ﬂuid inclusions in the quartz FIAs from quartz-carbonate
veins in the NaCl-CaCl2-H2O system. For comparison, FI data from vein ﬁlling quartz of quartz-carbonate veins of a neighboring
crystalline complex (Baksa Gneiss) [16] are also shown (shaded polygon; see discussion in the text).

electrolyte character of the ﬂuid without any kind of volatile
components (Figure S7).
During cooling procedure, ice nucleation occurred
around −44°C in each case. First melting temperature
was not possible to detect visually or by Raman spectroscopy. T m (ice) values are in a very narrow range from
−3 to −2°C in each inclusion (n = 10). Besides ice, other
phases such as salt hydrate were not observable during
reheating. Homogenization of inclusions occurred into a
liquid phase (L+V⟶L) between 60 and 110°C (n = 21),

and majority of the data are in a range from 80 to
100°C (Tables 1 and S4).
4.4.3. Composition of Inclusion Fluids. The abovementioned
narrow range of initial melting temperatures of ice in the
QP1 to QP3 and QCP1 to QCP4 FIAs indicates that the analyzed ﬂuids can be modeled by the NaCl-CaCl2-H2O model
system (Figure 9, Table 1). In the studied DP1 ﬂuid inclusions, last melting temperatures of hydrohalites were not
detectable; therefore, the composition of these inclusion
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Fractionation equation of Hilgers and Urai [46] was used during calculations. (a) δ18Odolomite versus temperature for various δ18Owater
values. (b) δ18Oankerite versus temperature for various δ18Owater values. The curved lines represent constant δ18O values (V-SMOW) for
water ﬂuid.

ﬂuids was calculated from last ice melting temperature data
in the H2O-CaCl2 model system. Additionally, high T m
(ice) values indicate the presence of low-salinity inclusions
in the AP1 FIA. Compositions of the related inclusion ﬂuid
were calculated in the H2O-NaCl model system (Tables 1
and S4).
The δ18O values of the mineralizing ﬂuids can be determined using the δ18O values of the dolomite and ankerite
phases and the precipitation temperatures determined by
ﬂuid inclusion analyses above. Because the primary ﬂuid
inclusions of Dol (DP1) and AnkFe (AP1) do not show any
evidences of post entrapment modiﬁcations, their T h values
can be interpreted as a minimum formation temperature
range of the Dol and AnkFe phases. These temperature constraints were used together with the fractionation equation
of Zheng [45] to calculate the oxygen isotope range of the
Dol and AnkFe precipitating ﬂuids, respectively. Nevertheless, since there was no opportunity for a pressure correction

of T h data, oxygen isotope values of the ﬂuid are slightly
underestimated (max. 1–2‰). The calculated δ18O (VSMOW) values of the parent ﬂuid are in a range from −1.7
to +2.3‰ for DP1 FIA, while the calculated δ18O (VSMOW) values of the ﬂuid are in a range from −7.3 to
−2.3‰ for AP1 FIA (Figure 10).

5. Discussion
5.1. Paleoenvironmental and Paleoﬂuid Features of the
Studied Téseny Rocks
5.1.1. Vein Styles and Fluid Fingerprints. Vein-type mineralization in the Téseny rocks dominantly forms blocky morphological types with inclusion-rich quartz and carbonate
crystals, suggesting their potential to contain information
about origin and geological relationships of the mineralizing
ﬂuids. Two major kinds of ﬂuids can be distinguished: (1)

Geoﬂuids
quartz- and carbonate (dolomite)-hosted high-salinity aqueous ﬂuids, and (2) carbonate (ankerite)-hosted low-salinity
ones. The presented data suggest a paleohydrological
communication between the crystalline basement and the
overlying Téseny sedimentary rocks (see Figure 9) [17–19].
Therefore, the studied cross-formational fracture-vein systems can be interpreted as region-speciﬁc ﬂuid mobilization
events. As a novel approach, speciﬁc characteristics of the
studied blocky veins (e.g., alteration and mineralization
types, ﬂuid compositions) in the study area are used for
regional reconstructions (see discussion parts below).
Thin ﬁbrous, stretched, and polytextured veinlets appear
only in subordinate amounts in the study area; hence, their
correlative merit is insigniﬁcant. Bedding-parallel veins of
ﬁbrous calcite and rare quartz, corresponding to the “beef”
or “cone-structure” with sinusoidal inclusions [46, 47],
reﬂect the diagenetic environment. The Pennsylvanian coalbearing Téseny Sandstone is a mature/over mature source
rock with a vitrinite reﬂectance of ~3.35% [23]; therefore,
horizontal fractures could be a result of high pore ﬂuid pressures during burial alteration of organic matter (hydrocarbon
generation) [47].
5.1.2. Possible Correlation within the Tisia: Pennsylvanian
Continental Records. In the Békés Unit (Figure 1), within
the Hungarian part of the Tisia, several deep wells with intermittent coring near the town of Szeged (Great Hungarian
Plain, Algyő Basement High) penetrated greenish gray rocks
described as Carboniferous breccia [30]. This breccia unit
contains randomly oriented angular mica schist, gneiss, and
quartzite fragments (up to 10 cm in diameter) in a micarich matrix. Tentatively, these fossil-less rocks were regarded
as continental deposits which are tectonically covered by a
Triassic sedimentary succession [30, 48]. According to the
detailed investigations, a network of dark ﬁne-grained veins
was also observed and these rocks were reconsidered as ultracataclasites. Therefore, the breccia was redeﬁned as a tectonized part of the crystalline basement [48].
Both the fractured metamorphic basement rocks and the
overlying Triassic sequences are hydrothermally altered, containing veinlets and dissolution vugs partially ﬁlled by saddle
dolomite [49–51]. Under cathodoluminescence microscope,
saddle dolomite crystals exhibit a marked zonation, whereas
ﬂuorescence microscopy reveals that signiﬁcant part of the
saddle dolomite crystals contains primary petroleumbearing aqueous inclusion assemblages. Microthermometry
performed on saddle dolomite-hosted FIAs suggests the presence of hot (135–235°C) and moderately saline brines (4–9
eq. mass% NaCl) during the precipitation [50]. This postMiddle Triassic vein generation diﬀers from the dolomitebearing veins in this paper. Therefore, there is no way to give
an extensible correlation for Téseny rocks eastwards.
Southwards, in Croatia, the Slavonian Mountains
(Figure 1) represent rare basement outcrops of the Tisia
where three tectono-metamorphic complexes can be deﬁned:
Psunj, Papuk, and Radlovac Complexes [52–54]. The Radlovac Complex consists of very low- to low-grade metamorphic
sequences largely composed of metapelites (slates and subordinate phyllites), metapsammites (metagraywackes), and
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metaconglomerates deposited in a shallow marine environment [54, 55]. In slates from the outcrop at Mt. Papuk, corresponding to the middle part of the metamorphic sequences, a
Carboniferous (Westphalian) macroﬂora was reported [56].
It consists of Asterophyllites, Pecopteris, Neuropteris, and
Cordaites plant assemblage. Therefore, representing similar
developments, these metasedimentary rocks were tentatively
correlated with the Téseny Sandstone Formation [30, 57].
The petrography and geochemistry of the Radlovac
Complex, including provenance of the Pennsylvanian metapsammites, was extensively characterized in the last few years
[54, 58, 59]. According to these authors, the most common
metasedimentary rocks of the Radlovac Complex are ﬁnegrained metapelites (more than 70% matrix) and moderately
sorted metapsammites (less than 40% matrix). Both groups
have similar mineral composition with dominant quartz,
illite-muscovite, chlorite, and plagioclase, subordinate Kfeldspar, paragonite, hematite, and rare carbonate minerals.
Complex heavy mineral (monazite, xenotime) analyses suggested that one major source for the Radlovac Complex
metasedimentary rocks was felsic igneous rocks of Variscan
age. Additionally, the bulk chemistry for both metapelites
and metapsammites pointed to felsic igneous rocks as protoliths, corresponding to the continental island arc geotectonic
environment [54].
A dominant felsic protolith source is in good correlation
with the provenance of the Téseny Sandstone, but this latter
succession has a more immature framework composition
with signiﬁcant amounts of acidic volcanic and metamorphic
rock fragments [21, 24]. In comparison whole-rock geochemical data of the Téseny Sandstone samples [21–24] with
the published data from the Pennsylvanian metapsammites
of the Slavonian Mts [54], a diﬀerence between their geochemical ﬁngerprints is also obvious (Figure 11). The rock
and mineral fragments in the Téseny sands and conglomerates were identiﬁable as coming from three sources: (1) a
recycled Variscan orogenic area (collision suture and foldthrust belt), indicated by the presence of metamorphic and
sedimentary lithic fragments; (2) an uplifted plutonic (granite-gneiss) basement; and (3) an old (probably Variscan)
magmatic arc, indicated by the lesser amounts of siliceous
volcanic rocks [21, 24]. These ﬁndings strongly suggest that
the depositional basin of the Téseny rocks was spatially
and/or temporally isolated from the Radlovac sedimentary
basin in South Tisia.
5.1.3. Paleoﬂuid Fingerprint of the Hungarian Part of W Tisia
(Mecsek–Villány Area). The distinct nature of the Pennsylvanian coal-bearing succession in the Slavonia–Drava Unit led
to its paleohydrological comparison with the adjacent crystalline basement blocks (W Tisia; Figures 1 and 3). Within
it, the Baksa Complex is the likely main source area for
gneiss/metagranitoid and mica schist clasts from Téseny sediments. Additionally, crystalline plutonic rocks together with
microgranite dikes in the Mórágy Complex (Kunság Unit,
Mórágy Subunit) represent the principal ﬁne-grained plutonic source (Téseny aplite clasts) that fed the Pennsylvanian
sedimentary basin during deposition of the Téseny Sandstone Formation [24].
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Figure 11: Ternary discrimination diagrams [60] display the compositional trends among the Téseny and Radlovac Pennsylvanian samples
and conﬁrm that these sediments were dominantly derived from diﬀerent provenance areas. Data come from [24, 54], respectively.

In the polymetamorphic rock body of the Baksa Complex
(Figure 3), a well-developed fracture ﬁlling network ﬁlled by
Ca-Al-silicate minerals and/or sulﬁdes (Fe-Zn-Pb; dominantly pyrite and sphalerite) was documented by previous
authors [61–63]. In the silicate-rich paragenesis, clinopyroxene-dominant, epidote-dominant, and feldspar-dominant
vein types were distinguished [17–19], following by quartzcarbonate (dolomite, calcite) veins in a later mineralization
stage [16, 17].
A detailed investigation [17–19] revealed a characteristic
diopside⟶epidote±clinozoisite⟶sphalerite⟶albite±Kfeldspar⟶chlorite±adularia±prehnite⟶pyrite⟶calcite
(calcite1+calcite2+calcite3) fracture ﬁlling mineral succession, reﬂecting propylitic aﬃnity during the older hydrothermal events. Data from microthermometry of primary ﬂuid
inclusions in diopside (T h: 276–362°C) and epidote (T h:
180–360°C) together with their nearly identical salinities
(0.7–2.9 and 0.2–1.2 eq. mass% NaCl, respectively) indicated
that the corresponding mineralization occurred in a
same high-temperature and low-salinity ﬂuid environment [17, 19]. Unfortunately, there are not any ﬂuid
inclusion data from related feldspar phases.
The Ca-Al-silicate mineralization events also resulted in
disseminated and vein-style sulﬁde mineralization in the
Baksa Complex [17, 62, 63]. The veins which vary in thickness from 0.1 to 7 cm contain dominantly of common sulﬁdes (pyrite, marcasite, pyrrhotite, sphalerite, chalcopyrite,
galena, pentlandite, and covellite) and small amounts of
quartz; additionally, rare hematite also occurs [62, 63]. Fluid
inclusion studies of vein ﬁlling quartz crystals (T h: 235–
295°C and 3.5–5.1 eq. mass% NaCl) indicated a postmag-

matic hydrothermal origin during cooling of a hydrothermal
system [63].
Additionally, the crystalline host rocks (gneiss, mica
schist) of the Baksa Complex are strongly altered, exhibiting
extensive epidotization, chloritization, albitization, and sericitization [18, 61]. The pervasive hydrothermal leaching
caused signiﬁcant secondary porosity (cavities) in the altered
domains which was partially ﬁlled by albite and epidote, and
the total lack of the quartz phase is a characteristic feature of
the metasomatized rocks. Fluid inclusions of cavity ﬁlling
epidote show a similar character (T h: 180–360°C; salinity:
0.2–1.6 eq. mass% NaCl) that can be found in the Ca-Alsilicate veins [18].
In the Baksa Complex, development of calcite was characterized by ﬁlling the remaining pore space in the Ca-Alsilicate veins (ﬁrst and second populations of calcite) and formation of crosscutting veins (second and third populations
of calcite). Microthermometry of primary inclusions of the
subsequent calcite1 and calcite2 generations (T h: 75–124°C,
17.5–22.6 eq. mass% CaCl2 and T h: 106–197°C, 2.9–6.3 eq.
mass% NaCl, respectively) reﬂects a signiﬁcant change in
the evolution of the vein system [19]. Based on the high salinity and low T h range of the earliest calcite, this carbonate
phase was precipitated from downward-penetrating sedimentary brines or from descending meteoric water that inﬁltrated through evaporite bodies [17, 19]. This interpretation
was also supported by low values of the calculated ﬂuid
δ18O (−13 to −4‰, V-SMOW). Calcite in the Ca-Al-silicate
veins, therefore, can represent the subsequent ﬂuid circulation that led to precipitation of quartz, dolomite, and calcite
in the quartz-carbonate veins [19].
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Figure 12: Paleoﬂuid ﬁngerprint of the studied FIAs. (a) T h vs. T m (ice) plot of the primary inclusions of quartz from quartz veins. (b) T h vs.
T m (ice) plot of the primary inclusions of quartz phase from quartz-carbonate veins. (c) T h vs. T m (ice) plot of the primary inclusions of
dolomite and AnkFe phases of quartz-carbonate veins. For comparison, the numbered boxes correspond to the ﬂuid inclusion data from
diﬀerent geological localities exhibiting characteristic post-Variscan vein mineralizations (see discussion in the text). 1—FI data from vein
ﬁlling quartz of quartz-carbonate veins of Baksa Gneiss Complex [16]; 2—FI data from Bohemian Massif [66]; 2/a represents FI data from
early quartz while 2/b represents FI data from late-stage quartz of post-uranium stage mineralization of Rožná uranium deposits; 3—FI
data from post-Variscan veins of Oberpfalz [67, 68]; 4—FI data from dolomite of quartz-carbonate veins of Baksa Gneiss Complex [16];
5—FI data from calcite1 phase of Ca-Al silicate-dominant veins of the Baksa Gneiss Complex [19].

In the postmetamorphic quartz-carbonate veins, corresponding to a relatively late mineralization stage mentioned
above, a quartz⟶dolomite+calcite (cc1)⟶calcite (cc2)
mineral sequence was observed, and traces of high-salinity
ﬂuids were detected [16, 17]. The T h values of the quartz-

hosted primary FIAs are between 44 and 139°C. The dissolved salt content is very high in each ﬂuid inclusion, exhibiting a NaCl-dominant composition (20.1–25.6 eq. mass%
NaCl) with a minor amount of CaCl2 (1.5–6.0 eq. mass%).
Additionally, in the vapor phases of each FIA, CH4 and N2
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contents were detected by Raman microspectroscopy [16].
Regarding carbonate-hosted (dolomite and cc1) inclusions,
the T h values can be found in a range of 95–182°C, whereas
estimated salinity data are between 23.9 and 24.6 eq. mass%
NaCl. These salt-rich paleoﬂuids probably were originated
from the Permian and/or Triassic evaporites of the region,
reﬂecting a signiﬁcant ﬂuid migration event between the
crystalline basement and the overlying sediments [16, 17].
In the westernmost part of the studied area (Figure 3),
near the village of Dinnyeberki (Mórágy Complex, borehole
9017), ﬁne quartz and uranium ore-bearing carbonate veinlets were documented in the weakly to moderately altered
Mórágy-type granitoids [64, 65]. Economically insigniﬁcant
uranium ore veinlets were developed along the fractures of
the mylonitized granitoid rocks [65]. The earliest veins are
thin quartz veinlets containing quartz and rare chlorite,
whereas during a later substage, fractures were ﬁlled up by
carbonates which gave rise to several populations of calcite
(and minor dolomite and siderite) veins. Mineralization in
carbonate veins forms uraninite, coﬃnite, pyrite, and calcite;
additionally, U-Ti-oxides (such as brannerite), monazite, Thsilicate minerals, rare xenotime, and zircon also occur.
Aggregates of spherulitic or irregularly shaped accumulations of uraninite are usually rimmed by coﬃnite. This latter
mineral commonly forms rims around pyrite grains. The
uranium minerals show complex chemistry with elevated P,
Y, and rare-earth elements (REEs). This vein-type uranium
mineralization might represent ascendant hydrothermal
(epi-telethermal) mineralizing ﬂuids genetically related to
an Alpine rejuvenation of an earlier pre-Alpine event [65].
It is important to note that pilot studies [17–19] suggested
that there could be a paleohydrological communication
between the crystalline basement and the overlying Téseny
sedimentary rocks during the cementation phase resulted in
quartz-carbonate veins. Based on the results above, quartzand dolomite-hosted high-salinity aqueous ﬂuids can represent the same mineralization stage in both Téseny and Baksa
rocks (Figures 9 and 12). Furthermore, a probable genetic
relationship was proposed between the Ca-Al silicate
vein networks of the neighboring Baksa Complex (i.e.,
alkali feldspar-dominant vein type with an albite±Kfeldspar⟶chlorite±adularia±prehnite⟶pyrite⟶calcite
mineral assemblage) and similar veins (quartz-silicate-carbonate blocky veins) in the Téseny rocks [25].
5.2. Paleoﬂuid Evolution of the W Tisia and Its Relation to the
Variscan Europe. As discussed above, the evolution of hydrothermal mineralization and host rock alteration in the Hungarian part of the W Tisia (Mecsek–Villány area) comprises
several major stages. In this section, we provide a comprehensive set of ﬂuid inclusion analyses from the studied area
together with published data come from the Variscan
Europe, especially from the Moldanubian Zone of the Bohemian Massif to test the presumed paleogeographic relationship between them.
In the Hungarian part of the W Tisia, the ﬁrst stage
is characterized by chloritization, epidotization, and sericitization of the metamorphic rocks together with subsequent formations of Ca-Al-silicate and quartz-sulﬁde
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veins in the Baksa Complex (diopside⟶epidote±clinozoisite⟶sphalerite (pyrite) fracture ﬁlling mineral succession) [17–19, 62, 63]. The corresponding ﬂuid
inclusion record consists of high-temperature and lowsalinity aqueous inclusions. It was previously proposed
[18] that this paragenesis could indicate a wall rock
alteration related to the propylite metasomatic family;
however, widespread chloritization, sericitization, and pyritization, at least partially, can also connect with a generally
reduced retrograde-metamorphic ﬂuid phase [66]. Regarding
timing of related hydrothermal events, 40Ar/39Ar and K–Ar
ages for white mica from amphibolite facies rocks within
the metamorphic basement of the W Tisia range from 307
to 312 Ma [69]. Formation of white mica in the study area
coincides with the postorogenic extension of the Variscan
crust and with the accompanying rapid exhumation of the
orogenic root [70], resulted in the retrograde-metamorphic
equilibration of the high-grade metamorphic host rocks during the Late Westphalian (e.g., Massif Central and Bohemian
Massif [66, 71], respectively). It can be, therefore, suggested
that the origin of ﬂuids giving rise to the clinopyroxenedominant and epidote-dominant mineralization at Baksa
was related to a greenschist-facies retrograde reequilibration
of their amphibolite facies mineral paragenesis (Figure 13).
This interpretation ﬁts in with the total lack of the clinopyroxene- and epidote-dominant vein types in the Westphalian
Téseny rocks.
On the other hand, corresponding to the fracture ﬁlling
network ﬁlled by Ca-Al-silicate minerals at Baksa,
hematite-rich alkali feldspar-dominant vein type with chlorite (± epidote) and calcite also appears in the studied Téseny
Sandstone (Figure S2). Additionally, mineralogical and
petrographic features of albitization, chloritization
(authigenic Mg-chlorite), and carbonatization were
documented in the host sandstone (Figure 4 and [23, 24]).
Obviously, this mineralization stage can be related to a
generally oxidized alkaline ﬂuid phase and could be
signiﬁcantly separated in time from the previous one. The
presence of hematite in the ﬁrst-stage quartz-sulﬁde veins
[62, 63], conspicuously as a later phase mineral, reﬂects the
cross-formational character of the parent ﬂuid, whereas the
high salinity and low T h range of the FIA for the latest
stage calcite in the Baksa Ca-Al-silicate veins could support
the proposed eﬀect of descending ﬂuids [16, 17].
In the Mecsek Mountains (Figure 3), the Permian sedimentary record contains playa lake and saline mudﬂat
deposits (Boda Claystone Formation; Kungurian to Capitanian), including evaporites such as gypsum, anhydrite, and
rare pseudomorphs after hopper halite [72–75]. Consequently, Na-rich playa ﬂuids were available during the Late
Permian in the study area. Crosscutting monomineralic
quartz and quartz-carbonate veins with high-salinity aqueous inclusions both in the Baksa and Téseny rocks are, more
probable, in connection with the playa brines. Additionally,
high-salinity ﬂuids (T h: 75–123°C, T fm (ice): −24.6 to
−16.9°C) were also identiﬁed in a metamorphic quartz lens
from the Mecsekalja Zone metamorphic complex
(Figure 3). They are possibly related to an active period of
either of the fault generations crosscutting the Mórágy
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Figure 13: Evolution of hydrothermal mineralization of the W Tisia (Mecsek–Villány area) together with the most important mineralizing
events in the Central European Variscan belt (Moldanubicum) [2, 3, 66, 83–86]. Abbreviations: Wsp: Westphalian; Ste: Stephanian.

18
Complex. The high-salinity ﬂuid generation can be related to
a regional ﬂuid ﬂow event predated the Mesozoic brittle
deformation of the Mecsekalja Zone and is considered as
being derived from evaporitic sequences of the above-lying
sedimentary pile [76, 77]. This observation supports the timing of the high-salinity ﬂuid ﬂow event during the Late Permian. However, the appearance of galena and ankerite in the
subsequent mineral paragenesis clearly indicates that their
parent ﬂuids derived from a more reductive environment,
representing another mineralization stage during the postPermian (Triassic?).
Unfortunately, there are not any clear evidences for timing of this second (Late Variscan) and third (post-Variscan
or Early Alpine) mineralization stages. However, in the
Téseny quartz-silicate-carbonate blocky veins, chlorite is
locally accompanied by euhedral monazite and/or xenotime
together with pyrite and other opaque minerals (Figure S3).
Furthermore, the alteration of the Téseny wall rock is
characterized by dissolution of quartz from the framework
grains followed by albitization, carbonatization, and
chloritization (Figure 4). This strongly suggests that the
second event may overlap with the Mórágy-type granitehosted, vein- or fault-type uranium mineralization at
Dinnyeberki [65], forming a peripheral part of the
alteration halo in the lower part of the Téseny succession.
As a consequence, the related alkaline ﬂuids are considered
to be of crucial importance for correlation with the Late
Variscan large-scale hydrothermal events.
Hydrothermal mobilization of REEs and Y is strongly
related to the mobilization of Zr and U and generally indicates an inﬂux of oxidized alkaline ﬂuids [78, 79]. The relative synchronous age of the U mineralizing events in the
European Variscan belt (300–270 Ma) could suggest a similar mineralization condition, with long-term upper to
middle crustal inﬁltration of oxidized ﬂuids likely to have
mobilized U from fertile crystalline rocks during the Pennsylvanian to Permian crustal extension events [80]. Alteration resulted in intensive leaching of quartz, pervasive
albitization, and subsequent chloritization is characteristic
for the formation of episyenites (aceites) described from
numerous uranium deposits of the European Variscan belt
[80–86], including hydrothermal vein-type, fault- and
shear zone-hosted uranium deposits [66]. Within it, the
Bohemian Massif is the most important uranium ore district in Europe [66, 83–85] where episyenitization and
the associated uranium mineralization occur not only in
granites (e.g., Schlema-Alberoda, Annaberg, Příbram,
Okrouhlá Radouň, Lower Silesia) but also in high-grade
metamorphic rocks (e.g., Vítkov II, Okrouhlá Radouň,
Rožná, Olší).
In the Moldanubian Zone of the Bohemian Massif, based
on the previous papers [66, 84, 86], the origin of the uranium
mineralization is associated with an inﬁltration of oxidized,
alkaline Na-rich playa ﬂuids and/or basinal brines of the
Upper Stephanian and Lower Permian basins into the crystalline basement along deep brittle structures that opened
during the Late Variscan transcurrent tectonics and furrows
formation (Figure 13). Inﬁltration of brines eﬀectively leached uranium from U-bearing minerals in the crystalline
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rocks. During the subsequent mineralization event (280–
260 Ma, “uranium” stage or “ore” stage [66, 86], respectively),
newly formed albite is typically stained by hematite. Additionally, a very small amount of adularia (K-feldspar) was
locally crystallized. In the chloritized and pyritized zones of
cataclasites, uranium together with several Ti, Zr, Y, P, and
REEs phases was gradually precipitated due to the interaction
of ore ﬂuids with reducing host rock components. Posturanium mineralization, corresponding to the Early Alpine
transtension (240–220 Ma), resulted in quartz-carbonatesulﬁde veins [66, 83].
Fluids from pre-uranium quartz-sulﬁde and carbonatesulﬁde mineralization at the Rožná deposit have low salinities
(0.7–2.1 eq. mass% NaCl), and primary inclusions were
trapped at temperatures close to or lower than 300°C [66].
Calculated oxygen isotopic composition of ﬂuids (ﬂuid
δ18O, SMOW) was in a range from +7 to +8‰ for sideritesulﬁdic mineralization, whereas it was about +3‰ for preuranium albitization [83]. For uranium stage, T h of the primary aqueous inclusions in quartz and carbonates range
from 84°C to 206°C. The salinities are highly variable and
range from 0.5 to 23.1 eq. mass% NaCl resulted in the
large-scale mixing of basinal brines with meteoric water
[66, 83]. Regarding ﬂuids from post-uranium mineralization,
early quartz contains high-salinity (25.0–25.5 eq. mass%
NaCl) primary aqueous inclusions with T h of 165–178°C,
whereas lower salinity and T h values in paragenetically younger minerals indicate low temperatures (<100°C) of the latest
stage of ﬂuid activity [66]. Calculated ﬂuid δ18O value
(SMOW) was close to 0‰ [83].
A similar evolution of ﬂuid types is characteristic at the
Okrouhlá Radouň deposit (Figure 13). Albitization was
caused by circulation of alkaline, oxidized, and Na-rich playa
ﬂuids, whereas basinal/shield brines and meteoric water were
more important during the post-ore stage of alteration, corresponding to the post-uranium stage [66]. In this area, ﬂuid
δ18O values (V-SMOW) of post-ore calcite vary between
−8.0 and +2.4‰ [87].
Very similar Late Variscan and post-Variscan hydrothermal events were published from the neighboring area
of the Bohemian Massif (Harz, Black Forest, Oberpfalz;
Figure 1) [67, 68]. These authors suggested that characteristic ﬂuid systems with distinctive diﬀerences (e.g., ﬂuids
associated with metamorphism, Permian basinal brines)
are regionally distributed in the Central European Variscan belt.
5.3. Paleogeographic Position of the W Tisia (Hungary). The
previous published correlations have revealed several similarities in Variscan (Mississippian) evolution of the studied
area (W Tisia) and the Moldanubian Zone of the Bohemian
Massif [2, 3, 87]. For this reason, as a ﬁrst step, we turned
our attention to the Visean plutonic rocks (Figure 13). Significant and widespread durbachites seem to represent a distinct
magnesio-potassic magmatic rock type derived from a
strongly enriched lithospheric mantle source that is particularly characteristic for the European Variscan basement areas
[88]. Within the Moldanubian sector of the Bohemian Massif, the emplacement of the (ultra-)potassic intrusions took
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place immediately after the tectonic ascent of the highpressure (HP) rocks during a relatively narrow time interval
between 335 and 338 Ma [89, 90]. It has been suggested that
these durbachite plutons can be subdivided into two parallel
belts, corresponding to the western HP and Durbachite belt
and the eastern one [89].
Apart from the widespread Barrovian-style regional
metamorphism, the combined occurrence of a granitoid
(durbachite) pluton and HP rocks was also reported in
the W Tisia [2–4, 87, 91, 92]. High-K and high-Mg granitoids found near Mórágy, 50 km northeast of the study
area, show great similarities to the intrusions in the eastern part of the South Bohemian Batholith (Rastenberg)
[2]. Using U-Pb geochronology on zircon crystals from
the Mórágy Complex, the genetic picture of the Mórágy
granitoid pluton was reﬁned [93], showing a bimodal age
distribution (335:6 ± 0:74 Ma and 345:9 ± 0:95 Ma) and
suggesting a continuous crystallization in a long-time
interval (Figure 13).
On the other hand, HP metamorphism was proven by
analyses of the eclogite and amphibolite in the Baksa
Complex [87, 91, 92, 94]. In the SW Tisia, the eclogite
shows great similarities to the eclogites of the Monotonous
Series of the Moldanubian Zone. Additionally, K-Ar geochronological data on amphibole from garnetiferous
amphibolite show 348 ± 13 Ma cooling ages [87]. Furthermore, maﬁc and ultramaﬁc rocks of the Baksa Complex
likely represent diﬀerent segments of a juxtaposed consuming ocean. A subduction-related metamorphic evolution led to HP metamorphism of the lower amphibolite
unit of the Baksa Complex which was exhumed during a
later phase, probably due to reversal of the transport direction from subduction to uplift [92]. The relict evidences
for a Variscan tectono-metamorphic event, possibly corresponding to the Moravo–Moldanubian Phase (345–330 Ma

[89]), strongly suggest a genetic relationship between the
crystalline rocks of the W Tisia and the eastern HP and
Durbachite belt of the Bohemian Massif.
Spatially associated with the Variscan medium-grade
metamorphic rocks of the Baksa Complex and with the
Mórágy granitoids, serpentinites also occur (Gyód and
Helesfa serpentinite bodies, respectively) in the W Tisia
(Figure 3). According to a recent publication [95], there
exists a broad similarity in the composition and evolution
between these serpentinites and similar rocks of some Sudetic
ophiolites (Góry Sowie Massif in the West Sudetes). The
aforementioned data seem to ﬁx the original position of the
W Tisia basement within the northern periphery of the eastern margin of the Bohemian Massif (Figure 14).
As mentioned above, another important feature of the
study area is the presence of uneconomical uranium orebearing veinlets in the weakly to moderately altered
Mórágy-type granitoids (Dinnyeberki) [65]. Regarding the
hydrothermal uranium deposits of the Bohemian Massif
[66], a vein-type deposit associated with weakly altered granite was documented in its northern part (Lower Silesia)
which could indirectly support the W Tisia paleogeographic
position suggested above (Figure 14). Other scenarios suggesting a connection of the Tisia to the southeastern [5] or
southern/southwestern [14] part of the Bohemian Massif
can be excluded because their hydrothermal uranium
deposits reﬂect no evident association with granite plutons
[66]. Therefore, a strong relationship between the study area
and the Moldanubian part of the Bohemian Massif is also
impossible. In accordance with the proximal character of
the Silurian in the study area [1], the original position of
the composite segments of the W Tisia (Mecsek–Villány
area, Figure 2) is presumably to the northeast from the
Bohemian Massif at the Late Paleozoic, north to the MoravoSilesian Zone.
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Supplementary Materials
Figure S1: typical blocky vein types of Téseny Sandstone. (a)
Blocky quartz vein with euhedral quartz (Qz) crystals and
goethite together with morphological sketch of this vein type
(borehole T–5, 60.8 m). (b)–(d) Elongate blocky quartz veins
together with morphological sketch of this vein type (samples
T–7/1, 148.8 m and T–7/3, 150.6 m, respectively). (e) and (f)
Characteristic ﬁne-scale growth zonation patterns of quartz
crystals of blocky textured quartz vein indicated in CL image.
(g) and (h) Anhedral adularia (Adl) grains with turbide internal habit in the elongate blocky quartz vein type (sample T–
7/3, 150.6 m). Detrital K-feldspar grains with a bright blue CL
in the host sandstone are partially or totally replaced by
brown-luminescent adularia in the vein. (i) Blocky textured
carbonate (dolomite) vein and its morphological sketch
(borehole Bm–1, 973.8 m). Other abbreviations: PPL: planepolarized light; XPL: crossed polars; CL: cathodoluminescence image. Figure S2: characteristic polymineralic blocky
vein types of Téseny Sandstone. (a)–(c) Quartz-carbonate
vein type and its morphological sketch (borehole Bm–1,
875.0 m). (d) and (e) Euhedral quartz crystal deposited on
the vein wall exhibiting ﬁne-scale growth zoning indicated
by ﬂuid inclusion assemblages (borehole Bm–1, 875.0 m).
(f) Petrographic characteristics of diﬀerent carbonate
phases can be found among the euhedral quartz crystals
in the quartz-carbonate vein type. Note the curved crystal
faces of the dolomite. (g) Dolomite crystals with sweeping
extinction (borehole Bm–1, 875.0 m). (h) Subhedral galena
crystal with typical triangular pits (borehole Bm–1,
875.0 m). (i) In the quartz-carbonate vein type, a distinct
pattern of luminescence zoning representing diﬀerent
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carbonate generations is observed. Note the calcite solid
inclusions with bright orange CL within the ankerite
zones. (j)–(l) Characteristic appearances of quartz-silicatecarbonate veins together with the morphological sketch
of this vein type (sample T–3/1, 95.3 m and borehole
Bm–1, 1290.5 m, respectively). Abbreviations: Qz: quartz;
Cb: carbonate; Dol: dolomite; Ank: ankerite; Gn: galena;
Chl: chlorite; Fsp: feldspar; Ep: epidote; Py: pyrite; PPL:
plane-polarized light; XPL: crossed polars; CL: cathodoluminescence image; RL: reﬂected light. Figure S3: characteristic polymineralic blocky vein types of Téseny Sandstone.
(a)–(d) In the lowermost part of the Pennsylvanian section
(borehole Bm–1 1062.1 m, covered thin section), organic
material, chlorite, and/or pyrite are accompanied by euhedral monazite and/or xenotime crystals. Note: crosscutting
relationships are also visible (hematite-rich alkali feldspardominant vein⟶veins with chlorite+monazite/xenotime⟶carbonate vein). Abbreviations: Cb: carbonate (calcite); Chl: chlorite; PPL: plane-polarized light; XPL:
crossed polars. Figure S4: ﬁbrous, stretched, and polytextured vein types of Téseny Sandstone. (a)–(c) Fibrous carbonate and quartz-carbonate veins with antiaxial growth
morphology (borehole Bm–1, 927.0–929.4 m). (d)–(f)
Fibrous carbonate vein with typical sinusoidal host rock
fragments (borehole Bm–1, 901.5–904.2 m). (g) Stretched
quartz vein with small amount of chlorite on the vein wall
(borehole Bm–1, 1224.7 m). (h) and (i) Polytextured carbonate vein with ﬁbrous texture on the vein wall and
blocky one in the middle part of the vein (borehole Bm–
1, 1027.6 m). Abbreviations: Cb: carbonate; Qz: quartz;
Chl: chlorite; XPL: crossed polars. Figure S5: ﬂuid inclusion petrography and microthermometry. (a) Two-phase
liquid-dominant ﬂuid inclusions in the QP1 FIA. (b)
Hydrohalite crystal in a primary inclusion from the QP1
assemblage. (c) Raman spectrum of the hydrohalite and
ice assemblage (borehole T–5, 60.8 m). Figure S6: ﬂuid
inclusion petrography and microthermometry. (a) Liquiddominant primary ﬂuid inclusion from the QCP3 FIA of
quartz. (b) Phase equilibria among liquid, vapor, ice, and
hydrohalite in a FI of the QCP1 FIA. (c) Metastable phase
equilibria in a QCP2 inclusion. (d) Representative Raman
spectrum of hydrohalite and ice from a primary FI of
quartz from a quartz-carbonate vein (borehole Bm–1,
875.0 m). Figure S7: ﬂuid inclusion petrography and
microthermometry. (a) Representative primary inclusion
(DP1) of the dolomite phase. (b) Fluid inclusion in the
AP1 assemblage, showing tapered tips in the grow direction of the crystals. (c) Characteristic Raman spectra of
ﬂuid inclusions at T lab from the DP1 and AP1 ﬂuid inclusion assemblages (borehole Bm–1, 875.0 m). Table S1:
chemical composition of the studied carbonate phases of
the selected quartz-carbonate veins. Table S2: semiquantitative chemical composition of the studied galena samples.
Table S3: stable isotope composition (in per mil) of the
studied carbonate phases of the selected quartz-carbonate
veins. Table S4: petrographic characteristics and microthermometric data of the studied ﬂuid inclusions (individual measurement data). Abbreviations: T n: nucleation
temperature of ice; T i: initial melting temperature of ice;
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T m (ice): temperature of ﬁnal melting of ice; T m (Hh):
temperature of ﬁnal melting of hydrohalite; T h: temperature of homogenization; ph: pressure of homogenization;
QP: primary ﬂuid inclusions trapped in quartz from
quartz veins; QCP: primary ﬂuid inclusions trapped in
quartz from quartz-carbonate veins; DP: primary inclusions trapped in dolomite; AP: primary inclusions trapped
in ankerite. Note: notation refers to the temporary
sequence of the assemblages (from 1 to 4, respectively).
(Supplementary Materials)
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Minerals in veins and shear zones often show oxygen and hydrogen isotope ratios that are interpreted as recording interaction with
meteoric water, at depths up to about 10 km. Downward ﬂuid ﬂow to these depths can only occur in the unlikely case of ﬂuid
pressures that are signiﬁcantly lower than lithostatic overburden pressures. We therefore propose that ﬂuid movement was
upward instead of downward. In our model, the pore space within sediments and exhumed rocks below an unconformity is
ﬁlled with meteoric and possibly seawater ﬂuids. Burial of these rocks traps the ﬂuids that can retain their meteoric isotopic
composition as long as temperatures remain below about 300-350°C. Extension or rapid exhumation, such as that experienced
by metamorphic core complexes, which results in decompression or ﬂuid heating can release these old “meteoric” ﬂuids, of
which we ﬁnd the isotopic ﬁngerprint in veins and shear zone minerals.

1. Introduction
Fluids of diﬀerent origins are characterised by their typical
chemical and isotopic composition [1]. Meteoric ﬂuids, for
example, are characterised by very low salinity and (relatively) low δ18O and δD values. Fluid composition and
isotope ratios can change by a variety of processes, such
as ﬂuid-rock interaction, mixing with other ﬂuids, and
gravitational fractionation [2–7]. Unfortunately, it is usually
diﬃcult to directly measure the isotopic composition of
palaeoﬂuids. Instead, minerals that precipitated from or
interacted with these ﬂuids can be used to infer their compositions, as these ﬂuids may have left their “ﬁngerprint” or
“signature” in the isotopic composition of the minerals
(e.g., [7]). If the mineral data indicate that the ﬂuid had the
composition of a meteoric ﬂuid, the mineral can be said to
carry a “meteoric signature.” The same applies to seawater,
metamorphic, or magmatic signatures, among others. Similarly, a ﬂuid has a “meteoric signature” if its composition is
similar to that of meteoric water or of meteoric water that
has been altered by, for example, ﬂuid-rock interaction or
mixing with other ﬂuids (e.g., brines, metamorphic, and mag-

matic). The term “signature” is used here to emphasise that
whether or not a palaeoﬂuid is meteoric, or has a meteoric
component or origin, is an interpretation of compositional
data, normally including isotopes, and not a direct observation in case of data derived from the mineral record.
Meteoric signatures, mostly δ18O values, have been
claimed to be visible in veins and shear zones that formed in
deep, even ductile parts of the crust [8–28]. For want of other
explanations for these meteoric signatures, they are usually
explained as resulting from interaction with meteoric water.
This raises the question of how these surface waters reached
the ductile parts of the crust with temperatures ≥ 300°C and
depths over 10 km [11, 22, 23]. Meteoric signatures are in particular found in mylonitic detachment zones of metamorphic
core complexes, which are formed during rapid exhumation
[13–16, 20, 21, 29]. The meteoric signature in these studies
is constituted by (i) lowered δ18O values in the detachment,
relative to the adjacent less-deformed rocks, (ii) low (mostly
<-100‰) δD values in micas, especially inside the detachment, and (3) low δD values in ﬂuid inclusions in quartz.
To explain these observations, most current authors favour
downward ﬂow of meteoric ﬂuid along extensional faults or
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detachments in association with exhumation and shearing of
the rocks in which the meteoric signature is found (e.g., [9, 20,
21, 30–32]), even to depths of up to 20 km [17, 22]. The alternative model of Clark et al. [12] envisages that the rocks
achieved their meteoric signature at near-surface conditions
and were subsequently buried. The meteoric signature
observed in the detachment would then be inherited and not
the result of deep penetration of meteoric ﬂuids. However,
the observed isotopic shifts that authors such as Mulch et al.
[21] and Gébelin et al. [29] use to infer a meteoric ﬂuid inﬂux
into metamorphic core complex detachments are more prominent in the top of the detachments, where shearing is most
intense, compared to footwall rocks further down. This would
suggest that the rocks did not carry an inherited meteoric signature before the detachment activity but that the isotopic
shifts occurred during shearing.
A problem with the downward ﬂow of ﬂuid is that deep
circulation of ﬂuids is only possible when the ﬂuid pressure
is near hydrostatic [9, 12]. Only then can ﬂuids penetrate
deeply due to topography diﬀerences or thermally induced
convection, as envisioned by the aforementioned authors.
Circulation of ﬂuids from the surface to a depth of up to even
20 km and temperatures of around 400°C has indeed been
modelled numerically (e.g., [17, 22, 23, 33]). To achieve such
circulation and maintain it over hundreds of thousands of
years or more, these authors used constant and high permeabilities of 10-15 to 10-14 m2 and typically high porosities of up
to 10% [33] for the fault zones. Note that these permeabilities
are high and expected for upper crustal rocks (<5 km depth;
[34]) with high intergranular porosities (ca. 10%) or alternatively (micro-)fracturing or damage zones [35–37]. Furthermore, a hydrostatic ﬂuid pressure at 10 to 20 km depth
implies that the diﬀerence between ﬂuid and lithostatic pressure is about 1.7 to 3.4 kbar, unless there is a seal higher up
in the system. As already pointed out by Bons et al. [38], it is
highly unlikely that such a ﬂuid underpressure can be maintained under ductile conditions at elevated temperatures.
The intense shear fabrics (mylonitic fabric, recrystallised
quartz, and mica ﬁsh) of the mylonitic rocks of detachments
in which evidence for meteoric ﬂuids was found (e.g., the
Columbia River Fault; [23]; or the South Tibet Detachment;
[15]) are evidence of the ability of these rocks to ﬂow ductilely.
The diﬀerence in ﬂuid and solid pressure would drive ductile
ﬂow of the rock around pores and fractures to equalise the
pressure. Here, we present a simple numerical model to demonstrate that less than a million years are required to equalise
50% the ﬂuid and solid pressure in a rock’s pore at a temperature above about 250 to 400°C, assuming a spherical pore
surrounded by ductile quartz rock that ﬂows in to equalise
the pressure diﬀerence (see Methods and Results and Discussion for details). Note that (i) at 50% pressure equilibration,
ﬂuid pressure is signiﬁcantly above hydrostatic pressure
and hydraulic head gradients will drive ﬂuid upward and
(ii) this temperature range corresponds to the brittle-toductile transition (e.g., [39] and references therein).
Because of the arguments given above, it is highly
unlikely, if not impossible, to drive meteoric ﬂuids down to
ductile regimes where the temperature is in the order of
300 to 400°C for any prolonged period of time. This implies
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that the faults and shear zones that now exhibit the meteoric
water signature were not themselves involved in the downward transport of the meteoric water and that the downward
transport did not occur at the same time of the recording of
the meteoric signature in the rocks. Raimondo et al. [27] suggested that the fault rocks acquired their meteoric signature
near the surface (where meteoric ﬂuid ﬂow and alterations
are not controversial) and were then buried and later reactivated as midcrustal shear zones. As an alternative, we argue
that the meteoric ﬂuids were originally near-surface pore
waters that were buried passively [40]. By using an oxygen
isotope diﬀusion model, we show how such old meteoric
ﬂuids were able to keep their isotopic signatures for long time
(tens to hundreds of million years) if their temperature was
below about 350°C. We also discuss mechanisms for the
upward release of such trapped ﬂuids during exhumation
and present ﬂuid budgets for an idealised metamorphic core
complex. The model we present here, in which ﬂuid inﬁltration and release are separated in time, is a hydrodynamically
feasible alternative to the classical paradigm in which downward ﬂow and upward ﬂow are simultaneous.

2. Methods
2.1. Model to Calculate the Rate of Fluid and Rock Pressure
Equilibration. To constrain the time it would take to equalise
the ﬂuid and solid pressure, we here consider the idealised
case of a perfect ﬂuid-ﬁlled sphere surrounded by solid, ductile rock that ﬂows in to equalise the pressure diﬀerence. A
sphere is the most robust structure, and any other geometry
of a pore would close faster than a sphere. Assuming, for simplicity, that the rock is an incompressible material with a rheology that can be represented by the quartz ﬂow laws of
Paterson and Luan [41] or Gleason and Tullis [42], we can
employ the equations by Nye [43], derived again by Dabrowski et al. [44], to calculate the rate of pressure equilibration between ﬂuid and rock. Or, in other words, we can
estimate what the shrinking rate of a ﬂuid-ﬁlled inclusion is.
Nye [43] derived the equations for the shrinking of an
underpressured spherical inclusion for the case that is controlled by the rheology of the embedding matrix. The
matrix is assumed to be an incompressible material with a
power-law rheology that relates the strain intensity (_ε) to
the stress (τ):
ε_ =

 τ n
B

:

ð1Þ

Here, n is the stress exponent and B is a rate constant.
Note that ﬂow laws for rock-forming minerals are usually
expressed in a diﬀerent way with instead a rate constant A.
The conversion will be discussed below. Strain intensity and
_ and the deviatoric
stress are derived from the strain rate (E)
stress tensor (Σ):
2_ε2 = E_ ij E_ ij ,

ð2Þ

2τ2 = Σij Σij :

ð3Þ
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For an isolated spherical inclusion with radius a, the
radial stress (σr ) is now given by
ð4Þ

where σa is the stress at the surface of the inclusion, at distance r = a, assuming zero radial stress at inﬁnity. σa thus
equals the pressure diﬀerence, ΔP, between solid and ﬂuid
in the inclusion. The rate of contraction is

n

n
1 da
1 dV
ð1/2Þðn−1Þ ΔP
ð1/2Þðn+1Þ ΔP
=3
=3
⇔
:
a dt
2nB
V dt
2nB
ð5Þ
Flow laws for rock-forming minerals, such as quartz, are
typically derived from uniaxial shortening experiments and
reported as
ε_ z = Aσnz ,

A = A0 exp−Q/RT :

ð6Þ

The subscript z refers to the direction of uniaxial shortening, A0 is the preexponential rate factor, Q is the activation
energy, R is the universal gas constant, and T is the absolute
temperature.
Toﬃ obtain theprate
ﬃﬃﬃ factor B that is used above,
pﬃﬃﬃﬃﬃﬃ
we use τ = 2/3σz and ε_ = 2ε_z to obtain
rﬃﬃﬃ

n
τ
2 pﬃﬃﬃ −1/n
ε_
:
2A
pﬃﬃﬃ = A pﬃﬃﬃﬃﬃﬃﬃ ⇔ B =
3
2/3
2

ð8Þ

Here, V 0 is the reference volume at which ΔP = 0. The
change in pressure diﬀerence between the ﬂuid and the
matrix can now be related to the matrix rheology:


dΔP dΔP dV
K dV
ΔP n
=
=−
= −K3ð1/2Þðn+1Þ
dt
dV dt
V dt
2nB
dΔP
= −K3ð1/2Þðn+1Þ ð2nBÞ−n ΔPn ⇔ n
P
= −K3ð1/2Þðn+1Þ ð2nBÞ−n dt ⇔ ðΔPÞ1−n
= −K ð1 − nÞ3ð1/2Þðn+1Þ ð2nBÞ−n t + c:

100

ð9Þ

Gleason & Tullis (1995)
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Figure 1: Time for a spherical ﬂuid-ﬁlled inclusion to reach 50%
pressure equilibration, starting with a hydrostatic pressure
(assuming ρfluid = 1000 kg/m3) in a quartz matrix at lithostatic
pressure (assuming ρmatrix = 2750 kg/m3). The geotherm is set at
30°C/km at a surface temperature of 15°C. Flow laws used are
from Paterson and Luan [41] and Gleason and Tullis [42] (see
Table 1).
Table 1: Parameters of the quartz ﬂow law used in this study.
Source

n

Gleason and Tullis [42]
4
Paterson and Luan [41]; ﬂow law 1 3.1
Paterson and Luan [41]; ﬂow law 2 4

A0 ðMPa‐n /sÞ

Q
(kJ/mol)

1.1·10-4
6.5·10-8
4.0·10-10

223
135
135

The integration constant c equals ðΔP0 Þ1−n , with ΔP0 the
initial pressure diﬀerence at t = 0. From this, we ﬁnally derive
the time, tðΔPÞ, needed to achieve a pressure diﬀerence ΔP:
t ðΔPÞ =



V
V
= exp−ΔP/K ⇔ ΔP = −K ln
V0
V0
dΔP
K
=− :
= −K ln V − K ln V 0 ⇔
dV
V

Paterson &
Luan (1990)
Flow law 1
Flow law 2

ð7Þ

To calculate the shrinkage rate of an inclusion, one needs
to take into account the change in pressure within the inclusion. We use a compressibility of K = 2 GPa, with


Time (Myr)

σr a3/n
=
,
r
σa

1000

ðΔP0 Þ1−n − ðΔPÞ1−n
:
K ð1 − nÞ3ð1/2Þðn+1Þ ð2nBÞ−n

ð10Þ

3. Results and Discussion
3.1. Fluid and Rock Pressure Equilibration at the Brittle-toDuctile Transition. We present models based on the method
presented above to estimate the rate of equilibration of a
ﬂuid-ﬁlled spherical pore within a ductile quartz rock to
show that the time to equilibrate the pressure diﬀerence
between a ﬂuid at hydrostatic pressure and the solid matrix
at lithostatic pressure by 50% depends strongly on the temperature and, hence, on depth (Figure 1). Using the three
ﬂow laws proposed by Paterson and Luan [41] or Gleason
and Tullis [42] (see Table 1), we see that this time quickly
reduces from many millions of years to less than a million
year in the temperature range somewhere between about
250 and 400°C, which coincides with the brittle-ductile transition condition. Note that at 50% pressure equilibration,
ﬂuid pressure is signiﬁcantly above hydrostatic pressure
and hydraulic head gradients will drive ﬂuid upward. This
clearly demonstrates that it is nearly impossible to drive
meteoric ﬂuids down to crustal zones where ductile deformation dominates (and where temperatures are on the order of

4
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Figure 2: Time (t in Myr) to diﬀuse oxygen a distance s of 5, 10, and
20 μm in quartz as a function of temperature based on diﬀusion data
of Farver and Yund [47].
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3.3. Preserving the Meteoric Isotope Ratios in a Pore Fluid. A
crucial question to address now is how long the meteoric isotope signature of the pore ﬂuid can be preserved. Since the
postulated deep inﬁltration of meteoric ﬂuids is mostly based
on δ18O values, we only consider these here.
We ﬁrst consider oxygen and quartz, which is one of the
most abundant crustal minerals. For a rock volume at rest, we
assume that the isotopic equilibration is controlled by diﬀusion of the isotope in the minerals that surround the pores.
A pore of size s must exchange isotopes with the surrounding
mineral in a zone with a width in the same order of s. A pore
is thus approximately isotopically equilibrated in a time (t)
that is needed to diﬀuse the mean distance s, given by s2 =
D · t, where D is the diﬀusion coeﬃcient. Using the preexponential constant (D0 = 2:9 · 10−5 m2/s) and activation energy
(243 kJ/mol) of Farver and Yund [47], we see that it takes
many millions of years to diﬀuse >1 μm when the temperature is below about 300°C (Figure 2).
This simple approximation of the isotopic equilibrium
time for ﬂuid in rocks shows that ﬂuids can retain their
oxygen-isotopic signature for long periods of time (millions
of years) below the brittle-ductile transition at about 300350°C, which is also the temperature range where dynamic
recrystallisation sets in. This, however, only applies when
the rocks remained at rest. Deformation, such as cataclasis,

400

Lit

3.2. Origin and Burial of Meteoric Fluid. The German KTB
drill hole shows that meteoric ﬂuid can penetrate deep below
the erosion surface. Fluid pressure is hydrostatic down to
9 km where the temperature is about 275°C [45]. The close
to hydrostatic pressure at this depth and temperature is consistent with the results shown in Figure 1, where time to pressure equilibration starts to reduce signiﬁcantly just above this
temperature, except when using the “softest” ﬂow law of
Paterson and Luan [41]. Porosities are about 1%, with local
excursions up to ≥5% in fault zones, at least down to 4 km
depth. Below 4 km, the porosity decreases somewhat [45],
possibly down to about 0.1% [46]. With a geothermal gradient of 28°C/km, the decline in porosity in the KTB drill hole
occurs at about 110°C. The depth of ﬂuid inﬁltration is probably strongly temperature-dependent (see above). Inﬁltration
may therefore be double the depth in old cratonic basement rocks with a low geothermal gradient. Below an
unconformity, one can thus expect several kilometres of
thick zone permeated by a signiﬁcant amount of meteoric
water [3, 40]. Renewed sedimentation will bury the inﬁltrated
zone, together with its pore ﬂuid. Burial may be enhanced
by an orogenic event, with the emplacement of nappes on
top of the unconformity. Pore ﬂuid will become trapped
during burial as pore space becomes disconnected and
close. At the end of burial, a package of rock with a more
or less pressure-equilibrated meteoric ﬂuid is brought
down to deeper crustal levels.
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250 to 400°C) for prolonged periods of time. Therefore,
downward and upward ﬂow of meteoric ﬂuids could not take
place simultaneously along extensional faults, and an alternative model in which meteoric ﬂuid inﬁltration and release are
separated in time is required.
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400

Figure 3: Schematic diﬀerential stress and pressure proﬁles. (a)
Absolute diﬀerential stress to achieve an extension rate that is
depth-independent, assuming a maximum diﬀerential stress of
100 MPa at a brittle-ductile transition of about 6 km. (b) In a crust
at rest, the ﬂuid pressure proﬁle would show a transition from
hydrostatic at a shallow depth to lithostatic further down. Grey
area shows the ﬂuid overpressure that results from bringing the
crust under extension. (c) Exhumation shifts the ﬂuid pressure
proﬁle upward if ﬂuid cannot escape from the pores. Grey area
shows the resulting ﬂuid overpressure. Both extension and
exhumation may thus result in ﬂuid pressures that exceed the
lithostatic and thereby cause ﬂuid release.

would enhance isotopic exchange and equilibration at lower
temperatures (as envisaged by [27]). This process only aﬀects
a small portion of the total rock volume, allowing most of the
ﬂuid to keep their original signature at low temperatures.
Compaction of a rock by pressure solution [48, 49] involves
dissolution of solid and its reprecipitation. This would lead
to a quick equilibration of isotopes in the pore ﬂuid and the
solid. Whereas this is likely in the case of initially highporosity sediments, metamorphic or igneous basement rocks
do not compact, as their initial porosity is already low. It
should further be noted that the equilibrium rates used here
are several orders of magnitude slower than those reported
in Person et al. [23]. The diﬀerence is caused by these authors
using a reaction-controlled equilibrium rate, which does not
apply if the rock is at rest and the exchange of isotopes is controlled by the solid-state diﬀusion towards the ﬂuid-mineral
interface. Once rocks reach the ductile regime, dynamic
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Figure 4: Fluid overpressure resulting from exhumation and ﬂuid ﬂow. (a) Initial situation where ﬂuid pressure equals lithostatic pressure.
(b) For a given rock volume, exhumation results in an upward shift along the lithostatic pressure gradient. Trapped pore ﬂuid maintains its
pore pressure and becomes overpressured. (c) Fluid ﬂow will lead to a decrease of the ﬂuid pressure gradient, increasing the overpressure
downstream.

recrystallisation, including grain boundary migration, can
greatly enhance ﬂuid-rock interaction.
The same rationale can be applied to hydrogen isotopic
ratios. A diﬀerence with oxygen, however, is that hydrogen
is much less abundant in rocks than oxygen. About 8% of
all hydrogen atoms reside in the pore ﬂuid in the case of a
pure biotite or muscovite schist with 1% porosity. In most
cases, therefore, the hydrogen reservoir in the pore ﬂuid is
of the same order of magnitude as that of the rock, and the
hydrogen isotopic ratio of a stagnant pore ﬂuid will never
be completely overprinted by that of the rock.
3.4. Exhumation and Release of Fluids. A characteristic of
shear zones and faults with a meteoric signature is that they
formed during (rapid) exhumation. The detachment faults
of core complexes are prime examples (e.g., [23]). Exhumation can lead to the release of pore ﬂuids, due to the diﬀerence
in compressibility of ﬂuid and rock [50]. Upon exhumation,
the lithostatic pressure in a rock volume is reduced instantaneously. Fluid pressure does not immediately record this
decompression, as the ﬂuid-ﬁlled pores adjust their volume
more slowly. A decrease in eﬀective lithostatic pressure can
also be induced by an extensional stress ﬁeld, as the eﬀective
pressure is the average of the overburden and horizontal
stresses. Fluid originally in pressure equilibrium with their
host will thus become overpressured during exhumation,
especially during extension (Figure 3).
The eﬀect of overpressure on ﬂuid-ﬁlled pores is not
simply the inverse of that of underpressure. Whereas closing an underpressured pore during burial is a stable process, the opening of an overpressured pore to equilibrate
solid and ﬂuid pressure is unstable, because rocks cannot
sustain signiﬁcant ﬂuid overpressure [51]. Overpressure is
likely to result in (intergranular) cracks that rapidly create
a permeability through which the overpressured ﬂuid can
ﬂow upward. This leads to interaction with other overpressured pores and the possibility of a runaway eﬀect [52, 53].
This runaway eﬀect would be enhanced if the newly created permeability allows the ﬂuid pressure gradient to
decrease towards hydrostatic. This reduces the ﬂuid pressure
upstream but increases it downstream (at a shallower depth).
This eﬀect leads to the upward propagation of hydrofractures
(Figure 4) [54].
Summarising, extension and exhumation lead to relative
overpressure in any ﬂuid that is trapped in porosity and has

Detachment
Unconformity
Infiltrated zone

(a)

Infiltrated zone

(b)

Figure 5: (a) Initial geometry of a buried unconformity with an
inﬁltration zone in which the pores are ﬁlled by surface water
(grey zone). A normal fault with detachment nucleates on this
unconformity. (b) A core complex has formed. All rocks in the
dark grey area have passed below the black split marker. During
extension and exhumation, this volume would have released ﬂuid,
which would have been focused into the detachment zone.

reached approximate pressure equilibrium with the lithostatic pressure when the crust was at rest. Overpressure leads
to the creation of permeability, and part of the ﬂuid will
migrate upward, driven by the high hydraulic gradient.
3.5. Fluid Budgets. To gain an impression of the amount of
meteoric ﬂuid that could pass through a fault or shear zone,
we consider a schematic core complex with one major
detachment fault. The detachment is situated on the unconformity that separates ﬂuid-impregnated basement rocks
(the “inﬁltration zone”) from a cover series (Figure 5(a)).
Movement along the detachment and updoming produce a
core complex with the exhumed basement reaching the surface (Figure 5(b)). The oﬀset along the fault is visualised by
two split markers just below and above the detachment, separated by the amount of oﬀset on the detachment. The ﬁgure
shows that a section as long as the oﬀset on the fault of the
basement passes each point along the fault. The section passing below the upper black marker is marked in darker grey.
The basement, being stretched and exhumed, releases
trapped ﬂuid, which will move upward towards the detachment. The hanging wall does not experience any increase in
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permeability, as it is moving horizontally or downward,
which decreases its permeability. Flow is thus focused into
the detachment fault. This way, the detachment experiences
a high ﬂux of ﬂuids that came from deeper and hotter levels
in the crust. Most ﬂuid-rock exchange is expected at the
detachment, as is observed in, for example, the Columbia
River Detachment [21].
All the ﬂuid released by the grey rectangle passes below
the upper black marker in Figure 5. If the oﬀset along the
detachment is 15 km and the thickness of the inﬁltration
zone is 5 km, with a 1% porosity, the total available ﬂuid budget is 75·106 m3 per 1 m width of the fault zone. Not all of this
ﬂuid needs to be liberated by the decompression resulting
from extension, doming, and movement along the detachment. A conservative estimate would be about 4%, which is
equivalent to the fraction of ﬂuid release needed to equilibrate ﬂuid and rock pressure if the ﬂuid is overpressured by
100 MPa (equivalent to about 4 km exhumation, see [50]).
If this 4% of the available ﬂuid is released and focused
in a 100 m wide shear zone, the integrated ﬂuid ﬂux is
3·104 m3/m2. At 5% porosity in the shear zone, and a duration of 200,000 years for the event [23], this is equivalent to
a ﬂow rate of 3 m/y. This qualitative example shows that signiﬁcant ﬂuid ﬂuxes can be generated that are in the order of
those postulated for the Columbia River Detachment [23],
but with a radically diﬀerent source of the meteoric ﬂuids.
The integrated ﬂuid ﬂux is highest at the top of the shear
zone, as deeper levels of the shear zone arrived at the reference point later. It is expected that any alteration of the shear
zone increases towards the top of the shear zone and then
decreases abruptly into the hanging wall, which is exactly as
observed in the Columbia River Detachment [23].

4. Conclusions
Meteoric ﬂuid signatures are often found in midcrustal
shear zone minerals. This does not necessarily mean that
these ﬂuids inﬁltrated at the time that these shear zones
were active, as is often assumed. Meteoric signatures can
be preserved for long periods of time, as long as the temperature does not exceed about 300-350°C for oxygen in a
quartz-dominated rock. This means that meteoric water can
inﬁltrate down from an erosional surface to be buried and
subsequently remobilised many million years later. The crucial point is that the meteoric signature found in shear zones
is then from ﬂuid ﬂowing upward, not downward.
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